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To see a world in a grain of sand 
and heaven in a wild flower 
Hold infinity in the palm of your hand 
and eternity in an hour. 
William Blake (1757-1827) 
Songs of Innocence and Experience 



PREFACE 



What is special about this fragmented and loose outer layer of the earth's 
continental surface, which we call "soil"? What role does it fulfill in generat- 
ing and sustaining life on earth, and why do we need to study it? 

Considering the height of the atmosphere, the thickness of the earth's rock 
mantle, and the depth of the ocean, we note that the soil is an amazingly thin 
body — typically not much more than one meter thick and often less than 
that. Yet it is the crucible of terrestrial life, within which biological productiv- 
ity is generated and sustained. It acts like a composite living entity, being home 
to a community of innumerable microscopic and macroscopic plants and ani- 
mals. A mere fistful of soil typically contains millions of microorganisms, 
which perform the most vital functions of biochemistry. Another amazing 
attribute of the soil is its spongelike porosity and its enormous internal surface 
area. That same fistful of soil may actually consist of several acres of active 
surface upon which physicochemical processes take place continuously. 

Realizing humanity's dependence on the soil, ancient peoples, who lived 
intimately with nature, actually revered the soil. It was their source of liveli- 
hood, as well as the material with which they built homes and that they 
learned to shape, heat, and fuse into household vessels and writing tablets 
(ceramic being the first synthetic material in the history of technology). In the 
Bible, the name assigned to the first human being was Adam, derived from the 
Hebrew word adama, meaning "soil." The name given to his mate was Hava 
(Eve, in transliteration), meaning "living" or "life-giving." Together, therefore, 
Adam and Eve signified quite literally "soil and life." 

The same powerful metaphor is echoed in the Latin name for the human 
species — Homo — derived from humus, the material of the soil. Hence, the 
adjective human also implies "of the soil." Other ancient cultures evoked 
equally powerful associations. To the ancient Greeks, the earth was a mani- 
festation of Gaea, the maternal goddess who, impregnated by Uranus (god of 
the sky), gave birth to all the disparate gods of the Greek pantheon. 
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Our civilization depends on the soil more crucially than ever, because our 
numbers have grown while available soil resources have diminished and dete- 
riorated. Paradoxically, however, even as our dependence on the soil has 
increased, most of us have become physically and emotionally detached from 
it. The majority of the people in the so-called "developed" countries spend 
their lives in the artificial environment of a city, insulated from direct exposure 
to nature. Many children now assume as a matter of course that food origi- 
nates in supermarkets. 

Detachment has bred ignorance, and out of ignorance has come the arro- 
gant delusion that our civilization has risen above nature and has set itself free 
of its constraints. Agriculture and food security, erosion and salination, degra- 
dation of natural ecosystems, depletion and pollution of surface waters and 
aquifers, and decimation of biodiversity — all these processes, which involve 
the soil directly or indirectly, have become mere abstractions to most people. 
The very language we use betrays disdain for that common material under- 
foot, often referred to as "dirt." Some fastidious parents prohibit their chil- 
dren from playing in the mud and rush to wash their "soiled" hands when the 
children nonetheless obey an innate instinct to do so. Thus is devalued and 
treated as unclean what is in fact the terrestrial realm's principal medium of 
purification, wherein wastes are decomposed and nature's productivity is con- 
tinually rejuvenated. 

Scientists who observe the soil discern a seething foundry in which matter 
and energy are in constant flux. Radiant energy from the sun streams onto the 
field and cascades through the soil and the plants growing in it. Heat is 
exchanged, rainwater percolates in the intricate passages of the soil, plant 
roots suck up that water and transmit it to their leaves, which transpire it back 
to the atmosphere. The leaves absorb carbon dioxide from the air and synthe- 
size it with soil-derived water to form the primary compounds of life: carbo- 
hydrates, fats, proteins, and numerous other compounds (many of which 
provide medicinal as well as nutritional value). Oxygen emitted by the leaves 
makes the air breathable for animals, which feed on and in turn fertilize the 
plants. 

The soil is thus a self-regulating biophysical factory, utilizing its own mate- 
rials, water, and solar energy. It also determines the fate of rainfall and snow- 
fall reaching the ground surface — whether the water thus received will flow 
over the land as runoff or seep downward to the subterranean reservoir called 
groundwater, which in turn maintains the steady flow of springs and streams. 
With its finite capacity to absorb and store moisture, the soil regulates all of 
these phenomena. Without the soil as a buffer, rain falling over the continents 
would run off immediately, producing violent floods rather than sustained 
stream flow. 

The soil naturally acts as a living filter in which pathogens and toxins that 
might otherwise accumulate to foul the terrestrial environment are rendered 
harmless and transmuted into nutrients. Since time immemorial, humans and 
other animals have been dying of all manner of diseases and have then been 
buried in the soil, yet no major disease is transmitted by it. The term antibiotic 
was coined by soil microbiologists, who, as a consequence of their studies of 
soil bacteria and actinomycetes, discovered streptomycin (an important cure 
for tuberculosis and other infections). Ion exchange, a useful process of water 
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purification, was also discovered by soil scientists studying the passage of 
solutes through beds of clay. 

However unique in form and function, the soil is not an isolated body. It is, 
rather, a central link in the chain of interconnected domains comprising the 
terrestrial environment. The soil interacts with both the overlying atmosphere 
and the underlying strata, as well as with surface and underground bodies of 
water. Especially important is the interrelation between the soil and the cli- 
mate. In addition to its function of regulating the cycle of water, soil regulates 
energy exchange and temperature. When virgin land is cleared of vegetation 
and turned into a cultivated field, the native biomass above the ground is often 
burned and the organic matter within the soil tends to decompose rapidly. 
These processes release carbon dioxide into the atmosphere, thus contributing 
to the earth's greenhouse effect and to global warming. On the other hand, the 
opposite action of soil enrichment with organic matter, such as can be 
achieved by means of reforestation and conservation farming, may help to 
absorb carbon dioxide from the atmosphere. To an extent, the soil's capacity 
to absorb and sequester carbon can thus help to mitigate the atmosphere's so- 
called greenhouse effect. 

It takes nature thousands of years to create life-giving soil out of sterile 
bedrock. It takes but a few decades for unknowing or uncaring humans to 
destroy that wondrous work of nature. It is for us who do care for future gen- 
erations to treat the soil with respect and humility, another word derived from 
humus. In the Book of Genesis, humans are said to have been placed in the 
Garden of Eden for a purpose, "to serve and preserve it." There is a profound 
truth in that perception. The earth and its soil can be a veritable Garden of 
Eden, but only if we do not despoil it and thereby banish ourselves from a life 
of harmony within it. 

"To the wise man, the whole world's a soil," wrote Ben Johnson 
(1573-1637). His thought was echoed by William Butler Yeats (1865-1939): 
"All that we did, all that we said or sang, must come from contact with the 
soil." 

This book is an abridged and updated version of my earlier book, published 
in 1998 under the title "Environmental Soil Physics." As such, this version is 
intended to serve as a basic text for introductory undergraduate courses in soil 
physics for students in the environmental, agricultural, and engineering sci- 
ences. The book is also meant to appeal to a broad range of students and pro- 
fessionals, as well as educated lay readers outside those formal categories, who 
may wish to acquire a fundamental understanding of the principles and 
processes governing the ways the soil functions in natural and in managed 
ecosystems. Those who seek a more detailed treatment of the various topics 
introduced herewith are invited to consult the larger book (1998), as well as 
the numerous references listed in the text and the Bibliography. 

A textbook on so vital a subject ought by right to capture and convey the 
special sense of wonderment and excitement that impels the scientist's quest 
to comprehend the workings of nature, and hence should give some pleasure 
in the reading. It is my hope that this book might indeed be pondered, not 
merely studied, that its readers might find within it a few insights as well as 
facts, and that it will deepen their understandings as well as broaden their 
knowledge. 
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1. SOIL PHYSICS 

AND SOIL PHYSICAL 
CHARACTERISTICS 



SOIL SCIENCE 

To begin, we define soil as the weathered and fragmented outer layer of the 
earth's terrestrial surface. It is formed initially through disintegration, decom- 
position, and recomposition of mineral material contained in exposed rocks 
by physical, chemical, and biological processes. The material thus modified is 
further conditioned by the activity and accumulated residues of numerous 
microscopic and macroscopic organisms (plants and animals). In a series of 
processes that may require hundreds or even thousands of years and that is 
called soil genesis, the loose debris of rock fragments is transmuted into 
a more or less stable, internally ordered, actively functioning natural body. 
Ultimately, this culminates in the formation of a characteristic soil profile, 
which resembles a layer cake. We can visualize the soil profile as a composite 
living body, in the same way that we think of the human body as a distinct 
organism, even though in reality it is an ensemble of numerous interdependent 
and symbiotically coordinated groups of organelles, cells, organs, and colonies 
of myriad organisms. 

Soil science is the study of the soil in all its ramified manifestations and 
facets: as a central link in the biosphere, as a medium for the production of 
agricultural commodities, and as a raw material for industry and construction. 
As such, it shares interests with geology, sedimentology, terrestrial ecology, 
and geobotany as well as with such applied sciences as agronomy and engin- 
eering. Because of its varied interests and concerns, soil science itself is com- 
monly divided into several subdivisions, including pedology (soil formation 
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and classification), soil chemistry, soil mineralogy, soil biology, soil fertility, 
and soil mechanics. However, such distinctions are often arbitrary, because in 
fact all of the environmental sciences are inextricably interconnected. 

SOIL PHYSICS 

Soil physics is one of the major subdivisions of soil science. It seeks to 
define, measure, and predict the physical properties and behavior of the soil, 
both in its natural state and under the influence of human activity. As physics 
deals in general with the forms and interactions of matter and energy, so soil 
physics deals specifically with the state and movement of matter and with the 
fluxes and transformations of energy in the soil. On the one hand, the funda- 
mental study of soil physics aims at understanding the mechanisms governing 
such processes as terrestrial energy exchange, the cycles of water and of trans- 
portable materials, and the growth of plants in the field. On the other hand, 
the practical application of soil physics aims at the proper management of the 
soil by means of cultivation, irrigation, drainage, aeration, improvement of 
soil structure, control of infiltration and evaporation, regulation of soil tem- 
perature, and prevention of erosion. 

Soil physics is thus both a basic and an applied science, with a very wide 
range of interests. The study of soil science in general and of soil physics in par- 
ticular is driven not only by the innate curiosity that is our species' main creative 
impulse, but also by urgent necessity. The intensifying pressure of population 
and development has diminished the soil resources of our small planet and has 
led to their unsustainable use and degradation in too many parts of the world. 

Since the soil is not an isolated medium but is in constant dynamic inter- 
action with the larger environment, soil physics is an aspect of the more 
encompassing field of environmental physics (sometimes called biospheric 
physics) and of the overall science of geophysics. 

The early soil physicists were interested primarily in the engineering and the 
agricultural aspects of their discipline, hence their research focused on the soil 
as a material for construction or as a medium for the production of crops. 
Recent decades have witnessed an increasing emphasis on the environmental 
aspects and applications of soil physics. Consequently, research in soil physics 
has expanded its scope to include phenomena related to natural ecosystems 
and to processes affecting the quality of the environment. Processes occurring 
in the soil are now seen to affect the entire terrestrial environment, including 
local and regional climates, the natural food chain, biodiversity, and the fate 
of the voluminous waste products of our civilization (among which are many 
pathogenic and toxic agents). 

Increasingly, the main concern of soil physics has shifted from the labora- 
tory to the field and from a restricted one-dimensional view to an expansive 
three-dimensional view interfacing with the domains of sister disciplines such 
as meteorology and climatology, hydrology, ecology, and geochemistry. The 
larger domain of soil physics now encompasses greater complexity and vari- 
ability in space and time, the treatment of which requires reliance on stochas- 
tic as well as deterministic methods. Consequently, the science is becoming 
ever more interesting and relevant. 
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The task of soil physics is made difficult by the enormous and baffling intri- 
cacy of a medium containing myriad mineral and organic components, all 
irregularly fragmented and variously associated in a geometric pattern that is 
so complex and labile as to challenge our imagination and descriptive powers. 
Some of the solid material consists of crystalline particles, while some is made 
up of amorphous gels that may coat the crystals and modify their behavior. 
The solid phase in the soil interacts with the fluids, water, and air that perme- 
ate soil pores. The entire soil is hardly ever in equilibrium as it alternately wets 
and dries, swells and shrinks, disperses and flocculates, hardens and softens, 
warms and cools, freezes and thaws, compacts and cracks, absorbs and emits 
gases, adsorbs and releases exchangeable ions, dissolves and precipitates salts, 
becomes acidic or alkaline, and exhibits aerobic or anaerobic conditions lead- 
ing to chemical oxidation or reduction. 

THE SOIL PROFILE 

The most obvious part of any soil is its surface zone. Through it, matter and 
energy are transported between the soil and the atmosphere. The surface may 
be smooth or pitted, granular or crusted and cracked, friable or hard, level or 
sloping, vegetated or fallow, mulched or exposed. Such conditions affect the 
processes of radiation and heat exchange, water and solute movement, and 
gaseous diffusion. 

Important though the surface is, however, it does not necessarily portray the 
character of the soil as a whole. To describe the latter, we must examine the 
soil in depth. We can do this by digging a trench and sectioning the soil from 
the surface downward, thus revealing what is commonly termed the soil 
profile. 

The soil profile typically consists of a succession of more-or-less distinct 
strata. These may result from the pattern of deposition, or sedimentation, as 
can be observed in wind-deposited (aeolian) soils and particularly in water- 
deposited (alluvial) soils. If, however, the strata form in place by internal soil- 
forming (pedogenic) processes, they are called horizons. 

The top layer, or A horizon, is the zone of major biological activity and is 
therefore generally enriched with organic matter and darker in color than the 
underlying soil. Here, plants and animals and their residues interact with an 
enormously diverse and labile multitude of microorganisms, such as bacteria, 
protozoa, and fungi, millions of which can be found in a mere handful of top- 
soil. In addition, there are usually varied forms of macroorganisms (including 
earthworms, arthropods, and rodents) that burrow in the soil. The A horizon 
is generally the most fertile zone of the soil, but it is also the zone most vul- 
nerable to erosion by water and wind (especially if it is denuded of vegetative 
cover or its protective residues). 

Underneath the A horizon is the B horizon, where some of the materials 
(e.g., clay or carbonates) that are leached from the A horizon by percolating 
water tend to accumulate. The B horizon is often thicker than the A horizon. 
The pressure of the overlying soil tends to reduce the porosity of the deeper 
layers. In some cases, an overly dense or indurated B horizon may inhibit gas 
exchange, water drainage, and root penetration. 
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Underlying the B horizon is the C horizon, which is the soil's parent mater- 
ial. In a soil formed of bedrock in situ (called a residual soil), the C horizon 
consists of the weathered and fragmented rock material. In other cases, the 
C horizon may consist of alluvial, aeolian, or glacial deposits. 

The character of the profile depends primarily on the climate that prevailed 
during the process of soil formation. It also depends on the parent material, 
the vegetation, the topography, and time. These five variables are known as 
the factors of soil formation (Fanning and Fanning, 1989). Mature soils are 
such that have been subjected to those factors for a sufficient length of time so 
that full profile development has taken place. The A, B, C sequence of hori- 
zons is clearly recognizable in some cases, as, for example, in a typical zonal 
soil (i.e., a soil associated with a distinct climatic zone), such as a podzol (also 
known as a spodosol). In other cases, no clearly developed B horizon is dis- 
cernible, and the soil is then characterized by an A,C profile. In a recent allu- 
vium, hardly any profile differentiation is apparent. 

The typical development of a soil and its profile, called pedogenesis (Buol 
et al., 2003), can be summarized: It begins with the physical disintegration of 
an exposed rock formation, which provides the soil's parent material. 
Gradually, the loosened material is colonized by living organisms. The conse- 
quent accumulation of organic residues at and below the surface brings about 
the development of a discernible A horizon. That horizon may acquire an 
aggregated structure, stabilized to some degree by gluelike components of the 
organic matter complex (known as humus) resulting from the decomposition 
of plant and animals residues. Continued weathering (decomposition and 
recomposition) of minerals may bring about the formation of clay. Some of the 
clay thus formed tends to migrate downward, along with other transportable 
materials (such as soluble salts), and to accumulate in an intermediate zone 
(the B horizon) between the surface zone of major biological activity and the 
deeper parent material of the so-called C horizon. 

Important aspects of soil formation and profile development are the twin 
processes of eluviation and illuviation ("washing out" and "washing in," 
respectively), wherein clay and other substances emigrate from the overlying 
eluvial A horizon and accumulate in the underlying illuvial B horizon. The two 
horizons come to differ substantially in composition and structure. 

Throughout these processes, the profile as a whole deepens as the upper 
part of the C horizon is gradually transformed, until eventually a quasi-stable 
condition is approached in which the counterprocesses of soil formation and 
soil erosion are more or less in balance. In the natural state, the A horizon may 
have a thickness of 0.1-0.5 meters. When stripped of vegetative cover and 
pulverized or compacted by tillage or traffic, this horizon may lose half or 
more of its original thickness within a few decades. 

In arid regions, salts such as calcium sulfate and calcium carbonate, dis- 
solved from the upper part of the soil, may precipitate at some depth to form 
a cemented pan (sometimes called caliche, from the Spanish word for "lime"). 
Erosion of the A horizon may bring the B horizon to the surface. In extreme 
cases, both the A and B horizons may be scoured off by natural or human- 
induced erosion so that the C horizon becomes exposed and a new cycle of soil 
formation may then begin. In other cases, a mature soil may be covered by 
a new layer of sediments (alluvial or aeolian) so that a new soil may form over 
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a "buried" old soil. Where episodes of deposition occur repeatedly over a long 
period of time, a sequence of soils may be formed in succession, thus record- 
ing the pedological history — called the paleopedology — of the region 
(including evidence of the climate and vegetation that had prevailed at the time 
of each profile's formation). 

Numerous variations of the processes described are possible, depending 
on local conditions. The characteristic depth of the soil, for instance, varies 
from location to location. Valley soils are typically deeper than hillslope 
soils, and the depth of the latter depends on slope steepness. In places, the 
depth of the profile can hardly be ascertained, because the soil blends into 
its parent material without any distinct boundary. However, the zone of 



o I BOX 1.1 Soil Physics and the Environment 

i. As human populations have grown and living standards have risen, the require- 
I ments for agricultural products have increased enormously. More land has been 
brought under cultivation, including marginal land that is particularly vulner- 
able to degradation by such processes as erosion, depletion of organic matter and nutri- 
ents, pollution, waterlogging, and salination. Other forms of land use — towns, roads, 
factories, airports, feedlots, waste disposal sites, and recreational facilities — usurp ever 
more land. 

Consequently, the domain remaining for natural ecosystems has shrunk and been 
divided into smaller enclaves, to the detriment of numerous species. The mutual checks 
and balances that have long sustained the rich diversity of life on earth are now threat- 
ened by the human appetite for resources and the wanton way they are used and their 
waste products discarded. The task therefore is to supply human needs in ways that are 
sustainable locally and do not damage the larger environment. 

Two alternative approaches have been proposed to prevent further destruction of the 
remaining natural ecosystems and to relieve pressure on fragile marginal lands. One way 
is to restrict human activities to choice areas, where production can be intensified. This 
calls for optimizing all production factors so as to achieve maximum efficiency in the util- 
ization of soil, water, energy, and other necessary inputs (e.g., nutrients and pest con- 
trol measures). The problems are that soil processes are difficult to control, and, because 
the soil is an open system in constant interaction with its surroundings, the time-delayed 
and space-removed consequences of soil processes are difficult to predict. Full control 
of agricultural production can ultimately be achieved only in enclosed spaces such as 
greenhouses or in confined fields. 

Another approach is to devise more naturalistic modes of production that are com- 
patible with the environment and do not require the drastic isolation of production from 
neighboring ecosystems. This agro-ecosystem approach is exemplified by the trends 
toward organic farming and agroforestry. 

Either way, the physical attributes and processes of the soil are of prime importance. 
Physical factors strongly affect whether the soil is to be cool or warm, anaerobic or aer- 
obic, wet or dry, compact or highly porous, hard or friable, dispersed or aggregated, 
impervious or permeable, eroded or conserved, saline or salt free, leached or nutrient 
rich. All these, in turn, determine whether the soil can be a favorable or unfavorable 
medium for various types of plants and other living organisms as well as for alternative 
modes of production; in short, whether the soil can be managed productively and sus- 
tainably while neutralizing — rather than transmitting — environmental pollutants. 
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biological activity seldom extends below 2-3 meters and in many cases is 
shallower than 1 meter. 



SOILS OF DIFFERENT REGIONS 

Each climatic zone exhibits a characteristic group of soils. In the humid 
tropics, there is a tendency to dissolve and leach away the silica and to accu- 
mulate iron and aluminum oxides. As a result, the soils are typically colored 
red, the hue of oxidized iron. Chunks or blocks excavated from such soils and 
dried in the sun may harden to form bricks; hence these soils are called lat- 
erites, from the Latin word later , meaning "brick." On the other hand, soils 
of the humid cool regions often exhibit an A horizon consisting of a thin sur- 
face layer darkened by organic matter and underlain by a bleached, ashlike 
layer; in turn, this overlies a clay-enriched B horizon. These soil were called 
podzols by the early Russian pedologists (from the Russian words pod = 
"ground" and zo/<2 = "ash") and are known as spodosols in the current 
American system. Soils that are poorly drained ("waterlogged") may exhibit 
conditions of chemical reduction in the profile, indicated by streaks of discol- 
oration ( "mottling " ) . 

In contrast with the soils of humid regions, from which nearly all readily 
soluble salts have been leached, the soils of arid regions tend to precipitate the 
moderately soluble salts of calcium and magnesium. (Especially prevalent are 
accumulations of calcium carbonate [lime] and calcium sulfate [gypsum].) 
Under certain conditions, arid-zone soils may even accumulate the more read- 
ily soluble salts of sodium (NaCl and Na 2 C0 3 ) and of potassium. Such soils 
are prone to excessive salinity, in extreme cases of which they become practic- 
ally sterile. Irrigated soils in poorly drained river valleys of arid regions are 
particularly liable to undergo the process of salination. When such soils are 
leached of excess salts, they must be treated with soil amendments (such as 
gypsum) to replace the exchangeable sodium ions with calcium, lest the 
sodium ion cause dispersion of the clay and the breakdown of soil structure. 

An outstanding soil formed naturally in some intermediate semihumid to 
semiarid regions (e.g., Ukraine, Argentina, and the prairie states of North 
America — the so-called "corn belt" of the United States) is the soil classically 
called chernozem (Russian for "black earth") with its unusually thick, humus- 
rich, fertile A horizon. 

Whereas Russian pedologists were the first to develop a universal classifica- 
tion system of soils over a century ago, other schools of pedology have since 
offered alternative taxonomies, claimed to be more detailed and comprehensive. 
Notable among these is the systems offered by the U.N. Food and Agriculture 
Organization and the one developed by the U.S. Soil Survey. Each system 
recognizes hundreds of soil types and their variants. 

By way of illustration, we present a hypothetical soil profile in Fig. 1.1. This 
is not a "typical" soil, for among the myriad of differing soil types recognized 
by pedologists no single type can be considered typical. Our figure is only meant 
to suggest the sort of contrasts in appearance and structure among different 
horizons that may be encountered in a soil profile. Pedologists classify soils by 
their mode of formation (genesis) and recognizable properties (see Fig. 1.2). 
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C Horizon 



Bedrock 



Fig. 1 .1 . Schematic representation of a hypothetical soil profile. The A horizon is shown with 
an aggregated crumblike structure, the B horizon with columnar structure, and the C horizon 
with incompletely weathered rock fragments. 
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Fig. 1.2. Descriptive terminology for soil profile horizones. 
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SOIL AS A DISPERSE THREE-PHASE SYSTEM 

The term system refers to a group of interacting, interrelated, or interde- 
pendent elements constituting an integrated entity. Since all of nature is in fact 
an integrated entity, defining any domain within nature to be a "system" is an 
admittedly arbitrary exercise. We choose to do so for reasons of convenience, 
since our own limitations prevent us from dealing with the entire complexity 
of nature all at once. However, the part of nature on which we may wish to 
focus our attention at any moment is necessarily a subsystem inside a larger 
system, with which our system interacts continuously. The modes of inter- 
action generally include transfers or exchanges of materials and of energy. 

Systems may vary widely in size, shape, and degree of complexity. They may 
consist of one or more substances and of one or more phases. The simplest sys- 
tem is one that is comprised of a single substance that has the same physical 
properties throughout. An example of such a system is a body of water con- 
sisting entirely of uniform ice. Such a system is homogeneous. A system com- 
prised of a single chemical compound can also be heterogeneous if that 
substance exhibits different properties in different regions of the system. 
A region that is internally uniform physically is called a phase. A mixture of 
ice and liquid water, for instance, is chemically uniform but physically hetero- 
geneous, because it includes two phases. The three ordinary phases in nature 
are the solid, liquid, and gaseous phases. 

A system containing several substances may also be monophasic. A solution 
of salt and water, for example, is a homogeneous liquid. A system of several 
substances can also be heterogeneous. In a heterogeneous system the proper- 
ties may differ not only between one phase and another, but also between the 
internal parts of each phase and the interfaces over which the phase comes into 
contact with one another. Interfaces exhibit specific phenomena resulting from 
the interaction of the phases. The importance of such phenomena (including 
adsorption, surface tension, and friction) in determining the behavior of the 
system as a whole depends on the magnitude of the interfacial area per unit 
volume of the system. 

Systems in which at least one of the phases is subdivided into numerous 
minute particles, which together present a very large interfacial area per unit 
volume, are commonly called disperse systems. Colloidal sols (including 
aerosols), gels, emulsions, and aerosols are examples of disperse systems. 

The soil is a heterogeneous, polyphasic, particulate, disperse, and porous 
system, with a large interfacial area per unit volume. (A handful of clay, for 
instance, may have an internal surface area of several hectares, a hectare being 
equal to 2.5 acres!). The disperse nature of soil and its consequent interfacial 
activity give rise to such phenomena as adsorption of water and chemicals, 
capillarity, ion exchange, swelling and shrinking, dispersion and flocculation. 

The three phases of ordinary nature are represented in the soil as follows: 
the solid phase forms the soil matrix-, the liquid phase is the water in the soil, 
which always contains dissolved substances, so it should properly be called the 
soil solution; and the gaseous phase is the soil atmosphere. The solid matrix 
of the soil consists of particles that vary in chemical and mineralogical com- 
position as well as in size, shape, and orientation. It also contains amorphous 
substances, particularly organic matter, which is attached to the mineral grains 
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Fig. 1.3. Schematic composition (by volume) of a medium-textured soil at a condition con- 
sidered optimal for plant growth. Note that the solid matter constitutes 50% and the pore space 
50% of the soil volume, with the latter divided equally between water and air. the arrows indicate 
that water and air are related so that an increase in one is associated with a decrease in the other. 



and may bind them together in assemblages called aggregates. The organiza- 
tion of the solid components of the soil determines the geometric characteris- 
tics of the pore spaces in which water and air are transmitted and retained. 
Finally, soil water and soil air vary in composition, both in time and in space. 

The relative proportions of the three phases in the soil are not fixed but vary 
continuously, depending on such variables as weather, vegetation, and man- 
agement. Figure 1.3 presents the hypothetical volume composition of a 
medium-textured soil at a condition considered approximately optimal for 
plant growth. 



7 I BOX 1 .2 The Concept of Representative Elementary Volume 

Jt Some soil properties (for example, temperature) can be measured at a point, 
^ I whereas other properties are volume dependent. Suppose we wish to measure 
some volume-dependent soil property, such as porosity. If our sample is very 
small, say, the size of a single particle or pore, the measured porosity may vary between 
zero and 100 percent, depending on the point at which we make our measurement 
(whether at a particle or at a pore). If we measure the porosity repeatedly at several adja- 
cent points, the results will fluctuate widely. However, if we increase the scale or volume 
of the each sample so as to encompass within it both particles and pores, the fluctu- 
ations among repeated measurements at adjacent locations will diminish. If we keep 
enlarging the sample progressively, we will eventually obtain a consistent measurement 
of the soil's average porosity. The minimal volume of sample needed to obtain a con- 
sistent value of a measured parameter has been called the representative elementary 
volume (REV) (Bear, 1969). Obviously, the REV becomes larger in soils that are strongly 
aggregated (as well as in soils that are cracked or otherwise heterogeneous) than in 
more uniform soils. 

The problem with the REV concept is that different parameters may exhibit different 
spatial or temporal patterns, so the REV for one parameter or property may differ from 
those for other parameters. That is to say, each property may have its own characteristic 
scale. Even more serious may be the failure of the REV concept in the case of "structured" 
fields, i.e., in fields that vary systematically in one direction or another. In such fields, 
increasing the size of the sample measured may not produce a consistent value at all. 
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VOLUME AND MASS RELATIONSHIPS OF SOIL CONSTITUENTS 

Let us consider the volume and mass relationships among the three phases 
of the soil, and define some basic parameters that can help to characterize the 
soil physically. Figure 1.4 is a schematic depiction of a hypothetical soil in 
which the three phases have been separated and stacked one atop the other for 
the purpose of showing their relative volumes and masses. 

In the figure, the masses of the phases are indicated on the right-hand side: 
the mass of air M a , which is negligible compared to the masses of solids and 
water; the mass of water M w ; the mass of solids M s ; and the total mass M t . 
(These masses can also be represented in terms of their weights, being the 
product of each mass and gravitational acceleration.) The volumes of the same 
components are indicated on the left-hand side of the diagram: volume of air 
V a , volume of water V W3 volume of pores Vf = V a + V w , volume of solids V s , 
and the total volume of the representative sample V t . 

On the basis of this diagram, we can now define terms that are generally 
used to express the quantitative interrelations of the three primary soil phases. 



Density of Solids (Mean Particle Density) p s 

Ps = M S /V S (1.1) 

In most mineral soils, the mean mass per unit volume of solids is about 
2600-2700 kg/m 3 . This is close to the density of quartz, which is generally the 
most prevalent mineral in the coarsest fraction of the soil. Some of the min- 
erals composing the finest fraction of the soil have a similar density. However, 
the presence of iron oxides and of various other "heavy" minerals (generally 
defined as those having a density exceeding 2900 kg/m 3 ) increases the average 
value of p s , whereas the presence of low-density organic matter generally 




Fig. 1.4. Schematic diagram of the soil as a three-phase system. 
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lowers the mean density of the solid phase. Sometimes the density is expressed 
in terms of the specific gravity , <3 g , which is the ratio of the density of any 
material to that of water at 4°C and at atmospheric pressure. The latter dens- 
ity is about 1000 kg/m 3 , so the specific gravity of the solid phase in a typical 
mineral soil is about 2.65, a value that is numerically (though not dimension- 
ally) equal to the density expressed in the cgs. system of units (g/cm 3 ). 

Dry Bulk Density p b 

p b = M s /V t = M s /(V s +V a + V w ) (1.2) 

The dry bulk density expresses the ratio of the mass of solids to the total soil 
volume (solids and pores together). Obviously, pb is always smaller than p s . If the 
pores constitute half the volume, then p^ is half of p s , namely, about 1300-1350 
kg/m 3 , equivalent to a bulk specific gravity (i.e., the ratio of the soil's bulk dens- 
ity to the density of water at standard conditions) of 1.3-1.35. The bulk specific 
gravity of sandy soils with a relatively low volume of pores may be as high as 1.6, 
whereas that of aggregated loams and clay soils may be below 1.2. Whereas the 
mean particle density is typically constant, the bulk density is highly labile. It is 
affected by the structure of the soil, that is, its looseness or degree of compaction, 
as well as by its swelling and shrinkage characteristics. The latter depend both on 
clay content and water content. Even in extremely compacted soils, however, the 
bulk density remains appreciably lower than the density of the solid matter, since 
the particles can never interlock perfectly. However much the pore space can be 
reduced by compaction, it can never be eliminated. 

Total (Wet) Bulk Density p t 

p t = M t /V t = (M s + MJ/(V S + V a + V w ) (1.3) 

This is an expression of the total mass of a moist soil per unit volume. As such, 
this parameter depends more strongly than does the dry bulk density on soil 
wetness or water content. 

Dry Specific Volume v b 

v h = V t /M s = l/p h (1.4) 

The volume of a unit mass of a dry soil (the reciprocal of the dry bulk density) 
serves as another useful index of the degree of looseness or compaction of 
a soil body. 

Porosity f 

f= Vf/v t = (v a + v w )/(v s + v a + vj (i.5) 

Porosity is an index of the relative pore space in a soil. Its value generally 
ranges from 0.3 to 0.6 (30-60%). Coarse-textured soils tend to be less porous 
than fine-textured soils, though the mean size of individual pores is greater in 
the former. In clayey soils, the porosity is highly variable because the soil 
alternately swells, shrinks, aggregates, disperses, compacts, and cracks. As 
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generally defined, the term porosity refers to the volume fraction of pores, 
and this value should be equal, on average, to the areal porosity (the fraction 
of pores in a representative cross-sectional area) as well as to the average 
lineal porosity (the fractional length of pores along a straight line passing 
through the soil in any direction). However, the total porosity reveals noth- 
ing about the sizes or shapes of the various pores in the soil. 

Void Ratio e 

e=V{/V s = (V a +V w )/(V t -V{) (1.6) 

The void ratio is also an index of the fractional pore space, but it relates that 
space to the volume of solids rather than to the total volume of the soil. As such, 
it ranges between 0.3 and 2. The advantage of this index over the preceding one 
is that in the case of e any change in pore volume affects only the numerator of 
the defining equation, whereas in the case of f such a change affects both the 
numerator and the denominator. Void ratio is the index generally preferred by 
soil engineers, while porosity is more frequently used by agronomists. 



Sample Problem 

Prove the following relation of porosity to particle density and bulk density: 

f=(Ps-Pb)/Ps = l -Pb/Ps 
Substituting the definitions of f, p s/ and p b/ we can rewrite the equation as 

V f /V t =1 -(M s /V t )/(M S /V s ) 
Simplifying the right-hand side, we obtain 

Vf/v t = i-(y 5 /vd = (y t -va/v t 

But since V t - V s = l/ f/ we have 

V f /V t =V f /V t 



Soil Wetness (Water Content) 

The water content of a soil can be expressed in various ways: relative to the 
mass of solids, or to the total mass, or to the volume of solids, or to the total 
volume, or to the volume of pores. The various indexes are defined as follows. 

Mass Wetness w 

w = MJM s (1.7) 

This is the mass of water relative to the mass of dry soil particles. The standard 
definition of dry soil refers to a mass of soil dried to equilibrium (in practice, 
over a 24-hour period) in an oven at 105°C, though a clay soil may still con- 
tain an appreciable amount of water at that state. Mass wetness is sometimes 
expressed as a decimal fraction but more often as a percentage. A sample of soil 
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dried in "ordinary" air at ambient temperature (rather than in an oven) will 
generally retain several percent more water than if dried in the oven. Similarly, 
an oven-dry soil exposed to "ordinary" air will gradually gain appreciable 
moisture. This phenomenon results from the tendency of the soil's clay fraction 
to adsorb moisture from the air, a property known as hygroscopicity. The 
amount thus adsorbed depends on the type and content of clay in the soil as 
well as on the humidity of the ambient atmosphere. The water content at satu- 
ration (when all pores are filled with water) is also higher in clayey than in 
sandy soils. In different soils, w can range between 25% and 60%, depending 
on bulk density. In the special case of organic soils, such as peat or muck soils, 
the saturation water content on the mass basis may exceed 100%. 

Volume Wetness 9 



The volume wetness (often termed volumetric water content) is generally 
computed as a percentage of the total soil volume. At saturation, therefore, it 
is equal to the porosity. In sandy soils, at saturation is on the order of 40%; 
in medium-textured soils it is approximately 50%; and in clayey soils it can 
approach 60%. In the last, in fact, the volume of water at saturation can 
exceed the porosity of the dry soil, since clayey soils swell upon wetting. The 
use of rather than 9 to express water content is often more convenient because 
it is more directly applicable to the computation of fluxes and water volumes 
added to soil by rain or irrigation and to quantities extracted from the soil by 
evaporation and transpiration. The volume ratio is also equivalent to the 
depth ratio of soil water, that is, the depth of water per unit depth of soil. 



Sample Problem 

Prove the following relation between volume wetness, mass wetness, bulk density, and 
water density (p w = M w /V w ): 

e = wpb/pw 

Again, we start by substituting the respective definitions of w v , w m , p b , and p w : 

VJV t = [(MJM S )(M S /V t )]/(MJVJ 
Rearranging the right-hand side, we get 

VJV t = (V w M w M s )/(M w M s V t ) = VJV t 



Water Volume Ratio v, 



For swelling soils, in which porosity changes markedly with wetness, it may be 
preferable to refer the volume of water present in a sample to the invariant 
volume of particles rather than to total volume. At saturation, v w is equal to 
the void ratio e. 



e = vjv t = vj(v s + v { ) 



(1.8) 



v = V IV 



(1.9) 
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Degree of Saturation s 

s =VJV{=VJ(V 2i +V w ) (1.10) 

This index expresses the water volume present in the soil relative to the pore 
volume. Index s ranges from zero in a completely dry soil to unity (100%) in 
a saturated soil. Complete saturation, however, is hardly ever attainable in 
field conditions, since some air is nearly always present. In a relatively dry soil 
the air phase occupies a continuous space, whereas in a very wet soil air may 
be occluded or encapsulated in the form of discontinuous bubbles. 

Air-Filled Porosity (Fractional Air Content) f a 

fa = vjv t = v a /(v s + v a + v w ) (l.ii) 

This is a measure of the relative content of air in the soil and as such is an 
important criterion of soil aeration. It is related negatively to the degree of 
saturation s (i.e., f% = f-s). The relative volume of air in the soil may also be 
expressed as a fraction, a, of the pore volume (rather than of the total soil 
volume). Thus, 

a = VJVt=VJ(V a +V w ) (1.12) 



Sample Problem 

A sample of moist soil with a wet mass of 1 .0 kg and a volume of 0.64 liters (6.4 x 
1 0~ 4 m 3 ) was dried in the oven and found to have a dry mass of 0.8 kg. Assuming the 
typical value of particle density for a mineral soil (2650 kg/m 3 ), calculate the bulk 
density p b/ porosity f, void ration e, mass wetness w m , volume wetness 6, water vol- 
ume ratio v w , degree of saturation s, and air-filled porosity f a . 

Bulk density: p b = M s /V t = 0.8 kg/6.4 x 1 0~ 4 m 3 = 1 250 kg/m 3 

Porosity: f = 1 - p b /p s = 1 - 1 250/2650 = 1 - 0.472 = 0.528 

Alternatively, f=V f /V t = (V t - V s )/V t 

and since V s = MJo s = 0.8 kg/2650 kg/m 3 = 3.02 x 1 0~ 4 m 3 
hence f = (6.4 - 3.02) x 1 0~ 4 m 3 /6.4 x 1 0~ 4 m 3 = 0.528 = 52.8% 
Void ratio: e = V t /V s = (V t - V s )/V s = (6.4 - 3.02) x 1 0~ 4 m 3 /3.02 x 1 0~ 4 m 3 = 1 .1 2 
Mass wetness: w= MJM S = (M t - M s )/M s = (1.0- 0.8) kg/0.8 kg = 0.25 = 25% 
Volume wetness: 6 = VJV t = 2.0 x 1 0~ 4 m 3 /6.4 x 1 0~ 4 m 3 = 0.31 25 = 31 .25% 
(Note: \/ w = M w /p w , wherein p w = 1000 kg/m 3 ) 
Alternatively, 6 = wp b /p w = 0.25(1 250 kg/m 3 /1 000 kg/m 3 ) = 0.31 25 
Water volume ratio: v w = VJV S = 2.0x1 0~ 4 m 3 /3.02 x 1 0~ 4 m 3 = 0.662 
Degree of saturation: s = VJ(V t - V s ) = 2.0x1 0~ 4 m 3 /(6.4 - 3.02) x 1 0~ 4 m 3 = 0.592 
Air-filled porosity: f a = VJV t = (6.4 - 2.0 - 3.02) x 1 0~ 4 m 3 /6.4 x 1 0~ 4 m 3 = 0.21 6 



VOLUME AND MASS RELATIONSHIPS OF SOIL CONSTITUENTS 



17 



Sample Problem 

What is the equivalent depth of water contained in a soil profile 1 m deep if the mass 
wetness of the upper 0.4 m is 1 5% and that of the lower 0.6 m is 25%? Assume a bulk 
density of 1200 kg/m 3 in the upper layer and 1400 in the lower layer. How much water 
does the soil contain, in cubic meters per hectare of land? 

Recall that 6 = w(p b /p w ), where p w = 1000 kg/m 3 

Volume wetness in the upper layer: 6] = 0.15(1200/1000) = 0.18 

Equivalent depth in upper 0.4 m = 0.1 8 x 0.4 m = 0.072 m = 72 mm 

Volume wetness in lower layer: 6 2 = 0.25(1400/1000) = 0.35 

Equivalent depth in lower 0.6 m = 0.35 x 0.6 m = 0.21 m = 21 mm 

Total depth of water in 1 -m profile = 0.072 m + 0.21 m = 0.282 m 

Volume of water contained in 1-m profile per hectare 
(1 ha = 1 4 m 2 ) = 0.282 m x 1 000 m 2 = 2820 m 3 
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2. WATER PROPERTIES 
IN RELATION TO 
POROUS MEDIA 



THE FLUID OF LIFE 

Our planet is the planet of life primarily because it is blessed with the precise 
ranges of temperature and pressure that make possible the existence in the liquid 
state of a singular substance called water. So ubiquitous is water on our globe, 
covering nearly three-quarters of its surface, that the entire planet really should 
be called "water" rather than "earth." However, as Coleridge's Ancient Mariner 
complained, most of the water everywhere is unfit to drink. Less than 3 % of the 
water on earth is "fresh" (i.e., nonsaline), and that amount is unevenly distrib- 
uted. Humid regions are endowed with an abundance of it, even with a surfeit, 
so that often the problem is how to dispose of excess water. Arid and semiarid 
regions, on the other hand, are afflicted with a chronic shortage of it. 

Life as we know it began in an aquatic medium, and water is still the prin- 
cipal constituent of living organisms. It is, literally, the essence of life. As 
Vladimir Vernadsky wrote a century ago: "Life is animated water." Though 
we appear to be solid, we are really liquid bodies, similar to gelatin, which also 
seems solid but is in fact largely water, made consistent by the presence of 
organic material. The analogous material in our bodies is protoplasm. The 
body of a newborn infant contains nearly 90% water by mass, and even adults 
contain over 65% water. Growing herbaceous plants typically contain over 
90% water. Far from being a bland, inert liquid, water is a highly reactive sub- 
stance, a solvent, and a transporter of numerous substances. 

The importance of water was recognized early in history, yet little was 
known about its real nature. In the Middle Ages, people believed that fresh 
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water emanated magically from the bowels of the earth. They could not imagine 
that all the water flowing in innumerable springs and mighty rivers (such as 
the Nile, which appeared to the ancient Egyptians to come out of the driest 
desert!) could possibly result from so seemingly feeble a source as rain and 
snow. The first to conjecture this was Leonardo da Vinci, but only in the lat- 
ter part of the 17th century did the English astronomer Edmond Halley and, 
separately, the Frenchman Claude Perrault, prove the principle by calculation 
and measurement. Water was long thought to be a single element, until early 
in the 18th century, when it was found to consist of hydrogen and oxygen in 
combination. 

Notwithstanding its ubiquity, water remains something of an enigma, pos- 
sessing unusual and anomalous attributes. Perhaps the first anomaly is that, 
being composed of two gases and having relatively low molecular weight, 
water is a liquid and not a gas at normal temperatures. (Its sister compound, 
hydrogen sulfide, H 2 S, has a boiling point temperature of -60.7°C.) 
Compared to other common liquids, water has unusually high melting and 
boiling points, heats of fusion and vaporization, specific heat, dielectric con- 
stant, viscosity, and surface tension. 



One cubic meter of liquid water at 20°C contains some 3.4 x 10 28 (34 bil- 
lion billion billion) molecules, the diameter of which is about 3 x 10~ 10 meter 
(3 x 10~ 4 micrometers (um), or 3 angstrom units). The chemical formula of 
water is H 2 0, which signifies that each molecule consists of two atoms of 
hydrogen and one of oxygen. There are three isotopes of hydrogen ( a H, 2 H, 
3 H) and three of oxygen ( 16 0, 17 0, ls O), which can form 18 combinations. 
However, all isotopes but X H and 16 are quite rare. 

The hydrogen atom consists of a positively charged proton and a negatively 
charged electron. The oxygen atom consists of a nucleus having a positive 
charge of eight protons, surrounded by eight electrons, of which six are in the 
outer shell. Since the outer electron shell of hydrogen lacks one electron and 
that of oxygen lacks two electrons, one atom of oxygen can combine with two 
atoms of hydrogen in an electron-sharing molecule. 

The strong intermolecular forces in liquid water are caused by the electrical 
polarity of the water molecule, which in turn is a consequence of the arrange- 
ment of electrons in its oxygen and hydrogen atoms (Fig. 2.1). The oxygen 
atom shares a pair of electrons with each of the two hydrogen atoms, through 
overlap of the Is orbitals of the hydrogen atoms with two hybridized sp 3 
orbitals of the oxygen atom. The H-O-H bond in water is not linear but bent 
at an angle of 104.5°: 



That angle deviates slightly from a perfectly tetrahedral arrangement of the 
oxygen atom's four possible sp 3 orbitals, which would have an angle of 109.5°. 
The mean H-O interatomic distance is 9.65 x 10~ 5 um. The arrangement of 
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Fig. 2.1. Model of a water molecule. The curved lines represent the borders at which van 
der Waals attractions are counterbalanced by repulsive forces. 



electrons in the molecule gives it electrical asymmetry. The electronegative oxy- 
gen atom attracts the electrons of the hydrogen atoms, leaving the hydrogen 
nuclei bare, so each of the two hydrogen atoms has a local partial positive 
charge. The oxygen atom, in turn, has a partial negative charge, located in the 
zone of the unshared orbitals. Though water molecules have no net charge, 
they form electrical dipoles. 



Every hydrogen proton, though attached primarily to a particular molecule, is 
also attracted to the oxygen of a neighboring molecule, with which it forms a sec- 
ondary link known as a hydrogen bond. Though the intermolecular link result- 
ing from dipole attraction is not as strong as the primary link of the hydrogen to 
the oxygen of its own molecule, water can be regarded as a polymer of hydrogen- 
bonded molecules. This structure is most complete in ice crystals, in which each 
molecule is linked to four neighbors via four hydrogen bonds, thus forming a 
hexagonal lattice with a rather open structure (Fig. 2.2). When ice melts, this 
structure breaks partially, so additional molecules can enter the intermolecular 
spaces and each molecule can have more than four near neighbors. For this 
reason, liquid water can be more dense than ice at the same temperature, and 
thus lakes and ponds develop a surface ice sheet in winter rather than freeze solid 
from bottom to top as they would if ice were denser than liquid water. 
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Fig. 2.2. Schematic structure of an ice crystal. The oxygen atoms are shown in gray and 
the hydrogen atoms in white. The pegs linking adjacent molecules represent hydrogen bonds. 



STATES OF WATER 

In the gaseous state, water molecules are largely independent of one another 
and occur mostly as monomers, designated (H 2 0)i. Occasionally, colliding 
molecules fuse to form dimers (H 2 0)2 or trimers (H 2 0)3, but such combinations 
are rare. In the solid state, at the other extreme, a rigidly structured lattice 
forms with a tetrahedral configuration (Fig. 2.2) that can be depicted schemat- 
ically as sheets of puckered hexagonal rings (Fig. 2.3). Nine alternative ice 
forms can occur when water freezes, depending on prevailing temperature and 
pressure. Figure 2.3 pertains to ice 1, the familiar form, which occurs and is 
stable at ordinary atmospheric pressure. 

The orderly structure of ice does not totally disappear in the liquid state. 
The polarity and hydrogen bonds continue to bind water molecules together, 




Fig. 2.3. The crystalline structure of ice. 
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though the structural forms that develop in the liquid state are much more 
flexible and transient than in the rigidly structured solid state. Hydrogen 
bonds in liquid water form an extensive three-dimensional network, the 
detailed features of which appear to be short-lived. According to the "flicker- 
ing cluster" model, for instance, the molecules of liquid water associate and 
dissociate repeatedly in transitory or flickering polymer groups, designated 
(H 2 0) m having a quasi-crystalline internal structure. These microcrystals, as it 
were, form and melt so rapidly and randomly that, on a macroscopic scale, 
water appears to behave as a homogeneous liquid. 

In transition from solid to liquid and from liquid to gas, hydrogen bonds 
must be broken (while in freezing and condensation they are reestablished). 
Hence relatively high temperatures and energies are required to achieve 
these transitions. To thaw 1 kg of ice, 3.35 x 10 5 J (80 cal/g) must be sup- 
plied. Conversely, the same energy (the latent heat of fusion) is released in 
freezing. 

At the boiling point (100°C at atmospheric pressure), water passes from the 
liquid to the gaseous state and in so doing absorbs 2.26 x 10 6 J/kg (540 cal/g). 
This amount of heat is known as the latent heat of vaporization. Water can 
be vaporized at temperatures below 100°C, but such vaporization requires 
greater heat. At 30°C, the latent heat is about 2.43 x 10 6 J/kg (580 cal/g). 
Sublimation is the direct transition from the solid state to vapor, and the 
heat absorbed by it is equal to the sum of the latent heats of fusion and of 
vaporization. 

OSMOTIC PRESSURE 

Owing to the constant thermal motion of all molecules in a fluid (above a 
temperature of absolute zero), solute species spread throughout the solution in 
a spontaneous tendency toward a state of equal concentration throughout. 
This migration of solutes in response to spatial differences in concentration is 
called diffusion. 

If a physical barrier is interposed across the path of diffusion, and if that 
barrier is permeable to molecules of the solvent but not to those of the solute, 
the former will diffuse through the barrier in a process called osmosis (from 
the Greek osmos, meaning "push"). As in the case of unhindered diffusion, 
this process tends toward a state of uniform concentration, even across the 
barrier. Barriers permeable to one substance in a solution but not to another 
are called selective or semipermeable membranes. Membranes surrounding 
cells in living organisms, for example, exhibit selective permeability to water 
while restricting the diffusion of solutes between the cells' interior and their 
exterior environment. Water molecules cross the membrane in both directions, 
but the net flow of water is from the more dilute solution to the more 
concentrated. 

Figure 2.4a is a schematic representation of a pure solvent separated 
from a solution by a semipermeable membrane. Solvent will pass through 
the membrane and enter the solution compartment, driving the solution 
level up the left-hand tube until the hydrostatic pressure of the column of 
dilute solution on the left is sufficient to counter the diffusion pressure of 



CHAPTER 2 WATER PROPERTIES IN RELATION TO POROUS MEDIA 
Applied pressure n 



:T 

: H 



- - Solution 


-----Water---- 







Membrane 



: Solution I 



; Water 



Membrane 



(a) (b) 

Fig. 2.4. Osmosis and osmotic pressure: (a) In osmosis, the flow of water molecules through 
the membrane into the solutions is at first greater than the reverse flow from the solution into 
the water compartment. The hydrostatic pressure due to the column of expanded solution 
increases the rate of water flow from the solution to the water compartment until, at equilib- 
rium, the opposite flows are equal, (b) The osmotic pressure of the solution is equal to the 
hydrostatic pressure n that must be applied to the solution to equalize the rate of flow to and 
from the solution and produce a net flow of zero. 



the solvent molecules drawn into the solution through the membrane. The 
hydrostatic pressure at equilibrium, when solvent molecules are crossing 
the membranes in both directions at equal rates, is the osmotic pressure of 
the solution. 

In dilute solutions, the osmotic pressure is proportional to the concentra- 
tion of the solution and to its temperature, according to the following 
equation: 

IT = MRT (2.1) 

Here n is the osmotic pressure in atmospheres (to be multiplied by 0.101 to 
obtain megapascal units), M is the total molar concentration of the solute 
(whether molecules or dissociated ions), T is the temperature in degrees 
Kelvin, and R is the gas constant (0.08205 L atm/deg mole). The osmotic pres- 
sure increase with temperature is associated with the corresponding increase 
of the molecular diffusivity (self-diffusion coefficient) of water, D w . According 
to the Einstein-Stokes equation, 

D w = kTI6%V[r 

where k = R/N, the Boltzmann constant (1.38 x 10~ 23 J/K), r is the rotation 
radius of the molecule (-1.5 x 10~ 4 ), r\ is the viscosity, and N is Avagadro's 
number. 
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Sample Problem 

Calculate the osmotic pressure of a 0.01 M solution of sodium chloride at 20°C, assum- 
ing complete dissociation into Na + and CI" ions. 

n = MRT= (2 x 0.01 mol/L)(0.08205 L atm/mole K)(293 K) 
= 0.48 atm = 48.5 kPa 



SOLUBILITY OF GASES 

The concentration of dissolved gases in water in equilibrium with a gaseous 
phase generally increases with pressure and decreases with temperature. 
According to Henry's law, the mass concentration of a dissolved gas c m is pro- 
portional to the partial pressure of the gas p x in the ambient atmosphere: 

c m = s c pJpo (2.2) 

where s c is the solubility coefficient of the particular gas in water and p ls 
the total pressure of the atmosphere. The volume concentration is similarly 
proportional: 

Cy = s y pi/p (2.3) 

where s v is the solubility coefficient expressed in terms of volume ratios (i.e., 
c Y is the volume of dissolved gas relative to the volume of water). Both s c and 
s Y are determined experimentally. If the gas does not react chemically with the 
liquid, these properties should remain constant over a range of pressures, espe- 
cially at low partial pressures of the dissolved gases. Solubility is, however, 
strongly influenced by temperature. Table 2.1 gives the s v values of several 
atmospheric gases at various temperatures. 

The solubilities of various gases (particularly oxygen) in varying conditions 
strongly influence such vital soil processes as oxidation and reduction, as well 
as respiration by roots and microorganisms. 



TABLE 2.1 Solubility Coefficients of Gases in Water 



Temperature 

(°C) 


Nitrogen 

(N 2 ) 


Oxygen 

(o 2 ) 


Carbon dioxide 

(co 2 ) 


Air 

(without C0 2 ) 





0.0235 


0.0489 


1.713 


0.0292 


10 


0.0186 


0.0380 


1.194 


0.0228 


20 


0.0154 


0.0310 


0.878 


0.0187 


30 


0.0134 


0.0261 


0.665 


0.0156 


40 


0.0118 


0.0231 


0.530 
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Sample Problem 

A liter of water at 25°C dissolves 0.0283 L of oxygen when the pressure of oxygen in 
equilibrium with the solution is 1 atm (101 kPa). From this we can find the proportion- 
ality constant s v in Henry's law with P 02 = 1 atm, as follows: 

Restating Henry's law: c v = s v (P 02 /Ptotai) 

(where c v is the volume of gas dissolved at equilibrium with a partial pressure Po 2 /Ptotai) 
we can write 

s v = Cv/(Po 2 /Ptotai) = 0.0283 L/L atm 
With the prevailing pressure of oxygen in normal dry air equal to 159 mm Hg, 

c v = 5 v (P 02 /Ptotai) = (0.0283)(1 59/760) = 0.00592 L/L H 2 
= 5.92 mL/L 



ADSORPTION OF WATER ON SOLID SURFACES 

Adsorption is an interfacial phenomenon resulting from the differential 
forces of attraction or repulsion occurring among molecules or ions of differ- 
ent phases at their exposed surfaces. As a result of cohesive and adhesive 
forces coming into play, the zones of contact among phases may exhibit a con- 
centration or a density of material different from that inside the phases them- 
selves. As different phases come in contact, various types of adsorption can 
occur: adsorption of gases on solids, of gases on liquid surfaces, and of liquids 
on solids. 

The interfacial forces of attraction or repulsion may themselves be of dif- 
ferent types, including electrostatic or ionic (coulombic) forces, intermolecular 
forces such as van der Waals and London forces, and short-range repulsive 
(Born) forces. The adsorption of water upon solid surfaces is generally of an 
electrostatic nature. The polar water molecules attach to the charged faces of 
the solids and to the ions adsorbed on them. This adsorption of water is the 
mechanism causing the strong retention of water by clay at high suctions. 

The interaction of the charges of the solid with the polar water molecules 
may impart to the adsorbed water a distinct structure in which the water 
dipoles assume an orientation dictated by the charge sites on the solids. This 
adsorbed "phase" may have mechanical properties of strength and viscosity 
that differ from those of ordinary ("free") liquid water at the same tempera- 
ture. The adsorption of water on clay surfaces is an exothermic process, result- 
ing in the liberation of an amount of heat known as the beat of wetting. 



VAPOR PRESSURE 

According to the kinetic theory, molecules in a liquid are in constant motion 
due to their thermal energy. These molecules collide frequently, and occasion- 
ally one or another at the surface absorbs sufficient momentum to leap out of 
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the liquid and into the atmosphere above it. Such a molecule, by virtue of its 
kinetic energy, thus changes from the liquid to the gaseous phase. This kinetic 
energy is then lost in overcoming the potential energy of intermolecular attrac- 
tion while escaping from the liquid. At the same time, some of the randomly 
moving molecules in the gaseous phase may strike the surface of the liquid and 
be absorbed in it. 

The relative rates of these two directions of movement depend upon the 
concentration of vapor in the atmosphere. An atmosphere that is at equilib- 
rium with a body of pure water at standard atmospheric pressure is considered 
to be saturated with water vapor, and the partial pressure of vapor in such an 
atmosphere is called the saturation vapor pressure. The vapor pressure at equi- 
librium with any body of water depends on its physical condition (pressure 
and temperature) and on its chemical state (affected by the nature and con- 
centration of solutes) but is independent of the absolute or relative quantity of 
liquid or gas in the system. 

The saturation vapor pressure rises with temperature. As the kinetic energy 
of the molecules in the liquid increases, so does the evaporation rate. Con- 
sequently, a higher concentration of vapor in the atmosphere is required for 
the rate of return to the liquid to match the rate of escape from it. A liquid 
arrives at its boiling point when the vapor pressure becomes equal to the 
atmospheric pressure. If the temperature range is not too wide, the dependence 
of saturation vapor pressure on temperature is expressible by the following 
equation (see Table 2.2): 

In p = a - b/T (2.4) 

where In p is the logarithm to the base e of the saturation vapor pressure p > 
T is the absolute temperature, and a and b are constants. 



TABLE 2.2 Physical Properties of Water Vapor 



Temperature 

(°C) 


Saturation vapor 
pressure (torr) 


Vapor density 
in saturated air 
(kg/m 3 ) 


Diffusion 
coefficient 

(m 2 /sec) 


Over 
liquid 


Over 
ice 


Over 
liquid 


Over 
ice 


-10 


2.15 


1.95 


2.36 x 10" 3 


2.14 x 10" 3 


0.211 x 10" 4 


-5 


3.16 


3.01 


3.41 x 10" 3 


3.25 x 10" 3 







4.58 


4.58 


4.85 x 10" 3 


4.85 x 10" 3 


0.226 x 10" 4 


5 


6.53 




6.80 x 10" 3 






10 


9.20 




9.40 x 10" 3 




0.241 x 10" 4 


15 


12.78 




12.85 x 10" 3 






20 


17.52 




17.30 x 10" 3 




0.257 x 10" 4 


25 


23.75 




23.05 x 10" 3 






30 


31.82 




30.38 x 10" 3 




0.273 x 10" 4 


35 


42.20 




39.63 x 10" 3 






40 


55.30 




51.1 x 10" 3 




0.289 x 10" 4 


45 


71.90 




65.6 x 10" 3 






50 


92.50 




83.2 x 10" 3 







28 



CHAPTER 2 WATER PROPERTIES IN RELATION TO POROUS MEDIA 



The vapor pressure also depends also on the hydrostatic pressure of the 
liquid water. At equilibrium with drops of water (which have a hydrostatic 
pressure greater than atmospheric), the vapor pressure is greater than in a state 
of equilibrium with free water (which has a flat interface with the atmos- 
phere). On the other hand, in equilibrium with adsorbed or capillary water 
under a hydrostatic pressure smaller than atmospheric, the vapor pressure is 
smaller than in equilibrium with free water. The curvature of drops is consid- 
ered to be positive, because these drops are convex toward the atmosphere, 
whereas the curvature of capillary water menisci is considered negative, 
because they are concave toward the atmosphere. 

For water in capillaries with a concave air-water interface, the Kelvin equa- 
tion applies: 

— (jlli - Uj°) = RT In (p\°/p\) = lyv^os a/r c 

in which - is the change in potential of the water due to the curvature 
of the air-water interface, y is the surface tension of water, a is the contact 
angle, v 1 is the partial molar volume of water, and r c is the radius of the 
capillary. 

Water present in the soil invariably contains solutes, generally electrolytic 
salts. The composition and concentration of the soil solution affect soil behav- 
ior. In humid regions the soil solution may have a concentration of only a few 
parts per million, but in arid regions it may be as high as several percent. The 
vapor pressure of electrolytic solutions is less than that of pure water: 

v 1 U Q = RT In (p { °/p { ) = \i x - \if 

where n o is the osmotic pressure of the solution, IJ4 and p\ are the chemical 
potential and vapor pressure of the pure liquid, and [i\ and p\ are the same for 
the solution. The soil solution has a lower vapor pressure than pure water, 
even when the soil is saturated. In unsaturated soil, capillary and adsorptive 
effects further lower the potential and hence also the vapor pressure. 

SURFACE TENSION 

Surface tension is a phenomenon occurring typically, though not exclu- 
sively, at the interface of a liquid and a gas. The liquid behaves as if it were 
covered by an elastic membrane in a constant state of tension that has the 
effect of causing the surface to contract. To be sure, no such membrane exists, 
yet the analogy is a useful one if not taken too literally. 

If we draw an arbitrary line of length L on a liquid surface, there will be a 
force F pulling the surface to the right of the line and an equal force pulling 
the surface leftward. The ratio F/L is the surface tension, and its dimensions 
are those of force per unit length. The same phenomenon can also be described 
in terms of energy. Increasing the surface area of a liquid requires work, which 
remains stored as potential energy in the enlarged surface, just as energy can 
be stored in a stretched spring. That potential energy can perform work if the 
enlarged surface is allowed to contract again. Energy per unit area has the 
same dimensions as force per unit length. 
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Fig. 2.5. Cohesive forces acting on a molecule inside the liquid and at its surface. 

An explanation for the occurrence of surface tension is given in Fig. 2.5. 
A molecule inside the liquid is attracted to neighboring molecules in all direc- 
tions equally by cohesive forces, while a molecule at the surface of the liquid 
is attracted into the relatively dense liquid phase by a net force greater than 
that attracting it toward the rarified gaseous phase. This unbalanced force 
draws the surface molecules inward into the liquid and results in the tendency 
for the surface to contract. This is why drops of a liquid in air (as well as bub- 
bles of air in a liquid) assume the shape of a sphere, which is a body of min- 
imal surface exposure relative to its volume. 

Different liquids exhibit different surface tension values, as in the following 
list: 

Water, 7.27 x 10~ 2 N/m (72.7 dyn/cm) at 20°C 
Ethyl ether, 1.7 x 10~ 2 N/m (17 dyn/cm) 
Ethyl alcohol, 2.2 x 10~ 2 N/m (22 dyn/cm) 
Benzene, 2.9 x 10~ 2 N/m (29 dyn/cm) 
Mercury, 0.43 N/m (430 dyn/cm) 



CURVATURE OF WATER SURFACES AND HYDROSTATIC PRESSURE 

Wherever an interface between fluids (say, between water and air) is not 
planar but curved, the resolution of forces due to surface tension creates 
a pressure differential across that interface. For a spherical interface (as in 
the case of a bubble of air immersed in a body of water), the pressure differ- 
ence is proportional to the surface tension and inversely proportional to the 
curvature: 

AP = 2y/R (2.5) 

Thus, the smaller the bubble is, the greater is its pressure. 

If the bubble is not spherical, then instead of Eq. (2.5) we obtain 

AP = y(l/R 1 + l/R 2 ) (2.6) 

where R 1 and R 2 are the principal radii of curvature for any given point on the 
interface. Equation (2.6) reduces to (2.5) whenever R 1 = R 2 . 
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Sample Problem 

Calculate the hydrostatic pressure of water in raindrops of the following diameters: (a) 5; 
(b) 1; (c) 0.2 mm. Assume 4°C. What are the corresponding pressures at 25°C? 

The relevant equation is: AP = 2y/ft. At 4°C the surface tension y is 7.5 x 1 0~ 2 N/m 
(75.0 dyn/cm). 

(a) AP = (2 x 7.5 x 1 0~ 2 N/m)/(2.5 x 1 0~ 3 m) = 60 Pa = 0.6 mbar 

(b) AP = (2 x 7.5 x 1 0- 2 N/m)/(0.5 x 1 0~ 3 m) = 300 Pa = 3.0 mbar 

(c) AP = (2 x 7.5 x 1 0- 2 N/m)/(0.1 x 1 0~ 3 m) = 1 500 Pa = 1 5.0 mbar 

At 25°C the surface tension of water is 7.19 x 10~ 2 N/m (71 .9 dyn/cm). 

(a) AP = (2 x 7.1 9 x 1 0~ 2 N/m)/(2.5 x 1 0~ 3 m) = 57.5 Pa = 0.575 mbar 

(b) AP = (2 x 7.1 9 x 1 0- 2 N/m)/(0.5 x 1 0~ 3 m) = 287.6 Pa = 2.876 mbar 

(c) AP = (2 x 7.1 9 x 1 0- 2 N/m)/(0.1 x 1 0~ 3 m) = 1 438 Pa = 1 4.38 mbar 

We note that the hydrostatic pressure in drops is greatly influenced by drop size but 
not much by temperature in the range considered. 



CONTACT ANGLE OF WATER ON SOLID SURFACES 

If we place a drop of liquid on a dry solid surface, the liquid will usually 
displace the gas that covered the surface of the solid and it will spread over 
that surface to a certain extent. Where its spreading ceases and the edge of the 
drop comes to rest, it will form a typical angle with the surface of the solid. 
This angle, termed contact angle, is illustrated in Fig. 2.6. 




Solid 



Fig. 2.6. The contact angle of a meniscus in a capillary tube and a drop resting on the sur- 
face of a solid. 
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Fig. 2.7. Hypothetical representation of a drop resting on an inclined surface. The contact 
angle a 3 at the advancing edge of the drop is shown to be greater than the corresponding 
angle a r at the receding edge. 



We now consider what factors determine the magnitude of the angle a. 
We can expect that angle to be acute if the adhesive affinity between the 
solid and liquid is strong relative to the cohesive forces inside the liquid 
itself and to the affinity between the gas and the solid. We can then say that 
the liquid "wets" the solid. A contact angle of zero would mean the com- 
plete flattening of the drop and the perfect wetting of the solid surface by 
the liquid. On the other hand, a contact angle of 180° would imply a com- 
plete nonwetting or rejection of the liquid by the gas-covered solid. In that 
case the drop would retain its spherical shape without spreading over the 
surface at all (assuming no gravity effect). Surfaces on which water exhibits 
an obtuse contact angle are called water repellent or hydrophobic (Greek: 
"water-hating"). 

The contact angle of a given liquid on any particular solid is generally char- 
acteristic of their interaction under given physical conditions. This angle, how- 
ever, may be different in the case of a liquid that is advancing over the surface 
than in the case of the same liquid receding over the surface. This phenom- 
enon, where it occurs, is called contact angle hysteresis. The wetting angle of 
pure water on clean and smooth mineral surfaces is generally zero, but where 
the surface is rough or coated with adsorbed surfactants of a hydrophobic 
nature, the contact angle, and especially the wetting angle, can be considerably 
greater than zero and may even exceed 90°. This phenomenon is illustrated in 
given Fig. 2.7. 



THE PHENOMENON OF CAPILLARITY 

A capillary tube dipped in a body of free water will form a meniscus as the 
result of the contact angle of water with the walls of the tube. The curvature 
of this meniscus will be greater (i.e., the radius of curvature will be smaller) 
the narrower the tube. The occurrence of curvature causes a pressure differ- 
ence to develop across the liquid-gas interface. 
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Free water surface 



Fig. 2.8. Capillary rise. 



A liquid with an acute contact angle (e.g., water on glass) will form a 
concave meniscus, and therefore the liquid pressure under the meniscus Pi 
will be smaller than the atmospheric pressure Pq (Fig. 2.8). Hence, water 
inside the tube will be driven up the tube from its initial location (shown as 
a dashed curve in Fig. 2.8) by the greater pressure of the free water (i.e., 
water at atmospheric pressure, under a horizontal air-water interface) at 
the same level. 

The upward movement will stop when the pressure difference between 
the water inside the tube and the water under the flat surface outside the 
tube is countered by the hydrostatic pressure exerted by the water column 
in the capillary tube. If the capillary tube is cylindrical and if the contact 
angle of the liquid on the walls of the tube is zero, the meniscus will be 
a hemisphere (and in a two-dimensional drawing can be represented as 
a semicircle) with its radius of curvature equal to the radius of the capillary 
tube. If, however, the liquid contacts the tube at an angle greater than zero 
but smaller than 90°, then the diameter of the tube (2r) is the length of 
a chord cutting a section of a circle with an angle of n - 2a, as shown in 
Fig. 2.9. Thus, 

R = r/cos a (2.7) 

Here R is the radius of curvature of the meniscus, r is the radius of the capil- 
lary, and a is the contact angle. 

The pressure difference AP between the capillary water (under the menis- 
cus) and the atmosphere, therefore, is 

AP = (2ycos a)lr (2.8) 

Recalling that hydrostatic pressure is proportional to the depth d below the 
free water surface (i.e., P = pgd, where p is liquid density and g is gravitational 
acceleration), we can infer that the hydrostatic tension (negative pressure) in 
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2r 




a capillary tube is proportional to the height h above the free water surface. 
Hence the height of capillary rise is 

b c = (2y cos a)/g(p 1 - p g )y (2.9) 

where p g is the density of the gas (generally neglected), pi is the density of the 
liquid, g is the acceleration of gravity, r is the capillary radius, a is the contact 
angle, and y is the surface tension. 

When the liquid surface is concave, the center of curvature lies outside the 
liquid and the curvature, by convention, is regarded as negative. Thus, for a 
concave meniscus such as that of water in a clean glass capillary, AP is nega- 
tive with reference to the atmosphere, indicating a capillary pressure deficit, or 
subpressure, commonly called tension. On the other hand, in a capillary tube 
that forms a convex meniscus (such as in the case of mercury in glass or of 
water in a waxy or otherwise water-repellent tube), AP would be positive, and 
hence capillary depression, rather than capillary rise, will result. 



Sample Problems 

Calculate the equilibrium capillary rise of water and mercury at 20°C in glass cylindrical 
capillary tubes of the following diameters: (a) 2 mm; (b) 0.5 mm; (c) 0.1 mm. Disregard 
the density of atmosphere. 

Ah = (2y cos a)/ (pgr) 
For water: y= 7.27 x 1 0~ 2 kg/sec 2 (= N/m); a = 0; p = 998 kg/m 3 
(a) r= 10- 3 m: 

Afi = (2x 7.27 x 1 0- 2 kg/sec 2 )/(998 kg/m 3 x 9.81 m/sec 2 x 1 0- 3 m) 
= 1 .48 x 1 0- 2 m = 1 .48 cm 
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(b) r=2.5x10- 4 m: 

Ah = (2 x 7.27 x 1 0~ 2 kg/sec 2 )/(998 kg/m 3 x 9.81 m/sec 2 x 2.5 x 1 0~ 4 m 
= 5.92 x10- 2 m = 5.92 cm 

(c) r=5.0x10- 5 m: 



Ah = (2 x 7.27 x 1 0~ 2 kg/sec 2 )/(998 kg/m 3 x 9.81 m/sec 2 x 5.0 x 1 0~ 5 m 
= 29.6 x10- 2 m = 29.6 cm 

For mercury: y= 0.43 kg/sec 2 ; a = 1 80°; p = 1,360 kg/m 3 

(a) r= 10- 3 m: 

Ah = [2x 0.43 kg/sec 2 x (-1 )]/(1 360 kg/m 3 x 9.81 m/sec 2 x 1 0~ 3 m) 
= -0.64 x 1 -2 m = -0.64 cm (capillary depression) 

(b) r=2.5 x 10- 4 m: 

Ah = [2 x 0.43 kg/sec 2 x (-1 )]/(1 360 kg/m 3 x 9.81 m/sec 2 x 2.5 x 1 0" 4 m) 
= -2.58 x10- 2 m = -2.58 cm 



(c) r=5.0x10- 5 m: 



Ah=[2x 0.43 kg/sec 2 x (-1 )]/(1 360 kg/m 3 x 9.81 m/sec 2 x 5.0 x 1 0~ 5 m 
= -1 2.9 x10- 2 m = -12.9 cm 



DYNAMIC AND KINEMATIC VISCOSITY 

When a fluid is moved in shear (i.e., when adjacent layers of fluid are made 
to slide over each other), the force required is proportional to the velocity of 
shear. The proportionality factor is called the viscosity. As such, it is the prop- 
erty of the fluid to resist the rate of shearing and can be visualized as an inter- 
nal friction. The coefficient of viscosity T| is defined as the force per unit area 
necessary to maintain a velocity difference of 1 m/sec between two parallel 
layers of fluid that are 1 m apart. The viscosity equation is 

x = F s /A = T[du/dx (2.10) 

where x is the shearing stress, consisting of a force F s acting on an area A; 
T| [dimensions: mass/ (length x time)] is the coefficient of dynamic viscosity, 
and duldx is the velocity gradient perpendicular to the stressed area A. 

The ratio of the dynamic viscosity of a fluid to its density is called the kin- 
ematic viscosity, designated v. It expresses the shearing-rate resistance of a 
fluid independent of the density. While the dynamic viscosity of water exceeds 
that of air by a factor of about 50 (at room temperature), its kinematic vis- 
cosity is actually lower. 

Liquids of lower viscosity flow more readily and are said to possess greater 
fluidity (the reciprocal of viscosity). The viscosity of water diminishes by over 
2% per 1°C rise in temperature, and thus it decreases by more than half as the 
temperature increases from 5 to 35°C. The viscosity is also affected by the type 
and concentration of solutes present. 
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I I BOX 2.1 The Shape of a Raindrop 

What is the shape of a free-falling raindrop? Most people answer that question 
^ I unhesitatingly: A raindrop is shaped like a teardrop, flattened at the bottom and 

tapering to a point at the top. That nugget of conventional wisdom is so 
embedded in our collective consciousness that the "standard" teardrop is used not only 
in cartoons but also in respectable scientific publications. Irrigation companies embla- 
zon it on their brochures as a logo, and so do agencies of the United Nations 
Organization dealing with the supply and utilization of water by the world's thirsty 
population. 

Alas, the vertically elongated, top-pointed teardrop falling through the air is a phys- 
ical impossibility. Although a drop may have that shape at the instant of detachment 
from the tip of a wire or a capillary, it will naturally "ball up" to form a sphere once it is 
suspended in air. Raindrops, in any case, do not form at the tip of a wire, but are con- 
densed from vapor as small droplets, which later grow by coalescence. They are spher- 
ical from the start. Then, as they fall vertically through the air, other effects modify their 
shape somewhat. 

Air flowing around the falling drop has a greater velocity near the horizontal "equa- 
tor" of the drop than near its top and bottom "poles." According to Bernoulli's law, 
relating the variation of speed to the variation of pressure along streamlines (p + pq 2 /2 
= constant, where p is the pressure, q is the velocity, and p is the density of the fluid), 
the air around the sides of the drop will acquire a pressure smaller than the air above 
and below the drop, hence the drop will tend to compress vertically and will come to 
resemble an ellipsoid (with its horizontal axis longer than its vertical axis). If the drop 
were to continue accelerating, it might eventually come to resemble a pancake. 
However, Stokes' law enters the picture, with air resistance countering the acceleration 
and establishing a terminal velocity (which depends on drop size). Turbulence at its 
wake may cause the drop to resemble a hamburger bun, and random air currents might 
cause the drop to flutter, but its shape remains more or less the same. And so we can 
bid farewell to sad tears, as myriad happy raindrops hit the ground surface with their 
flattened faces and are absorbed into the soil, providing vital moisture to the roots of 
growing plants. 




Fig. B2.1. Conventional and real raindrops. 
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3. PARTICLE SIZES, 
SHAPES, AND 
SPECIFIC SURFACE 



SOIL TEXTURE 

Having defined the soil as a three-phase system, we now focus attention on 
the solid phase, which is the permanent component of the soil. We can readily 
imagine a soil without air or without water and, in a vacuum, without both 
(as is the case with the "soil" found on the moon), but there could hardly be 
a soil without the solid phase. The soil's solid phase consists of mineral par- 
ticles having various shapes and sizes, as well as of amorphous compounds 
such as organic matter and hydrated iron oxides, which are generally attached 
to the particles. Because the content of the amorphous material is generally 
(though not invariably) small, we can in most cases represent the solid phase 
as consisting mainly of discrete particles. The largest soil particles are often 
visible to the naked eye, whereas the smallest are colloidal and can be observed 
only with the aid of an electron microscope. 

In general, it is possible to classify or group soil particles according to their 
sizes and to characterize the soil as a whole in terms of the relative proportions 
of those size groups. The groups may differ from one another in mineral com- 
position as well as in particle size. It is these attributes of the soil solid phase, 
particle size and mineral composition, that largely determine the nature and 
behavior of the soil: its internal geometry and porosity, its interactions with 
fluids and solutes, as well as its compressibility, strength, and thermal regime. 

The term soil texture refers to the range of particle sizes in a soil, that is, 
whether a given soil contains a wide or relatively narrow array of particle sizes 
and whether the particles are mainly large, small, or of intermediate size. The 
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term thus carries both qualitative and quantitative connotations. Qualitatively, 
it represents the "feel" of the soil material, whether coarse and gritty or fine 
and smooth to the touch. An experienced soil classifier can feel, by rubbing the 
moistened soil with his fingers, whether it is coarse textured or fine textured, 
and can even assess semiquantitatively to which of the textural "classes" the 
soil might belong. 

In a more rigorously quantitative sense, however, the term soil texture 
denotes the precisely measured distribution of particle sizes and the propor- 
tions of the various size ranges of particles composing a given soil. As such, 
soil texture is an intrinsic attribute of the soil and the one most often used to 
characterize its physical makeup. 

TEXTURAL FRACTIONS 

The traditional method of characterizing particle sizes in soils is to divide 
the array of particle diameters into three conveniently separable size ranges 
known as textural fractions or separates, namely, sand, silt, and clay. The 
actual procedure of separating out these fractions and of measuring their pro- 
portions is called mechanical analysis, for which standard techniques have 
been devised. The results of this analysis yield the mechanical composition of 
the soil, a term often used interchangeably with soil texture. 

Unfortunately, there is as yet no universally accepted scheme for classifying 
particle sizes. For instance, the classification standardized in America by the 
U.S. Department of Agriculture differs from that of the International Soil 
Science Society (ISSS), as well as from those promulgated by the American 
Society for Testing Materials (ASTM), the Massachusetts Institute of 
Technology (MIT), and various national institutes abroad. The classification 
followed by soil engineers often differs from that of agricultural soil scientists. 
The same terms are used to designate differing size ranges, an inconsistency 
that can be confusing indeed. Several of the often-used particle size classifica- 
tion schemes are compared in Fig. 3.1. 

An essential criterion for determining soil texture is the upper limit of particle 
size that is to be included in the definition of soil material. Some soils contain 
large rocks that obviously do not behave like soil, but, if numerous, might affect 
the behavior of the soil in bulk. The conventional definition of soil material 
includes particles smaller than 2 mm in diameter. Larger particles are generally 
referred to as gravel, and still larger rock fragments, several centimeters in diam- 
eter, are variously called stones, cobbles, or — if very large — boulders. 

The largest particles that are generally recognized as soil material are desig- 
nated sand, defined as particles ranging in diameter from 2000 um (2 mm) to 
50 um (USD A classification) or to 20 um (ISSS classification). The sand fraction 
is often further divided into subfractions such as coarse, medium, and fine sand. 
Sand grains usually consist of quartz but may also be fragments of feldspar, 
mica, and, occasionally, heavy minerals such as zircon, tourmaline, and horn- 
blende, though the latter are rather rare. In most cases, sand grains have more 
or less uniform dimensions and can be represented as spherical, though they are 
not necessarily smooth and may in fact have quite jagged surfaces (Fig. 3.2). 
That, together with their hardness, accounts for their abrasiveness. 
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Fig. 3.1. Several conventional schemes for the classification of soil fractions according to 
particle diameter ranges; U.S. Department of Agriculture (USDA); International Soil Science 
Society (ISSS); U.S. Public Roads Administration (USPRA); British Standards Institute (BSI); 
Massachusetts Institute of Technology (MIT); German Standards (DIN). 



The next fraction is silt, which consists of particles intermediate in size 
between sand and clay. Mineralogically and physically, silt particles generally 
resemble sand particles. However, since the silt are smaller, particles have 
a greater surface area per unit mass, and are often coated with strongly adher- 
ent clay, silt may exhibit, to a limited degree, some of the physicochemical 
characteristics generally attributed to clay. 

The clay fraction, with particles ranging from 2 um downwards, is the col- 
loidal fraction. Clay particles are characteristically platelike or needlelike in shape 
and generally belong to a group of minerals known as the aluminosilicates. These 
are secondary minerals, formed in the soil itself in the course of its evolution from 
the primary minerals that were contained in the original rock. In some cases, 
however, the clay fraction may include particles (such as iron oxide and calcium 
carbonate) that do not belong to the aluminosilicate clay mineral category. 



Clay 



Sand 




100 jim 

Fig. 3.2. A visual representation of the comparative sizes of sand, silt, and clay particles. 
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BOX 3.1 The Life Story of Sand 

Sand is ubiquitous. We associate sand most commonly with beaches and 
^ I deserts, but in fact it is an important constituent of nearly all soils. Where does 
sand come from? 

Most sand originates in outcropping continental rocks, especially in mountainous 
areas that are exposed to weathering. Mechanical breakdown first dislodges rock frag- 
ments. Chemical assault follows mechanical disintegration in dissolving and recombin- 
ing the more reactive constituent minerals, such as micas and feldspars, while the less 
reactive (more resistant) minerals — primarily quartz — remain as individual grains. 

Sand grains are then carried downslope by surface runoff and are generally delivered 
into a stream. There they roll and bounce along the bottom of the streambed, resting 
temporarily in stagnant pools and then resuming their sporadic motion when a new 
flood arrives. Some of the river sand eventually reaches the seashore, though the jour- 
ney may take hundreds of years. In the course of this journey, the grains are smoothed 
and polished by friction. Where masses of sand are deposited and dried, the winds take 
over, further sorting and redistributing the sand. The grains are propelled in spurts, 
alternately rising a few centimeters above the ground surface and bumping against 
other grains as they fall back to the surface at an oblique angle. 



Because of its far greater surface area per unit mass and its resulting physico- 
chemical activity, clay is the fraction with the most influence on soil behavior. 
Clay particles adsorb water and hydrate, thereby causing the soil to swell upon 
wetting and to shrink upon drying. Clay particles typically carry a negative 
electrostatic charge and, when hydrated, form an electrostatic double layer 
with exchangeable ions in the surrounding solution. Another expression of 
surface activity is the heat that evolves when dry clay is wetted, called the beat 
of wetting. A body of clay will typically exhibit plastic behavior and become 
sticky when moist and then cake up and crack to form cemented hard frag- 
ments when desiccated. 

The relatively inert sand and silt fractions can be called the soil "skeleton," 
while the clay, by analogy, can be thought of as the "flesh" of the soil. 
Together, all three fractions of the solid phase, as they are combined in vari- 
ous configurations, constitute the matrix of the soil. 

TEXTURAL CLASSES 

The overall textural designation of a soil, called textural class, is conven- 
tionally based on the mass ratios of the three fractions. Soils with different 
proportions of sand, silt, and clay are assigned to different classes, as shown in 
the triangular diagram of Fig. 3.3. To illustrate the use of the textural triangle, 
let us assume that a soil is composed of 50% sand, 20% silt, and 30% clay. 
Note that the lower left apex of the triangle represents 100% sand and the right 
side of the triangle represents 0% sand. Now find the point of 50% sand on 
the bottom edge of the triangle and follow the diagonally leftward line rising 
from that point and parallel to the zero line for sand. Next, identify the 20% 
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Fig. 3.3. Textural triangle, showing the percentages of clay (below 0.002 mm), silt 
(0.002-0.05 mm), and sand (0.05-2.0 mm) in the conventional soil textural classes. 

line for silt, which is parallel to the zero line for silt, namely, the left edge of the 
triangle. Where the two lines intersect, they meet the 30% line for clay. The soil 
in this example happens to fit the category of "sandy clay loam." 

Note that a class of soils called loam occupies a central location in the tex- 
tural triangle. It refers to a soil that contains a "balanced" mixture of coarse 
and fine particles, so its properties are intermediate among those of a sand, 
a silt, and a clay. As such, a loam is often considered to be the optimal soil for 
crop growth. Its capacity to retain water and nutrients is better than that of 
sand, while its drainage, aeration, and tillage properties are more favorable 
than those of clay. There are, however, exceptions to this generalization. Under 
different environmental conditions and for different plant species, a sand or 
a clay may be more suitable than a loam. 



Sample Problem 

Determine the textural class designations for soils with the distributions of particle sizes 
shown in Table 3.1 . 

Using the USDA classification (Fig. 3.1) and the textural triangle (Fig. 3.3), we obtain 
the following textural classes: 

(a) % sand = 40, % silt = 45, % clay = 1 5; soil class: loam. 

(b) % sand = 25, % silt = 60, % clay = 1 5; soil class: silt-loam. 
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(c) % sand = 20, % silt = 30, % clay = 50; soil class: clay. 

(d) % sand = 60, % silt = 30, % clay = 1 0; soil class: sandy loam. 



TABLE 3.1 Particle Size Distributions for Sample Problem 1 
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PARTICLE SIZE DISTRIBUTION 

Any attempt to divide into discrete fractions what is usually a continuous 
array of particle sizes is necessarily arbitrary, and the further classification of 
soils into distinct textural classes is doubly so. Although this approach is 
widely followed and in some ways useful, greater information is to be gained 
from measuring and displaying the complete array and distribution of particle 
sizes. Figure 3.4 presents typical particle size distribution curves. The ordinate 
of the graph indicates the percentage of soil particles with diameters smaller 
than the diameter denoted in the abscissa. The latter is drawn on a logarith- 
mic scale to encompass several orders of magnitude of particle diameters while 




0.001 0.01 0.1 1 10mm 

Diameter of particles (d) 
Fig. 3.4. Particle size distribution curves for various types of soil material (schematic). 
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allowing sufficient space for representing the fine particles. Note that this 
graph gives an integral, or cumulative, representation. In practice, the particle 
size distribution curve is constructed by connecting a series of n points, each 
expressing the cumulative mass fraction of particles finer than each of the n 
diameters measured (Pj, F 2 , . . . , F„ . . . , FJ. Thus, 

P, = (M S -SM,)/M S (3.1) 

in which Ms is the total mass of the soil sample analyzed and EM, is the cumu- 
lative mass of particles finer than the z'th diameter measured. 

The information obtainable from this representation of particle size distri- 
bution includes the diameter of the largest grains in the assemblage and the 
grading pattern, that is, whether the soil is composed of distinct groups of par- 
ticles each of uniform size or whether it consists of a more or less uniform dis- 
tribution of particle sizes. Soils having a preponderance of particles of one or 
several distinct sizes, indicating a steplike distribution curve, are called poorly 
graded. Soils with a flattened and smooth distribution curve (without appar- 
ent discontinuities) are called well graded. 

This aspect of the particle size distribution can be expressed in terms of 
the so-called uniformity index, J u , defined as the ratio of the diameter <i 60 , 
which includes 60% of the particles, to the smaller diameter J 10 , which 
includes 10% of the particles (as shown in Fig. 3.4). This index, also called 
the uniformity coefficient, is used mostly with coarse-grained soils. For a soil 
material consisting entirely of equal-sized particles, if such were to exist, I u 
would be unity. Some sand deposits may have uniformity indexes smaller 
than 10. Some well-graded soils, on the other hand, have I u values greater 
than 1000. 

The particle size distribution curve can also be differentiated graphically to 
yield a frequency distribution curve for grain sizes, with a peak indicating the 
most prevalent grain size. Attempts have been made to correlate this index, as 
well as the harmonic mean diameter of grains, with various soil properties, 
such as permeability (see Chapter 7). 

MECHANICAL ANALYSIS 

Mechanical analysis is the procedure for determining the particle size dis- 
tribution of soil samples (Gee and Or, 2002). The first step in this procedure 
is to disperse the soil in an aqueous suspension. The primary soil particles, 
often naturally aggregated, must be separated and made discrete by removal 
of cementing agents (such as organic matter, calcium carbonate, and iron 
oxides) and by deflocculating the clay. Removal of organic matter is usually 
achieved by oxidation with hydrogen peroxide, and calcium carbonate can 
be dissolved by addition of hydrochloric acid. Deflocculation is carried out 
by means of a chemical dispersing agent (such as sodium metaphosphate) 
and by mechanical agitation (shaking, stirring, or ultrasonic vibration). The 
function of the dispersing agent is to replace the cations adsorbed to the clay, 
particularly divalent or trivalent cations, with sodium. This has the effect of 
increasing the hydration of the clay micelles, thus causing them to repel each 
other rather than coalesce, as they do in the flocculated state. Failure to 
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disperse the soil completely will result in floes of clay or aggregates settling 
as if they were silt-sized or sand-sized primary particles, thus biasing the 
results of mechanical analysis to indicate an apparent content of clay lower 
than the real value. 

Actual separation of particles into size groups can be carried out by passing 
the suspension through graded sieves, down to a particle diameter of approxi- 
mately 0.05 mm. To separate and classify still finer particles, the method of 
sedimentation is usually used, based on measuring the relative settling velocity 
of particles of various sizes in an aqueous suspension. 

According to Stokes 3 law, the velocity of a spherical particle settling under 
the influence of gravity in a fluid of a given density and viscosity is propor- 
tional to the square of the particle's radius. We shall now derive this law, inas- 
much as it governs the method of sedimentation analysis. 

A particle falling in a vacuum will encounter no resistance as it is acceler- 
ated by gravity, so its velocity will increase as it falls. However, a particle 
falling in a fluid will encounter frictional resistance proportional to the prod- 
uct of its radius and velocity and to the viscosity of the fluid. 

The resisting force due to friction F r was shown by George Stokes in 1851 
to be 

F r = 6nr\ru (3.2) 

where T| is the viscosity of the fluid, r is the radius of the particle, and u is its 
velocity. As the particle begins its fall, its velocity increases due to the acceler- 
ation of gravity. Eventually, the increasing resistance force equals the constant 
downward gravity force. Henceforth the particle continues to descend by iner- 
tia at a constant velocity known as the terminal velocity u v 
The downward force due to gravity F g is 

F g = (4/3)7ir 3 (p s -p f )g (3.3) 

Here (4/3)7ir 3 is volume of the spherical particle, p s is its density, pf is the den- 
sity of the fluid, and g is the acceleration of gravity. Subtracting fluid density 
from particle density accounts for the buoyancy that reduces the effective 
weight of particles in suspension (Archimedes' law). 
Setting the two forces equal, we obtain Stokes' law: 

u t = (2/9)(r 2 g/Tl)(Ps - p f ) = (J 2 g/18Tl)(Ps - Pf) (3.4) 

where d is the diameter of the particle. Assuming that the terminal velocity is 
attained almost instantly, we can obtain the time t needed for the particle to 
fall through a vertical distance h: 

t=lSb^d 2 g(p s -p { ) 

Rearranging and solving for the particle diameter gives 

J=[18^g(p s -p f )] 1/2 (3.5) 

Since all terms on the right-hand side of the equation, except £, are constants, 
we can combine them into a single constant A and write 

d = Alt m or t = B/d 2 



where B = A 2 . 
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One way of measuring particle size distribution is to use a pipette to draw 
samples of known volume from a given depth in the suspension at regular times 
during sedimentation. An alternative method is to use a hydrometer to moni- 
tor the density of the suspension at a given depth as a function of time. The 
density of the suspension diminishes as the largest particles and then progres- 
sively smaller ones settle out of the region of the suspension being monitored. 

The use of Stokes' law to measure particle sizes is based on certain simpli- 
fying assumptions: 

1. The particles are large enough to be unaffected by random motion of the 
fluid molecules. 

2. The particles are rigid, spherical, and smooth. 

3. All particles have the same density. 

4. The suspension is dilute enough so particles settle independent. 

5. Fluid flow around the particles is laminar (slow enough to avoid onset of 
turbulence). 

In fact, we know that soil particles, though mostly rigid, are neither spherical 
nor smooth, and some may be platelike. Hence, the diameter calculated from 
the settlement velocity does not necessarily correspond to the actual dimen- 
sions of the particle. Rather, we should speak of an effective or equivalent 
settling diameter. 

The results of a mechanical analysis based on sieving may differ from 
those of a sedimentation process for the same soil material. Moreover, soil 
particles are not all of the same density. Most silicates have specific gravity 
values of 2.6-2.7, whereas iron oxides and other heavy minerals may be 
twice as dense. For all these reasons, the mechanical analysis of soils yields 
only approximate results. Its greatest shortcoming, however, is that it only 
gives the amount of clay but not the type of clay, which can greatly affect soil 
behavior. 



Sample Problem 

Using Stokes' law, calculate the time needed for all sand particles (diameter >50 jim) to 
settle out of a depth of 0.2 m in an aqueous suspension at 30°C. How long would it take 
for all silt particles to settle out? How long for "coarse" clay (>1 um)? 
We use Eq. (3.5): 



Substituting the appropriate values for depth h (0.20 m), viscosity n (0.0008 kg/m sec), 
particle diameter d (50 jim, 2 jim, and 1 um for the lower limits of sand, silt, and coarse 
clay, respectively), gravitational acceleration g (9.81 m/sec 2 ), average particle density ps 
(2.65 x 10 km/m 3 ), and water density (10 3 kg/m 3 ), we obtain the following answers. 

(a) For all sand to settle out, leaving only silt and clay in suspension: 



f=18hr,/G( 2 g(p s -p f ). 



t = 



18 x 0.2 x (8 x 10~ 4 ) 



= 71 sec 




(50 x 1 0" 6 ) 2 x 9.81 x (2.65 - 1 .0) x 1 3 




48 



CHAPTER 3 PARTICLE SIZES, SHAPES, AND SPECIFIC SURFACE 



(b) For all silt to settle out, leaving only clay in suspension: 



t = 



18 x 0.2 x (8 x 10~ 4 ) 
(2 x 10" 6 ) 2 x 9.81 x 1.65 x 10 3 



= 44,500 sec = 12.36 hr 



(c) For all coarse clay to settle out, leaving only fine clay in suspension: 



18 x 0.2 x (8 x 10 4 ) 
(1 x 10~ 6 ) 2 x 9.81 x 1.65 x 10 3 



= 178,800 sec = 49.44 hr 



PARTICLE SHAPES 

Particle shapes, as well as particle sizes, affect the properties and behavior 
of the soil in bulk. Irregularly shaped particles expose a larger surface per unit 
mass than do regularly shaped particles. Whether particles are smooth or 
jagged has a bearing on the tendency of particles to fit closely together or inter- 
lock and, hence, on the resulting bulk density, the geometric configuration of 
the pore space, the interparticle bonding, and the resistance of the soil to 
deformation. This resistance determines the reaction of soil bodies to forces 
tending to cause compression as well as shearing. The jaggedness (as well as 
hardness) of particles also affects the frictional abrasiveness of soils toward 
traversing vehicles and tillage tools. 

The techniques employed to examine particle shapes include direct observa- 
tion via a microscope, image analysis, and the measurement of viscosity (Egashira 
and Matsumoto, 1981) and the light-scattering properties of suspensions 

For particles that can be assigned the dimensions of length (L), breadth (B), 
and thickness (T), Heywood (1947) first defined the following shape parameters: 

Flatness ratio = BIT (3.6) 

Elongation ratio = LIB (3.7) 

Other, dimensionless parameters that describe particle shapes are (Skopp, 
2002): 

Sphericity = A s /A a (3.8) 

Circularity = C a /P a (3.9) 

Rugosity = P a /P c (3.10) 

where A a and A s are, respectively, the surface area of an actual particle and the 
surface area of an "equivalent" sphere (i.e., a sphere that has the same appar- 
ent settling or sieve-passing properties as the particle C a and P a are, respect- 
ively, the circumference of a circle with the same area as the cross-sectional 
area of a particle and the particle's actual perimeter P a ; and P c is the circum- 
ference of a circle circumscribing the particle. 

These parameters can be used to describe the shapes of idealized particles 
and to model the characteristics of assemblages of such particles. However, the 
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same criteria are of limited use in characterizing soils in which the particles are 
too irregular and variable to obey any simplistic criterion. Attempts have 
nonetheless been made to characterize the shapes of soil particles using empir- 
ically determined dimensionless shape factors. 

SPECIFIC SURFACE 

The specific surface of soil material can be defined as the surface area A s of 
particles per unit mass (a m ) or per unit volume of particles (a y ) or per unit bulk 
volume of soil (a\>): 

a m = AJM s (3.11) 

a v = AJV s (3.12) 

a h = AJV t (3.13) 

where M s is the mass of particles of volume V s contained in a bulk volume V t 
of soil. 

Specific surface has traditionally been expressed in terms of square meters 
per gram (a m ) or square meters per cubic centimeter (a y ). To convert from 
m 2 /gm to m 2 /kg, one need only multiply by 10 3 . To convert from m 2 /cm 3 to 
m 2 /m 3 , one needs to multiply by 10 6 . 

Specific surface obviously depends on the sizes of the soil particles. It also 
depends on their shapes. Flattened or elongated particles expose greater sur- 
face per unit mass or volume than do equidimensional (cubical or spherical) 
particles. Since clay particles are generally platy, they contribute more to the 
overall specific surface of a soil than is indicated by their small size alone. In 
addition to their external surfaces, some clay particles exhibit internal surface 
areas, such as are exposed when the accordion-like crystal lattice of montmor- 
illonite expands on imbibing water. While the specific surface of sand may be 
no more than 1 or 2 square meters per gram, that of clay may be a hundred 
times higher. In fact, it is the clay fraction — its content and mineral compo- 
sition — that largely determines the specific surface of a soil. 

MEASURING SPECIFIC SURFACE BY ADSORPTION 

The usual procedure for determining surface area is to measure the amount 
of gas or liquid needed to form a monomolecular layer over the entire surface 
in a process of adsorption (Pennell, 2002). The standard method is to use an 
inert gas such as nitrogen. Water vapor and organic liquids (e.g., glycerol and 
ethylene glycol) are also used. The adsorption phenomenon was described by 
de Boer (1953). At low gas pressures, the amount of a gas adsorbed per unit 
area, a a , is related to the gas pressure P, the temperature T, and the heat of 
adsorption Q by the equation 

a a = k t Pexp(QJRT) (3.14) 

where R is the gas constant and kj is also a constant. Thus, the amount of 
adsorption increases with pressure but decreases with temperature. 
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The equation of Langmuir (1918) relates the gas pressure P to the volume 
of gas adsorbed per unit mass of adsorbent m a at constant temperature: 

P/m iL =Vkv 1 + P/v 1 (3.15) 

where k is a constant and v 1 is the volume of adsorbed gas forming a monomo- 
lecular layer over the adsorbent. Parameter v 1 is the slope of the curve of P/m a 
versus P. The specific surface of the adsorbent can be calculated by determining 
the number of molecules in v 1 and multiplying this by the cross-sectional area of 
these molecules. Langmuir's equation assumes that only one layer of molecules 
is adsorbed and that the heat of adsorption is uniform during the process. 

Brunauer, Emmett, and Teller (1938) derived what has come to be known 
as the BET equation, based on multilayer adsorption theory: 

P/v{P -P) = (1/i^C) + (C - l)P/^iCP (3.16) 

where v is the volume of gas adsorbed at pressure P, v 1 is the volume of a single 
molecular layer over the surface of the adsorbent, P is the gas pressure required 
for monolayer saturation at ambient temperature, and C is a constant for the par- 
ticular gas, adsorbent, and temperature. The volume v 1 can be obtained from the 
BET theory by plotting P/v(P - P) versus PIPq. The density of the adsorbed gas 
is usually assumed to be that of the liquefied or solidified gas. 

Polar adsorbents (such as water) may not obey the BET and Langmuir 
equations (which are similar at low pressures), because their molecules or ions 
tend to cluster at charged sites rather than spread evenly over the surface of 
the adsorbent. Techniques for measuring the specific surface of soils by using 
various adsorbed materials were described by Carter et al. (1986). 



ESTIMATING SPECIFIC SURFACE BY CALCULATION 

An estimation of the specific surface area can also be made by calculation 
based on the sizes, shapes, and relative abundance of different types of par- 
ticles in the soil. 

For a sphere of diameter <i, the ratio of surface to volume is 

a v ={nd 2 )/{Kd 3 /6) = 6/d (3.17) 

and the ratio of surface to mass is 

a m = a Y /p s - 6/p s d (3.18) 

For particles having a density p s of about 2.65 g/cm 3 (2650 kg/m 3 ), Equation 
(3.18) can be approximated by 

a m ~2.3/d (3.19) 

Now suppose the particles are not spherical but rectangular: For a cube of 
edge L, the ratio of surface to volume is 

a v = 6L 2 /L 3 = 6/L (3.20) 

and the ratio of surface to mass is 

a m = 6/p s L (3.21) 
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Thus, the expressions for particles of nearly equal dimensions, such as most 
sand and silt grains, are similar, and knowledge of the particle size distribution 
can allow us to calculate the approximate specific surface by the summation 
equation: 

a m = (6/p s )Zc,(d, 2 /d, 3 ) = (6/p s )Z(c,./d,.) (3.22) 

in which C{ is the mass fraction of particles of average diameter dj. 

Now let's consider a platy particle. For the sake of simplicity, assume that a 
hypothetical plate is square shaped, with sides L and thickness z. The surface- 
to-volume ratio is 

a v = (2L 2 + 4Lz)/L 2 z (3.23) 

and the surface-to-mass ratio is 

a m = 2(L + 2z)/p s Lz (3.24) 

If the platelet is very thin, so that its thickness z is negligible compared to prin- 
cipal dimension L, and if p s = 2.65 g/cm 3 (2650 kg/m 3 ), then 

a m ~ 2/p s z ~ 0.75/z cm 2 /g (3.25) 

Thus, the specific surface of a clay can be estimated if the thickness of its 
platelets is known. The platelet thickness of dispersed montmorillonite is 
about 10 A (or 10~ 7 cm = 10~ 9 m). Hence a m = 0.75/10- 7 cm 2 /g, or 750 m 2 /g, 
which compares closely with the measured value of about 800 m 2 /g. The aver- 
age platelet thickness for illite clay is about 50 A (or 5 x 10 -11 m), and for 
kaolinite clays it is a few hundred angstroms. 



Sample Problem 

Estimate the approximate specific surface (m 2 /g) of a soil composed of 1 0% coarse sand 
(average diameter 1 mm), 20% fine sand (average diameter 0.1 mm), 30% silt (average 
diameter 0.02 mm), 20% kaolinite clay (average platelet thickness 4 x 10~ 8 m), 10% 
illite clay (average thickness 0.50 x 10~ 8 m), and 10% montmorillonite (average thick- 
ness 1 -9 m). 

For the sand and silt fractions, we use Eq. (3.1 7): 

a m = (6/2.65)[(0.1/0.1) + (0.2/0.01) + (0.3/0.002)] = 0.0387 m 2 /g = 38.7 m 2 /kg 

For the clay fraction, we use Eq. (3.22) in summation form to include the partial 
specific surface values for kaolinite, illite, and montmorillonite, respectively: 

a m = (0.2 x 0.75)/(400 x 1 0" 8 ) + 0.1 x 0.75/(50 x 1 O" 8 ) + 0.1 x 0.75/(1 x 1 O" 8 ) 
= 3.78 m 2 /g (kaol.) + 15.09 m 2 /g (ill.) + 75.45 m 2 /g (mont.) 
= 94.32 m 2 /g = 94,320 m 2 /kg 

Total for the soil = 0.0387 + 94.32 = 94.36 m 2 /g = 94,360 m 2 /kg 

Note: The clay fraction, only 40% of the soil mass, accounts for 99.96% of the specific 
surface. Montmorillonite alone (10% of the mass) accounts for nearly 80% of this soil's 
specific surface. 
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COMPONENT 



DEFINITIONS OF CLAY 

The term clay carries several connotations, which are not necessarily 
mutually consistent. In daily language, it suggests a soil that tends to retain 
water and to become soft and sticky when wet. In the context of soil texture, 
it designates a range of particle sizes (namely, particles smaller than 2 micro- 
meters) or a soil material with a high fractional content of this particle-size 
range. (Much of the clay therefore fits within the physicochemical category 
of colloids, which are finely divided materials that tend to disperse within 
gases and liquids and exhibit a very high degree of surface activity.) Finally, 
in the mineralogical sense, clay refers to a particular group of minerals, 
many of which occur in the clay fraction of the soil. That fraction thus dif- 
fers from sand and silt not only in the range of particle sizes but also in min- 
eralogical composition. Sand and silt consist mainly of weathering-resistant 
primary minerals, that is, minerals present in the original rock from which 
the soil was formed. Clay, however, includes secondary minerals formed in 
the soil itself by decomposition of the primary minerals and their recompo- 
sition into new ones. 

The various clay minerals differ from one another in prevalence and prop- 
erties and in the way they affect soil behavior. Rarely do any of these minerals 
occur in homogeneous deposits; in the soil they generally appear in mixtures, 
the specific composition of which depends in each case on the combination of 
conditions that governed soil formation. To understand why and how the clay 
fraction serves as the active constituent of soils, we must consider the structure 
and function of clay minerals. 
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STRUCTURE OF CLAY MINERALS 

The forerunners of modern soil science assumed at first that clay consists of 
particles that are essentially similar to those of sand and silt, differing from 
them only in size. Later, they began to notice that when clays were dried from 
aqueous suspensions they tended to form thin flakes and also that moist clay 
could be skimmed and polished to form a smooth and shiny surface. These 
observations suggested that clay particles may be flat and capable of being ori- 
ented in different ways. But it was not until the advent of X-ray diffraction 
(described by Whittig and Allardice, 1986), of differential thermal analysis 
(Tan et al., 1986), and electron microscopy that the crystalline nature of clay 
minerals was proven and their structures were described. 

The most prevalent minerals in the clay fraction of temperate region soils 
are silicate clays, whereas in tropical regions hydrated oxides of iron and alu- 
minum are more prevalent. The typical aluminosilicate clay minerals appear as 
laminated microcrystals, composed mainly of two basic structural units: 
a tetrahedron of four oxygen atoms surrounding a central cation, usually Si 4+ , 
and an octahedron of six oxygen atoms or hydroxyls surrounding a somewhat 
larger cation of lesser valency, usually Al 3+ or Mg 2+ . These basic building 
blocks are illustrated in Fig. 4.1. 

The tetrahedra are joined together at their basal corners by means of shared 
oxygen atoms, in an hexagonal network that forms a flat sheet only 0.493 
nanometers (4.93 A) thick. This is illustrated in Fig. 4.2. The octahedra are 
similarly joined along their edges to form a triangular array as shown in Fig. 
4.3. These sheets are about 0.505 nm (5.05 A) thick. 




Fig. 4.1. The basic structural units of aluminosilicate clay minerals: a tetrahedron of oxygen 
atoms surrounding a silicon ion (left), and an octahedron of oxygens or hydroxyls enclosing an 
aluminum ion (right). 




Fig. 4.2. Hexagonal network of tetrahedra forming a silica sheet. 
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The layered aluminosilicate clay minerals are of two main types, depend- 
ing on the ratios of tetrahedral to octahedral sheets, whether 1:1 or 2:1 
(2:2 minerals are also recognized). In 1:1 minerals like kaolinite, an octahe- 
dral sheet is attached by the sharing of oxygens to a single tetrahedral sheet. 
In 2:1 minerals like montmorillonite, it is attached in the same way to two 
tetrahedral sheets, one on each side. This is shown in Fig. 4.4. A clay particle 
is composed of multiply stacked composite layers (or unit cells) of this sort, 
called lamellae. 

The structure described is an idealized one. Typically, some substitutions of 
ions of approximately equal radii, called isomorphous replacements, take 
place during crystallization. In the tetrahedral sheets, Al 3+ may take the place 
of Si 4+ , whereas in the octahedral layer Mg 2+ may occasionally substitute for 
Al 3+ . Consequently, internally unbalanced negative charges occur at different 
sites in the lamellae. Another source of unbalanced charge in clay crystals is 
the incomplete charge neutralization of terminal ions on lattice edges. 
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Fig. 4.4. Schematic representation of the structure of aluminosilicate minerals: kaolinite 
(top) and montmorillonite (bottom). 
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These unbalanced charges must be compensated externally by the adsorp- 
tion of ions (mostly cations) from the solution surrounding the clay when it 
is wetted. These ions tend to concentrate near the external surfaces of the clay 
particle and occasionally penetrate into the interlamellar spaces. The 
adsorbed cations, including Na + , K + , H + , Mg 2+ , Ca 2+ , and Al 3+ , are not an 
integral part of the lattice structure and can be replaced, or exchanged, by 
other cations in the soil solution. The cation exchange phenomenon is of 
great importance in the soil, because it affects the retention and release of 
nutrients and other salts as well as the flocculation-dispersion processes of 
soil colloids. 



PRINCIPAL CLAY MINERALS 

Clay minerals are usually classified into two main groups, structured and 
amorphous. The structured clays are subclassified according to their internal 
crystal structure (i.e., the layered arrangement of tetrahedra and octahedra 
sheets) into two principal types, 1:1 and 2:1 minerals. The 2:1 clay miner- 
als are further divided into expanding and nonexpanding types. Finally, 
each of these types includes a number of specific minerals, which can be 
identified on the basis of X-ray, electron microscope, or thermal analysis 
techniques. 

The most common mineral of the 1:1 type is kaolinite. Other minerals in 
the same group are balloysite and dickite. The basic layer in the crystal struc- 
ture is a pair of silica-alumina sheets, and these are stacked in alternating 
fashion and held together by hydrogen bonding in a rigid, multilayered 
lattice that often forms an hexagonal platelet. Since water and ions cannot 
enter between the basic layers, these cannot ordinarily be cleaved or sep- 
arated. Moreover, since only the outer faces and edges of the platelets are 
exposed, kaolinite has a relatively low specific surface. Kaolinite crystals 
generally range in planar diameter from 0.1 to 2 um, with a variable thick- 
ness in the range of about 0.02-0.05 um. Owing to its relatively large par- 
ticles and low specific surface, kaolinite exhibits less plasticity, cohesion, and 
swelling than most other clay minerals. The unit layer formula of kaolinite 
is Al 4 Si 4 O 10 (OH) 8 . 

At the opposite end of the spectrum of aluminosilicate clay minerals is 
montmorillonite , a 2:1 mineral of the expanding type, which also includes ver- 
miculite and beidellite. The lamellae of montmorillonite are stacked in loose 
assemblages called factoids. Water and ions are drawn into the cleavage planes 
between the lamellae, and as the crystal expands like an accordion, it can read- 
ily be separated into flakelike thinner units and, ultimately, into individual 
lamellae, which are only 1 nm thick. As the montmorillonite crystals expand, 
their internal surfaces as well as external ones come into play, thus increasing 
the effective specific surface severalfold. Because of its tendency to expand and 
to disperse, montmorillonite exhibits pronounced swelling-shrinking behavior 
as well as high plasticity and cohesion. On drying, montmorillonitic soils, 
especially if dispersed, tend to crack and form hard clods. When tactoids are 
heated to several hundred degrees they tend to close irreversibly so that only 
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their external areas act as adsorbing surfaces. The unit layer formula of mont- 
morillonite is Al 3 5 Mgo.5Si 8 02o(OH) 4 . 

A clay mineral intermediate in properties between kaolinite and montmor- 
illonite is Mite. It belongs to a group of clay minerals called hydrous micas, 
which have a 2:1 silica:alumina ratio but are of the nonexpanding type. 
Isomorphous substitution of aluminum ions for silicon ions in the tetrahedral 
sheets (rather than substitutions of Mg 2+ for Al 3+ in the octahedral sheets, as 
is the case in montmorillonite), to the extent of about 15%, accounts for the 
relatively high density of negative charges in these sheets. This, in turn, 
attracts potassium ions and "fixes" them tightly between adjacent lamellae. 
As a result, the layers are bound together, so their separation and, hence, 
expansion of the entire lattice are effectively prevented. The unit layer for- 
mula of illite is Al 4 Si7A10 2 o(OH) 4 K 0>8 , with the potassium occurring between 
the crystal units. 

An example of a 2:2-type mineral is chlorite, in which magnesium rather 
than aluminum ions predominate in the octahedral sheets, which are in 
combination with the tetrahedral silica sheets. Its unit layer formula is 
Mg 6 Si 6 Al 2 O 20 (OH) 4 , with Mg 6 (OH)j 2 occurring between the layers. In behav- 
ior, chlorite resembles illite. An additional group of silicate clays, in which the 
lattice is continuous in only one dimension, is known as attapulgite or paly- 
gorskite. The particles of this group are needlelike or tubelike, with micro- 
cavities providing internal surfaces. 

Frequently, the various clay minerals occur not separately but in a complex 
mixture. At times, even the internal structure is mixed or interstratified, giving 
rise to composite minerals, which are somewhat loosely termed hravaisite 
(illite-montmorillonite, chlorite-illite, vermiculite-chlorite, etc.). 

The clay fraction may also contain appreciable quantities of noncrystalline 
(amorphous) mineral colloids. Allophanes, for instance, are random combin- 
ations of poorly structured silica and alumina components expressible in 
the general formula Al 2 3 -2SiC) 2 H 2 C). The actual mole ratio of alumina to 
silica ranges in this group from 0.5 to 2.0. Phosphorus and iron oxides are 
frequently present in allophane. Notwithstanding its variable composition, 
allophane is sufficiently distinctive to be identified as a clay mineral. In behav- 
ior, this amorphous clay is similar to the crystalline clays with respect to 
adsorption, ion exchange, and plasticity. 

Still another constituent of the clay traction is a group of hydrous oxides 
of iron and aluminum known as sesquioxides, which are prevalent mainly 
in the soils of tropical and subtropical regions and are responsible for the 
predominantly reddish or yellowish hue of these soils. Their composition can 
be formulated as Fe 2 3 wH 2 and A1 2 3 -^H 2 0, in which the hydration 
ratio n is variable. Limonite and goethite are typical hydrated iron oxides, 
and gibbsite is a frequently encountered aluminum oxide. The sesquioxide 
clays may be partly crystallized but are often amorphous. Their electrostatic, 
adsorptive, and plasticity properties are less distinct than those of most of 
the silicate clays. Frequently, these oxides serve as cementing agents in 
the stabilization of soil aggregates, particularly in subtropical and tropical 
regions. Table 4.1 summarizes the properties of a few of the silicate clay 
minerals. 
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TABLE 4.1 Typical Properties of Selected Clay Minerals (Approximate Values) 



Clay mineral 



Properties 


Kaolinite 


lllite 


Montmorillonite 


Chlorite 


Allophane 


Planar Diameter (jim) 


0.1-4 


0.1-2 


0.01-1 


0.1-2 




Basic layer thickness (A) 


7.2 


10 


10 


14 




Particle thickness (A) 


500 


50-300 


10-100 


100-1000 




Specific surface (m 2 /g) 


5-20 


80-120 


700-800 


80 




Cation exchange capacity 












(mEq/100 g) 


3-15 


15-40 


80-100 


20-40 


40-70 


Area per charge (A 2 ) 


25 


50 


100 


50 


120 



THE ELECTROSTATIC DOUBLE LAYER 

When a colloidal particle is more or less dry, the neutralizing counterions 
are attached to its surface. Upon wetting, however, some of the ions dissociate 
from the surface and enter into solution. A hydrated colloidal particle of 
clay or humus thus forms a micelle, in which the adsorbed ions are spatially 
separated, to a greater or lesser degree, from the negatively charged particle 
(Fig. 4.5). Together, the particle surface, acting as a multiple anion, and the 
"swarm" of cations hovering about it form an electrostatic double layer. 

The assemblage of adsorbed cations can be regarded as consisting of (a) 
a layer more or less fixed in position at the immediate proximity of the parti- 
cle surface and known as the Stern layer and (b) a diffuse cloud of cations 
extending some distance away from the particle surface and gradually dimin- 
ishing in concentration. This distribution is illustrated in Fig. 4.6. It results 
from an equilibrium between two opposing tendencies: (1) the electrostatic 




External 
solution 



Fig. 4.5. Formation of a diffuse double layer in a dry (a) vs. hydrated (b) micelle. 
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Distance from micelle surface 



Fig. 4.6. The distribution of positive and negative ions in solution with distance from the 
surface of a clay micelle bearing a net negative charge. Here n is the ionic concentration in the 
bulk solution outside the electrical double layer. 

(coulombic) attraction of the negatively charged surface for the positively 
charged ions, which tends to pull the cations inward so as to attain the mini- 
mum potential energy level; and (2) the kinetic (Brownian) motion of the liq- 
uid molecules, inducing the outward diffusion of the adsorbed cations in a 
tendency toward equalizing the concentration throughout the solution phase, 
thus maximizing entropy. The equilibrium distribution of cations is such as to 
minimize the free energy of the system as a whole. The actual concentration of 
cations inside the double layer can be 100 or even 1000 times greater than in 
the external, or intermicellar, solution (i.e., outside the range of influence of 
the particle's electrostatic force field). 

As cations are adsorbed positively by the colloidal particle, anions are gen- 
erally repelled, or adsorbed negatively, and thus are relegated from the micel- 
lar to the intermicellar region of the solution surrounding the clay particles. In 
some special cases, however, anions may also be attracted to specific sites on 
colloidal surfaces, but this phenomenon of anion adsorption is much less 
prevalent than cation adsorption in soils. 

Theoretical treatments of the electrostatic double layer have generally been 
based on the Gouy-Chapman theory, in which the negative charges are 
assumed to be constant and to be distributed uniformly over the particle sur- 
faces (although in actual fact they may originate within the crystal lattice). The 
strength of the surface charge is proportional to the charge density (i.e., the 
number of charged sites per unit area). 

The effective thickness of the diffuse double layer can be estimated by 
means of the following equation: 

z=(Vev) [(ekT)/(8nn )] ' 5 (4.1) 

in which z is the characteristic length, or extent, of the double layer, defined as 
the distance from the clay surface to where the ionic concentration is very 
nearly that of the external (intermicellar) solution; e is the elementary charge 
of an electron (4.77 x 10~ 10 esu); £ is the dielectric constant; k is the 
Boltzmann constant (k = R/N, where R is the gas constant and N is Avogadro's 
number); v is the valence of the ions in solution; n is the concentration of the 
ions in the bulk solution; and T is the temperature in Kelvin. 
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Distance from clay particle surface 



Fig. 4.7. Comparison of the distribution of a monovalent cation (Na + ) with a divalent cation 
(Ca 2+ ) in the diffuse double layer. Thanks to its greater charge, the divalent cation is attracted 
more strongly and held more closely to the particle surface. The area under each curve, signi- 
fying milliequivalents of cations per unit surface, is equal. 



As the equation indicates, the diffuse double layer is compressed as the 
valence of the ions in solution is increased. For instance, if a solution of mono- 
valent cations is replaced by a solution of divalent cations, the double layer 
becomes only half as thick (Fig. 4.7). The double-layer thickness is also 
affected by the solution's concentration (Fig. 4.8), because z of Eq. (4.1) is 
inversely proportional to the square root of n. Thus a tenfold increase of con- 
centration will reduce the double layer to 1/1 5 , that is, to about a third of 
its previous thickness. 

The foregoing considerations do not account for interparticle interaction, 
that is, where the diffuse ionic clouds of neighboring micelles intermingle. In 




Fig. 4.8. Influence of ambient solution concentration n 2 ) on thickness of the diffuse 
double layer. The solid curves represent cations and the dotted curves anions. Higher concen- 
tration of the external solution is seen to compress the double layer. 
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Fig. 4.9. Schematic illustration of the increased concentration of cations in the double layer 
due to interaction of adjacent particles. The dotted curves indicate the hypothetical distribution 
of cations for each of the particles if it were suspended alone in the same ambient solution. 



this case, the concentration in the median plane, rather than in the external 
solution, is referred to (Langmuir, 1938): 

n c = n 2 /[v 2 B{d + a) 2 x 10~ 16 ] (4.2) 

Here n c is cation concentration at the median plane (moles/liter), v is the 
valence of the exchangeable cations, d is the distance from either plate to the 
median plane (angstroms), a is a correction factor (1-4 A), and B is a constant 
related to the temperature and dielectric constant (10 15 cm/mmol). The distri- 
bution of cations between two charged plates is illustrated in Fig. 4.9. 



ION EXCHANGE 

The cations in the double layer can be replaced or exchanged by other 
cations introduced into the solution. Under chemically neutral conditions, 
the total number of exchangeable cation charges, expressed in terms of 
chemical equivalents per unit mass of soil particles, is nearly constant and 
independent of the species of cations present. It is thus considered to be an 
intrinsic property of the soil material, generally called the cation exchange 
capacity (or the cation adsorption capacity), and has traditionally been 
reported in terms of milliequivalents of cations per 100 grams of soil. [The 
term equivalent is defined in chemistry as one gram atomic weight (mole) of 
hydrogen or the mass of any ion that can combine with or replace it in 
chemical reactions.] Thus expressed, the cation exchange capacity ranges 
from nil in sands to 100 meq/100 g, or even more, in clays and in organic 
soils. 

The cation exchange capacity depends not only on clay content but also 
on clay type (i.e., on specific surface and charge density), as indicated in 
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Table 4.1. In the top layer of soils rich in organic matter, humus can account 
for as much as 1/4 or 1/3 of the exchange capacity. The cation exchange phe- 
nomenon affects the movement and retention of ions in the soil, which can 
be important in plant nutrition and in environmental processes involving the 
transport of pollutants. Cation exchange also affects the flocculation- 
dispersion processes of soil colloids and hence the development and degra- 
dation of soil structure. The total number of electrostatic charges of clay 
particles divided by the total exposed surface area is called the surface charge 
density. 

Because of differences in their valences, radii, and hydration properties, dif- 
ferent cations are adsorbed with varying degrees of tenacity or preference and 
hence are either more readily or less readily exchangeable. In general, the 
smaller the ionic radius and the greater the valence, the more closely and 
strongly is the ion adsorbed. However, the greater the ion's hydration, the far- 
ther it is from the adsorbing surface and the weaker its adsorption. Sodium 
ion, for example, has an atomic radius of only 9.8 x 10 -11 m when in the 
"naked" state, but it tends to be strongly hydrated and its effective radius 
increases eightfold when it is enveloped by water molecules. Monovalent 
cations, attracted by only a single charge, can be replaced more easily than 
divalent or trivalent cations. The order of preference in exchange reactions is 
as follows: 

Al 3+ > Ca 2+ > Mg 2+ > NH + > K + > H + > Na + > Li + (4.3) 

An example of an exchange reaction is the following: 

Na 2 [clay] + Ca 2+ o Ca [clay] + 2Na + (4.4) 

In nature, soil material is seldom adsorbed homogeneously with a single 
ionic species. Typically, the exchange capacity is taken up by several cations in 
varying proportions, all of which together constitute the so-called exchange 
complex. A typically heterogeneous exchange complex can be represented in 
the following way (with subscripts a, b, c, d, etc., indicating equivalent frac- 
tions of the cation exchange capacity, adding up to 100%): 

Al a 

Ca b 
Mg c 
Na d 



In arid regions, calcium, magnesium, and sometimes sodium tend to pre- 
dominate in the exchange complex. In humid regions, where soils are highly 
leached and often acid, hydrogen and aluminum ions, the latter often released 
from the clay crystal lattice under low pH conditions, play an important role. 
The presence of exchangeable hydrogen is usually referred to as base unsat- 
uration of the exchange complex, and its measure in equivalent terms for the 
soil mass of an agricultural field is taken to be an indication of the amount of 
lime needed to neutralize the soil's reserve acidity. 
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The composition of the exchange complex depends on the concentration 
and ionic composition of the ambient solution. This is expressed in the Gapon 
equation: 



in which A and B are fractional concentrations of cations with valences of 
a and b, respectively, and subscripts e and s refer to concentrations in the 
exchange complex and in the ambient solution, respectively. The coefficient 
c depends on the nature of the charged surface and the nature of the adsorbed 
cation. This equation indicates that the adsorption mechanism favors cations 
of higher valence and that this preference increases as the solution becomes 
increasingly dilute. 

For the important case of calcium-sodium exchange, the selectivity coeffi- 
cient (Shainberg, 1973) is given by 



Here, subscript e denotes the ionic equivalent fractions of Ca and Na in the 
exchange phase, subscript s denotes the mole fractions of these ions in the solu- 
tion phase, and n is the total molar concentration of the solution. The 
selectivity coefficient o for a range of exchangeable sodium fractions has been 
reported to be about 4 in typical soils in Israel (Levy and Hillel, 1968). 

For ordinarily encountered solution concentrations in nonsaline soils, diva- 
lent cations predominate in the exchange complex if present in appreciable 
concentrations. In a mixed calcium-sodium system most of the calcium ions 
are usually adsorbed tightly in the Stern layer, whereas the sodium ions are 
relegated to the diffuse region of the double layer. 

Cation exchange reactions are rapid and reversible; so the composition of 
the exchange complex responds to frequent changes in the composition and 
concentration of the soil solution. The composition of the soil's exchange 
complex in turn governs the soil's pH as well as swelling and flocculation- 
dispersion tendencies. 

In addition to the structural charges due to isomorphous substitutions 
within the crystal lattice of the clay, there are surface charges due to the imbal- 
ance of proton and hydroxyl charges on the exposed peripheries or edges 
(as opposed to the faces) of the clay particles, where the lattice bonds are bro- 
ken (Sposito, 1984). The former charges are permanent and are generally 
unaffected by the ambient solution surrounding the particles, whereas the lat- 
ter charges are affected by the pH of the ambient solution. The structural 
charges are generally negative, but the surface charges may become positive at 
low values of pH. Consequently, pH-sensitive clay minerals may display a 
capacity for anion adsorption. This has been noticed specifically in kaolinite. 
Anion adsorption is selective. Among the common anions, silicate and phos- 
phate ions are more strongly adsorbed than are sulfate, nitrate, or chloride 
ions. Anion adsorption can be important in the retention of phosphate in soils. 
Various nonionic substances (including organic compounds) can also be 
adsorbed by clay, generally by means of hydrogen and van der Waals bonds. 
Organic matter (humus) can also exhibit anion exchange, particularly at low 
pH values. 



AJB e = c([A s ]^/[B s ]^) 



(4.5) 



°Ca-Na = «o([Ca e ][Na s ] 2 /[Na e ] 2 [Ca s ]) 



(4.6) 
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BOX 4.1 The Uses of Clay 

Some eight millennia ago, humans discovered the use of clay for pottery mak- 
I ing. In Mesopotamia, an important use of clay was for writing. Clay tablets were 
fashioned and then while still moist imprinted with a sharp reed stylus. If then 
fired, such tablets could become permanent records of political and commercial deeds, 
legal codes, myths, and poetry. 

The value of clay for ceramics arises from its plasticity and its tendency to harden 
when heated. Hence it can be shaped at will and the desired shape can then be made 
durable, strong, thermally and electrically resistant, and either pervious or impervious 
(depending on the type of clay and on the temperature to which it is heated). When 
the temperature is high enough, the clay particles tend to fuse so the shaped object 
becomes practically impervious. Wall tiles, ceramic pipes, and stoneware pots are 
among the objects made in this way. Sanitary faiences are made with kaolinite fired at 
very high temperatures. When the kaolinite is quite pure and fusing is complete, a 
translucent glass is obtained, called porcelain, which is used for the manufacture of fine 
chinaware as well as electric insulators. 

An important use of clay is in construction. Even today, an estimated third of all 
humans live in houses made of clay. Clay mixed with sand or straw is the plasterlike 
material called daub. Packed into molds and then dried, it is made into mudbricks. 
When fired, it is hardened into stonelike bricks. Cement is a mixture of limestone and 
clay (about 25%) fired at a temperature of 1400°C. 

The fact that clay can be made into impermeable pastes has been utilized since 
antiquity. Cisterns and channels were coated with clay so that they would hold and 
convey water with minimum leakage. Porous soil can be made impermeable by the 
injection of mixtures of water and clay. Injection of clayey mud is a common practice 
in drilling for oil. Pumped into a drill pipe, the mud cools the drill bit and rises along 
the pipe, carrying away the drill cuttings. 

The adsorptive capacities of clay are important in agriculture and in industry. 
Adsorbed ions are loosely bound and therefore are easily exchanged with hydrogen 
from the roots of plants. Hence the clay minerals act to provide a source for the nutri- 
ent mineral required by plants. The ability of smectite clays to form stable colloidal sus- 
pensions is useful in the preparation of polishes, cosmetics, and pesticides, among many 
products. Kaolin, or white clay, serves widely for coating paper. (The paper on which this 
book is printed may contain over 20% kaolin.) Without it the paper would be much less 
opaque and would absorb the ink so that the lines of illustrations would become 
blurred. 



HYDRATION AND SWELLING 

Clay particles are hardly ever completely dry. Even after oven-drying at 
105°C for 24 hr, which is the standard for drying soil material, clay particles 
still retain appreciable amounts of adsorbed water, as shown in Fig. 4.10. The 
affinity of clay surfaces for water is demonstrated by the hygroscopic nature 
of clay soils, that is, their ability to sorb and condense water vapor from the 
air. So-called "air-dry" soil commonly contains several percent water, the exact 
percentage depending of course on the kind and quantity of clay as well as on 
the humidity of the air. 
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Fig. 4.10. Dehydration curves of clay minerals. (After Marshall, C. E., 1964) 

In the oven-dry state, the water associated with clay is so tightly held that 
it can be considered a part of the clay itself. When water is added to initially 
dry clay, the water films surrounding each particle thicken and the water is 
then more loosely held. The entire physical behavior of a clay-containing soil 
mass (including strength, consistency, plasticity, and the conduction of water 
and heat) is strongly influenced by the degree of hydration. 

Water is attached to clay surfaces by several mechanisms, including the elec- 
trostatic attraction of the dipolar, oriented water molecules to charged sites as 
well as their hydrogen bonding to exposed oxygen atoms on the clay crystal. Still 
another mechanism of hydration arises from the presence of adsorbed cations. 
Because the cations associated with the clay also tend to hydrate, they contribute 
to the overall hydration of the clay system. Quantitatively, this effect depends on 
the type of cations present and on the cation adsorption capacity of the clay. 

The strength of clay-water adsorption is clearly greatest for the first layer 
of water molecules. The second layer is attached to the first by hydrogen bond- 
ing, and the third to the second, and so forth, so the influence of the attractive 
force field of the clay surface diminishes rapidly with distance, to become 
vanishingly small beyond a few molecular layers. The effective thickness and 
the physical properties of the adsorbed water in the vicinity of the clay surface 
have been a subject of controversy, with some investigators contending that 
adsorbed water is quasi-crystalline and hence differs significantly from bulk 
water in viscosity, diffusivity to ions, dielectric constant, and density. Others 
claim that the difference in properties between adsorbed water and capillary 
water in the soil is scarcely detectable and is in any case inconsequential. 
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Sample Problem 

The diameter of a water molecule is about 3 x 10~ 8 cm (3 x 10~ 10 m). One cubic centi- 
meter of water at standard temperature and pressure has a mass of about 1 gram 
and contains about 3.4 x 10 22 molecules. The mass per molecule M m is therefore about 
3 x 10- 23 g. 

Calculate the mass of water adsorbed by lOOg of montmorillonite, illite, kaolinite, 
and fine quartz sand if the specific surface areas a s are 800, 1 00, 1 0, and 1 m 2 /g, respecti- 
vely. Assume monomolecular adsorption. 

For montmorillonite: 

Surface area of sample: A s = ma s = 1 00 g x 800 m 2/ g 

= 8 x 1 4 m 2 = 8 x 1 8 cm 2 

Area of one molecule An ~ (3 x 1 0~ 8 cm) 2 « 9 x 1 0~ 16 cm 2 

Number of molecules adsorbed: n = A s /A m = 8 x 1 8 cm 2 /9 x 1 0~ 16 cm 2 

-9x10 23 

Mass of water adsorbed: M w = nM m -(9 x 1 23 )(3 x 1 0~ 23 g) = 27 g 
For illite: M w « 3.375 g; for kaolinite ~ 0.338 g; for fine quartz sand ~ 0.034 g. 



When a confined body of clay sorbs water, swelling pressures (defined as 
the pressure that must be applied to a body of soil that is allowed to imbibe 
water, to prevent it from expanding) develop, related to the osmotic pressure 
difference between the adsorbed water and the external solution. In a par- 
tially hydrated micelle, the thickness of the enveloping water is less than the 
potential thickness of the fully expanded diffuse double layer. The double 
layer, thus truncated, will tend to expand to its full potential thickness and 
dilution by the osmotic absorption of additional water, if available. As each 
micelle expands, its swarm of positively charged cations repels those of 
the adjacent micelles. Thus the micelles tend to push each other apart. 
Though this causes the system to swell and increase its overall porosity, it 
may have the internal effect of closing the soil's larger pores, thus reducing its 
permeability. 

We have already shown that the concentration of ions between associated 
clay micelles is greater than in the external solution. The actual concentration 
difference depends on the interparticle distance (i.e., on the degree of hydra- 
tion of the clay) and on the potential extent of the diffuse double layer (which, 
in turn, depends upon the valences and concentrations of the adsorbed 
cations). The osmotic attraction of a clay assemblage for "external" water 
may be roughly twice as high with monovalent than with divalent cations, 
since there are normally twice as many of the former than of the latter. Hence 
swelling is greatest with monovalent cations, such as sodium, and with dis- 
tilled water as the external solution. With calcium as the dominant cation in 
the exchange complex, swelling is reduced. A similar restraining effect is 
caused at low pH values by the presence of trivalent aluminum. High salinity 
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Fig. 4.11. Volume changes of montmorillonite and kaolinite clays during hydration. 



of the soil solution will also suppress swelling. However, if a saline soil in 
which sodium salts predominate is leached of excess salts with freshwater 
without concurrent addition of calcium (e.g., in the form of gypsum), strong 
swelling may result from the predominance of sodium ions in the adsorbed 
phase. 

The time-dependent volume increase of clays and clay-sand mixtures in 
the process of hydration is illustrated in Fig. 4.11. This time dependence is 
due to the low permeability of clay systems. The eventual swelling is seen to 
depend on the amount and nature of the clay present. In general, swelling 
increases with increasing specific surface area. It is also affected by the 
arrangement or orientation of soil particles and by the possible occurrence 
of interparticle cementation by such materials as iron or aluminum oxides, 
carbonates, and humus, which may constrain the expansion of the soil 
matrix. 

When a hydrated body of clay is dried, a process opposite to swelling 
occurs, namely, shrinkage. In the field, the shrinkage that typically begins at 
the surface often causes the formation of numerous cracks, which break the 
soil mass into fragments of various sizes, from small aggregates to large 
blocks. An extreme example of this can be seen in vertisols, which are soils 
rich in expansive clay (e.g., montmorillonite). When subject to alternating 
wetting and drying, as in a semiarid region, such soils tend to heave and 
then to settle and to form wide, deep cracks and slanted sheer planes 
extending deep into the soil profile. Vertisols can be problematic both in 
agriculture (where they are exceedingly difficult to till because they tend to 
puddle and then to harden upon drying) and in engineering (where their 
successive heaving and subsidence tends to warp road pavements and to 
damage buildings). 
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BOX 4.2 Clay Soils That Till Themselves 

j Vertisols behave strangely: They perform a kind of tillage on their own. The part 
^ I of the profile where we would normally expect to find more or less distinct dif- 
ferentiation between an A horizon and a B horizon in fact exhibits very little in 
the way of profile development. The entire soil, sometimes to a depth of 1 m or more, 
actually churns and mixes itself repeatedly. 

Here is how it happens: During the wet season, these clayey soils swell markedly. The 
differential swelling of zones within the profile causes parts of the soil to move relative to 
adjacent parts, thus creating typically oblique shear planes (called slickensides) in the sub- 
soil. During the dry season, the soil shrinks from the top downward and forms an exten- 
sive network of deep, wide cracks. The masses of soil between cracks form separated, 
column-like blocks. The tops of these blocks desiccate and break into numerous small 
clods, which in turn dribble into the cracks, often to a depth of several decimeters. When 
the soil is next wetted and in turn desiccated again, new material is exposed at the sur- 
face, just as some of the material formerly at the surface is now mixed deep in the profile. 

The same process also causes stones (where they are present, as in volcanic areas) to 
rise in the soil. The small clods that drop into the cracks sometimes dribble past the 
stones that are embedded in the soil. When the soil is next wetted, these clods swell and 
push the stones upwards. Farmers in such areas are likely to find a fresh crop of stones 
on the soil surface every year. 



FLOCCULATION AND DISPERSION 

As clay particles interact with one another, forces both of repulsion and of 
attraction can come into play. The one or the other type of force may predom- 
inate, depending on physicochemical conditions. When the repulsive forces are 
dominant, the particles separate and remain apart from each other — and the 
clay is said to be dispersed. On the other hand, when the attractive forces pre- 
vail, the clay becomes flocculated, a phenomenon analogous to the coagulation 
of organic colloids, as the particles associate in packets or floes. 

These phenomena can be observed quite readily in dilute aqueous suspen- 
sions of clay. For the clay particles to enter into and remain in a state of sus- 
pension, they must be dispersed. This can be induced by the addition of a sodic 
dispersing agent and by mechanical agitation, in the manner described in con- 
nection with mechanical analysis. The dispersed suspension is typically turbid 
and remains so as long as the suspension is stable. This state can be changed 
rather dramatically by the addition of polyvalent cations or by the addition of 
salt to increase the overall electrolyte concentration. The turbid suspension 
suddenly clarifies as the clay particles flocculate and the floes (behaving like 
large composite particles) settle to the bottom. 

The main repulsive force between clay micelles derives from the like charges 
of the ionic swarms surrounding the particles, manifested by the swelling ten- 
dency of clay-water systems. An attractive force may result, however, if two 
clay platelets are brought close enough together (within about 1.5 nm) so that 
their counterions intermingle to form a unified layer of positive charges, which 
then attracts the negatively charged particles on both sides. This process, 
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Fig. 4.12. Schematic representation of montmorillonite tactoid. 

called plate condensation, brings about the formation of tactoids, or packets 
of parallel-oriented platelets (like packs of cards) that form a more or less 
stable association (Fig. 4.12). 

Another type of electrostatic attraction between particles can occur when the 
plate edges develop positive charges, as they tend to do at low pH values. If the 
repulsion normally due to the diffuse double layer is not so great as to prevent 
clay particles from coming together, the positive charges on the edge of one 
particle may form bonds with the negative charges on the face of another. 
A "card-house" structure of floes can then develop, as shown in Fig. 4.13. 

The important fact about these various attractive and repulsive forces is that 
they operate with different intensities and over different ranges. The combined 
force field, shown schematically in Fig. 4.14, consists of regions within which net 
attraction prevails and regions over which repulsion predominates. For example, 
coulombic (electrostatic) forces are inversely proportional to distance squared, 
whereas London-van der Waals forces are inversely proportional to the seventh 
power of the distance, so the latter are effective within a narrow space of only 
a nanometer or so, whereas the former extend to distances 10 times as great. 




Fig. 4.13. Edge-to-face electrostatic bonding resulting in card-house structure. 
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Fig. 4.14. Schematic representation of the combined force field surrounding a hydrated 
clay particle. 



Starting from a dilute stable suspension in which the micelles are far apart 
so that the repulsive forces prevail, flocculation can only be achieved if these 
repulsive forces are suppressed sufficiently to allow colliding particles to 
clump together, rather than bounce apart, as they approach within the range 
of the attractive forces. Repulsion is maximized, favoring dispersion, when the 
double layer is fully extended, as when the ambient solution is very dilute and 
of high pH (thus preventing positive charges from forming at the particle 
edges), when the dominant cation is monovalent, and when the soil is fully 
hydrated. Mechanical agitation also inhibits flocculation. In contrast, repul- 
sion is minimized, allowing flocculation, whenever the solution concentration 
is high and the monovalent cations are replaced by polyvalent ones. 

The balance of repulsive versus attractive forces is reversible and, under cer- 
tain circumstances, can easily shift either way. A soil can thus disperse, floccu- 
late, redisperse, reflocculate, and so forth, several times over, as, for example, 
when it is irrigated with water of varying salinity and ionic composition. 



Sample Problem 

If the cation exchange capacity of a soil is 40 meq/100 g (400 mEq/kg), and if sodium 
ions constitute 25% of the exchange complex, what is the minimum amount of gypsum 
required per hectare to replace sodium with calcium in the upper 0.20-m layer of the 
soil? Assume a bulk density of 1 .2 x 10 3 kg/m 3 . 

The chemical formula for gypsum is CaS0 4 -2H 2 0. Hence the molecular weight is 1 72 
and the equivalent weight is 86. 

Mass of soil in upper 0.2-m layer = 1 4 m 2 /hectare x (2 x 1 _1 m depth) 
x 1 .2 x 1 3 kg/m 3 = 2.4 x 1 6 kg. 

Equivalents of sodium to be removed from upper 0.2 m layer = 2.4 x 10 6 kg 
x (400 x 0.25 mEq/kg) = 2.4 x 1 5 Eq. 

Mass of gypsum needed = 2.4 x 1 5 Eq x 86 g/Eq « 2 x 1 7 gm ~ 20 metric tons. 
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HUMUS: THE ORGANIC CONSTITUENT OF SOIL COLLOIDS 

Although the main topic of this chapter is the mineral colloidal matter 
known as clay, we must emphasize the important fact that an entirely differ- 
ent kind of colloidal matter exists in soils, called humus. This generally dark- 
colored material, found mostly in the surface zone (the A horizon) of soils, is 
defined in the Glossary of Soil Science Terms (Soil Science Society of America, 
1996) as "the more or less stable fraction of the soil organic matter remaining 
after the major portion of added plant and animal residues have decomposed." 
So defined, humus does not include undecomposed or partially decomposed 
organic residues, such as recent stubble or dead roots. 

Like clay, humus particles are negatively charged. During hydration, each 
particle of humus forms a micelle and acts like a giant, composite anion, cap- 
able of adsorbing various organic and inorganic constituents, including 
cations. The cation exchange capacity of humus is much greater, per unit mass, 
than that of clay. Unlike most clay, moreover, humus is generally not crys- 
talline but amorphous. Because it is composed mostly of carbon, oxygen, and 
hydrogen, its charges are due not to the isomorphous substitutions of cations 
but to the dissociation of carboxylic (-COOH) and phenolic (— < > -OH) 
groups. Since the cation exchange process depends on replacement of the 
hydrogen in these groups, it is pH dependent, with the cation exchange capac- 
ity generally increasing at higher pH values. 

Humus is not a single compound, nor does it have the same composition in 
different locations. Rather, it is a complex mixture of numerous compounds, 
including lignoproteins, polysaccharides, polyuronides, and other compounds 
too varied to list. Furthermore, the organic colloids of humus, although "more 
or less" stable, are in fact amenable to bacterial action, particularly if the soil's 
temperature, moisture, or aeration regimes are modified. 

The content of humus in mineral soils varies from as high as 10% or even 
more in the top layer of chernozem (the typically black soil that occurs in the 
American prairie and in the plains of Ukraine) down to nil in desert soils and 
is of the order of 1-3% in many intermediate soils. The humus content gener- 
ally diminishes in depth through the B horizon and becomes negligible at the 
bottom of the normal root zone, unless the soil is a deposit of alluvial mater- 
ial with a high original content of humus. Organic soils such as peat and muck 
may contain well over 50% organic matter, though not all of that would fit 
the accepted definition of humus. 

The importance of humus goes beyond its effect on cation adsorption or 
even plant nutrition. Humus often coagulates in association with clay and 
serves as a cementing agent, binding and stabilizing soil aggregates and thus 
improving soil structure. This aspect is discussed in Chapter 5. 
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5. SOIL STRUCTURE 
AND AGGREGATION 



SOIL STRUCTURE DEFINED 

Bricks thrown haphazardly atop one another become an unsightly heap. 
The same bricks, only differently arranged and mutually bonded, can give rise 
to a home or a school. Similarly, a soil can be merely a loose and unstable 
assemblage of random particles, or it can consist of a distinctly structured 
body of interbonded particles associated into aggregates having regular sizes 
and shapes. Hence it is not enough to study the properties of individual soil 
particles. To understand how the soil behaves as a composite body, we must 
consider the manner in which the various particles are packed and held 
together to form a continuous spatial network that constitutes the soil matrix 
or the soil fabric (Gregorich et al., 2002). 

The arrangement or organization of the particles in the soil (i.e., the internal 
configuration of the soil matrix) is called soil structure. Since soil particles 
differ in shape, size, and orientation and can be variously associated and inter- 
linked, the mass of them can form complex and irregular patterns that are dif- 
ficult to characterize in exact geometric terms. A further complication is the 
inherently unstable nature of soil structure and its nonuniformity in space. Soil 
structure is affected by changes in climate, biological activity, and soil man- 
agement practices, and it is vulnerable to destructive forces of a mechanical 
and physicochemical nature. 

For these various reasons, we have no truly objective or universally appli- 
cable way to measure soil structure per se, and the term soil structure there- 
fore expresses a qualitative concept rather than a directly quantifiable 
property. The numerous methods proposed for characterizing soil structure 
are designed not to measure soil structure itself but soil attributes that are 
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supposed to depend on structure. Many of these methods are specific to the 
purpose for which they were devised and some are completely arbitrary. 

The difficulty of defining soil structure notwithstanding, we can readily 
perceive its importance, inasmuch as it determines the total porosity as well 
as the shapes and sizes of the pores in the soil. Soil structure affects the reten- 
tion and transmission of fluids in the soil, including infiltration and aeration. 
Moreover, as soil structure influences the mechanical properties of the soil, 
it may also affect such disparate phenomena as germination, root growth, 
tillage, overland traffic, and erosion. Agriculturists are usually interested in 
having the soil, at least in its surface zone, in a loose and highly porous and 
permeable condition. Engineers, on the other hand, often desire a dense and 
rigid structure so as to provide maximal stability and resistance to subse- 
quent deformation as well as minimal permeability. In either case, know- 
ledge of basic soil structure relationships is essential for efficient 
management of the soil. 

TYPES OF SOIL STRUCTURE 

In general, we can recognize three broad categories of soil structure — sin- 
gle grained, massive, and aggregated. When particles are entirely unattached 
to one another, the structure is completely loose, as it is in the case of a coarse 
granular soil or an unconsolidated deposit of desert dust. Such soils were 
labeled structureless in the older literature of soil physics, but, since even 
a haphazard arrangement is a structure of sorts, we prefer the designation single- 
grained structure. On the other hand, when the soil is tightly packed in large 
cohesive blocks, as is sometimes the case with dried clay, the structure can be 
called massive. Between these two extremes, we can recognize an intermediate 
condition in which the soil particles are associated in quasi-stable small clods 
known as aggregates or peds. 

This last type of structure, called aggregated, is usually the most desirable 
condition for plant growth, especially in the critical early stages of germination 
and seedling establishment. The presence and maintenance of stable aggre- 
gates is the essential feature of soil tilth, a qualitative term used by agrono- 
mists to describe the highly desirable, yet elusive, physical condition in which 
the soil is an optimally loose, friable, and porous assemblage of stable aggre- 
gates, permitting free entry and movement of water and air, easy cultivation 
and planting, and unobstructed germination and emergence of seedlings as 
well as the growth of roots. 

STRUCTURE OF GRANULAR SOILS 

The structure of most coarse-textured soils is single grained, because there 
is little tendency for the grains to adhere and form aggregates. The arrange- 
ment and internal mode of packing of the grains depends on their distribution 
of sizes and shapes as well as the manner in which the material had been 
deposited or formed in place. The two extreme cases of possible packing 
arrangements are, on the one hand, a system of uniform spherical grains in 
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a state of open packing (and hence minimal density) and, on the other hand, 
a gradual distribution of grain sizes in which progressively smaller grains fill 
the voids between larger ones in an "ideal" succession that provides maximal 
density. An assemblage of grains of uniform size is called monodisperse, 
whereas an assemblage of widely varying grain sizes is called polydisperse. 

Let us consider a hypothetical system consisting entirely of uniform spheres. 
Although not realistic, this is a useful exercise, inasmuch as it can help us to 
establish theoretical limits of porosity by which we may later evaluate real sys- 
tems. With monodisperse spheres, the minimal density and hence maximal 
porosity is obtained in the case of cubic (open) packing. In this mode of pack- 
ing, each grain touches six neighbors on opposite sides of three orthogonal 
axes and hence is said to have a coordination number of 6. The bulk density 
is then np s /6 (where p s is the particle density), and the porosity is 47.6%, 
regardless of the diameter of the spheres. If p s = 2.65 x 10 3 kg/m 3 , we obtain 
a bulk density of about 1.39 x 10 3 kg/m 3 . 

In contrast with the cubic arrangement, we may have the tetrahedral or 
octahedral arrrangement, both of which provide the densest possible packing 
of uniform spheres. Both of these conditions have a coordination number of 
12, a bulk density of 7ip s /3(2 1/2 ) (about 1.97 x 10 3 kg/m 3 = 1.97 g/cm 3 ), and 
a porosity of 25.9%. A schematic representation of modes of packing is given 
in Fig. 5.1. A quantitative summary is given in Table 5.1. 

The analysis of polydisperse systems is obviously more complex than that 
of monodisperse systems, even if we continue to assume spherical shape. 
A mixture of two grain sizes depends on the relative concentration of the 
components. For any particular ratio of grain sizes, there exists an optimal 
composition that will result in minimal porosity. In principle, the density of a 
polydisperse system consisting of many particle sizes can be greater than that 
of a monodisperse system, because smaller particles can fit into the spaces 
between larger ones (Fig. 5.2). Depending on the array of relative particle 
radii, coordination numbers as high as 30 or more and porosities lower than 
20% are possible. The actual porosities of natural sediments generally lie 
between the theoretically derivable limits for the ideal packings of monodis- 
perse and polydisperse spheres; that is, they range between 25% and 50%. 




(c) (d) (e) 

Fig. 5.1. Models of packing of equal spheres, (a) simple cubic, (b) cubical tetrahedral, 
(c) tetragonal sphenoidal, (d) pyramidal, and (e) tetrahedral. (Deresiewicz, 1958). 
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TABLE 5.1 Packing of Spheres 



Type of 


Coordination 


Spacing of 


Volume of 




Porosity 


packing 


number 


layers 


unit prism 


Density 


(%) 


Simple cubic 


6 


2R 


8R 3 


71/6 


47.64 










(0.5236) 




Cubic tetrahedral 


8 


2R 


71/3^3 


39.54 






R^3 




(0.6046) 




Tetragonal sphenoidal 10 


6R 3 


2tc/9 


30.19 










(0.6981) 




Pyramidal 


12 


R^2 




7C/3V2 


25.95 






2R^2/3 




(0.7405) 




Tetrahedral 


12 


7C/3V2 


25.95 


a From Deresiewiez 


(1958, Table 1). 











Loose deposits of granular material cannot be compacted very effectively by 
application of static pressure (which, however, can be very effective in com- 
pacting unsaturated clayey soils). Static pressure is merely transmitted along 
the soil skeleton and borne by the high frictional resistance to the mutual 
sliding of the grains. Granular material can, however, be compacted by the 
application of vibratory action. The vibration pulsates the grains and allows 
smaller ones to enter between larger ones, thus increasing the packing density. 
The vibration of granular materials is effective in dry and in saturated states, 
whereas at unsaturated moisture contents surface tension forces of the water 
menisci that are wedged between the particles lend cohesiveness and hence 
greater rigidity to the matrix. The structure of nonideal granular materials (in 
which the grains are not spherical but oblong or angular) is much more diffi- 
cult to formulate theoretically, because the orientations of particles must be 
taken into account. 




Fig. 5.2. Packing of polydisperse particles (hypothetical). 
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Sample Problem 

Calculate the overall porosity and bulk density values for an assemblage of uniform spher- 
ical aggregates in open (cubic) and dense (tetrahedral) packing. Assume that each aggre- 
gate has a bulk density p b of 1 .8 x 10 3 kg/m 3 (1 .8 g/cm 3 ) and that particle density p s is 
2.65 x 10 3 kg/m 3 . How much of the total porosity is due to macro-(between-aggregate) 
pores and how much to micro-(within-aggregate) pores in each packing mode? 
7b determine the microporosity of the aggregates themselves: 

Recall that porosity f = 1 - (p b /p s ) = 1 - (1 .8/2.65) = 0.32 and that the volume of 
a sphere = (4/3)nr 3 = (n/6)d 3 , where r is radius and d is diameter. 

In cubic packing: Assuming the diameter to be of unit length, each such sphere occu- 
pies a cube of unit volume (d 3 = 1 x 1 x 1 =1). Therefore the fractional volume of each 
sphere in its cube = n/6 = 0.5236. 

Hence the macro-(interaggregate) porosity = 1 - 0.5236 = 0.4764. 

As a fraction of a unit cube, the microporosity = 0.5236 x 0.32 = 0.1 676. 

Therefore, total porosity = 0.4764 + 0.1 676 = 0.644 = 64.4%. 

For dense ( tetrahedral) packing: 

The fractional volume of the spheres = 0.7405 (see Table 5.1). 

The macroporosity = 1 - 0.7405 = 0.2595. 

The porosity of each aggregate (as before) = 0.32. 

As a fraction of the total volume, microporosity = 0.7405 x 0.32 = 0.237. 

Therefore, total porosity = 0.2595 + 0.237 = 0.496 = 49.6%. 

Of the total porosity, macropores constituted 0.2595/0.496 = 0.523 and micro- 
pores = 0.478. 

To compute bulk densities (p b ): 

From f= 1 - (pb/psX we obtain: p b = p s (1 - f). 

For open packing, p b = 2.65(1 - 0.644) = 0.934 g/cm 3 = 0.934 x 1 3 kg/m 3 . 
For dense packing, p b = 2.65(1 - 0.496) = 1 .3396 g/cm 3 = 1 .34 x 1 3 kg/m 3 . 

Note: Even though the porosity of the aggregates themselves did not change, the 
overall macroporosity and microporosity (and hence the total porosity and bulk density) 
changed greatly with the change in packing arrangement. 



~~ Tl BOX 5.1 Soil Physics at the Beach 

Those who go to the beach merely to swim miss the fun of observing soil 
^ I physics in action on the sandy shore. The labor of trudging through the soft dry 

sand is lightened by the realization of why it is so. Sand has such low specific 
surface that its particles do not bond to one another, so their assemblage has hardly any 
firmness. 

Approaching the shore, however, we notice a zone of firm sand, where walking is 
much easier. It is the same sand, so what makes it rigid? Aha, it must be the water in 
the sand. But we know that liquid water is itself a rather "soft" substance, so how can 
it impart rigidity to the sand? The answer is that water in a moist but unsaturated sand 
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tends to cluster in pendular rings at points where grains touch one another. These rings, 
also called menisci, exhibit surface-tension forces that resist any deformation tending to 
increase the water-to-air interfacial area. 

Now we come to the water's edge and find ourselves walking on saturated sand. 
Again, it seems soft: In a saturated medium, the water-to-air interfaces disappear and no 
longer resist deformation. Here, yet another interesting phenomenon comes into play. 
As each wave of the sea recedes, it leaves behind a strip of glistening, saturated sand. 
Now if we step on the sand, the area around our foot seems to dry up instantly. That's 
puzzling: If this were like a saturated sponge, it would spurt water rather than turn dry. 
So why does saturated sand appear to turn dry when trodden? 

The answer lies in a phenomenon called dilatancy (pronounced "die late and see" — 
a good idea in any case). It is the tendency of some materials to expand when subjected 
to shearing. In the case of sand, the sliding of one plane over another (when a differ- 
ential force is applied to adjacent areas) causes the rolling of grains over one another. 
The porosity in the zone of shearing thereby increases. Where this "puffing up" occurs, 
the volume of water in the sand is no longer sufficient for saturation. Therefore, the sand 
appears to "dry up." 

Now we notice the ripples in the sand under the shallows near the water's edge and 
the appearance of dark streaks in the troughs between ridgelets. That banding is caused 
by the segregation of "heavier" minerals (e.g., magnetite, hornblende, zircon) from the 
"lighter" minerals (e.g., quartz), due to differences in density. The dark minerals are 
often deposited at the water's edge as the waves — and then the winds — sweep the 
lighter particles higher up the beach. 

Is that all? Certainly not. Notice the frictional sound of the dry sand as it is tread on 
and the gurgling sound of the sand as it releases entrapped air after each wave's inun- 
dation. There is more, much more, to observe at the beach (and everywhere else!). 



(a) 



(b) 




Saturated sand 
(loose) 



Moist sand 
/ (firm) 



Sea 



Dry sand 
( (loose) 




Fig. B5.1. Water in sand: (a) Pendular ring between adjacent grains, (b) The rings dis- 
appear in both dry sand and saturated sand. 



STRUCTURE OF AGGREGATED SOILS 

In soils with an appreciable content of clay, the primary particles tend, 
under favorable circumstances, to group themselves into composite structural 
units known as aggregates. Such aggregates are not characterized by any 
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universally fixed size, nor are they necessarily stable. The visible aggregates, 
which are generally of the order of several millimeters to several centimeters 
in diameter, are often called peds or macro aggregates. These are usually 
assemblages of smaller groupings, or micro aggregates, which themselves are 
associations of the ultimate structural units, that is, the floes, clusters, or 
packets of clay particles. Bundles of these last units attach themselves to, and 
sometimes engulf, the much larger primary particles of sand and silt. The 
internal organization of these various groupings can be studied by means of 
electron microscopy, using both scanning and transmission methods (the 
latter with thin sections of soil samples embedded in congealed, transparent 
plastic materials). 

A prerequisite for aggregation is that the clay be flocculated. However, floc- 
culation is a necessary but not sufficient condition for aggregation. As stated 
by Richard Bradfield of Cornell University a half century ago, "Aggregation is 
flocculation — plus!" That "plus" is cementation. 

A complex interrelationship of physical, biological, and chemical reactions 
is involved in the formation and degradation of soil aggregates (Kay and 
Angers, 2002). An important role is played by the extensive networks of roots 
that permeate the soil and tend to enmesh soil aggregates. Roots exert pres- 
sures that compress aggregates and separate between adjacent ones. Water 
uptake by roots causes differential dehydration, shrinkage, and the opening of 
numerous small cracks. Moreover, root exudations and the continual death of 
roots and particularly of root hairs promote microbial activity, which results 
in the production of humic cements. Since these binding substances are transi- 
tory, being susceptible to further microbial decomposition, organic matter 
must be replenished and supplied continually if aggregate stability is to be 
maintained in the long run. 

ROLE OF ORGANIC MATTER AND MICROBIAL ACTIVITY 

Active humus is accumulated and soil aggregates are stabilized most effect- 
ively under perennial sod-forming herbage. Annual cropping systems, on the 
other hand, hasten the decomposition of humus and the destruction of soil 
aggregates. The soil surface is especially vulnerable if exposed and desiccated 
in the absence of a protective cover. The foliage of close-growing vegetation, 
and its residues, protects surface soil aggregates against slaking by water, par- 
ticularly under raindrop impact. 

Soil structure is affected by the time-variable activity of countless micro- 
organisms, including species of protozoa, bacteria, fungi, actinomycetes, etc. 
Especially important are rhizospheric bacteria, which flourish in direct associ- 
ation with roots of specific plants, as well as fungi, which often form exten- 
sive adhesive networks of fine filaments known as mycelia or hyphae. The 
composition of the soil microfauna and microflora depends on the thermal 
and moisture regimes, on soil pH and oxidation-reduction potential, the nutri- 
ent status of the soil substrate, and the type and quantity of organic matter 
present. 

Soil microorganisms bind aggregates by a complex of mechanisms, such 
as adsorption, physical entanglement and envelopment, and cementation by 
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excreted mucilaginous products. Prominent among the many microbial 
products capable of binding soil aggregates are polysaccharides, hemicellu- 
loses or uronides, levans, as well as numerous other natural polymers. Such 
materials are attached to clay surfaces by means of cation bridges, hydrogen 
bonding, van der Waals forces, and anion adsorption mechanisms. 
Polysaccharides, in particular, consist of large, linear, and flexible molecules 
capable of forming multiple bonds with several particles at once. In some 
cases, organic polymers hardly penetrate between the individual clay par- 
ticles but form a protective capsule around soil aggregates. In other cases, 
solutions of active organic agents penetrate into soil aggregates and then 
precipitate more or less irreversibly as insoluble (though still biologically 
decomposable) cements. 

In addition to increasing the strength and stability of intra-aggregate bond- 
ing, organic products may further promote aggregate stability by reducing 
wettability and swelling. Some of the organic materials are inherently 
hydrophobic or become so as they dehydrate, so the organo-clay complex may 
have a reduced affinity for water. 

Some inorganic materials can also serve as cementing agents. The import- 
ance of clay and of its state of flocculation should be obvious by now. 
Adhesion between clay particles is the ultimate internal binding force within 
microaggregates. Calcium carbonate as well as iron and aluminum oxides can 
impart considerable stability to soil aggregates. The latter are the reason for 
the remarkable stability of aggregates in tropical soils that may contain little 
organic matter. 

A model of the internal bonding forms that can constitute a soil aggregate 
is shown in Fig. 5.3. The model is composed of sand or silt-size quartz par- 
ticles and of "domains" of oriented clay bonded by electrostatic forces. 
Stability of the aggregate is enhanced by linkage of organic polymers between 
the quartz particles and the faces or edges of clay crystals. 




Fig. 5.3. Possible arrangements of quartz particles, clay domains, and organic matter in 
a soil aggregate: (A) quartz-organic colloid-quartz, (B) quartz-organic colloid-clay domain, 
(C) clay domain-organic colloid-clay domain, (Q) face-face, (C 2 ) edge-face, (C 3 ) edge-edge, 
and (D) clay domain edge-clay domain face. (After Emerson, 1959.) 
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~~ *H BOX 5.2 The Role of Earthworms 

__J__ Prominent among the macrobiological fauna affecting soil structure are earth- 
I worms, which have aroused the interest of such observers as Aristotle and 
Darwin. Their role in the soil was described vividly and aptly two centuries ago 
by George White (quoted by Russel, 1973): 

Worms seem to be the great promoters of vegetation, which would proceed but 
lamely without them, by boring, perforating, and loosening the soil, and render- 
ing it pervious to rains and fibers of plants, by drawing straws and stalks of leaves 
and twigs into it, and, most of all, by throwing up such infinite numbers of lumps 
of earth called wormcasts, which being their excrement, is a fine manure of grain 
and grass .... The earth without worms would soon become cold, hardbound, 
and void of fermentation, and consequently sterile. 

A population of several million earthworms (of various species) per acre is not uncom- 
mon in regions where the supply of moisture and fresh organic matter is adequate. Such 
a population of earthworms can digest and expel as "casts" many tons of soil per acre 
per year. The earthworm activity may penetrate to a depth of half a meter or more 
(Blanchart, 1992). 



BREAKDOWN OF AGGREGATES 

The state of soil aggregation at any time results from the balance between 
the forces or processes promoting aggregation and those tending to cause its 
breakdown. A particularly destructive condition may result when thoroughly 
desiccated aggregates are suddenly submerged in water. The water drawn into 
each aggregate over its entire periphery may trap and compress the air origin- 
ally present in the dry aggregate. Because the cohesive strength of the outer part 
of the clod is reduced by swelling and the pressure of the entrapped air builds 
up in proportion to its compression, sooner or later the latter exceeds the for- 
mer and the clod may actually explode. More typically, however, a series of 
small explosions, each marked by the escape of a bubble of air, shatters the clod 
into fragments. This destructive process is known as air slaking (Fig. 5.4). 

Another process by which water can destroy aggregates is the hammering 
impact of falling raindrops along with the scouring action of flowing water in 
surface runoff. On the other hand, drying processes, causing shrinkage, can (in 
themselves) increase aggregate stability by making the aggregates more dense 
and cohesive as well as by causing gluelike organic gums and gels to "set" irre- 
versibly so as to serve as stable cementing agents. Freezing, incidentally, is 
itself analogous to drying, in that it causes the extraction of liquid water from 
regions of the soil toward the freezing sites (ice lenses). 

With so many factors active simultaneously, aggregate stability is obviously 
not a simple property but a complex attribute, which depends on the relative 
strength of the intra-aggregate bonds versus the stresses induced by swelling, 
scouring, and air entrapment. Accordingly, the task of maintaining aggregation 
involves strengthening the internal bonding mechanisms while at the same time 
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Fig. 5.4. Air slaking of an initially dry aggregate suddenly submerged in water, (a) Early 
stage: The periphery of the aggregate is wetted and water moves into the aggregate, com- 
pressing the air inside, (b) Bursting stage: Because the wetted zone is weakened by swelling and 
the pressure of entrapped air increases in proportion to its compression, eventually the aggre- 
gate is shattered and air bubbies out. This point may be quite abrupt and result in the collapse 
of the shattered aggregate. 



reducing the destructive forces, for example, preventing sudden submergence 
and direct exposure of surface aggregates to desiccation, raindrop impact, and 
running water, as well as avoiding compressive traffic and excessively pulveriz- 
ing tillage. 



CHARACTERIZATION OF SOIL STRUCTURE 

The structure of the soil can be studied directly by microscopic observation 
of thin slices under polarized light. The arrangements of minute clay particles 
can be examined by means of electron microscopy, using either transmission or 
scanning techniques. The structure of single-grained soils, as well as of aggre- 
gated soils, can be expressed quantitatively in terms of the total porosity and of 
the pore size distribution. The structure of aggregated soils can, in addition, be 
characterized qualitatively by specifying the typical shapes of aggregates found 
in various horizons within the soil profile or quantitatively by measuring their 
sizes. Additional methods of characterizing soil structure are based on measur- 
ing mechanical properties (e.g., resistance to penetration, compression, or 
shearing) and permeability to fluids. None of these methods has been accepted 
universally. In each case, the choice of the method to be used depends on the 
problem, the soil, the equipment available, and, not the least, the soil physicist. 

Total porosity f of a soil sample is usually computed from the measured 
bulk density pb, using the following equation (see Chapter 1): 

f= 1 - Pb/Ps (5.1) 

where p s is the average particle density. 

Bulk density is generally measured by means of a core sampler designed to 
extract "undisturbed" samples of known volume from various depths in the 
profile. An alternative is to measure the volumes and masses of individual 
clods [not including interclod cavities) by immersion in mercury or by coating 
with paraffin wax prior to immersion in water. Still other methods are the 
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sand-funnel and balloon technique, used in engineering, and gamma-ray 
attenuation densitometry (Grossman and Reinsch, 2002). 

Fore size distribution measurements can be made in coarse-grained soils by 
means of the pressure-intrusion method (Flint and Flint, 2002), in which a non- 
wetting liquid, generally mercury, is forced into the pores of a predried sample. 
The pressure is applied incrementally, and the volume penetrated by the liquid 
is measured for each pressure step, equivalent (by the capillary theory) to a 
range of pore diameters. In the case of fine-grained soils, capillary condensation 
methods or, more commonly, desorption methods are used. In the latter 
method, a presaturated sample is subjected to a stepwise series of incremental 
suctions, and the capillary theory is used to obtain the equivalent pore size dis- 
tribution. Water is commonly used as the permeating liquid, though nonpolar 
liquids have also been tried in an attempt to assess, by comparison, the possi- 
ble effect of water saturation and desorption in modifying soil structure. 

Where the aggregates are fairly distinct, it is sometimes possible to divide 
pore size distribution into two distinguishable ranges, macropores and micro- 
pores. The macropores are mostly the interaggregate spaces, which serve as the 
principal avenues for the infiltration and drainage of water and for aeration. 
The micropores are the intraaggregate capillaries responsible for the retention 
of water and solutes. However, the demarcation is seldom truly distinct, so dif- 
ferentiating between macropores and micropores is often arbitrary. 



The shapes of aggregates observable in the field (Fig. 5.5) can be classified 
as follows: 

1. Platy: Horizontally layered, thin and flat aggregates resembling wafers. 
Such structures occur, for example, in recently deposited clay soils. 
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Fig. 5.5. Observable forms of soil aggregation. 



TABLE 5.2 Classification of Soil Structure According to Soil Survey Staff (1951; 1993) 



A Type: Shape and arrangement of peds 



Blocklike-polyhedral-spheroidal. Three approximately equal 
dimensions arranged around a point 



Platelike. 
Horizontal 
axes longer 
than vertical; 
arranged 
around a 
horizontal 
plane 



Prismlike. Horizontal axes 
shorter than vertical; 

arranged around vertical 
line. Vertices angular 



Without 
rounded 
caps 



With 
rounded 
caps 



Blocklike-polyhedral. Plane or curved 
surfaces accommodated to faces of 
surrounding peds 



Faces flattened; 
vertices sharply 
angular 



Mixed rounded, 
flattened faces; 
many rounded 
vertices 



Spheroidal- 
polyhedral. Plane or 
curved surfaces not 
accommodated to 
faces of surrounding 
peds 



Relatively 
nonporous 
peds 



Porous 
peds 



B Class: Size of peds 



Platy 



Prismatic 



Columnar 



Blocky 



Subangular blocky 



Granular 



Crumb 



1 . Very fine or very thin <1 mm <10 mm <10 mm <5 mm 

2. Fine or thin 1-2 mm 10-20 mm 10-20 mm 5-10 mm 

3. Medium 2-5 mm 20-50 mm 10-20 mm 10-20 mm 

4. Coarse or thick 5-10 mm 50-100 mm 50-100 mm 20-50 mm 

5. Very coarse (very thick) >10 mm >100 mm >100 mm >50 mm 



<5 mm 
5-10 mm 
10-20 mm 
20-50 mm 
>50 mm 



< 1 mm 

1- 2 mm 

2- 5 mm 
5-10 mm 

>10 mm 



1 mm 

1- 2 mm 

2- 5 mm 



C Grade: Durability of peds 0. Structureless No aggregation or orderly arrangement. 

1 . Weak Poorly formed, nondurable, indistinct peds that break into a mixture of a few entire and many broken peds 

and much unaggregated material. 

2. Moderate Well-formed, moderately durable peds, indistinct in undisturbed soil, that break into many entire and 

some broken peds but little unaggregated material. 

3. Strong Well-formed, durable, distinct peds, weakly attached to each other, that break almost completely 

into entire peds. 
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2. Prismatic or columnar: Vertically oriented pillars, up to 15 cm in 
diameter. Such structures are common in the B horizon of clayey soils, 
particularly in semiarid regions. Where the tops are flat, these vertical 
aggregates are called prismatic, and where rounded, columnar. 

3. Blocky: Cubelike blocks of soil, up to 10 cm in size, sometimes angular 
with well-defined planar faces. These structures occur most commonly in 
the upper part of the B horizon. 

4. Spherical: Rounded aggregates, generally not much larger than 2 cm in 
diameter, often found in a loose condition in the A horizon. Such units 
are called granules and, where particularly porous, crumbs. 

The shapes of aggregates, as well as their sizes and densities, generally vary 
within the profile. Because the overburden pressure increases with depth, and 
inasmuch as the deeper layers do not experience such extreme fluctuations in 
moisture content as does the alternately saturated and desiccated surface layer, 
the decrease of swelling and shrinkage activity causes the deeper aggregates to 
be larger. A typical structural profile in semiarid regions consists of a granu- 
lated A horizon underlain by a prismatic B horizon, whereas in humid tem- 
perate regions a granulated A horizon may occur with a platy or blocky 
B horizon. The number of variations found in nature are, however, legion. 
A detailed classification of aggregate shapes is given in Table 5.2. 



Aggregate size distribution is an important determinant of the soil's pore size 
distribution and has a bearing on the erodibility of the soil surface, particularly 
by wind. In the field, adjacent aggregates often adhere to one another, though of 
course not as tenaciously as do the particles within each aggregate. Separating 
and classifying soil aggregates necessarily involves a disruption of the original, 
in situ structural arrangement. The application of too great a force may break 
up the aggregates themselves. Hence the determination of aggregate size distri- 
bution depends on the mechanical means employed to separate the aggregates. 

Screening through flat sieves is difficult to standardize and entails frequent 
clogging of the sieve openings. A more practical approach is to use a rotary 
sieve machine with concentrically nested sieves of different aperture sizes. The 
operation of such a device can be standardized, thus minimizing the arbitrary 
personal factor, and clogging can be practically eliminated. 

Various indexes have been proposed for the distribution of aggregate sizes 
(Nimmo and Perkins, 2002). If a single characteristic parameter is desired (so 
as to allow correlation with such factors as erosion, infiltration, evaporation, 
and aeration), a method must be adopted for assigning an appropriate weight- 
ing factor to each size range of aggregates. One of the most widely used 
indexes is the mean weight diameter, based on weighting the masses of aggre- 
gates of the various size classes according to their respective sizes. The mean 
weight diameter X is thus defined by the following equation: 
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Here X{ is the mean diameter of any particular size range of aggregates sep- 
arated by sieving and W{ is the weight of the aggregates in that size range as 
a fraction of the total dry weight of the sample. The summation accounts for 
all size ranges, including the group of aggregates smaller than the openings of 
the finest sieve. 

An alternative index of aggregate size distribution is the geometric mean 
diameter Y, calculated according to the following equation: 



X 



exp 



2=1 



1 = 1 



(5.3) 



where w t is the weight of aggregates in a size class of average diameter x- t and the 
denominator X w t (for / values from 1 to n) is the total weight of the sample. 



Sample Problem 

Calculate the mean weight diameters of the assemblages of aggregates given in Table 
5.3. The percentages refer to the mass fractions of dry soil in each diameter range. 
First we determine the mean diameters of the seven aggregate diameter ranges: 

Range: 0-0.5, 0.5-1, 1-2, 2-5, 5-10, 10-20, 20-50 mm 
Mean: 0.25, 0.75, 1.5, 3.5, 7.5, 15, 35 mm 

Recall that the mean weight diameter X is defined by Eq. (5.2): 

n 

* = (5.2) 
/=l 

Hence, for the dry-sieved virgin soil, 

Y= (0.25 x 0.1 ) + (0.75 x 0.1 ) + (1 .5 x 0.1 5) + (3.5 x 0.1 5) 
+ (7.5 x 0.2) + (1 5 x 0.2) + (35 x 0.1 ) = 8.85 mm 

For the dry-sieved cultivated soil, 

X = (0.25 x 0.25) + (0.75 x 0.25) + (1 .5 x 0.1 5) + (3.5 x 0.1 5) 
+ (7.5 x 0.1 ) + (1 5 x 0.07) + (35 x 0.03) = 4.30 mm 

For the wet-sieved virgin soil, 

X = (0.25 x 0.3) + (0.75 x 0.1 5) + (1 .5 x 0.1 5) + (3.5 x 0.1 5) 
+ (7.5 x 0.1 5) + (1 5 x 0.05) + (35 x 0.05) = 4.56 mm 

For the wet-sieved cultivated soil, 

X = (0.25 x 0.5) + (0.75 x 0.25) + (1 .5 x 0.1 5) + (3.5 x 0.05) 
+ (7.5 x 0.04) + (1 5 x 0.01 ) + (35 x 0.0) = 1 .1 6 mm 

Note: Wet sieving reduced the mean weight diameter from 8.85 to 4.56 mm in the vir- 
gin soil and from 4.30 to 1.16 mm in the cultivated soil. This indicates the degree of 
instability of the various aggregates under the slaking effect of immersion in water. The 
influence of cultivation is generally to reduce the water stability of soil aggregates and 
hence to render the soil more vulnerable to crusting and erosion processes. 
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TABLE 5.3 Aggregate Data for Sample Problem 




Dry sieving 



Wet sieving 



Aggregate 
diameter 
range (mm) 



Virgin soil 
(%) 



Cultivated soil 



(%) 



Virgin soil 
(%) 



Cultivated soil 



(%) 



0.0-0.5 
0.5-1.0 

1- 2 

2- 5 
5-10 
10-20 
20-50 



10 
10 
15 
15 
20 
20 
10 



25 
25 
15 
15 
10 
7 
3 



30 
15 
15 
15 
15 
5 
5 



50 
25 
15 
5 
4 
1 




AGGREGATE STABILITY 



Determining the state of aggregation of a soil at any particular moment 
might not suffice to portray the dynamic nature of soil structure. By whatever 
measure, the state of aggregation varies over time and space as aggregates 
form, disintegrate, and reform periodically. For instance, a newly cultivated 
field may for a time exhibit a nearly optimal array of aggregate sizes, with 
large interaggregate pores favoring high infiltration rates and unrestricted aer- 
ation. However, soil structure may begin to deteriorate quite visibly and rap- 
idly, because the soil is subject to destructive forces resulting from intermittent 
rainfall (causing swelling and shrinking, slaking and erosion) followed by dry 
spells (exposing the soil to deflation by wind). Repeated traffic, especially by 
heavy machinery, further tends to crush the aggregates remaining at the sur- 
face and to compact the soil to some depth. 

Soils vary, of course, in the degree of their vulnerability to externally 
imposed destructive forces. Aggregate stability is a measure of this vulnerabil- 
ity. More specifically, it expresses the resistance of aggregates to breakdown 
when subjected to potentially disruptive processes. The reaction of a soil to 
forces acting on it depends not only on the soil itself but also on the nature of 
the forces and the manner they are applied. 

To test aggregate stability, soil physicists generally subject samples of aggre- 
gates to artificially induced forces designed to simulate processes that are likely 
to occur in the field. The nature of the forces applied during such testing 
depends on the investigator's perception of the phenomenon to be simulated. 
The degree of stability is then assessed by determining the fraction of the orig- 
inal sample's mass that has withstood destruction (Nimmo and Perkins, 2002). 

If an indication of mechanical stability is sought, measurements can be made 
of the resistance of aggregates to prolonged dry sieving or to crushing forces. 
Most frequently, however, the concept of aggregate stability is applied in rela- 
tion to the destructive action of water. Although mentioned before, it bears 
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repeating that the very wetting of aggregates may cause their collapse, because 
the bonding substances dissolve or weaken and as the clay swells and possibly 
disperses. Aggregates are more vulnerable to sudden than to gradual wetting, 
owing to the air occlusion effect. Raindrops and flowing water provide the 
energy to detach particles and transport them away. Abrasion by particles car- 
ried as suspended matter in runoff water may scour the surface and contributes 
to the overall breakdown of the aggregated structure at the soil surface. 

The classical and still most prevalent procedure for testing the water stabil- 
ity of soil aggregates is the wet sieving method. A representative sample of air- 
dry aggregates is placed on the uppermost of a set of graduated sieves and 
immersed in water to simulate flooding. The sieves are then oscillated verti- 
cally so that water is made to flow up and down through the screens and the 
assemblage of aggregates. At the end of a specified period of sieving (e.g., 
20 min) the nest of sieves is removed from the water and the oven-dry weight 
of material left on each sieve is determined. The results should be corrected for 
the coarse primary particles retained on each sieve to avoid designating them 
falsely as aggregates. This is done by dispersing the material collected from 
each sieve, using a mechanical stirrer and a sodic dispersing agent, and then 
washing the material back through the same sieve. The weight of sand retained 
after the second sieving is then subtracted from the total weight of undispersed 
material retained after the first sieving, and the percentage of stable aggregates 
%SA is given by 



An alternative approach is to subject soil aggregates to simulated rain. In 
the drop method, aggregates are bombarded with drops of water in a stand- 
ardized manner. The number of drops needed for total dissipation of the 
aggregates or the fractional mass of the aggregates remaining after a given 
time, can be determined. Another way is to subject a soil in the field to simu- 
lated rainfall of controllable raindrop sizes and velocities. The condition of the 
soil surface can then be compared to the initial condition. 

To determine the stability of microaggregates, comparative sedimentation 
analysis can be carried out with dispersed versus undispersed samples. An index 
indicating the fractional amount of clay associated in microaggregates can then 
be calculated. Still another index of soil structural stability is obtained by com- 
paring the permeability of the soil to an inert fluid with its permeability to water. 
The permeability of an appropriately packed soil sample is first measured by 
using air, a fluid that is presumed to have no effect on structure, and then by 
using water. A ratio of unity, if such were to occur, would indicate perfect sta- 
bility. Values greater than unity indicate a scale of increasing instability. 



%SA = 100 x 



(weight retained) - (weight of sand) 



(5.4) 



(total sample weight) - (weight of sand) 



SOIL CRUSTING 



The aggregates at the soil surface are the most vulnerable to destructive 
forces. The aggregates that collapse during wetting may form a layer of dis- 
persed mud, typically several millimeters thick, which clogs the macropores of 
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the top layer and thus tends to inhibit the infiltration of water and the 
exchange of gases between the soil and the atmosphere. Such a layer is often 
called a surface seal. As it dries, this dispersed layer shrinks to become a dense, 
hard crust, which impedes seedling emergence by its hardness and tears 
seedling roots as it cracks, forming a characteristic polygonal pattern. The 
effect of soil crusting on seedlings depends on crust thickness and strength as 
well as on the size and vigor of the seedlings. Most sensitive are small-seeded 
vegetables and grasses. In soils prone to crusting, seedling emergence may 
occur only through the crust's cracks. 

Attempts have been made to characterize soil crusting, particularly with 
respect to its effect on seedling emergence, in terms of the resistance of the dry 
crust to the penetration of a probe (Parker and Taylor, 1965) as well as in 
terms of its mechanical strength as measured by the modulus of rupture test or 
the tensile strength test (see Chapter 13). These tests were designed to imitate 
the process by which a seedling forces its way upward by penetrating and rup- 
turing the crust. However, the critical crust strength that prevents emergence 
obviously depends on crust thickness and soil wetness as well as on plant 
species and depth of seed placement (Hillel, 1972b). 

Crust strength increases as the degree of colloidal dispersion increases. The 
evaporation process charges the soil surface zone with relatively high concen- 
trations of sodic salts and, consequently, with a high exchangeable sodium 
percentage. With subsequent infiltration of rain or irrigation water, the salts 
are leached but the exchangeable sodium percentage (ESP) remains high. The 
resulting combination of high ESP and low salt concentration induces colloidal 
dispersion, which further contributes to the formation of a hard crust. 

SOIL CONDITIONERS 

We have already described the beneficial effect on soil aggregation of vari- 
ous natural polymers, products of the microbial decay of organic matter in the 
soil. Such substances as polysaccharides and polyuronides promote aggregate 
stability by gluing particles together within aggregates as well as by coating 
aggregate surfaces. As the soil dries, the gel-like glues undergo practically irre- 
versible dehydration, becoming more or less stable cementing agents that bind 
floes of clay to one another as well as to silt and sand grains. 

Considerable work has been done to develop and apply synthetic com- 
pounds capable of duplicating the effect of natural polymers. Where natural 
aggregation or aggregate stability is lacking, such synthetic polymers, called 
soil conditioners, can help in the stabilization of aggregates (Wallace and 
Terry, 1997). Materials have indeed been produced that are effective in rela- 
tively small quantities (e.g., 0.1% of the treated soil mass) and can produce a 
dramatic improvement of soil structure, especially in the soil's upper layer, 
with consequent beneficial effects upon infiltration, aeration, and the preven- 
tion of crusting and erosion. The practical application of such products in the 
field, however, is still constrained by their high cost. 



This Page Intentionally Left Blank 



Part III 

THE LIQUID PHASE 
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6. WATER CONTENT 
AND POTENTIAL 



SOIL WETNESS 

The variable amount of water contained in a unit mass or volume of soil 
and the energy state of water in the soil are important factors affecting the 
growth of plants. Numerous other soil properties depend on water content. 
Among these are mechanical properties, such as consistency, plasticity, 
strength, compactibility, penetrability, stickiness, and trafficability. In clayey 
soils, swelling and shrinking associated with addition or extraction of water 
change the bulk density, porosity, and pore size distribution. Soil water con- 
tent also governs the air content and gas exchange of the soil, thus affecting 
the respiration of roots, the activity of microorganisms, and the chemical state 
of the soil (e.g., oxidation-reduction potential). 

The per-mass or per-volume fraction of water in the soil is expressed in 
terms of soil wetness. The physicochemical condition or state of soil water is 
characterized in terms of its free energy per unit mass, called the potential 
(a term that alludes to the "potential energy" of water in the soil). Of the var- 
ious components of this potential, the matric potential manifests the tenacity 
with which soil water is held by the soil matrix. 

Wetness and matric potential are functionally related, and the graphical rep- 
resentation of this relationship is termed the soil-moisture characteristic curve. 
The relationship is not unique, however, because it is affected by the direction 
and rate of change of soil moisture and is sensitive to changes in soil structure. 
Wetness and matric potential vary in space and time as the soil is repeatedly wet- 
ted by rain, drained by gravity, and dried by evaporation and root extraction. 

The lowest wetness we are likely to encounter in nature is a variable state 
called air dryness^ in the laboratory it is an arbitrary state known as the oven-dry 
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condition. On the other hand, the wettest possible condition of a soil is that of 
saturation, defined as a condition in which all soil pores are filled with water. 
Saturation is relatively easy to define in the case of nonswelling (e.g., sandy) soils. 
It can be difficult to define in the case of swelling soils, because such soils may 
continue to imbibe water and swell even after all pores have been filled with 
water. 

In the field, however, the soil seldom attains complete saturation, because 
bubbles of air may form and remain occluded within the matrix even when 
the soil is flooded with excess water. Moreover, air bubbles may effervesce 
within the soil due to microbial action or whenever the temperature rises 
and the solubility of gases is exceeded. For this reason, some investigators 
prefer the term satiation to describe the condition in the field in which 
the soil, though not completely saturated, is as wet as it can get under the 
circumstances. 

Here, we prefer the term soil wetness to the older (and still prevalent) term 
soil water content, not only for reasons of verbal economy but also because 
"wetness" implies intensity, whereas "content" implies extensity. One can 
speak of the water content when referring to the total amount of water in 
a bucket. In contrast, the wetness of the soil pertains to the relative amount 
rather than the absolute amount of water in a soil body, independent of 
its size. 



MASS AND VOLUME RATIOS 

The fractional content of water in the soil can be expressed in terms of 
either mass or volume ratios. As given in Chapter 1, 

w = MJM s (6.1) 

e = VJV t = V W /(V S + v w + V a ) (6.2) 

where w, the mass wetness, is the dimensionless ratio of water mass m w to dry 
soil mass M s and 9, the volume wetness, is the ratio of water volume V w to 
total (bulk) soil volume V t . The latter is equal to the sum of the volumes of 
solids (V s ), water (V w ), and air (V a ). 

Both and w are usually multiplied by 100 and reported as percentages by 
volume or mass, respectively. The two expressions can be related to each 
other from knowledge of the bulk density pb of the soil and the density of 
water: 

= w(p h /p w ) = wT h (6.3) 

where r\ is the bulk specific gravity of the soil (a dimensionless ratio between 
the soil bulk density and the water density, r\ generally varies between 1.1 and 
1.7). The conversion is simple for nonswelling soils in which bulk density, 
hence bulk specific gravity, are constant regardless of wetness. However, the 
conversion can be difficult in the case of swelling soils, for which the bulk 
density is a function of mass wetness. The relation of bulk density (or of its 
reciprocal, the bulk specific volume) to mass wetness is illustrated schemati- 
cally in Fig. 6.1. 
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Leads to electrical resistance meter 

Fig. 6.1. An electrical resistance block. The embedded electrodes may be plates, screens, or 
wires in a parallel or concentric arrangement. 



In many cases, it is useful to express the water content of a soil profile in 
units of depth, that is, as the volume of water contained in a specified total 
depth of soil d t per unit area of land. This indicates the equivalent depth d w 
that soil water would have if it were extracted and then ponded over the soil 
surface. Thus 

d w = dd t = wT^d t (6.4) 

Usually d w is given in millimeters, as are rainfall and evaporation. 

Another expression of soil wetness is the liquid ratio r , defined as the 
volume of water per unit volume of the solid phase: 

e r = w{p s /p w ) = e(p w /p b )(p s /p w ) = e(p s /p b ) (6.5) 

This expression, along with void ratio (defined in Chapter 1), is useful mainly 
with soils having a nonrigid (swelling and shrinking) matrix. 



Sample Problem 

The data in Table 6.1 were obtained before and after an irrigation. From these data, cal- 
culate the mass and volume wetness values of each layer before and after the irrigation, 
and determine the amount of water (in millimeters) added to each layer and to the 
profile as a whole. 

Using Eq. (6.6), we obtained the following mass wetness values: 

= (0.1 60 - 0.1 50)/(0.1 50 - 0.050) = 0.1 
w 2 = (0.1 46 - 0.1 30)/(0.1 30 - 0.050) = 0.2 
w 3 = (0.230 - 0.200)/(0.200 - 0.050) = 0.2 
w 4 = (0.206 - 0.1 70)/(0.1 70 - 0.050) = 0.3 

Using Eq. (6.3), we obtain the following volume wetness values: 

= 1.2x0.1 =0.12 

6 2 = 1.5x0.2 = 0.30 

6 3 = 1.2x0.2 = 0.24 

6 4 = 1.5x0.3 = 0.45 
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TABLE 6.1 Data for Sample Problem 



Sampling 
time 


Sample 
number 


Depth 

(m) 


Bulk 

density 
(kg/m 3 ) 


Wet 
sample + 
container 

(kg) 


Dry 
sample + 
container 

(kg) 


Container 
(kg) 


Before 


1 


0.0-0.4 


1.2 x 10 3 


0.160 


0.150 


0.05 


irrigation 


2 


0.6-1.0 


1.5 xlO 3 


0.146 


0.130 


0.05 


After 


3 


0.0-0.4 


1.2 x 10 3 


0.230 


0.200 


0.05 


irrigation 


4 


0.6-1.0 


1.5 x 10 3 


0.206 


0.170 


0.05 



Using Eq. (6.4), we obtain the following water depths per layer: 

d w ^ = 0.12 x 400 mm = 48 mm 
d W2 = 0.30 x 600 mm = 180 mm 
d W3 = 0.24 x 400 mm = 96 mm 
d W4 = 0.45 x 600 mm = 270 mm 

Depth of water in profile before irrigation = 48 + 1 80 = 228 mm. 
Depth of water in profile after irrigation = 96 + 270 = 366 mm. 
Depth of water added to top layer = 96 - 48 = 48 mm. 
Depth of water added to bottom layer = 270 - 1 80 = 90 mm. 
Depth of water added to entire profile = 48 + 90 = 1 38 mm. 



MEASUREMENT OF SOIL WETNESS 

The need to determine the amount of water contained in the soil arises fre- 
quently in many agronomic, ecological, and hydrological investigations 
aimed at understanding the soil's chemical, mechanical, hydrological, and 
biological relationships. There are direct and indirect methods to measure soil 
moisture (Gardner, 1986; Topp and Ferre, 2002), and, as we have already 
pointed out, there are several alternative ways to express it quantitatively. As 
yet there is no universally recognized standard method of measurement and 
no uniform way to compute and present the results of soil-moisture meas- 
urements. We next describe, briefly, some of the most prevalent methods for 
this determination. 

Sampling and Drying 

The traditional (gravimetric) method of measuring mass wetness consists of 
removing a sample by augering into the soil and then determining its moist 
and dry weights. The moist weight is determined by weighing the sample as it 
is at the time of sampling; the dry weight is obtained after drying the sample 
to a constant weight in an oven. The more or less standard method of drying 
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is to place the sample in an oven at 105°C for 24 hours. An alternative method 
of drying, suitable for field use, is to impregnate the sample in a heat-resistant 
container with alcohol, which is then burned off, thus vaporizing the water. 
The mass wetness, also called gravimetric wetness, is the ratio of the weight 
loss in drying to the dry weight of the sample (mass and weight being propor- 
tional): 



The gravimetric method, depending as it does on sampling, transporting, 
and repeated weighings, entails practically inevitable errors. It is also laborious 
and time consuming, since the samples must be transported from the field to 
the laboratory and a period of at least 24 hr is usually considered necessary for 
complete oven drying. The standard method of oven drying is itself arbitrary. 
Some clays may still contain appreciable amounts of adsorbed water even at 
105°C. On the other hand, some organic matter may oxidize and decompose 
at this temperature, so the weight loss may not be due entirely to the evapor- 
ation of water. 

The errors of the gravimetric method can be reduced by increasing the sizes 
and number of samples. However, the extraction of samples from the field is 
an invasive and destructive exercise, which may disturb an observation or 
experimental plot sufficiently to distort the results. Hence many workers pre- 
fer indirect methods, which, once installed and calibrated, permit repeated or 
continuous measurements at the same points with much less time, labor, and 
soil disturbance. 



Electrical Resistance 

The electrical resistance of a soil body depends not only on its water con- 
tent, but also on its composition, texture, and soluble-salt concentration. On 
the other hand, the electrical resistance of porous bodies placed in the soil and 
left to equilibrate with soil moisture can sometimes be calibrated against soil 
wetness. Such units (called electrical resistance blocks) generally contain a pair 
of electrodes embedded in a porous material such as gypsum, nylon, or fiber- 
glass. (See Fig. 6.1.) 



Porous blocks placed in the soil tend to equilibrate with the matric suction 
(tension) of soil water (see later in this chapter) rather than with the water con- 
tent per se. Different soils can have greatly differing wetness versus suction rela- 
tionships (e.g., a sandy soil may retain less than 5% moisture at, say, 15-bar 
suctions, whereas a clayey soil may retain three times as much). Calibration of 
porous blocks against suction is therefore preferable to calibration against soil 
wetness, particularly when the soil used for the purpose is a disturbed sample 
differing in structure from the soil in situ. 

The equilibrium of porous blocks with soil moisture may be affected by 
hysteresis, that is, by the direction of change of soil moisture (whether 
increasing or decreasing) prior to the equilibration. Moreover, the hydraulic 
properties of the blocks themselves or inadequate contact with the soil may 
prevent the rapid attainment of equilibrium and cause a time lag between the 



w = 



(wet weight) - (dry weight) 
dry weight 



weight of dried sample 



weight loss in drying 



(6.6) 
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state of water in the soil and the state of water being measured in the block. 
This effect, as well as the sensitivity of the block, may not be constant over 
the entire range of variation in soil wetness. Gypsum blocks are generally 
more responsive in the dry range, whereas porous nylon blocks, because of 
their larger pore sizes, are more sensitive in the wet range of soil-moisture 
variation. 

The electrical conductivity of a porous block made of inert material is due 
primarily to the permeating fluid rather than to the block's solid matrix. Thus 
it depends on the electrolytic solutes present in the fluid as well as on the vol- 
ume content of the fluid. Blocks made of such materials as fiberglass, for 
instance, are highly sensitive to even small variations in salinity of the soil 
solution. On the other hand, blocks made of plaster of Paris (gypsum) main- 
tain a nearly constant electrolyte concentration corresponding primarily to 
that of a saturated solution of calcium sulfate. This tends to mask, or buffer, 
the effect of small or even moderate variations in the soil solution (such as 
those due to fertilization or low levels of salinity). However, an undesirable 
consequence of the solubility of gypsum is that these blocks eventually deteri- 
orate in the soil. Hence the relationship between electrical resistance and mois- 
ture suction varies not only from block to block but also for each block over 
time, because the gradual dissolution of the gypsum changes the internal 
porosity. 

For these and other reasons (e.g., temperature sensitivity), the evaluation of 
soil wetness by means of electrical resistance blocks is likely to be of limited 
accuracy. On the other hand, an advantage of such blocks is that they can be 
connected to a recorder to obtain a continuous indication of soil moisture 
changes in situ. 

Neutron Scattering 

This method has gained widespread acceptance as an efficient and reliable 
technique for monitoring soil moisture in the field. Its principal advantages 
over the gravimetric method are that it allows less laborious, more rapid, non- 
destructive (after initial installation), and periodically repeatable measur- 
ements, in the same locations and depths, of the volumetric wetness of 
a representative volume of soil. The method is practically independent of tem- 
perature and pressure. Its main disadvantages, however, are the high initial 
cost of the instrument, low degree of spatial resolution, difficulty of measur- 
ing moisture in the soil surface zone, and the health hazard associated with 
exposure to neutron and gamma radiation. 

The instrument, known as a neutron moisture meter (Fig. 6.2), consists of 
two main components: (a) a probe (containing a source of fast neutrons and 
a detector of slow neutrons) , which is lowered into an access tube inserted ver- 
tically into the soil, and (b) a scaler or rate meter (usually battery powered and 
portable) to monitor the flux of the slow neutrons that are scattered and 
attenuated in the soil. 

The purpose of the access tube is both to maintain the bore hole into which 
the probe is lowered and to standardize measuring conditions. Aluminum tub- 
ing is usually the preferred material for access tubes since it is nearly trans- 
parent to a neutron flux. 
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Fig. 6.2. Components of a portable neutron soil -moisture meter, including a probe (with 
a source of fast neutrons and a detector of slow neutrons) lowered from a shield containing 
hydrogenous material (e.g., paraffin, polyethylene) into the soil via an access tube. A scaler-rate 
meter is shown alongside the probe. Recent models incorporate the scaler into the shield body, 
and the integrated unit is lightweight for easy portability. 



A source of fast neutrons is generally obtained by mixing a radioactive 
emitter of alpha particles (helium nuclei) with beryllium. Frequently used is 
a 2- to 5-millicurie pelletized mixture of radium and beryllium. An Ra-Be 
source emits about 16,000 neutrons per second per milligram (or millicurie) 
of radium. The energies of the neutrons emitted by this source vary from 
1 to 15 MeV (million electron volts), with a preponderant energy range of 
2-4 MeV and an average speed of about 1600 km/sec. Hence, they are called 
fast neutrons. An alternative source of fast neutrons is a mixture of ameri- 
cium and beryllium. Both radium and americium incidentally also emit 
gamma radiation, but that of the americium is lower in energy and hence less 
hazardous than that of the radium. The source materials are chosen for their 
longevity (e.g., radium-beryllium has a half-life of about 1620 yr) so that 
they can be used for a number of years without appreciable change in radi- 
ation flux. 

The fast neutrons are emitted radially into the soil, where they encounter 
and collide elastically (as do billiard balls) with various atomic nuclei. 
Through repeated collisions, the neutrons are deflected and "scattered," 
and they gradually lose some of their kinetic energy. As the speed of the 
initially fast neutrons diminishes, it approaches a speed that is characteris- 
tic for particles at the ambient temperature. For neutrons this is about 
2.7 km/sec, equivalent to an energy of about 0.03 eV. Neutrons slowed to 
such a speed are said to be thermalized and are called slow neutrons. Such 
neutrons continue to interact with the soil and are eventually absorbed by 
the nuclei present. 

The effectiveness of various nuclei present in the soil in moderating or ther- 
malizing fast neutrons varies widely. The average loss of energy is maximal for 
collisions between particles of approximately the same mass. Of all nuclei 
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encountered in the soil, the ones most nearly equal in mass to neutrons are the 
nuclei of hydrogen (protons), which are therefore the most effective moder- 
ators of fast neutrons in the soil. The average number of collisions required to 
slow a neutron from 2 MeV to thermal energies is 18 for hydrogen, 114 for 
carbon, 150 for oxygen, and 9N + 6 for nuclei of larger mass number N. If 
the soil contains an appreciable concentration of hydrogen, the emitted fast 
neutrons are thermalized within close proximity of the source. 

The slow neutrons thus produced scatter randomly in the soil, quickly 
forming a swarm or cloud of constant density around the probe. The equilib- 
rium density of the slow neutron cloud is determined by the rate of emission 
by the source and the rates of thermalization and absorption by the medium 
(i.e., soil) and is established within a small fraction of a second. Certain elem- 
ents that might be present in the soil (e.g., boron, cadmium, and chlorine) 
exhibit a high absorption capacity for slow neutrons, and their presence in 
nonnegligible concentrations might tend to reduce the density of slow neu- 
trons. By and large, however, the density of slow neutrons formed around the 
probe is nearly proportional to the concentration of hydrogen in the medium 
surrounding the probe and therefore is approximately proportional to the vol- 
ume fraction of water present in the soil. Thus 

N w = mQ + b and NJN s = yG (6.7) 

in which N w is slow-neutron count rate in wet soil, N s is the count rate in 
water or in a standard absorber (i.e., the shield of the probe), 9 is volumetric 
wetness, y is a constant, and m and b are the slope and intercept, respectively, 
of the line indicating N w as a function of 0. 

As the thermalized neutrons repeatedly collide and bounce about randomly, 
a number of them (proportional to the density of neutrons thus thermalized 
and scattered and, therefore, approximately linearly related to the concentra- 
tion of soil moisture) return to the probe. Here they are counted by the detec- 
tor of slow neutrons. The detector cell is usually filled with BF 3 gas. When 
a thermalized neutron encounters a 10 B nucleus and is absorbed, an alpha par- 
ticle is emitted, creating an electrical pulse on a charged wire. The number of 
pulses over a measured time interval is counted by a scaler or indicated by 
a rate meter (Hignett and Evett, 2002). 

The effective volume of soil in which the water content is measured depends 
on the energy of emitted neutrons as well as on the concentration of hydrogen 
nuclei; that is, for a given source and soil, it tracks the volume concentration 
of soil moisture. If the soil is relatively dry, the cloud of slow neutrons sur- 
rounding the probe will be less dense and extend farther from the source, and 
vice versa for wet soil. With commonly used radium-beryllium and americium- 
beryllium sources, the so-called sphere of influence, or effective volume of 
measurement, varies with a radius of less than 0.10 m in a wet soil to 0.25 m 
or more in a dry soil. The low and variable degree of spatial resolution makes 
the neutron moisture meter unsuitable for the detection of moisture profile dis- 
continuities (e.g., wetting fronts or boundaries between layers). Measurements 
made within 0.20 m of the surface are unreliable because of the possible 
escape of fast neutrons through the surface. However, a special surface probe 
is available commercially to allow measurement of the average moisture in the 
soil's top layer. 
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For the sake of safety, and also to provide a convenient means of making 
standard readings, the probe containing the radiation source is normally 
carried inside a protective shield designed to prevent the escape of gamma-rays 
as well as of fast neutrons. The shield is usually a cylindrical container lined 
with lead and filled with some hydrogenous material, such as paraffin or poly- 
ethylene. Improper or excessive use of the equipment can be hazardous. The 
danger from exposure to radiation depends on the strength of the source, the 
quality of the shield, the distance from source to operator, and the duration of 
contact. With strict observance of safety rules, however, the equipment can be 
used without undue risk. 



Sample Problem 

Calibration of a neutron probe shows that when a soil's volumetric wetness is 15%, we 
get a reading of 24,000 cpm (counts per minute), and at a wetness of 40% we get 
44,000 cpm. Find the equation of the straight line defining the calibration (Y= mX + b, 
where Y is counts per minute, X is volumetric wetness, m is the slope of the line, and b 
is the intercept on the Y axis). Using the equation derived, find the wetness value cor- 
responding to a count rate of 30,000 cpm. 
We first obtain the slope m: 

m = (Y 2 - Yi)/(X 2 - X0 = (44,000 - 24,000)/(40 - 15) = 800 cpm per 1 % wetness 

We next obtain the Y intercept b: 

Y = 800X + b, b=Y- 800X = 44,000 - 800 x 40 = 1 2,000 cpm 

(or: 24,000 - 800 x 1 5 = 1 2,000 cpm) 

The complete equation is therefore 

r=800X+ 12,000 
Now, to find the wetness value corresponding to 30,000 cpm, we set 

30,000 = 800X + 1 2,000, X = (30,000 - 1 2,000)/800 = 22.5% 



Gamma-Ray Absorption 

The gamma-ray scanner for measuring soil moisture generally consists of two 
spatially separated units, or probes: (1) a source, usually containing a pellet of 
radioactive cesium ( 137 Cs emitting gamma radiation with an energy of 0.661 
MeV), and (2) a detector, normally consisting of a scintillation counter (e.g., 
a sodium iodide crystal or a synthetic scintillator) connected to a photomulti- 
plier and preamplifier. If the emission of radiation is monoenergetic and radial 
and if the space between the source and the detector is empty and the two units 
are a constant distance apart, then the fraction of the emitted radiation 
received by the detector will depend only on the angular section intercepted, 
that is, on the distance of separation and the size of the scintillation unit. 
On the other hand, should the space between the units be filled with some 
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material, a fraction of the original radiation that would otherwise be detected 
will be absorbed, depending on the interposing mass, that is, on the thickness 
and density of the intervening material. In the event the material placed 
between source and detector is a body of soil of constant bulk density, the 
intensity of the transmitted radiation will vary only with changes in water con- 
tent. In fact, it will be an exponential function of soil wetness, as follows 
(Gurr, 1962; Ferguson and Gardner, 1962): 



where N w /Nj is the ratio of the monoenergetic radiation flux transmitted 
through wet soil (N w ) to that transmitted through dry soil (Nj), |i w is the mass 
attenuation coefficient for water, x is the thickness of the transmitting soil, and 
m , is the water mass per unit bulk volume of soil. Equation (6.8) can be trans- 
formed to give wetness as a function of the relative transmission rate: 



where \n(N w /N d ) is the natural logarithm of the count ratio for wet to dry soil 
and log 10 is the common logarithm for the same ratio. 

The gamma-ray absorption method is used mostly in the laboratory, where 
the dimensions and density of the soil sample as well as the ambient tempera- 
ture can be precisely controlled. A high degree of spatial resolution (e.g., 2 mm 
or so) can be obtained by collimation of the radiation. This is done by drilling 
a narrow hole or slot into the lead (Pb) wall shielding the source (as well, per- 
haps, as into a second shield placed in front of the detector), thus allowing pas- 
sage of only a very narrow beam. 

Since the absorption of radiation depends on the entire mass between source 
and detector, the readings can be related uniquely to soil moisture only if soil 
bulk density is constant or if its change is monitored simultaneously. To permit 
concurrent measurement of soil bulk density and moisture changes in swelling 
or shrinking soils, dual-source scanners have been developed, in which both 
cesium 137 and americium 241 are used. Analysis of the concurrent transmis- 
sion of the two beams can allow separation of the change in attenuating mass 
between that due to bulk density and that due to soil wetness (Gardner, 1986). 

The double-probe gamma-ray method has also been adapted to field 
use (Fig. 6.3). In principle, this technique offers several advantages over the 
neutron moisture meter, in that it allows better depth resolution in the meas- 
urement of soil-moisture profiles (i.e., about 1 cm in effective measurement 
width), sufficient to detect discontinuities between profile layers as well as 
movement of wetting fronts and conditions near the soil surface. However, the 
field device is still too cumbersome for general usage. Not the least of the 
problems is the accurate installation and alignment of two access tubes that 
must be strictly parallel along with the accurate determination of soil bulk 
density, which might vary in depth and time. 

The health hazard associated with use of gamma-ray equipment is similar 
in principle to that discussed in connection with the neutron moisture meter. 
The equipment is considered safe only if strict attention is paid to all the safety 
rules. 



NJN d = exp(-9 m u. w x) 



(6.8) 



ln(N w /N d ) 



log 10 (N w /N d ) 
0.4343 [i w x 



(6.9) 
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Fig. 6.3. Double-probe gamma-ray apparatus for monitoring soil moisture or density. 



Time-Domain Reflectometry (TDR) 

This is a relatively new method of measuring soil wetness, based on the 
unusually high dielectric constant of water. A dielectric, in general, is a non 
conductor of electricity, that is, a substance that, when placed between two 
charged surfaces (a capacitor), allows no net flow of electric charge but only 
a displacement of charge. (The simplest form of a capacitor consists of two 
parallel metal plates separated by a layer of air or some other insulating mater- 
ial, such as mica.) The dielectric constant, also called relative permittivity 
(or specific inductive capacity), is defined as the ratio of the capacitance of 
a capacitor with the given substance as dielectric to the capacitance of the 
same capacitor with air (or a vacuum) as the dielectric. 

The value of the dielectric constant (e r ) depends on the nature of the 
material. The £ r value for dry air is usually taken to be 1, for paraffin wax 
2.0-2.5, for rubber 2.8-3.0, for porcelain and mica 6.0-8.0. The value for 
dry soil is roughly 4 (Jackson and Schmugge, 1989). In contrast, the value 
for water is about 80. Hence the water content of a soil determines its dielec- 
tric constant. 

In the TDR technique (Topp and Davis, 1985), a pair of parallel metal rods 
connected to a signal receiver is inserted into the soil. The rods serve as con- 
ductors, while the soil between and around the rods is the dielectric medium. 
When a step voltage pulse or signal is propagated along the parallel transmis- 
sion lines, the signal is reflected from the ends of those rods and returns to the 
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Transmission 




Time 



Fig. 6.4. The essential components of a TDR system (above) and an idealized TDR output 
trace (obtainable with an oscilloscope) showing how the propagation time is determined. (After 
Topp and Davis, 1985.) 



receiver. A device then measures the time between sending and receiving the 
reflected signal, as shown in Fig. 6.4. For a fixed line length, the time interval 
relates inversely to the propagation velocity v of the signal in the soil (i.e., the 
propagation velocity diminishes as the amount of water present increases, so 
the time interval increases with soil wetness). 

The approximate equation given by Topp and Davis (1985) is: 

v = c/{E r ) ' 5 (6.10) 

where c is the propagation velocity of an electromagnetic wave in free space 
(3 x 10 8 m/sec). The velocity can be determined from the length L of the trans- 
mission lines (with the travel distance, forth and back, being 2L) and the meas- 
ured signal time t in the soil, using the time-domain reflectometer. The 
dielectric constant results from inserting v = 2L/t into Eq. (6.10): 

8 r = (^/2L) 2 (6.11) 

Topp and Davis (1985) found that the dielectric constant as a function of 
the soil's volume wetness is only weakly dependent on soil type, bulk density, 
temperature, or the electrical conductivity of pore water. They offered the 
following empirical equation: 

9 = -5.3 x 10- 2 + 2.9 x 10- 2 8 r - 5.5 x 10" 4 £ r 2 + 4.3 x 10" 6 e r 3 (6.12) 

The same investigators claimed that the volume wetness of soils can be thus 
determined with an accuracy of ±2% and a precision (or repeatability) of 
±1%. They deemed this accuracy to be sufficient for using the TDR technique 
for irrigation applications without having to carry out a calibration for each 
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soil or field. They recommended that the transmission rods be spaced 50 mm 
apart. 

The soil "sampled" or measured by TDR is essentially a cylinder whose axis 
lies midway between the rods and whose diameter is 1.4 times the spacing 
between the rods. This gives a cross section of 3800 mm 2 for rods spaced 50 
mm apart. The volume of the measurement varies directly with the length of 
the rods. Lengths of 0.1-1.0 m are evidently practical. Davis et al. (1983) even 
used transmission lines that were 20 m long, placed horizontally in a sandy 
soil to detect pillars or columns of wet soil that resulted from leaks out of 
a "sealed" lagoon. 

Although the velocity of propagation of the TDR pulse as it travels in the 
soil is evidently unaffected by the soil solution's electrical conductivity, the 
intensity of the transmitted signal is affected. The attenuation of the signal 
amplitude can therefore serve to indicate the soil's salinity (Dalton et al., 1984). 
However, conductivity measurements using TDR are difficult to carry out with 
a high level of accuracy in the field. 

Other Methods 

Additional approaches to the measurement of soil wetness include tech- 
niques based on the dependence of soil thermal properties on water content 
and the use of ultrasonic waves, radar waves, and microwaves (Topp and 
Ferre, 2002). Some of these and other methods have been tried for the remote 
sensing of land areas from aircraft or satellites (Jackson and Schmugge, 1989; 
Engman, 1995; Engman and Chauhan, 1995. 

ENERGY STATE OF SOIL WATER 

Classical physics recognizes two principal forms of energy, kinetic and 
potential. Since the movement of water in the soil is quite slow, its kinetic 
energy, which is proportional to the velocity squared, is generally considered 
to be negligible. On the other hand, the potential energy, which is due to pos- 
ition or internal condition, is of primary importance in determining the state 
and movement of water in the soil. 

The potential energy of soil water varies over a wide range. Differences in 
potential energy between one point and another induce water to flow within 
the soil. The spontaneous and universal tendency of all matter in nature is to 
move from where the potential energy is higher to where it is lower and for 
each parcel of matter to equilibrate with its surroundings. Soil water obeys the 
same universal tendency toward that elusive state known as equilibrium, 
definable as a condition of uniform potential energy throughout. In the soil, 
water moves constantly in the direction of decreasing potential energy. The 
rate of decrease of potential energy with distance is in fact the moving force 
causing flow. 

Knowledge of the relative potential energy state of soil water at each point 
within the soil can allow us to evaluate the forces acting on soil water in all 
directions and to determine how far the water in a soil system is from equilib- 
rium. This is analogous to the well-known fact that an object will tend to fall 
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spontaneously from a higher to a lower elevation and that in so doing it 
performs work but that lifting it requires an investment of work. Since poten- 
tial energy is a measure of the amount of work a body can perform by virtue 
of the energy stored in it, knowing the potential energy state of water in the soil 
and in the plant growing in that soil can help us to estimate how much work 
the plant must expend to extract a unit amount of water. 

Clearly, it is not the absolute amount of potential energy "contained" in the 
water that is important in itself, but rather the relative level of that energy in 
different regions within the soil. The concept of soil-water potential is a criter- 
ion, or yardstick, for this energy. It expresses the specific potential energy of 
soil water relative to that of water in a standard reference state. The standard 
state generally assumed is a hypothetical reservoir of pure water, at atmos- 
pheric pressure, at the same temperature as that of soil water (or at any 
other specified temperature), and at a given and constant elevation. Since the 
elevation of this hypothetical reservoir can be set at will, it follows that 
the potential determined by comparison with this standard is not absolute, but 
by employing even so arbitrary a criterion we can determine the relative 
magnitude of the specific potential energy of water at different locations or 
times within the soil. 

Just as an energy increment can be viewed as the product of a force and 
a distance increment, so the ratio of a potential energy increment to a distance 
increment can be viewed as constituting a force. Accordingly, the force acting 
on soil water, directed from a zone of higher to a zone of lower potential, is 
equal to the negative potential gradient (-d§/dx), which is the change of 
energy potential § with distance x. The negative sign indicates that the force 
acts in the direction of decreasing potential. 

The concept of soil-water potential is of great fundamental importance. 
This concept replaces the arbitrary categorizations that prevailed in the early 
stages of soil physics and that purported to recognize and classify different 
forms of soil water, for example, "gravitational water," "capillary water," 
"hygroscopic water". The possible values of soil-water potential are continu- 
ous and do not exhibit any abrupt transitions from one energy level to 
another. 

When the soil is saturated and its water is at a hydrostatic pressure greater 
than the atmospheric pressure (as, for instance, under a water table), the 
potential energy of that water may be greater than that of the reference-state 
reservoir described, and is therefore considered positive. Water then tends to 
move spontaneously from the soil into such a reservoir. If, on the other hand, 
the soil is unsaturated, its water is no longer free to flow out toward a reser- 
voir at atmospheric pressure. On the contrary, the spontaneous tendency is for 
the soil to draw water from such a reservoir if placed in contact with it, much 
as a blotter draws ink (or as a napkin absorbs spilled coffee). The energy 
potential of soil moisture is taken to be negative. 

The magnitude of the potential at any point depends not only on hydrostatic 
pressure, however, but also on such additional physical factors as elevation (rel- 
ative to that of the reference elevation), temperature, and concentration of 
solutes. When solutes are present that are not uniformly distributed, osmotic 
effects occur. The potential energy of soil water tends to be lower where the 
concentration of solutes is higher. 
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TOTAL SOIL-WATER POTENTIAL 

Thus far, we have described the energy potential of soil water in a qualita- 
tive way. More precisely, this energy potential can be regarded in terms of the 
difference in partial specific free energy between soil water and standard 
water. According to a soil physics terminology committee of the International 
Soil Science Society (Aslyng, 1963), the total potential of soil water is "the 
amount of work that must be done per unit quantity of pure water to trans- 
port reversibly and isothermally an infinitesimal quantity of water from a pool 
of pure water at a specified elevation at atmospheric pressure to the soil water 
(at the point under consideration)." 

This is merely a formal definition, since in actual practice the potential is 
not measured by transporting water per the definition, but by measuring some 
other property or properties related to the potential in some known way (e.g., 
hydrostatic pressure, vapor pressure, elevation). The definition specifies trans- 
porting an infinitesimal quantity, in any case, to ensure that the determination 
procedure does not change either the reference state (i.e., the pool of pure, free 
water) or the soil-water potential being measured. In any case this definition 
provides a conceptual rather than an actual working tool. 

Soil water is subject to a number of possible forces, each of which may 
cause its potential to differ from that of pure, free water at a reference eleva- 
tion. Such force fields result from the attraction of the solid matrix for water 
as well as from the presence of solutes and the action of external gas pressure 
and gravitation. Accordingly, the total potential of soil water can be thought 
of as the sum of the separate contributions of these various factors, as follows: 

4> t = 4>g + 4>p + 4>o + . • • (6.13) 

where (|) t is the total potential, § g is the gravitational potential, § p is the pres- 
sure (or matric) potential, (|) is the osmotic potential, and the ellipsis signifies 
that additional terms are theoretically possible. 

Not all of the separate potentials given in Eq. (6.13) act in the same way, 
and their separate gradients may not always be equally effective in causing 
flow (e.g., the osmotic potential gradient requires a semipermeable mem- 
brane to induce liquid flow). The gravity and pressure potentials generally 
pertain to the soil solution, whereas the osmotic potential pertains, strictly 
speaking, to the pure water substance. (The latter difference can be signifi- 
cant whenever the salt content of the soil solution is appreciable.) Despite 
these differences among the component potentials, the advantage of the 
total-potential concept is that it provides a unified measure by which 
the state of water can be evaluated in most cases everywhere within the 
soil-plant-atmosphere continuum. 

GRAVITATIONAL POTENTIAL 

Every body on the earth's surface is attracted toward the earth's center by 
a gravitational force equal to the weight of the body, that weight being the 
product of the mass of the body and the gravitational acceleration. To raise a 
body against this attraction, work must be expended, and this work is stored 
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by the raised body in the form of gravitational potential energy. The amount 
of this energy depends on the body's position in the gravitational force field. 

The gravitational potential of soil water at each point is determined by the 
elevation of the point relative to some arbitrary reference level. For the sake of 
convenience, it is customary to set the reference level at the elevation of a per- 
tinent point within the soil or below the soil profile being considered (e.g., at 
the water table, where such exists at some definable depth) so that the gravi- 
tational potential can always be taken as positive or zero. On the other hand, 
if the soil surface is chosen as the reference level, as is sometimes done, then 
the gravitational potential for all points below the surface is negative with 
respect to that reference level. 

At a height z above a reference, the gravitational potential energy £ g of 
a mass M of water occupying a volume V is 

E g = Mgz = p w Vgz (6.14) 

where p w is the density of water and g is the acceleration of gravity. Accordingly, 
the gravitational potential in terms of the potential energy per unit mass is 

<t>g,m = gz (6.15) 

and in terms of potential energy per unit volume is 

4> g ,v = Pwg£ (6.16) 

The gravitational potential is independent of the chemical and pressure condi- 
tions of soil water and dependent only on relative elevation. 



PRESSURE POTENTIAL 

When soil water is at hydrostatic pressure greater than atmospheric, its pres- 
sure potential is considered positive. When at a pressure lower than atmospheric 
(a subpressure commonly known as tension or suction), the pressure potential is 
considered negative. Thus, water at a free-water surface is at a zero pressure 
potential, water below that surface is at a positive pressure potential, while 
water that has risen in a capillary tube (or in the pores of the soil) above that 
surface is at a negative pressure potential. This principle is illustrated in Fig. 6.5. 
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Fig. 6.5. Superatmospheric and subatmospheric pressures below and above a free-water level. 



PRESSURE POTENTIAL 



109 



The pressure potential below the groundwater level has been termed the 
submergence potential. The hydrostatic pressure P of water in reference to 
atmospheric pressure is 

P = pgh (6.17) 

Here h is the piezometric head (submergence depth below the free-water 
surface). The potential energy of this water is then 

E = PdV (6.18) 

and thus the submergence potential, taken as the potential energy per unit 
volume, is equal to the hydrostatic pressure, P: 

% S = P (6.19) 

The negative pressure potential of soil moisture was termed capillary poten- 
tial in the older literature of soil physics and is now called matric potential. It 
results from the interactive capillary and adsorptive forces between water and 
the soil matrix. These forces bind water in the soil and lower its potential 
energy below that of bulk water. 

The terms matric potential, matric suction, and soil-water suction have 
been used interchangeably. According to the 1SSS. committee cited earlier, the 
matric suction is defined as the negative gauge pressure, relative to the exter- 
nal gas pressure on soil water, to which a solution identical in composition 
with the soil solution must be subjected in order to be in equilibrium through 
a porous membrane wall with the water in the soil. This definition implies the 
use of either a tensiometer relative to the prevailing atmospheric pressure (con- 
ventionally taken to be zero) of the gas phase or a pressure plate extraction 
apparatus in which the gas phase is pressurized sufficiently to bring the water 
phase to atmospheric pressure. 

As shown in Chapter 2, capillarity results from the surface tension of water 
and its contact angle with the solid particles. In an unsaturated (three-phase) 
soil system, curved menisci form, which obey the equation of capillarity: 

P -P C = AP = y(l/R a + 1/R 2 ) (6.20) 

where P 1S tne reference atmospheric pressure (taken as zero), P c is the pres- 
sure of soil water (which can be smaller than atmospheric), AP is the pressure 
deficit (subpressure) of soil water, y is the surface tension of water, and R l3 R 2 
are the principal radii of curvature of the meniscus. 

If the soil were like a simple bundle of capillary tubes, the equations of 
capillarity might suffice to describe the relation of the negative pressure 
potential (tension, or suction) to the radii of the soil pores in which the 
menisci are contained. However, in addition to the capillary phenomenon, the 
soil also exhibits adsorption, which forms hydration envelopes over the par- 
ticle surfaces. These two mechanisms of soil-water affinity are illustrated in 
Fig. 6.6. 

The presence of water in films as well as under concave menisci is most 
important in clayey soil and at high suctions, and it is influenced by the elec- 
tric double layer and the exchangeable cations present. In sandy soils, adsorp- 
tion is relatively unimportant and the capillary effect predominates. In 
general, however, the negative pressure potential results from the combined 
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effect of the two mechanisms, which cannot easily be separated. The capillary 
"wedges" are at a state of internal equilibrium with the adsorption "films," 
and the ones cannot be changed without affecting the others. Hence, the older 
term, capillary potential, is inadequate and the better term is matric potential, 
because it denotes the total effect resulting from the affinity of the water to 
the whole matrix of the soil, including its pores and particle surfaces together. 

In the absence of solute effects, the liquid and vapor phases in an unsat- 
urated porous medium are related at equilibrium by 

§ m = RTln(p/p ) (6.21) 

where R is the gas constant for water vapor, T is the absolute temperature, and 
p/po is the relative humidity (i.e., the ratio of the atmosphere's vapor pressure 
at equilibrium with the unsaturated medium to the "saturated" vapor pressure 
at equilibrium with a body of pure free water). 



OSMOTIC POTENTIAL 

The presence of solutes affects the thermodynamic properties of water and 
lowers its potential energy. In particular, solutes lower the vapor pressure of 
soil water. Thus, 

§ m + § o = RT\n(p/p ) (6.22) 

where (]) is the osmotic potential. While this phenomenon may not affect 
liquid flow in the soil significantly, it does come into play whenever a mem- 
brane or diffusion barrier is present that transmits water more readily than 
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salts. The osmotic effect is important in the interaction between plant roots 
and soil as well as in processes involving vapor diffusion. 

There is a difference in principle between the osmotic potential and the 
other potential terms defined. Whereas the pressure and gravitational poten- 
tials refer to the soil solution (i.e., soil water along with its dissolved con- 
stituents), the osmotic potential applies to the water substance alone. Strictly 
speaking, therefore, (|) should not simply be added to (|) m and § g as if those 
terms were similarly applicable and mutually independent. This fundamental 
difference can, however, be ignored in practice as long as the soil solution is 
dilute enough and the solutes it contains do not affect the matrix (and hence 
the matric potential) significantly. 

QUANTITATIVE EXPRESSION OF SOIL-WATER POTENTIAL 

The soil-water potential (Table 6.2) is expressible physically in at least three 
ways: 

1. Energy per unit mass: This is the fundamental expression of potential, 
using units of ergs per gram or joules per kilogram. The dimensions of energy 
per unit mass are length squared per time squared: L 2 T~ 2 . 

2. Energy per unit volume: Since liquid water is only very slightly com- 
pressible in the pressure range ordinarily encountered at or near the earth's 



TABLE 6.2 Energy Levels of Soil Water 





Soil-water potential 




Soil-water suction 


Vapor 
pressure 

(torr) 
20°C (%) 


Relative 
humidity 
at 

20°C (%) 


Per unit mass 
(erg/g) (joule/kg) 


Per unit volume 
(bar) (mm H 2 o) 


Pressure 
(bar) 


Head 
(mm H 2 o) 




















17.5350 


100.00 


-1 x 10 4 


-1 


-0.01 


-102 


0.01 


102 


17.5349 


100.00 


-5 x 10 4 


-5 


-0.05 


-510 


0.05 


510 


17.5344 


99.997 


-1 x 10 5 


-10 


-0.1 


-1,020 


0.1 


1,020 


17.5337 


99.993 


-2 x 10 5 


-20 


-0.02 


-2,040 


0.2 


2,040 


17.5324 


99.985 


-3 x 10 5 


-30 


-0.3 


-3,060 


0.3 


3,060 


17.5312 


99.978 


-4x 10 5 


-40 


-0.4 


-4,080 


0.4 


4,080 


17.5299 


99.971 


-5 x 10 5 


-50 


-0.5 


-5,100 


0.5 


5,100 


17.5286 


99.964 


-6 x 10 5 


-60 


-0.6 


-6,120 


0.6 


6,120 


17.5273 


99.965 


-7x 10 5 


-70 


-0.7 


-7,140 


0.7 


7,140 


17.5260 


99.949 


-8 x 10 5 


-80 


-0.8 


-8,160 


0.8 


8,160 


17.5247 


99.941 


-9 x 10 5 


-90 


-0.9 


-9,180 


0.9 


9,180 


17.5234 


99.934 


-1 x 10 6 


-100 


-1.0 


-10,200 


1.0 


10,200 


17.5222 


99.927 


-2 x 10 6 


-200 


-2 


-20,400 


2 


20,400 


17.5089 


99.851 


-3 x 10 6 


-300 


-3 


-30,600 


3 


30,600 


17.4961 


99.778 


-4 x 10 6 


-400 


-4 


-40,800 


4 


40,800 


17.4833 


99.705 


-5 x 10 6 


-500 


-5 


-51,000 


5 


51,000 


17.4704 


99.637 


-6 x 10 6 


-600 


-6 


-61,200 


6 


61,200 


17.4572 


99.556 



a In the absence of osmotic effects (soluble salts), soil-water suction equals matric suction; otherwise, it is the 

sum of matric and osmotic suctions. 
b Relative humidity of air in equilibrium with the soil at different suction values. 
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surface, its density is practically independent of potential. Hence, there is 
a direct proportion between the expression of the potential as energy per unit 
mass and its expression as energy per unit volume. The latter expression yields 
the dimensions of pressure (for just as energy can be expressed as the product 
of pressure and volume, so the ratio of energy to volume is equivalent 
dimensionally to pressure). This equivalent pressure can be expressed as dynes 
per square centimeter, newtons per square meter, bars, atmospheres, or 
pascals. The basic dimensions are those of force per unit area (or mass per 
length per time squared): ML _1 T~ 2 . This mode of expression is convenient for 
the osmotic and pressure potentials, but it is seldom used for the gravitational 
potential. 

3. Energy per unit weight (hydraulic head): Whatever can be expressed in 
units of hydrostatic pressure can also be expressed in terms of an equivalent 
head of water, which is the height of a liquid column corresponding to the 
given pressure. For example, a pressure of 1 atm is equivalent to a vertical 
water column, or hydraulic head, of 10.33 m and to a mercury head of 0.76 
m. A pressure of 1 MPa is equivalent to a hydraulic head of 102.27 m, and 
1 kPa to about 0.1 m. This mode of expression is certainly simpler, and often 
more convenient, than the preceding mode. Therefore, it is common to 
characterize the state of soil water in terms of the total potential bead, the 
gravitational potential head, and the pressure potential head, which are 
usually expressible in meters. Accordingly, instead of 

<t> = <t>g + 4> P (6.23) 

we could write 

H = H g + H p (6.24) 

which reads: The total potential head of soil water (H) is the sum of the gravi- 
tational (Hg) and pressure (H p ) potential heads. H is commonly called the 
hydraulic head. 

The use of various expressions for the soil-water potential can be perplex- 
ing to the uninitiated. However, these alternative expressions are in fact 
equivalent, and each of them can readily be translated into any of the others. 
If we use § to designate the potential in terms of energy per mass, P for the 
potential in terms of pressure, and H for the potential head, then 

4 = F/Pw (6.25) 
H = Pip w g = Wg (6.26) 

where p w is the density of water and g is the acceleration of gravity. 

A remark is in order concerning the use of the synonymous terms tension 
and suction in lieu of "negative" (or "subatmospheric") pressure. Tension 
and suction are merely semantic devices to avoid the use of the unesthetic 
negative sign, which generally characterizes the pressure of water in an 
unsaturated soil. These terms allow us to speak of the osmotic and matric 
potentials in positive terms. The two potentials are illustrated schematically 
in Fig. 6.7. 
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Fig. 6.7. In an isothermal system at equilibrium, matric suction is the pressure difference 
across a membrane separating the soil solution in situ from the same solution in bulk, with the 
membrane being permeable to the solution but not to solid particles or air. Osmotic (solute) 
suction is the pressure difference across a semipermeable membrane separating the bulk phases 
of pure water and the soil solution. Total suction is the sum of the matric and osmotic suction 
values and is thus the pressure difference across a semipermeable membrane separating pure 
water from a soil that contains a solution (After Richards, S. J., 1965.) 



SOIL-MOISTURE CHARACTERISTIC CURVE 

Water in a saturated soil is at atmospheric pressure if it is at equilibrium 
with free water at the same elevation. That implies zero hydrostatic pressure 
and hence zero suction. If a slight suction (i.e., a water pressure slightly sub- 
atmospheric) is applied to water in a saturated soil, no outflow may occur 
until, as suction is increased, a critical value is exceeded at which the largest 
surface pore begins to empty and its water content is displaced by air. This 
critical suction is called the air-entry suction. Being the threshold of desatu- 
ration, air-entry suction is generally small in coarse-textured and in well- 
aggregated soils having large pores; but it tends to be larger in dense, poorly 
aggregated, medium-textured or fine-textured soils. Since in coarse-textured 
soils the pores tend to be fairly uniform in size, these soils typically exhibit 
critical air-entry phenomena more distinctly than do soils with a wider array 
of pore sizes. 

As suction is applied incrementally, the first pores to be emptied are the 
relatively large ones that cannot retain water against the suction applied. 
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Recalling the capillary equation (-P = \|/ = 2y/r), we can readily predict that 
a gradual increase in suction will result in the emptying of progressively 
smaller pores until, at high suction values, only the very narrow pores retain 
water. Similarly, an increase in soil-water suction is associated with decreasing 
thickness of the hydration envelopes adsorbed to the soil-particle surfaces. 
Increasing suction is thus associated with decreasing soil wetness. The amount 
of water remaining in the soil at equilibrium is a function of the sizes and 
volumes of the water-filled pores and of the amount of water adsorbed to 
the particles; hence it is a function of the matric suction. This function is 
usually measured experimentally, and it is represented graphically by a curve 
called the soil-moisture retention curve, also known as the soil-moisture 
release curve or the soil-moisture characteristic. 

As yet, no universally applicable theory exists for the prediction of the 
matric suction versus wetness relationship from basic soil properties (i.e., tex- 
ture and structure). The adsorption and pore geometry effects are generally 
too complex to be described by a simple model. Several empirical equations 
have been proposed that describe the soil-moisture characteristic for some 
soils and within limited suction ranges. One such equation was advanced by 
Visser (1966): 



Here \|/ is matric suction, f is porosity, is volumetric wetness, and a, b, c are 
constants. Use of this equation is hampered by the difficulty of evaluating its 
constants. Visser found that b varied from to 10, a from to 3, and f from 
0.4 to 0.6. 

Alternative equations to describe the relationship between wetness and 
matric suction have been proposed by Laliberte (1969), White et al. (1970), Su 
and Brooks (1975), and van Genuchten (1978). An equation presented by 
Brooks and Corey (1966a) is 



for suction values greater than the air-entry suction \|/ e . The exponent X has 
been termed the pore size distribution index. In this equation, 9 is the volume 
wetness (a function of the suction \|/), 9 m is the maximum wetness (saturation), 
and r is the "residual" wetness remaining at high suction in the small pores 
that do not form a continuous network (the intra-aggregate pores). 

Physically based water retention prediction models have recently been 
described by Haverkamp and Reggiami (2002) and by Nimmo (2002). 

The amount of water retained at low values of matric suction (say, between 
and 100 kPa) depends on capillarity and the pore size distribution. Hence 
it is strongly affected by the soil's structure. At higher suctions, water reten- 
tion is due increasingly to adsorption, so it is influenced less by the structure 
and more by the soil's texture and specific surface. The greater the clay con- 
tent, in general, the greater the water retention at any particular suction and 
the more gradual the slope of the curve. In a sandy soil, most of the pores are 
relatively large, and once these large pores are emptied at a given suction, 
only a small amount of water remains. In a clayey soil, more of the water is 
adsorbed, so increasing the matric suction causes a more gradual decrease in 
wetness (Fig. 6.8). 



¥ = a (f- e) b /e c 



(6.27) 
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Water content 

Fig. 6.8. The effect of texture on soil-water retention. 



Because soil structure influences the shape of the soil-moisture characteris- 
tic curve primarily in the low-suction range, we may expect that the effect of 
compaction (which destroys the aggregated structure) is to reduce the total 
porosity and especially the volume of the large interaggregate pores. As 
a result of compaction, the saturation water content as well as the initial 
decrease of water content with the application of low suction are diminished. 
On the other hand, the volume of intermediate-size pores is likely to be greater 
in a compact soil (because some of the originally large pores have been 
squeezed into intermediate size by compaction), while the micropores remain 
unaffected, and thus the curves for the compacted and uncompacted soil tend 
to converge in the high-suction range (Fig. 6.9). 

If two soil bodies differing in texture, structure, and initial wetness are 
brought into direct physical contact, water from one will normally move into 




Water content 

Fig. 6.9. The effect of soil structure on soil-water retention. 
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the other in a tendency toward potential energy equilibrium. Even at equilib- 
rium, however, the two different soils will not generally be equal in wetness. 
Rather, each soil will end up with a content of water determined by its own 
soil-moisture characteristic. Two soil bodies or layers can thus attain equilib- 
rium and yet exhibit a marked difference in wetness. We can easily envision 
a situation in which a drier soil layer will contribute water to a wetter one if 
the water potential of the former is higher than that of the latter, owing to 
textural, structural, elevational, osmotic, or thermal differences. 

The slope of the soil-moisture characteristic curve, which is the change 
of water content per unit change of matric potential, is generally termed the 
differential (or specific) water capacity c Q : 

c Q = dd/d$ p or c Q = -dQ/d\\f (6.29) 

The Cq term is analogous to the well-known differential heat capacity , which 
is the change in the heat content of a body per unit change in the thermal 
potential (temperature). However, while the differential heat capacity is fairly 
constant with temperature for many materials, the differential water capacity 
in soils is strongly dependent on the matric potential. 

HYSTERESIS 

The relation between matric potential and soil wetness can be obtained in 
two ways: (1) in desorption, by taking an initially saturated sample and apply- 
ing increasing suction, in stepwise manner, to gradually dry the soil while tak- 
ing successive measurements of wetness versus suction; and (2) in sorption, by 
gradually wetting up an initially dry soil sample while reducing the suction 
incrementally. Each of these two methods yields a continuous curve, but the 
two curves will in general not be identical. The equilibrium soil wetness at 
a given suction is greater in desorption (drying) than in sorption (wetting). 
This dependence of the equilibrium content and state of soil water upon the 
direction of the process leading up to it is called hysteresis (Haines, 1930; 
Miller and Miller, 1956; Mualem, 1984). 

Figure 6.10 shows a typical soil-moisture characteristic curve and illustrates 
the hysteresis effect in the relationship between soil wetness and matric suc- 
tion at equilibrium. 

The hysteresis effect may be attributed to several causes: 

1. The geometric nonuniformity of the individual pores (which are 
generally irregularly shaped voids interconnected by smaller passages), 
resulting in the "ink bottle" effect, illustrated in Fig. 6.11. 

2. The contact-angle effect, mentioned in Chapter 2, by which the contact 
angle is greater and hence the radius of curvature greater in the case of 
an advancing meniscus than in the case of a receding one. A given water 
content will tend therefore to exhibit greater suction in desorption than 
in sorption. (Contact-angle hysteresis can arise because of surface 
roughness, the presence of adsorbed impurities on the solid surface, and 
the mechanism by which liquid molecules adsorb or desorb when the 
interface is displaced.) 
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Water content 



Fig. 6.10. Suction vs. water content curves in sorption and desorption. The intermediate 
loops are scanning curves, representing complete or partial transitions between the main 
branches. 



3. Entrapped air, which further decreases the water content of newly wetted 
soil. Failure to attain true equilibrium (although not, strictly speaking, 
true hysteresis) can accentuate the hysteresis effect. 

4. Swelling, shrinking, or aging phenomena, which result in differential 
changes of soil structure, depending on the wetting and drying history of 
the sample (Hillel and Mottes, 1966). The gradual solution of air or the 
release of dissolved air from soil water can also have a differential effect 
upon the suction-wetness relationship in wetting and drying systems. 

Of particular interest is the ink bottle effect. Consider the hypothetical pore 
shown in Fig. 6.11. This pore consists of a relatively wide void of radius R, 
bounded by narrow channels of radius r. If initially saturated, this pore drains 
abruptly the moment the suction exceeds \|/ r , where \|/ r = 2y/r. For this pore to 
rewet, however, the suction must decrease to below \|/#, where \\f R = 2yAR, 
whereupon the pore abruptly fills. Since R > r, it follows that \|/ r > \\f R . 



(a) (b) 




Fig. 6.11. The "ink bottle" effect determines the equilibrium height of water in a variable- 
width pore: (a) in capillary drainage (desorption) and (b) in capillary rise (sorption). 
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cup 

Fig. 6.12. The essential parts of a tensiometer. (After Richards, S. J., 1965.) 



Desorption depends on the narrow radii of the connecting channels, whereas 
sorption depends on the diameters of the large pores. These discontinuous 
spurts of water, called Haines jumps (after W. B. Haines, who first noted the 
phenomenon in 1930), can be observed readily in coarse sands. The hysteresis 
effect is generally more pronounced in coarse-textured soils in the low-suction 
range, where pores empty at an appreciably larger suction than that at which 
they fill. 

The two complete characteristic curves, the one describing the gradual tran- 
sition from saturation to dryness and the other portraying the transition from 
dryness to saturation, are called the main branches of the hysteretic soil- 
moisture characteristic. When a partially wetted soil commences to drain or 
when a partially desorbed soil is rewetted, the relation of suction to moisture 
content follows some intermediate curve as it "scans" from one main branch 
to the other. Such intermediate spurs are called scanning curves. Cyclic 
changes often entail wetting and drying scanning curves, which may form 
loops between the main branches (Fig. 6.12). The \|/-0 relationship can thus 
become very complicated. Indeed, because of its complexity, the hysteresis 
phenomenon is too often ignored. The soil-moisture characteristic commonly 
reported in the literature is the desorption curve, also known as the soil-moisture 
release curve. The sorption curve is equally important but more difficult to 
determine, so it is seldom reported. 

MEASUREMENT OF SOIL-MOISTURE POTENTIAL 

The measurement of soil wetness, described earlier in this chapter, though 
essential in many soil physical and engineering investigations, is obviously not 
sufficient to provide a description of the state of soil water. To obtain such 
a description, evaluation of the energy status of soil water (soil-moisture 
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potential or suction) is necessary. In general, the twin variables of wetness and 
potential should each be measured directly, because the translation of one 
to the other on the basis of calibration curves of soil samples is too often 
unreliable. 

Total soil-moisture potential is often thought of as the sum of matric and 
osmotic (solute) potentials and is a useful index for characterizing the energy 
status of soil water with respect to plant water uptake. The sum of the matric 
and gravitational (elevation) heads is generally called the hydraulic bead (or 
hydraulic potential) and is useful in evaluating the directions and magnitudes 
of the water-moving forces throughout the soil profile. Methods are available 
for measuring matric potential as well as total soil-moisture potential, sepa- 
rately or together (Dane and Hopmans, 2002). A schematic representation of 
the components of the soil-moisture potential is shown in Fig. 6.7. To meas- 
ure matric potential in the field, an instrument known as a tensiometer is used; 
in the laboratory, use is often made of tension plates and of air-pressure extrac- 
tion cells. Total soil-moisture potential can be obtained by measuring the equi- 
librium vapor pressure of soil water by means of thermocouple psychrometers. 

We next describe the tensiometer, which has won acceptance as a practical 
device for in situ measurement of matric suction, hydraulic head, and 
hydraulic gradients. 

The Tensiometer 

The tensiometer is an instrument designed to provide a continuous indication 
of the soil's matric suction (also called soil-moisture tension) in situ. The essen- 
tial parts of a tensiometer are shown in Fig. 6.12. The instrument consists of 
a porous cup, generally of ceramic material, connected through a tube to 
a manometer, with all parts filled with water. When the cup is placed in the soil 
where the suction measurement is to be made, the bulk water inside the cup 
comes into hydraulic contact and tends to equilibrate with soil water through the 
pores in the ceramic walls. When the tensiometer is initially placed in the soil, the 
water contained in it is generally at atmospheric pressure. Soil water, being gen- 
erally at subatmospheric pressure, exercises a suction, which draws out a certain 
amount of water from the rigid and airtight tensiometer, thereby causing the pres- 
sure inside the tensiometer to fall below atmospheric pressure. This subpressure 
is indicated by a manometer, which may be a simple water- or mercury-filled U 
tube, a vacuum gauge, or an electrical transducer (Young and Sisson, 2002). 

A tensiometer kept in place tends to track the changes in the soil's matric 
suction. As soil moisture is depleted by drainage or plant uptake or as it is 
replenished by rain or irrigation, corresponding readings on the tensiometer 
gauge occur. Owing to the hydraulic resistance of the cup and the surround- 
ing soil and of the contact zone between the cup and the soil, the tensiometer 
response may lag behind suction changes in the soil. The lag time can be min- 
imized by the use of a null-type device or a transducer-type manometer with 
rigid tubing, so practically no flow of water need take place as the instrument 
responds to changes in the soil. 

Since the walls of the tensiometer's porous cup are permeable to both water 
and solutes, the solutes in the soil solution diffuse freely into the porous cup, 
so water inside the tensiometer tends to assume the same solute composition 
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and concentration as soil water. Therefore the instrument does not indicate 
the osmotic suction of soil water (unless it is equipped with some type of an 
auxiliary salt sensor). 

Suction measurements by tensiometry are limited to matric suction values 
below 1 atm (about 1 bar, or 100 kPa). This is due first of all to the fact that the 
vacuum gauge or manometer measures a partial vacuum relative to the external 
atmospheric pressure. Even if the gauging of pressure is independent of atmos- 
pheric pressure (e.g., if it is done by means of a strain-gauge manometer), we are 
still faced with the general failure of water columns in macroscopic systems to 
withstand tensions exceeding 1 atm. (Water in narrow capillaries, however, can 
maintain continuity at much higher tensions; witness, for example, the continu- 
ity of liquid water in the xylem vessels of tall trees.) Furthermore, because 
the ceramic cup is generally made of rather permeable and porous material, in 
the interest of promoting rapid equilibrium with soil moisture, higher suction 
may cause the entry of air from the soil into the cup. Such air entry equalizes the 
internal tensiometric pressure to the atmospheric pressure. Consequently, soil 
suction may continue to increase even though the tensiometer fails to show it. 

In practice, the useful limit of most tensiometers is a maximal tension of 
about 0.8 atm (80 kPa). However, the limited range of suction measurable by 
the tensiometer is not as serious a problem as it may seem. Though the suction 
range of 0-0.8 atm is a small part of the total range of suction variation 
encountered in the field, it actually encompasses the greater part of the soil 
wetness range. In many agricultural soils the tensiometer range accounts for 
more than 50% (and in coarse-textured soils 75% or more) of the amount of 
soil water available to plants. Thus, where soil management (as in irrigation) 
is aimed at maintaining the low-suction conditions that are most favorable for 
plant growth, tensiometers are definitely useful. 

The Thermocouple Psychrometer 

At equilibrium, the potential of soil moisture is equal to the potential of the 
water vapor in the ambient air. If thermal equilibrium is ensured and the gravi- 
tational effect is neglected, the vapor potential can be taken to be equal to the 
sum of the matric and osmotic potentials, since air acts as an ideal semi- 
permeable membrane in allowing only water molecules to pass (provided that 
the solutes are nonvolatile). 

A psychrometer is an instrument designed to indicate the relative humidity , 
that is, the ratio of the partial pressure of water vapor in the air to the equi- 
librium partial pressure of vapor in vapor-saturated air at the same tempera- 
ture. The instrument generally measures the difference between the 
temperatures registered by a wet bulb and a dry bulb thermometer. The dry 
bulb thermometer indicates the temperature of a nonevaporating surface in 
thermal equilibrium with the ambient air. The wet bulb thermometer indicates 
the generally lower temperature of an evaporating surface, where latent heat 
is absorbed in proportion to the rate of evaporation. 

The relative humidity of a body of air in equilibrium with a moist soil will 
depend on the temperature as well as on the state of water in the soil — that 
is, on the constraining effects of adsorption, capillarity, and solutes, all of 
which act to reduce the evaporability of soil water relative to that of pure, free 
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water at the same temperature. Hence the relative humidity of an unsaturated 
soil's atmosphere will generally be under 100%, and the deficit to "satura- 
tion" will depend on the soil moisture potential, or suction, due to the com- 
bined effects of the osmotic and matric potentials. 

Recent decades have witnessed the development of highly precise, miniatur- 
ized thermocouple psychrometers that make possible the in situ measurement of 
soil moisture potential (Rawlins and Campbell, 1986; Andraski and Scanlon, 
2002). A thermocouple is a double junction of two dissimilar metals. If the two 
junctions are subjected to different temperatures, they will generate a voltage 
difference. If, on the other hand, an electromotive force (emf) is applied between 
the junctions, a difference in temperature will result. Depending on which way 
a direct current is applied, one junction can be heated while the other is cooled, 
and vice versa. The soil psychrometer (Fig. 6.13) consists of a fine wire thermo- 
couple, one junction of which is equilibrated with the soil atmosphere by pla- 
cing it inside a hollow porous cup embedded in the soil while the other junction 
is kept in an insulated medium to provide a temperature lag. 

During operation, an electromotive force is applied so the junction exposed 
to the soil atmosphere is cooled to a temperature below the dew point of that 
atmosphere. At this point a droplet of water condenses on the junction, allow- 
ing it to serve as a wet bulb thermometer. This is a consequence of the so-called 
Peltier effect (Yavorsky and Detlaf, 1972). The cooling is then stopped; as the 
water from the droplet reevaporates, the junction attains a wet bulb tempera- 
ture. That temperature remains nearly constant until the junction dries out, 
after which it returns to the ambient soil temperature. While evaporation takes 
place, the difference in temperature between the "wet bulb" and the insulated 



Fig. 6.1 3. Cross section of a thermocouple psychrometer contained in an air-filled ceramic cup. 
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junction serving as "dry bulb" generates an emf, which is indicative of the soil 
moisture potential. The relative humidity (i.e., the vapor pressure relative to 
that of pure, free water) is related to the soil-water potential according to 

(]) = RT \n(p/p ) (6.30) 

where p is the vapor pressure of soil water, p is the vapor pressure of pure, 
free water at the same temperature and air pressure, and R is the specific gas 
constant for water vapor. 

Thermocouple psychrometry can be quite useful considerably beyond the 
suction range of the tensiometer (i.e., from 0.2 to 5 MPa, or 2 to 50 bar), 
where the change of wetness per unit change of suction is quite small. This 
instrument is used mostly in research and is now manufactured commercially. 
It is also applied to the measurement of plant-water potential. 

Measurement of the Soil-Moisture Characteristic Curve 

The fundamental relation between soil wetness and matric suction is 
often determined by means of a tension-plate assembly (Fig. 6.14) in the 
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Fig. 6.14. Tension-plate assembly for equilibrating a soil sample with a known matric suc- 
tion value. This assembly is applicable in the range of 0-1 bar only. 
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Fig. 6.15. Pressure-plate apparatus for moisture characteristic measurements in the high- 
suction range. The lower side of the porous plate is in contact with water at atmospheric pres- 
sure. Pressurized air is used to extract water from initially saturated soil samples. 



low-suction (<1 bar) range and by means of a pressure-plate or pressure- 
membrane apparatus (Fig. 6.15) in the higher-suction range. These instru- 
ments allow the application of successive suction values and the repeated 
measurement of the equilibrium soil wetness at each suction (Dane and 
Hopmans, 2002). 

The suction value obtainable by tension-plate devices is limited to 1 atm 
(1 bar, or 100 kPa) if the soil air is kept at atmospheric pressure and the pres- 
sure difference across the plate is controlled by vacuum or by a hanging 
water column. Matric suction values considerably greater than I bar (say, 20 
bar or even more) can be obtained by increasing the pressure of the air 
phase. This requires placing the porous-plate assembly inside a pressure 
chamber, as shown in Fig. 6.15. The limit of matric suction obtainable with 
such a device is determined by the design of the chamber (i.e., its safe work- 
ing pressure) and by the maximal air pressure difference the saturated 
porous plate can bear without allowing air to bubble through its pores. 
Ceramic plates generally do not hold pressures greater than about 2 MPa (20 
bar), but cellulose acetate membranes can be used with pressures as high as 
10 MPa (100 bar). 

Soil-moisture retention in the low-suction range (0-100 kPa, equivalent to 
0-1 bar) is strongly influenced by soil structure and pore size distribution. 
Hence, measurements made with disturbed samples (e.g., dried, screened, and 
artificially packed samples) cannot be expected to represent field conditions. 
The use of undisturbed soil cores is therefore preferable. Even better, in prin- 
ciple, is the in situ determination of the soil moisture characteristic curve by 
making simultaneous measurements of wetness (e.g., with the neutron mois- 
ture meter or with TDR) and of suction (using tensiometers) in the field (Bruce 
and Luxmoore, 1986). However, this approach is often frustrated by soil 
heterogeneity and by uncertainties over equilibrium as well as hysteretic 
phenomena as they might occur in the field. 
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REMOTE SENSING OF SURFACE-ZONE SOIL MOISTURE 

Remote sensing is the collection of information regarding an object of inter- 
est, conducted from some distance without actual contact with that object. It 
is usually accomplished by detecting and measuring various portions (or 
bands) of the electromagnetic spectrum, using airborne or satellite-borne elec- 
tronic scanning devices. Remote sensing of the earth's surface includes aerial 
photography, multispectral imagery, infrared imagery, radar, and microwave 
scanning. These techniques may be passive or active. Passive techniques meas- 
ure signals emitted spontaneously from the ground. Active sensing techniques 
consist of generating a signal that is sent to the ground and of measuring its 
response. 

Remote sensing is a promising technique in environmental soil physics and 
hydrology (Engman, 1995). It permits measurements that are not generally 
possible with traditional techniques, especially in areas where on-site stations 
are sparse and where data are difficult to obtain otherwise. 

Information regarding the varying moisture content of the soil's surface 
zone is of particular interest. However insignificant this thin layer, with the 
small amount of water contained in it, may seem in comparison with the total 
amount of water on earth, it is indicative of the entire interaction between the 
land surface and the atmosphere as it regulates such processes as the exchange 
of energy and the allocation of precipitated water among infiltration, runoff, 
evaporation, and transpiration. Moreover, topsoil moisture affects seed ger- 
mination, subsequent plant growth, and — ultimately — the success or failure 
of agriculture. 

Of the various techniques suggested for measuring soil moisture, 
microwave technology appears to be the most promising at present. It can be 
used from a space platform (as well as from aircraft and truck-mounted 
devices) and can provide quantitative data of moisture in the soil's top layer 
(of the order of 5 cm) under a variety of topographic and vegetative condi- 
tions. The theoretical basis for measuring soil moisture by microwave tech- 
niques is based on the contrast between the dielectric constant of liquid water 
and of dry soil particles (namely, 80 compared to 3-5). That contrast is due to 
the tendency of the polarity of water molecules (i.e., their ability to align them- 
selves in an applied electromagnetic field). As soil moisture increases, so does 
the soil's dielectric constant. 

Passive microwave remote sensing of top-layer moisture has been shown to 
be practical. In the case of a bare surface, a radiometer can be used directly to 
measure the intensity of emission from the soil. According to Schmugge 
(1990), this emission is proportional to the product of surface temperature 
and surface emissivity, commonly referred to as the microwave brightness 
temperature (7^): 

T b = x(H)[rT sky + (1 - r)T soil ] + T atm (6.31) 

where l(H) is the atmospheric transmissivity for a radiometer at height H 
above the ground, r is the smooth-surface reflectivity, T soi j is the temperature 
of the soil, T atm is the average temperature of the atmosphere, and T sky is the 
contribution from the reflected sky brightness. For microwave wavelengths 
greater than 5 cm, the atmospheric transmissivity approaches 99% and the 
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values of T s k y and T atm are both less than 5 K (i.e., small compared to the soil 
contribution). Assuming the last terms to be negligible, we can simplify the 
equation to 

T b = (1 - r)T soil = eT soll (6.32) 

where £ = (1 - r) is the emissivity, which depends primarily on the dielectric 
constant of the soil and secondarily on the surface roughness. 

The reflection coefficient of the ground is related nonlinearly to the dielec- 
tric constant and hence also to soil moisture. Therefore, most algorithms used 
for this type of remote sensing of soil moisture are calibrated with reference to 
empirical ground data (Engman, 1995). There is also some uncertainty over 
the exact thickness of the soil layer that is effectively monitored. The penetra- 
tion depth, defined as the distance in the soil over which microwave radiated 
power is attenuated by a factor of e (= 2.718), also depends on the wavelength 
as well as on the dielectric constant (and hence on soil moisture). For a wave- 
length of 5 cm, the penetration depth varies from 10 cm for a soil with 1% 
volumetric wetness to less than 1 cm for a soil with 30% moisture. For a wave- 
length of 20 cm, the penetration depth varies from about 40 cm with 1 % 
moisture to 5 cm with 30% moisture by volume (Njoku and Kong, 1977). 

For the active microwave approach, the measured radar backscatter, G t , is 
made up of the backscatter from vegetation, a v , and from the soil, <3 S , and the 
attenuation caused by the vegetation canopy L: 

a t = a v + a s /L (6.33) 

The soil backscatter can be related directly to soil moisture by 

o s = RaG (6.34) 

where R is a surface roughness term, a is a soil moisture sensitivity term, and 
9 is the volumetric moisture content. Because R and a are known to vary with 
wavelength, polarizataion, and angle of incidence, it is difficult to estimate 
these terms independently. Hence, as in the case of the passive microwave 
approach, the relationship between measured backscatter and soil moisture 
requires an empirical correlation with ground data, even for bare soils. 

The effect of vegetation is, on the one hand, to attenuate the microwave 
emission from the soil and, on the other hand, to contribute its own emission 
to the total radiative flux. The net effect depends on the structure and density 
of the vegetative cover as well as on its degree of hydration. The interference 
of vegetation with the measurement of soil moisture can be minimized by 
choosing the optimal spectral band, because plant canopies are evidently more 
transparent to longer wavelengths than to shorter wavelengths in the range of 
microwave studies (Jackson and Schmugge, 1991). 
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7. WATER FLOW IN 
SATURATED SOIL 



LAMINAR FLOW IN NARROW TUBES 

Before beginning a discussion of flow in so complex a medium as soil, let 
us first consider the basics of fluid flow in narrow tubes. Early theories of fluid 
dynamics were based on the hypothetical concept of a "perfect" fluid, both 
frictionless and incompressible. In such a fluid, contacting layers exhibit no 
tangential forces (shearing stresses), only normal forces (pressures). Such fluids 
do not in fact exist. In the flow of real fluids, adjacent layers do transmit 
tangential stresses (drag), and the existence of intermolecular attraction causes 
the molecules in contact with a solid wall to adhere to it rather than slip over 
it. The flow of a real fluid is associated with the property of viscosity , defined 
in Chapter 2. 

We can visualize the nature of viscosity by considering the motion of a fluid 
between two parallel plates, the lower one at rest, the upper one moving at 
a constant velocity (Fig. 7.1). Experience shows that the fluid adheres to both 
walls, so its velocity at the lower plate is zero, and that at the upper plate is 
equal to the velocity of the plate. Furthermore, the velocity distribution in the 
fluid between the plates is linear, so the fluid velocity at any plane between the 
plates is proportional to the distance y from the lower plate. 

Maintaining the relative motion of the plates at a constant velocity requires 
applying a tangential force to overcome the frictional resistance in the fluid. 
This resistance, per unit area of the plate, is proportional to the velocity of the 
upper plate U and inversely proportional to the distance h between the plates. 
The shearing stress x s at any point is proportional to the velocity gradient 
duldy. The viscosity T| is the proportionality factor between x s and du/dy: 

x s = T| duldy (7.1) 
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Fig. 7.1. Velocity distribution in a viscous fluid between two parallel plates, the upper one 
moving at a velocity U relative to the lower one. 



Equation (7.1) bears a formal similarity to Hooke's law of elasticity. However, 
in an elastic solid the shearing stress is proportional to the strain, whereas in 
a viscous fluid the shearing stress is proportional to the time rate of the strain 
(i.e., the velocity gradient). 

Now let us consider flow through a straight, cylindrical tube of uniform 
diameter D = 2R (Fig. 7.2). The velocity is zero at the wall (because of adhe- 
sion), maximal at the axis, and constant on cylindrical surfaces that are con- 
centric about the axis. Adjacent cylindrical laminae, moving at different 
velocities, slide over each other. A parallel motion of this kind is called lam- 
inar. Fluid flow in a horizontal tube is normally caused by a pressure gradient 
acting in the axial direction. A fluid "particle" is accelerated by the pressure 
gradient and retarded by the frictional resistance. 

Imagine a coaxial fluid cylinder of length L and radius y. For flow velocity to 
be constant (no net force, hence no acceleration), the pressure force acting on the 
face of the cylinder Ap ny 2 (in which Ap = p 1 - p 2 ) must be equal to the frictional 
resistance due to the shear force 2nyLx s acting on the circumferential area. Thus, 

x s = (Ap/L)(y/2) 

Recalling Eq. (7.1), x s = -T| (du/dy) (the negative sign arises because in this case 
u decreases with increasing y), we obtain 

du/dy = -(Ap/T[L)(y/2) 
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which, on integration, gives 

u(y) = -(Ap/T[L)(c - y 2 /4) 

The constant of integration c is evaluated from the boundary condition of no 
slip at the wall (u = at y = R), so c = R 2 /4. Therefore, 

u(y) = {Ap/4r[L){R 2 - y 2 ) (7.2) 

Equation (7.2) indicates that the velocity is distributed parabolically over the 
radius, with maximum velocity u max on the axis (y = 0): 

u max = Ap R 2 /4r[L 

The discharge Q, that is, the volume flowing through a section of length L 
per unit time, can now be evaluated. The volume of a paraboloid of revolu- 
tion is (l/2)(base x height). Hence 

Q = {l/2)nR 2 u max = 7iR 4 Ap/8riL (7.3) 

This equation, known as Poiseuille's law, indicates that the volume flow 
rate is proportional to the pressure drop per unit distance (Ap/L) and the 
fourth power of the radius of the tube. 

The mean velocity over the cross section is 

« mean = ApR 2 /8nL = (R 2 /ai])Vp (7.4) 

where Vp is the pressure gradient (Ap/L). Parameter a, equal to 8 in a circular 
tube, varies with the shape of the conducting passage. 

Laminar flow prevails only at relatively low flow velocities and in narrow 
tubes. As the radius of the tube and the flow velocity are increased, the point 
is reached at which the mean flow velocity is no longer proportional to the 
pressure drop, and the parallel laminar flow changes into a turbulent flow 
with fluctuating eddies. Conveniently, however, laminar flow is the rule rather 
than the exception in most water flow processes taking place in soils, because 
of the narrowness of soil pores. 



Sample Problem 

The water in an irrigation hose is at a hydrostatic pressure of 100 kPa (1 bar). Five drip- 
irrigation emitters are inserted into the wall of the hose. Calculate the drip rate (L/hr) 
from the emitters if each contained a coiled capillary tube 1 m long and the capillary 
diameters are 0.2, 0.4, 0.6, 0.8, and 1 .0 mm. Assuming laminar flow, what fraction of 
the total discharge is due to the single largest emitter? 

We use Poiseuille's law to calculate the discharge: Q = nR 4 AP/8r|L Substituting the 
values for n (3.14), the pressure differential AP (10 5 N/m 2 = 10 5 kg/m sec 2 ), the viscos- 
ity n (1 0" 3 kg/m sec, at 20°C), the capillary tube length (1 m), and the appropriate tube 
radii (0.1, 0.2, 0.3, 0.4, and 0.05 mm), we obtain 

3.1 4 x (1 0" 4 m) 4 x 1 5 kg/m sec 2 9 , 

Q-, = = 3.9 x 10" 9 m 3 /sec 

8 x 1 3 kg/m sec x 1 m 
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3.14 x (2 x 10" 4 m) 4 x 10 5 kg/m sec 2 

Q 2 = = 2 4 Q 1 = 16 x 1.4 x 10 

8 x 10" 3 kg/m sec x 1 m 

= 0.226 L/hr 
Q 3 = 3 4 Q! =81Qt =1.14 L/hr 
Q 4 = 4 4 Q! =256Q! = 3.61 L/hr 
Q 5 = 5 4 Qi =625Qi =8.81 L/hr 

Total discharge from all five emitters: 

Qtotai = 0.014 + 0.226 + 1.14 + 3.61 +8.81 =13.8 L/hr 

Fractional contribution of the single largest emitter: 

Qs/Qtotai = 8.81 /I 3.8 = 0.639 = 63.8% 

The single largest emitter thus accounts for nearly two-thirds of the total discharge, 
while the smallest emitter accounts for only 0.1% (though its diameter is only one-fifth 
that of the largest emitter). 

Note: Modern drip-irrigation emitters generally depend on partially turbulent (rather 
than completely laminar) flow, to reduce sensitivity to pressure fluctuations and vulner- 
ability to clogging by particles. 



DARCY'S LAW 

If the soil were merely a bundle of straight and smooth tubes, each uniform 
in radius, we could assume the overall flow rate to equal the sum of the sep- 
arate flows through the individual tubes. Knowledge of the size distribution 
of the tube radii would then enable us to calculate the total flow, caused by 
a known pressure difference, using Poiseuille's equation. 

Unfortunately from the standpoint of physical simplicity, however, soil 
pores do not resemble uniform, smooth, cylindrical tubes but are irregularly 
shaped, tortuous, and intricately interconnected. Flow through soil pores is 
limited by numerous constrictions, or "necks," with occasional "dead-end" 
spaces. The fluid velocity varies drastically from point to point, even along the 
same passage, and varies even more among different passages. Hence, the 
actual geometry and flow pattern in a typical soil specimen are too compli- 
cated to be described in microscopic detail. For this reason, flow through 
a complex porous medium such as a soil is generally described in terms of 
a macroscopic flow-velocity vector, which is the overall average of the micro- 
scopic velocities over the total volume considered. The detailed flow pattern is 
thus ignored, and the conducting body is treated as though it were a uniform 
medium, with the flow spread out over the entire cross section, solid and pore 
space alike. (An implicit assumption here is that the soil volume taken is suf- 
ficiently large relative to the pore sizes and microscopic heterogeneities to per- 
mit the averaging of velocity and potential over the cross section.) 

We now examine the flow of water in a macroscopically uniform, saturated 
soil body, and attempt to describe the quantitative relations connecting the rate 
of flow, the dimensions of the body, and the hydraulic conditions at the inflow 
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J— Reference level 

Fig. 7.3. Flow in a horizontal saturated column. 



and outflow boundaries. Figure 7.3 shows a horizontal column of soil through 
which a steady flow of water is occurring from left to right, from an upper reser- 
voir to a lower one, in each of which the water level is maintained constant. 

Experience shows that the discharge rate Q, being the volume V flowing 
through the column per unit time, is directly proportional to the cross- 
sectional area and to the hydraulic head drop AH and inversely proportional 
to the length of the column L: 

Q = V/t oc A AH/L 

The usual way to determine the hydraulic head drop across the system is to 
measure the head at the inflow boundary H Y and at the outflow boundary H Q 
relative to some reference level. AH is the difference between these two heads: 

AH = H { - H Q 

Obviously, no flow occurs in the absence of a hydraulic head difference, that 
is, when AH = 0. 

The head drop per unit distance in the direction of flow (AH/L) is the 
hydraulic gradient, which is, in fact, the driving force. The specific discharge 
rate Q/A (i.e., the volume of water flowing through a unit cross-sectional area 
per unit time t) is called the flux density (or simply the flux) and is indicated 
by q. Thus, the flux is proportional to the hydraulic gradient: 

q = Q/A = VI At oc AH/L 

The proportionality factor K is termed the hydraulic conductivity: 

q = K AH/L (7.5) 

This equation is known as Darcy's law, after Henry Darcy, the French engineer 
who discovered it over a century ago in the course of his classic investigation 
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of seepage rates through sand filters in the city of Dijon (Darcy, 1856; Hubbert, 
1956; Philip, 1995). 

Where flow is unsteady (the flux changes with time) or the soil nonuniform, 
the hydraulic head may not decrease linearly along the direction of flow. 
Where the hydraulic head gradient or the conductivity is variable over time 
and space, we must consider the instantaneous localized gradient, flux, and 
conductivity values rather than average values for the soil system as a whole. 
A more exact expression of Darcy's law is, therefore, in differential form. 
Slichter (1899) generalized Darcy's law into a three-dimensional macroscopic 
differential equation of the form 



where VH is the three-dimensional gradient of the hydraulic head. Since K VH 
is the product of a scalar K and a vector VH, the flux q is a vector, the direc- 
tion of which is determined by VH. In an isotropic medium it is orthogonal to 
surfaces of equal hydraulic potential H. 

Stated verbally, Darcy's law postulates that the flow of a viscous liquid 
through a porous medium is in the direction of, and proportional to, the driv- 
ing force acting on the liquid (i.e., the hydraulic gradient) and is also propor- 
tional to a transmitting property of the conducting medium (the hydraulic 
conductivity). In a one-dimensional system, Eq. (7.6) takes the form 



Mathematically, Darcy's law is similar to the linear transport equations of clas- 
sical physics, such as Ohm's law (stating that the current, or flow rate of elec- 
tricity, is proportional to the electrical potential gradient), Fourier's law (the 
rate of heat conduction is proportional to the temperature gradient), and 
Fick s law (the rate of diffusion is proportional to the concentration gradient). 



BOX 7.1 Henry Cut the Mustard 

The city of Dijon had long been known for its production of mustard, an import- 
I ant ingredient of France's celebrated haute cuisine. The pungent wastes of that 

industry, however, contributed to the fouling of the city's water supply. Even 
though the denizens of Dijon, being stalwart Frenchmen and Frenchwomen, did not 
drink much water (preferring, as they still do, the taste of le vin), they still needed water 
for cooking and sanitation. So they invited an engineer named Henry Darcy to design 
a filtration system. Being an engineer, Darcy must have looked for a soil physics hand- 
book on filtration, but found none, so he had to experiment from scratch. He ended up 
formulating a new law and achieving immortal, if posthumous, fame. The use of filters 
packed with inert sand was but a first step in the greatly needed improvement of 
municipal water supplies. (It led eventually to the use of active materials such as clay, 
charcoal, diatomaceous earth, and ion exchange resins, along with chlorination, oxida- 
tion, flocculation, and — lately — reverse osmosis.) Henry Darcy was a pioneer in the 
task of purifying drinking water. His ultimate contribution to fundamental soil physics 
and hydrology was an unintended byproduct of that direct goal. 



(7.6) 



q = -K dH/dx 



(7.7) 
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Sample Problem 

Let us suppose we were given the task of purifying Dijon's water, with its 10,000 
denizens. Since they drink mostly wine, their daily water requirements are modest, 
say, no more than 20 liters per day per person, on average. Let us suppose further 
that we knew (with the benefits of hindsight) that a column thickness of 0.30 m 
was adequate for filtration and that the hydraulic conductivity of the available sand 
was 2 x 10~ 5 m/sec. Could we calculate the area of the filter bed needed under a 
hydrostatic pressure head of 0.7 m? Consider the flow to be vertically downward to 
a fixed drainage plane. 

We begin by calculating the discharge Q needed: 

1 4 persons x 20 L/person day x 10" 3 m 3 /L o o 

Q = — — = 2.31 x 10" 3 m 3 /sec 

8.64 x 10 4 sec/day 

We recall Darcy's law: 

Q = AK AH/L 

Hence, the area needed is: 

A= QL/KAH 

The hydraulic head drop AH equals the sum of the pressure head and gravitational head 
drops: 

AH = 0.7 + 0.3 = 1.0 m 
Substituting these values for L (0.3 m), AH (1 m), and K (2 x 1 0~ 5 m/sec), we obtain 

2.31 x 10" 3 m 3 /sec x 0.3 m , 
A = = 34.7 m 2 

2x10 5 m/sec x 1 m 

Note: Since populations and per capita water use tend to increase and filter beds 
tend to clog, it might be wise to apply a factor of safety to our calculations and increase 
the filtration capacity severalfold (especially to accommodate peak demand hours). 
Incidentally, per capita water use in the U.S. (with running toilets, showers, and dish- 
washers) ranges from 1 00 to 400 L/day. 



GRAVITATIONAL, PRESSURE, AND TOTAL HYDRAULIC HEADS 

The water entering the column of Fig. 7.3 is under a pressure, which is the 
sum of the hydrostatic pressure and the atmospheric pressure acting on 
the surface of the water in the reservoir. Since the atmospheric pressure is the 
same at both ends of the system, we can disregard it and consider only 
the hydrostatic pressure. Accordingly, the water pressure at the inflow bound- 
ary P[ = p w gH pi . Since p w and g are both nearly constant, we can express this 
pressure in terms of the pressure head H pi . 

Water flow in a horizontal column occurs in response to a pressure head 
gradient. Flow in a vertical column may be caused by gravitation as well as 
pressure. The gravitational head H g at any point is determined by the height of 
the point relative to some reference plane, while the pressure head is determined 
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by the height of the water column resting on that point. The total hydraulic 
head H is the sum of these two heads: 

H = H p + H g (7.8) 

To apply Darcy's law to vertical flow, we must consider the total hydraulic 
head at the inflow and at the outflow boundaries (Hi and H , respectively): 

H[ = H pi + H gi and H Q = H po + H go 

Darcy's law thus becomes 

q = K[(H pi + H gi ) - (H po + H go )]/L 

The gravitational head is often designated as z, which is the vertical distance 
in the rectangular coordinate system x, y, z. It is convenient to set the reference 
level as the point z = at the bottom of a vertical column or at the center of a 
horizontal column. However, the exact elevation of this hypothetical level is 
unimportant, since the absolute values of the hydraulic heads determined in 
reference to it are immaterial and only their differences from one point in the 
soil to another affect flow. 

The pressure and gravity heads can be represented graphically in a simple 
way. To illustrate this, we shall immerse and equilibrate a vertical soil column in 
a water reservoir so that the upper surface of the column will be level with the 
water surface, as shown in Fig. 7.4. The coordinates of Fig. 7.4 are arranged so 
that the height above the bottom of the column is indicated by the vertical axis 
z; and the pressure, gravity, and hydraulic heads are indicated on the horizontal 
axis. The gravity head is determined with respect to the reference level z = 0, and 
it increases with height at the ratio of 1:1. The pressure head is determined with 
reference to the free- water surface, at which the hydrostatic pressure is zero. 
Accordingly, the hydrostatic pressure head at the top of the column is zero and 
at the bottom of the column is equal to L, the column length. Just as the grav- 
ity head diminishes from top to bottom, so the pressure head increases. 



Piezometers Soil 




H = Head(H) H = L 



Fig. 7.4. Distribution of pressure, gravity, and total hydraulic heads in a vertical column immersed in 
water, at equilibrium. 
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Consequently their sum, which is the hydraulic head, remains constant all along 
the column. This is a state of equilibrium, at which no flow occurs. 

This statement deserves to be further elaborated. The water pressure is not 
equal along the column, being greater at the bottom than at the top of the col- 
umn. Why, then, will the water not flow from a zone of higher pressure to one 
of lower pressure? If the pressure gradient were the only force causing flow (as 
it is, in fact, in a horizontal column), the water would tend to flow upward. 
However, opposing the pressure gradient is a gravitational gradient of equal 
magnitude, resulting from the fact that the water at the top is at a higher gravi- 
tational potential than that at the bottom. In the illustration given, the two 
opposing gradients in effect cancel each other, so the total hydraulic head is 
constant throughout the column, as indicated by the standpipes (piezometers) 
connected to the column at the left. 

As we already pointed out, it is convenient to set the reference level at the bot- 
tom of the column so that the gravitational potential can always positive. On 
the other hand, the pressure head of water can be either positive or negative: It 
is positive under a free-water surface (i.e., a water table) and negative above it. 

FLOW IN A VERTICAL COLUMN 

Figure 7.5 shows a uniform, saturated vertical column, the upper surface of 
which is ponded under a constant head of water H l9 and the bottom surface 
of which is set in a lower, constant-level reservoir. Flow is thus taking place 
from the higher to the lower reservoir through a column of length L. 




Fig. 7.5. Downward flow of water in a vertical saturated column. 
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In order to calculate the flux according to Darcy's law, we must know the 
hydraulic head gradient, which is the ratio of the hydraulic head drop (between 
the inflow and outflow boundaries) to the column length, as shown here: 

Pressure Gravity 
head head 

Hydraulic head at inflow boundary Hj = H 1 + L 

Hydraulic head at outflow boundary H = 0+0 

Hydraulic head difference AH = H X -H Q = H 1 + L 

The Darcy equation for this case is 

q = K AH/L = K{H t + L)/L = KH^L + K (7.9) 

Comparison of this case with the horizontal one shows that the rate of 
downward flow of water in a vertical column is greater than in a horizontal col- 
umn by the magnitude of the hydraulic conductivity. It is also apparent that, if 
the ponding depth H 1 is negligible, the flux is equal to the hydraulic conduct- 
ivity. This is due to the fact that, in the absence of a pressure gradient, the only 
driving force is the gravitational head gradient, which, in a vertical column, has 
the value of unity (since this head varies with height at the ratio of 1:1). 

We now examine the case of upward flow in a vertical column, as shown in 
Fig. 7.6. In this case, the direction of flow is opposite to the direction of the 
gravitational gradient, and the hydraulic gradient becomes 

Pressure Gravity 
head head 

Hydraulic head at inflow boundary H x = H 1 + 

Hydraulic head at outflow boundary H = + L 

Hydraulic head difference AH = H X -H = H 1 - L 




Fig. 7.6. Steady upward flow in a saturated vertical column. 
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The Darcy equation is thus: 

q = K(H t - L)/L = KH t /L - K = K AH/L 



FLOW IN A COMPOSITE COLUMN 

Figure 7.7 depicts steady flow through a soil column consisting of two 
distinct layers, each homogeneous within itself and differing from the other 
layer in thickness and hydraulic conductivity. Layer 1 is at the inlet and layer 
2 is at the outlet side of the column. The hydraulic head values at the inlet 
surface, at the interlayer boundary, and at the outlet end are designated H l9 
H 2 , and H 3 , respectively. At steady flow, the flux through both layers must 
be equal: 



q = KxlHx - H 2 )/L, = K 2 (H 2 - H 3 )/L 2 



(7.10) 



where q is the flux, K~i and L\ are the conductivity and thickness (respect- 
ively) of the first layer, and K 2 and L 2 are the same for the second layer. Here 
we have disregarded any possible contact resistance between the layers. 
Thus, 

H 2 = H 1 -qL 1 /K 1 and qL 2 /K 2 = H 2 -H 3 

Therefore, 

qL 2 /K 2 = H 1 -qL 1 /K 1 -H 3 and q = (H 1 -H i )l(L 2 IK 2 + L 1 IK 1 ) (7.11) 

The reciprocal of the conductivity has been called the hydraulic resistivity, 
and the ratio of the thickness to the conductivity (R^ = L/K) has been called 
the hydraulic resistance per unit area. Hence, 



q = AH/(R hl + R h2 ) 



(7.12) 



Hr 



Top layer 
Ki 



Sublayer 
K 2 



Free-water surface 



Soil surface 



Interface 



XL 



Water table 



Fig. 7.7. Downward flow through a composite column. 
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where AH is the total hydraulic head drop across the entire system and R^i? ^h2 
are the hydraulic resistances of layers 1 and 2. Equation (7.12) is in complete anal- 
ogy to Ohm's law for an electric current through two constant resistances in series. 



Sample Problem 

Let us consider two cases of steady downward percolation through a two-layer soil pro- 
file, the top of which is submerged under a 1 -m head of water and the bottom of which 
is defined by a water table. Each of the two layers is 0.50 m thick. In the one case, the 
conductivity of the top layer is 1 0~ 6 m/sec and that of the sublayer is 1 0~ 7 m/sec. In the 
second case, the same layers are reversed. 

To calculate the flux and the hydraulic and pressure heads at the interface between 
the layers, we use the Ohm's law analogy for steady flow through two resistors in series: 

q = AH/(Ri+R 2 ) 

where q is the flux, AH is the total hydraulic head drop across the profile, and R^, R 2 are 
the hydraulic resistances of the top layer and sublayer, respectively. 

Each resistance is proportional directly to the layer's thickness and inversely to its con- 
ductivity (i.e., R = L/K). The pressure head at the soil surface is 1 m, and the gravity head 
(with reference to the soil's bottom) is also 1 m. Both the pressure and gravity heads at 
the bottom boundary are zero. Hence, 

q = (1 m + 1 m)/(0.5 m/1 0~ 6 m/sec + 0.5 m/1 0~ 7 m/sec) = 3.64 x 1 0~ 7 m/sec 

We can now apply Darcy's equation to the top layer alone to obtain the hydraulic head 
at the interlayer interface: 

q= Ki AHi/Li = Ki(H surface - H\ nter f ace )/L<\ 

Hence: 

^interface = ^surface _ ^l/^l 

= 2 m - (3.64 x 1 0~ 7 m/sec)(0.5 m)/1 0~ 6 m/sec = 1 .81 8 m 

Since the gravity head at the interface is 0.5 m (above our reference datum at the 
bottom of the profile), the pressure head H p is 

Hp = H - H g = 1 .81 8 - 0.50 = 1 .31 8 m 

We now reverse the order of the layers so that the less conductive layer overlies the 
more conductive. The total head drop remains the same and so does the total resist- 
ance. Therefore the flux remains the same (assuming that both layers are still saturated 
and the conductivity of each does not change). Applying Darcy's equation to the top 
layer, we have, as previously, 

interface = 2.0 - (3.64 x 1 0- 7 )(0.5)/1 0~ 7 = 0.1 8 m 

In this case the pressure head at the interface is 

Hp = H - H g = 0.1 8 - 0.50 = -0.32 m 

Note: Comparison between the interface pressures of the two cases illustrates an import- 
ant principle regarding flow in layered profiles. With the more conductive layer on top, flow 
is impeded at the interface and there is a pressure buildup, which in our case increased the 
pressure head from 1 m at the surface to 1.218 m at the interface. The opposite occurs 
when the upper layer is less conductive. In this case the pressure is dissipated through the 
top layer, often to the extent that a negative pressure develops at the interface. 
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FLUX, FLOW VELOCITY, AND TORTUOSITY 

As stated earlier, the flux density (herein, simply flux) is the volume of water 
V passing through a unit cross-sectional area A (perpendicular to the flow 
direction) per unit time £, the dimensions of which are equivalent to length per 
time: 

q= V /At = L 3 /L 2 T=LT- 1 

(In SI units, the flux is expressed in cubic meters per square meter per second, 
equivalent to meters per second). These are the dimensions of velocity, yet we 
prefer the term flux to flow velocity, the latter being too ambiguous. Since soil 
pores vary in shape, width, and direction, the actual flow velocity in the soil 
is highly variable (e.g., wider pores conduct water more rapidly, and the liquid 
in the center of each pore moves faster than the liquid in close proximity to 
the particles). Strictly speaking, therefore, one cannot refer to a single velocity 
of liquid flow, but at best to an average velocity. 

Even the average velocity of the flowing liquid differs from the flux as we 
have defined it. Flow does not in fact take place through the entire cross- 
sectional area A, because part of this area is plugged by particles and only 
the porosity fraction permits flow. Since the real area through which flow 
takes place is smaller than A, the average velocity of the liquid must be 
greater than the flux q. Furthermore, the actual length of the path traversed 
by an average parcel of liquid is greater than the soil column length L, 
owing to the labyrinthine, or tortuous, nature of the pore passages, as 
shown in Fig. 7.8. 

Tortuosity can be defined as the ratio of the average roundabout path to the 
apparent, or straight, flow path; that is, the ratio of the average length of the 
pore passages (as if they were stretched out in the manner one might stretch 
out a coiled or tangled telephone wire) to the length of the soil specimen. 
Tortuosity is thus a dimensionless geometric parameter of porous media, 
which, though difficult to measure precisely, is always greater than 1 and may 
exceed 2. The tortuosity factor is sometimes defined as the inverse of what we 
defined as the tortuosity. 




Fig. 7.8. Flow path tortuosity in the soil. 
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HYDRAULIC CONDUCTIVITY, PERMEABILITY, AND FLUIDITY 

Recalling that the hydraulic conductivity K is the ratio of the flux to the poten- 
tial gradient (i.e., the slope of flux vs. gradient, Fig. 7.9) and that the dimensions 
of flux are LT -1 , we note that the dimensions of hydraulic conductivity depend 
on those assigned to the potential gradient. In Chapter 6, we showed that the sim- 
plest way to express the potential is by use of length, or head, units (though, 
strictly speaking, H is not a true length but a pressure equivalent in terms of 
a water column height H = P/pg). Therefore, the hydraulic head gradient H/L, 
being the ratio of length to length, is dimensionless. Accordingly, the dimensions 
of hydraulic conductivity are the same as those of flux, namely, LT -1 . However, 
If the gradient is expressed in terms of the variation of hydraulic pressure with 
length, then the hydraulic conductivity assumes the dimensions of M _1 L 3 T. Since 
the latter is cumbersome, the use of head units is generally preferred. 

In a saturated soil of stable structure, as well as in a rigid porous medium 
such as sandstone, the hydraulic conductivity is usually found to be nearly 
constant. Its order of magnitude is about 10~ 4 -10~ 5 m/sec in a sandy soil and 
10~ 6 -10~ 9 m/sec in a clayey soil. 

To appreciate the practical significance of these values in more familiar 
terms, consider the hypothetical case of an unlined (earth-bottom) reservoir or 
pond in which one wishes to retain water against losses caused by downward 
seepage. Assuming, for the sake of simplicity, that seepage into and through 
the underlying soil is by gravity alone (i.e., no pressure or suction gradients in 
the soil), it will take place at a rate approximately equal to the hydraulic con- 
ductivity. A coarse sandy soil might have a K value of, say, 10~ 4 m/sec and 
would therefore lose water at the enormous rate of nearly 9 m/day (there being 
8.64 x 10 4 sec/day). A loam soil with a K value of 10~ 6 m/sec would lose 
"only" about 0.1 m/day (100 mm/day). Finally, and in contrast, a bed of clay 
with a conductivity of 10~ 8 m/sec would allow the seepage of no more than 
1 mm/day, less than the generally expectable rate of evaporation. 




Hydraulic gradient (AH /AX) 



Fig. 7.9. The linear dependence of flux on hydraulic gradient, the hydraulic conductivity 
being the slope (i.e., the flux per unit gradient). 
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The hydraulic conductivity is obviously affected by structure as well as by 
texture, being greater if the soil is highly porous, fractured, or aggregated 
than if it is tightly compacted and dense. Hydraulic conductivity depends not 
only on total porosity but also, and primarily, on the sizes of the conducting 
pores. 

Contrary to the convenient assumption (just stated) that the hydraulic con- 
ductivity of a saturated soil remains constant, it is often found to vary (gener- 
ally to diminish) over time. Because of various chemical, physical, and 
biological processes, the hydraulic conductivity may change as water perme- 
ates the soil and flows in it. Changes occurring in the composition of the 
exchange complex (as when water entering the soil differs in composition or 
concentration of solutes from the original soil solution) can greatly affect the 
hydraulic conductivity. In general, the conductivity decreases with decreasing 
concentration of electrolytic solutes. This is due to swelling and dispersion 
phenomena, which are also affected by the species of cations present. 
Detachment and migration of clay particles during flow may result in the clog- 
ging of pores. 

In practice, it is extremely difficult to saturate a soil with water without 
trapping some air. Encapsulated air bubbles may block pore passages, as 
shown in Fig. 7.10. Temperature changes may cause the flowing water to dis- 
solve or to release gas bubbles and will also cause a change in their volume, 
thus affecting conductivity. 

The hydraulic conductivity K is not a property of the soil alone. Rather, it 
depends jointly on the attributes of the soil and of the fluid. The soil charac- 
teristics that affect K are the total porosity, the distribution of pore sizes, and 
tortuosity — in short, the soil's pore geometry. The fluid attributes that affect 
conductivity are density and viscosity. 

It is possible in theory, and sometimes in practice, to separate K into two 
factors: intrinsic permeability of the soil k and fluidity of the permeating liquid 
(or gas) f: 



If K is given in terms of m/sec (LT -1 ), then k is in units of m 2 (L 2 ) and f is in 
units of m _1 sec -1 (L _1 T _1 ). 

Fluidity is related directly to density and inversely to viscosity: 



K = kf 



(7.13) 



f=pgfr\ 



(7.14) 



Hence, 



k = Kr[/pg 



(7.15) 
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where r\ is the dynamic viscosity (N sec/m 2 , or Pa sec), p is the fluid density 
(kg/m 3 ), and g is the gravitational acceleration (m/sec 2 ). 

While fluidity varies with temperature and composition of the fluid, per- 
meability is ideally a property of the porous medium's pore geometry alone, 
provided the fluid and the solid matrix do not interact in such a way as to 
change the properties of either. In a stable porous body, the same permeability 
will be obtained with different fluids (water, air, or oil). However, in many 
cases water does interact with the solid matrix to modify its permeability, so 
hydraulic conductivity cannot be resolved into separate and independent prop- 
erties of water and of soil. 

LIMITATIONS OF DARCY'S LAW 

Darcy's law is not universally valid for all conditions of liquid flow in 
porous media. It has long been recognized that the linearity of the flux versus 
hydraulic gradient relationship fails at high flow velocities, where inertial 
forces are no longer negligible compared to viscous forces. Darcy's law applies 
only as long as flow is laminar (i.e., nonturbulent movement of adjacent layers 
of the fluid relative to one another) and where soil-water interaction does not 
result in a change of fluidity or of permeability with a change in gradient. 
Laminar flow prevails in silts and finer materials for most commonly occur- 
ring hydraulic gradients found in nature. In coarse sands and gravels, however, 
hydraulic gradients much in excess of unity may result in nonlaminar flow 
conditions, so in such cases Darcy's law may not be applicable. 

The quantitative criterion for the onset of turbulent flow is the Reynolds 
number N Re : 

N Re = dup/ri (7.16) 

where u is the mean flow velocity, d is the effective pore diameter, p is the 
liquid density, and T| is its viscosity. In straight tubes, the critical value of N Re 
beyond which turbulence sets in has variously been reported to be of the order 
of 1000-2200 (Childs, 1969). However, the critical Reynolds number at which 
water flowing in a tube becomes turbulent is apparently reduced greatly when 
the tube is curved and its diameter varies. For porous media, therefore, it is 
safe to assume that flux remains linear with hydraulic gradient only as long as 
N Re is smaller than unity. As flow velocity increases, especially in systems of 
large pores, the occurrence of turbulent eddies or nonlinear laminar flow 
results in "waste" of effective energy; that is, some energy is dissipated by the 
internal churning of the liquid so that the hydraulic potential gradient becomes 
less effective in inducing flow . This is illustrated in Fig. 7.11. 

Deviations from Darcy's law may also occur at the opposite end of the 
flow-velocity range, namely, at low gradients and in narrow pores. Some 
investigators (Swartzendruber, 1962; Miller, R. J. and Low, 1963; Nerpin et 
al., 1966) have claimed that, in clayey soils, small hydraulic gradients may 
cause no flow or only low flow rates that are less than proportional to the 
gradient. 

A possible reason for this anomaly is that the water in close proximity to 
the particle surfaces and subject to their adsorptive force fields may be more 
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Hydraulic gradient 



Fig. 7.1 1. The deviation from Darcy's law at high flux, where flow becomes turbulent. 



rigid than ordinary bulk water and may exhibit the properties of a Bingham 
liquid (having a yield value) rather than a Newtonian liquid (Hillel, 1980a). 
The adsorbed (or "bound") water may even have a quasi-crystalline structure 
similar to that of ice. Some soils may exhibit a threshold gradient (Miller, R. J. 
and Low, 1963), below which the flux is either zero (the water remaining 
apparently immobile) or at least lower than predicted by the Darcy relation, 
and only at gradients exceeding the threshold value does the flux become pro- 
portional to the gradient (Fig. 7.12). These phenomena and their possible 
explanations, though highly interesting, are generally of little importance in 
practice, so Darcy's law can be employed in the vast majority of cases per- 
taining to the flow of water in soil. 

Another possible cause for apparent flow anomalies in clay soils is their ten- 
dency to swell or compress (Smiles, 1976). As commonly formulated, Darcy's 
law applies to flow relative to a geometrically fixed porous matrix, and it may 
seem to fail when the particles composing the matrix are themselves moving 
relative to a fixed frame of reference. 




Yield Threshold Hydraulic gradient 

gradient 



Fig. 7.12. Possible deviations from Darcy's law at low gradients. 
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HOMOGENEITY AND ISOTROPY 

The hydraulic conductivity may be uniform throughout a soil, or it may 
vary from point to point, in which case the soil is said to be hydraulically 
inhomogeneous. If the conductivity is the same in all directions, the soil is 
isotropic. However, the conductivity at each point may differ for different 
directions (e.g., the horizontal conductivity may be greater, or smaller, than the 
vertical), a condition known as anisotropy. 

A soil may be homogeneous and nonetheless anisotropic, or it may be inhomo- 
geneous (e.g., layered) and yet isotropic at each point. Some soils exhibit both 
inhomogeneity and anisotropy. In certain cases, K may also be asymmetrical (or 
directional); that is to say, K may have a different value for opposite directions 
of flow along a given line. A basic review of anisotropy and layering was given 
by Bear et al. (1968). Anisotropy is generally due to the structure of the soil, 
which may be laminar, or platy, or columnar, etc., thus exhibiting a pattern of 
micropores or macropores with a distinct directional bias. 

To illustrate the meaning of the concepts of homogeneity and isotropy, let 
us consider the hypothetical situation of two continuous bodies of soil or, bet- 
ter yet, two realms within the same body of soil, as shown in Fig. 7.13. The 
hydraulic conductivities for the three principal axes of the x, y, z coordinate 
system are designated K x , K y , K z , respectively, for the soil body on the left; and 
the corresponding conductivities are designated K x \ K y *, K z * for the body on 
the right. Four possible cases exist: 



Case I. The soil is homogeneous and isotropic throughout both realms 

Homogeneous: K x = K x *,K y = K y *,K z = K* 
Isotropic: K x = K y = K Z ,K X * = K y * = K* 

Case II. The soil is homogeneous but anisotropic. 

Homogeneous: K x = K x %K y = K y *,K z = K* 
Anisotropic: K x * K y * K z , K x * * K y * * K* 

Case III. The soil is inhomogeneous but isotropic. 

Inhomogeneous: K x ^ K x *,K y ^ K y \K z ^ K z * 
Isotropic: K x = K y = K Z ,K X * = K y * = K 



single value of K 



3 values of K 



2 values of K 




Fig. 7.13. Schematic illustration of homogeneity and isotropy for two adjacent realms in 
the soil. 
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Case IV. The soil is both inhomogeneous and anisotropic. 

Inhomogeneous: K x ^ K X *,K ^ K y *,K z ^ K z * 
Anisotropic: K x * K y * K z , K x * * K y * * K* 

Analysis of anisotropic flow systems is also complicated by the fact that the 
flow direction may not be orthogonal to the equipotential lines or planes; that 
is to say, the flow does not necessarily take place in the direction of the steep- 
est potential gradient. 



6 values of K 



MEASURING HYDRAULIC CONDUCTIVITY OF SATURATED SOILS 

Methods for measuring hydraulic conductivity in the laboratory were 
reviewed by Klute and Dirksen (1986) and by Reynolds et al. (2002), and for 
measurement in the field, by Amoozegar and Warrick (1986). The use of 
laboratory permeameters is illustrated in Figs. 7.14 and 7.15. Measurements 
are made either with dried and fragmented specimens, packed into the flow 
cells in a standardized manner, or, preferably, with undisturbed core samples 
taken directly from the field. In either case, provision must be made to avoid 
boundary flow along the walls of the container. 

Field measurements can be made below the water table, as by the auger- 
hole method or by the piezometer method (Reynolds et al., 2002). Techniques 
have also been proposed for measurements above the water table, as by the 
double-tube method (Bouwer, 1961, 1962), the shallow -well pump-in 
method, and the field-permeameter method (Winger, 1960). Topp and 
Sattlecker (1983) described a rapid measurement of horizontal and vertical 
components of a soil's saturated hydraulic conductivity. Mallants et al. 




Fig. 7.14. The measurement of saturated hydraulic conductivity with a constant-head 
permeameter: K= VL/At AH. 
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A 



Fig. 7.15. The measurement of saturated hydraulic conductivity with a falling head perme- 
ameter: K= [23aL/A(t 2 - fi)](log - log H 2 ). Note that H-\, H 2 are the values of hydraulic head 
at times t-\ and t 2 , respectively. 



(1997) analyzed the spatial dependence of saturated hydraulic conductivity in 
a soil with macropores. 

Typical values of saturated hydraulic conductivity for soils of different 
texture are listed in Table 7.1. Owing to soil heterogeneity, the apparent 
hydraulic conductivity measured often depends on the scale of the meas- 
urement. Thus, the K value measured on a cubic centimeter or decimeter 
may differ from the average value measured on a cubic meter. Too often, 
this is ignored and K values are reported without specifying the scale of the 
measurement. 



TABLE 7.1 Hydraulic Conductivity at Saturation (ft s ), Particle Diameters 
(d), and Height of Capillary Rise (fi c ) for some Solids 





fC $ (m/sec) 


d (mm) 


h c (m) 


Clay 


10-io_io-8 


<0.002 


2-4 


Silt 


1 0-8-1 0" 6 


0.002-0.05 


0.7-1.5 


Sand 


10-5-10-3 


0.05-2 


0.12-0.35 


Gravel 


1 Q-2-1 o-i 


>2 


Nil 



a After Boeker and van Grandelle (1995). 
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Darcy's law, by itself, is sufficient only to describe steady, or stationary, 
flow processes, in which the flux remains constant and equal throughout the 
conducting medium (and hence the potential and gradient at each point 
remain constant in time). Unsteady, or transient, flow processes, in which the 
magnitude and possibly even the direction of the flux and potential gradient 
vary in time, require the inclusion of an additional law, namely, the law of con- 
servation of matter. To understand how this law applies, consider a small vol- 
ume element (say, a cube) of soil, into and out of which flow takes place at 
possibly differing rates. The mass conservation law, expressed in the equation 
of continuity, states that if the rate of inflow into the volume element exceeds 
the rate of outflow, then the volume element must be storing the excess and 
increasing its water content. Conversely, if outflow exceeds inflow, storage 
must be decreasing. 

Consider first the simplest case, one-dimensional flow, with q x as the flux 
in the direction of x. Any increase of q x with x must equal the decrease of 
water content w with time t: 



de/dt = -dq x /dx (7.18) 
which in multidimensional systems becomes 

39/3t = -V-<j (7.19) 

We recall Darcy's law, 

q = -KVH (7.20) 

which in one dimension is 



q x = -K(dH/dx) (7.21) 

(where H is the hydraulic head and K is the hydraulic conductivity). Now we 
combine equation (7.20) with the continuity equation (7.19) to obtain the 
general flow equation: 

dQ/dt = V ■ K VH (7.22) 

In applying this equation, the assumptions are usually made that inertial forces 
are negligible in comparison with viscous forces, that water is continuously 
connected throughout the flow region, that isothermal conditions prevail, and 
that no chemical or biological phenomena change the fluid or the porous 
medium during the flow process. 

In one dimension, Eq. (7.22) becomes 

dt dx 

Note that Eq. (7.23) is a partial differential equation with two independent 
variables, t and x. 



K 



dx 
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Since the hydraulic head can be resolved into a pressure head H p and 
a gravitational head (an elevation z above some reference datum), we can 
rewrite Eq. (7.22) as 



30 

dt 



= V • [K(VH p + Vz)] 



(7.24) 



In horizontal flow, Vz = 0, so for this case, 



39 
dt 



d_ 
dx 



K 



dx 



(7.25) 



while in vertical flow, dz/8z = 1, and therefore, for this case, 



ae 

dt 



d_ 

dz 



K 



dz 



+ 1 



(7.26) 

In a saturated soil with an incompressible matrix, 80/& = 0, the conductiv- 



ity is usually assumed to remain constant; hence Eq. (7.23) becomes 

K = d 2 H/dx 2 = 



(7.27) 



where K s is the hydraulic conductivity of the saturated soil (the "saturated 
conductivity"). For three-dimensional flow conditions, and allowing for 
anisotropy, the equation is 



K x — t~ + K — — + K 
dx 2 y dy 2 



d 2 H 

dz 2 



= 



(7.28) 

where K x , K y , and K z represent the hydraulic conductivity values in the three 
principal directions x, y, z. 

In an isotropic soil (where K x = K y = K z at each point) that is also homoge- 
neous (the K values of all points are equal), we obtain the well-known Laplace 
equation: 



d 2 H/dx 2 + d 2 H/dy 2 + d 2 H/dz 2 = 



(7.29) 



This second-order partial differential equation of the elliptical type can be 
solved in some cases to obtain a quantitative description of steady-state flow 
in various geometric configurations. 



WATER FLOW IN 
UNSATURATED SOIL 



IN UNSATURATED VERSUS SATURATED SOIL 

Most of the processes involving soil-water interactions in the field, includ- 
ing the supply of moisture and nutrients to plant roots as well as the transport 
of water and solutes beyond the root zone, occur while the soil is in an unsat- 
urated condition. Unsaturated flow processes are in general complicated and 
difficult to describe quantitatively, since they often entail changes in the state 
and content of soil water during flow. Such changes involve complex relations 
among such variables as soil wetness, suction, and conductivity, whose inter- 
relations are further complicated by hysteresis as well as by spatial variability. 

In the preceding chapter, we stated that the flow of water in the soil is 
driven by a hydraulic potential gradient, that it occurs in the direction of 
decreasing hydraulic potential, and that its rate (flux) is proportional to the 
potential gradient and is affected by the geometric properties of the pore 
channels through which flow takes place. These principles apply in unsat- 
urated as well as saturated soils. However, the nature of the moving force and 
the effective geometry of the conducting pores may be very different. 

Apart from the gravitational force (which is completely independent of soil 
wetness), the primary moving force in a saturated soil is the gradient of a posi- 
tive pressure potential. On the other hand, water in an unsaturated soil is sub- 
ject to a subatmospheric pressure, or matric suction, which is equivalent to a 
negative pressure potential. The gradient of this potential likewise constitutes 
a moving force. 

Matric suction is due, as we have noted, to the physical affinity between 
water and the matrix of the soil, including both the soil-particle surfaces and 
the capillary pores. When suction is uniform all along a horizontal column of 
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soil, the column is at equilibrium and there is no moving force. Not so when 
a suction gradient exists. In that case, water will be drawn from a zone where 
the hydration envelopes surrounding the particles are thicker to where they are 
thinner, and from a zone where the capillary menisci are less curved to where 
they are more strongly curved. In other words, water will flow spontaneously 
from where matric suction is lower to where it is higher. It will flow in the 
pores that are water filled at the existing suction and creep along the hydra- 
tion films over the particle surfaces, in a tendency to equilibrate the potential. 
(The ideal state of equilibrium, like human happiness, may never be achieved 
in practice, but its natural pursuit is a universal rule.) 

Perhaps the most important difference between unsaturated and saturated 
flow is in the hydraulic conductivity. When the soil is saturated, all of the 
pores are water filled and conducting. The water phase is then continuous 
and the conductivity is maximal. When the soil desaturates, some of the 
pores become air filled, so the conductive portion of the soil's cross-sectional 
area diminishes. Furthermore, as suction develops, the first pores to empty 
are the largest ones, which are the most conductive (remember Poiseuille's 
law!), thus relegating flow to the smaller pores. At the same time, the large 
empty pores must be circumvented, so, with progressive desaturation, tortu- 
osity increases. In coarse-textured soils, water may be confined almost 
entirely to the capillary wedges at the contact points of the particles, thus 
forming separate and discontinuous pockets of water (see Fig. 8.1). In aggre- 
gated soils, too, the large interaggregate spaces that confer high conductivity 
at saturation become (when emptied) barriers to liquid flow from one aggre- 
gate to another. 

For all these reasons, the transition from saturation to unsaturation gener- 
ally entails a steep drop in hydraulic conductivity, which may decrease by sev- 
eral orders of magnitude (sometimes down to one-millionth of its value at 
saturation) as suction increases from to 1 MPa. At still higher suctions, or 
lower wetness values, the conductivity may be so low that very steep suction 
gradients, or very long times, are required for any appreciable flow to occur 
at all. 



Fig. 8.1. Water in an unsaturated coarse-textured soil. 
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Consider an unsaturated, horizontal body of soil in which water is flowing 
horizontally (i.e., in the absence of gravity gradients) in response to a suction 
gradient, as illustrated schematically in Fig. 8.2. In this model, the potential 
difference between the inflow and outflow ends is maintained not by different 
levels of positive hydrostatic pressure, but by different imposed suctions. In 
general, as the suction varies along the sample, so will the wetness and con- 
ductivity. If the suction head at each end of the sample is maintained constant, 
the flow rate will be steady but the suction gradient will vary along the sam- 
ple's axis. Since the product of gradient and conductivity must be constant for 
steady flow, the hydraulic potential gradient must steepen as the conductivity 
diminishes with the increase in suction along the length of the sample. This 
phenomenon is illustrated in Fig. 8.3. 

In view of the fact that the gradient along an unsaturated column is gener- 
ally variable, we should not, strictly speaking, divide the flux by the overall 
ratio of the head drop to the distance (AH/ Ax) to obtain the conductivity. 
Rather, we should divide the flux by the local gradient at each point to evalu- 
ate the exact conductivity and its variation with suction. In the following treat- 
ment, however, we assume that the column of Fig. 8.2 is sufficiently short (and 
the hydraulic gradient is not too steep) to allow us to evaluate at least an aver- 
age conductivity for the sample as a whole (i.e., K = q Ax/ AH). 

The average negative head, or suction, acting in the column is 



-H 



average ' 



average ' 



-(H, + H 2 )/2 



Porous plate 



Porous plate 




-Volumetric container 



Fig. 8.2. A model illustraning unsaturated flow (under a suction gradient) in a horizontal 
column. 
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Distance 

Fig. 8.3. The variation of wetness w, matric potential <|> m/ and conductivity K along a hypo- 
thetical column of unsaturated soil conducting a steady flow of water. 

We further assume that the suction everywhere exceeds the air-entry value so 
that the soil is unsaturated throughout. 

Let us now make successive and systematic measurements of flux versus 
suction gradient for different values of average suction. The hypothetical 
results of such a series of measurements are shown schematically in Fig. 8.4. 
As in the case of saturated flow, we find that the flux is proportional to the 
gradient. However, the slope of the flux versus gradient line, being the 
hydraulic conductivity, varies with the average suction. In a saturated soil, by 
way of contrast, the hydraulic conductivity is usually independent of the water 
pressure. 

Figure 8.5 shows the general trend of the dependence of conductivity on 
suction in soils of different texture. (Note that curves of K versus suction are 
usually drawn on a log-log scale, because both K and \\f vary over several 
orders of magnitude within the suction range of general interest, say, 0-100 m 
of suction head). It is seen that, although the saturated conductivity of the 




Suction gradient (AH/AX) 

Fig. 8.4. Hydraulic conductivity, the slope of the flux versus gradient relation, depends on 
the average suction in an unsaturated soil. 
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Clayey soil 



Suction 

Fig. 8.5. Dependence of conductivity on suction in different soils (log-log scale). 



sandy soil K sl is typically greater than that of the clayey soil K s2 , the unsat- 
urated conductivity of the former decreases more steeply with increasing suc- 
tion and eventually becomes lower. 

The steep decline of hydraulic conductivity with rising matric suction car- 
ries important implications regarding soil-water dynamics. It suggests that 
processes taking place in wet soil conditions are inherently faster than those 
occurring in drier soil conditions. Thus, the process of infiltration, during 
which water moves into the soil profile through a generally saturated surface 
zone, is much more rapid than evaporation, which typically involves the trans- 
fer of water from the interior of the soil to the atmosphere through a drying 
surface zone. 

The fact that a sandy soil is more conductive than a clayey soil at low suc- 
tion values but is less conductive in the higher suction range is the reason why 
a sandy soil absorbs water more rapidly during infiltration (while the surface 
is wetted to saturation or nearly so) but then does not sustain the evaporation 
process (during which the surface zone becomes desiccated) as can a clay soil. 

Various empirical equations have been proposed for the relation of 
conductivity to suction or to wetness (e.g., Gardner, 1960b), including the 
following: 



K(\\f) = a/\\f n 
K(\\f) = a/(b + \\f n ) 
K(v) = KJ[l + (y/y c )»] 
K(Q) = aQ n 

K(6) = K s s» = K s (Q/f)» 



(8.1a) 
(8.1b) 
(8.1c) 
(8.1d) 
(8.1e) 



where K is the hydraulic conductivity at any degree of saturation (or unsat- 
uration), K s is the saturated conductivity of the same soil, a, and n are 
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empirical constants (different in each equation), \|/ is matric suction head, is 
volumetric wetness, s is the degree of saturation, and \|/ c is the suction head at 
which K = KJ2. Note that s = 0//!, where f is porosity. 

In all of the equations, the most important parameter is the exponential 
constant, since it controls the steepness with which conductivity decreases 
with increasing suction or with decreasing water content. The n value of the 
first two equations is about 2 or less for clayey soils and may be 4 or more for 
sandy soils. For each soil, the equation of best fit and the values of the param- 
eters must be determined experimentally. 



Sample Problem 

The hydraulic conductivity versus matric suction functions of two hypothetical soils 
(sandy and clayey loams) conform to the empirically based equation 

K = a/[b + (\|/ - \|/ a ) n for \|/ > \|/ a 

where K is hydraulic conductivity (cm/sec), \|/ is suction head (cm H 2 0) and \|/ a is air- 
entry suction, and a, b, n are constants, with a/b representing the saturated soil's 
hydraulic conductivity K s . The exponential parameter n characterizes the steepness with 
which K decreases with increasing \|/. Assume that in the sandy soil K s = 10~ 3 cm/sec, 
a = 1 , b = 1 3 , \|/ a = 1 cm, and n = 3, whereas in the clayey soil K s = 2 x 1 0~ 5 , a = 0.2, 
b = 10 4 , \|/ a = 20, and n = 2. 

Plot the K versus \|/ curves. Note that the curves cross, and the relative conductivities 
are reversed: The sandy soil with the higher K s exhibits a steeper decrease of /(and falls 
below the clayey soil beyond a certain suction value \|/ c . Calculate the values of \|/ (des- 
ignated \|/ 1/2 ) at which each K equals (1/2)/C s , and estimate the common value of \|/ c at 
which the two curves intersect. 

For the sandy soil: 

/C=[10 3 + (\|/-10) 3 ]- 1 

The suction \|/ 1/2 at which K= 0.5K S = a/2b can be obtained by substituting V for 
(\|/- \|/ a ) and setting \j/ 3 = 10 3 (thus doubling the denominator). Therefore, 

\j> = 10 and \|/ 1/2 = \j> + \|/ a = 10 + 10 = 20 cm 

For the clayey soil: 

K=0.2/[10 4 + (\|/-20) 2 ] 
Following the previous procedure, and setting ^ 2 = 10 4 , we obtain 

\j> = 1 2 and \\f V2 = \j> + \|/ a = 100 + 20 = 120 cm 

Crossover suction value (\|/ c ): We can attempt to obtain this value algebrically (by set- 
ting the two expressions for K equal to each other and solving for the common \|/ value) 
or graphically (Fig. 8.6) by reading the \|/ value at which the K(\\f) curves intersect. The 
latter procedure is easier in this case, and it shows \|/ c to be about 48 cm. 

(Note: The soils depicted are completely hypothetical and are not to be taken as typ- 
ical of real sandy and clayey soils.) 
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Fig. 8.6. Hydraulic conductivity of a sand and a clay versus suction. 



EQUATIONS OF UNSATURATED FLOW 

The Continuity Equation 

Students may feel that the equation of continuity, based on the mass con- 
servation law, is intuitively understandable or logically self-evident so that it 
requires no formal proof. It is a simple statement, in mathematical form, that 
for a conserved substance such as water (i.e., a substance that is neither cre- 
ated nor destroyed in the soil), the amount entering minus the amount exiting 
a specified volume of soil must be equal to the change in water content of the 
same body. For those who like formalism, however, we offer the following. 

Consider a volume element of soil as a rectangular parallelepiped inside a 
space defined by the rectangular coordinates x, y, z (Fig. 8.7). Assume that the 
sides of the volume element are Ax, Ay, and As and that its volume is Ax Ay Az. 
Now consider the net flow in the x direction. If the flux emerging from the right- 
hand face exceeds the flux entering the left-hand face by the amount (6q/6x)Ax, 
then the difference in discharge (volume per unit time) flowing through the two 
faces must be (discharge being equal to flux multiplied by area Ay Az) 

Change in volume discharge = q Ay Az - [q + (dq/dx)Ax]Ay Az (8.2) 
(net inflow rate) = (inflow rate minus outflow rate) 

The net inflow rate must equal the rate of gain of water by the volume elem- 
ent of soil per unit time: 



Net inflow rate = -(dqfdx)Ax Ay Az 



(8.3) 
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Z 




Fig. 8.7. The continuity principle: a volume element of soil gaining or losing water in accord- 
ance with the divergence of the flux. 



The rate of gain of water by the volume element of soil can also be 
expressed in terms of the time rate of change of the volume concentration of 
water, 0, multiplied by the volume of the element: 

Rate of gain = (ddfdt)Ax Ay Az 

Setting the two alternative expressions equal to each other, we get 



(dQ/dt)Ax Ay Az = -(dqfdx)Ax Ay Az 
or dft/dt = -dq/dx 



(8.4) 



If we also consider the fluxes in the y and z directions, we obtain the three- 
dimensional form of the continuity equation: 



39 

dt 



AxAyAz = 

36 _ 
3r " 



3x 



d 4y | ^q z 



dy 

My 



dx dy 



3z 

dz 



AxAyAz 



(8.5) 



(8.6) 



where q x , q y , q z are the fluxes in the x, y, z directions, respectively. 
In shorthand mathematical notation, the last equation is written as 

ae/a* = -v >q (8.7) 

where the symbol V (del) is the vector differential operator , representing the 
three-dimensional gradient in space (in our case it is the spatial gradient of the 
flux q). The scalar product of the del operator and a vector function is called 
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the divergence and is designated div. An alternative expression of Eq. (9.7) is 
therefore 

ae/a£ = -div<? (8.8) 



The Combined Flow Equation 

Darcy's law, though originally conceived for flow in saturated porous 
media, has been extended to unsaturated flow, with the provision that the 
conductivity is now a function of the matric suction head [i.e., K = K(\\f)]: 

q = -K(\\f) VH (8.9) 

where VH is the hydraulic head gradient, which may include both suction and 
gravitational components. This equation, alons with its alternative formula- 
tions, is known as Richards' equation. 

Equation (8.9) as written here fails to take into account the hysteresis of 
soil-water characteristics. In practice, the hysteresis problem can sometimes be 
evaded by limiting the use of this equation to cases in which the suction (or 
wetness) change is monotonic — either increasing or decreasing continuously. 
However, in processes involving successive wetting and drying phases, the 
K(\\f) function may be highly hysteretic. However, the relation of conductivity 
to volumetric wetness K(Q) or to degree of saturation K(S) is affected by hys- 
teresis to a lesser extent than is the K(\\f) function. Darcy's law for unsaturated 
soil can thus be written 

q = -K(Q) VH (8.10) 

which, however, still leaves us the problem of dealing with the hysteresis 
between \|/ and 0. 

To account for transient flow processes, we introduce the continuity principle: 

de/dt = -V • q 

Thus, 

dQ/dt = V- [K(\\f)VH] (8.11) 

Remembering that the hydraulic head is, in general, the sum of the pressure 
head (or its negative, the suction head \|/) and the gravitational head (or eleva- 
tion z), we can write 

de/dt = V- [K(\|/)V(\|/-z) (8.12) 

Since Vz is zero for horizontal flow and unity for vertical flow, we can rewrite 
Eg. (8.6) as follows: 

= -V • (K(WW) + H (8.12a) 

or 
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BOX 8.1 Two-Phase Flow 

Jl, Most theoretical treatments of water flow ignore the presence of the air phase in 
^ I an unsaturated soil or at least imply that soil air does not hinder water movement. 
As mentioned, transient-state flow processes generally involve changes in the 
amount of water contained in a given volume element of soil. If the bulk density of the 
soil body does not change, then a net inflow of water implies expulsion of air, and an out- 
flow of water implies entry of air. As long as the soil's air phase is continuous (i.e., not 
encapsulated in the form of isolated pockets or bubbles) and open to the external atmos- 
phere, it presents no appreciable resistance to water flow. This is so because the fluidity of 
air (inversely related to the viscosity) is some 50 times greater than that of water. 

However, when the free entry or escape of air is obstructed by some barrier (e.g., a 
saturated or tightly compacted layer with constricted pores), the air phase is confined 
and necessarily affects water movement. Under such conditions, the simultaneous flows 
of the two fluids should be considered jointly (Kutilek and Nielsen, 1994). 



Processes may occur in which Vz (the gravity gradient) is negligible compared 
to the strong matric suction gradient V\|/. In such cases, 



30/3* = V- [K(\|/)V\|/] 
or, in a one-dimensional horizontal system, 



30 

dt 



_3_ 
dx 



OX 



(8.14) 



(8.15) 



HYDRAULIC DIFFUSIVITY 

Efforts have been made to simplify the mathematical treatment of unsat- 
urated flow processes by casting the flow equations into a form analogous 
to the equations of diffusion and heat conduction, for which ready solutions 
are available (e.g., Carslaw and Jaeger, 1959; Crank, 1975), in some cases 
involving boundary conditions applicable to soil-water flow processes. It is 
sometimes possible to relate the flux to the water content (wetness) gradient 
rather than to the potential (suction) gradient. We illustrate the approach 
using the one-dimensional form of the flow equation, disregarding gravity. 

The matric suction gradient 8\|//8x can be expanded by the chain rule: 

3\|/ _ d\\f 30 

dx dQ dx (8.16) 

Here 30/3x is the wetness gradient and 3\|//30 is the reciprocal of specific water 
capacity, C(0): 

C(0) = de/d\\f (8.17) 

which is the slope of the soil-moisture characteristic curve at a particular value 
of wetness 0. 
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We can now rewrite the Darcy equation as follows: 

T, lg * ^¥ K(Q) 39 

To cast this equation into a form analogous to Fick's law of diffusion, a 
function is introduced called the diffusivity, D: 

D(0) = K(9)/C(9) = K(Q)(dy/d6) (8.19) 

D is thus defined as the ratio of the hydraulic conductivity K to the specific 
water capacity C, and since both are functions of soil wetness, so D must be 
also. To avoid confusion between the classical concept of diffusivity pertain- 
ing to the diffusive transfer of components in the gaseous and liquid phases 
(see Chapters 9 and 11 on solute movement and gas exchange in the soil) and 
this borrowed application of the same term to describe convective flow, we 
propose to qualify it with the adjective hydraulic. Here, therefore, we shall 
employ the term hydraulic diffusivity when referring to D of Eq. (8.19). We 
can now rewrite Eq. (8.10): 

4 = -D(6)V9 (8.20) 

or, in one dimension, 

q = -D(Q)(dQ/dx) (8.21) 

which is mathematically identical to Fick's first law of diffusion. 

Hydraulic diffusivity can thus be viewed as the ratio of the flux (in the 
absence of gravity and of hysteresis effects) to the soil-water content (wetness) 
gradient. As such, D has dimensions of length squared per unit time (L 2 T _1 ), 
since K has the dimensions of volume per unit area per time (LT -1 ) and the 
specific water capacity C has dimensions of volume of water per unit volume 
of soil per unit change in matric suction head (L -1 ). In the use of Eq. (8.21), 
the gradient of wetness is taken to represent, implicitly, a gradient of matric 
potential, which is the true driving force. 

Introducing the hydraulic diffusivity into Eq. (8.15), for one-dimensional 
flow in the absence of gravity, we obtain 



30 _ d_ 
dt dx 



dx 



(8.22) 



which has only one dependent variable (0) rather than the two (0 and \|/) of 
Eq. (9.15). 

In the special case that the hydraulic diffusivity remains constant (though it 
is not generally safe to assume this except for a very small range of wetness), 
Eq. (8.22) can be written in the form of Fick's second diffusion equation: 

dQ/dt = D{d 2 Q/dx 2 ) (8.23) 

A word of caution is now in order. In employing the diffusivity concept and 
all relationships derived from it, we must remember that the process of liquid 
water movement in the soil is not one of diffusion but of mass flow, also termed 
convection. As we have already suggested, the borrowed term diffusivity, if 
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taken literally, can be misleading. Furthermore, the diffusivity equations become 
awkward whenever the hysteresis effect is appreciable or where the soil is 
layered or in the presence of thermal gradients. Under such conditions, flow may 
not occur down a water-content gradient or bear any simple or consistent rela- 
tion to that gradient, and it may actually be in the opposite direction to it. 

Whenever the use of hydraulic diffusivity is appropriate, an important 
advantage to doing so is that its range of variation is generally much smaller 
than that of hydraulic conductivity. The maximum value of D found in prac- 
tice is of the order of 1 m 2 /day (10 4 cm 2 /day). D generally diminishes to about 
10~ 3 -10~ 4 m 2 /day (1-10 cm 2 /day) at the lower limit of wetness normally 
encountered in the root zone. It thus varies about a thousandfold rather than 
about a millionfold, as does the hydraulic conductivity in the same wetness 
range. Hence small changes in are likely to affect the value of D(9) to a much 
small degree than that of K(9). Conversely, the use of an approximate or 
"average" value of D is less likely to entail large errors in calculation of flux 
than the use of an inaccurate value of K. 

To take account of gravity, a diffusivity equation can be written in the form 

f-V. [D(e)V9] + ^ = V • [D(e)V6] + ^ £ (8.24) 

The relation of hydraulic diffusivity to wetness is shown in Fig. 8.8. 
Note that the right-hand section of the curve, shows a rise in diffusivity with 
wetness. In the very dry range, however, the diffusivity often indicates an 
opposite trend — a rise with diminishing soil wetness, apparently due to the 
contribution of vapor movement. In the very wet range, as the soil approaches 
complete saturation, the diffusivity becomes indeterminate [since C(6) tends to 
zero]. The latter effect is due to the shape of the soil moisture characteristic, 
versus \|/, in the near-saturation range. 




Volume wetness (6) 
Fig. 8.8. Relation of diffusivity to soil wetness. 
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LABORATORY MEASUREMENT OF CONDUCTIVITY AND DIFFUSIVITY 

Knowledge of the unsaturated hydraulic conductivity and diffusivity at dif- 
ferent suction and wetness values is generally required before any of the math- 
ematical theories of water flow can be applied in practice. Since there is as yet 
no universally accepted way to predict these values from more basic or easily 
obtainable soil properties, K and D must be measured experimentally. In prin- 
ciple, these parameters can be obtained from either steady-state or transient- 
state flow systems. In steady flow systems, the flux, gradient, and water 
content are constant in time, whereas in transient flow systems they vary. 
Hence measurements based on steady flow may seem to be more convenient 
and more accurate. The difficulty, however, lies in setting up a steady flow sys- 
tem, which may take a very long time to stabilize. 

Techniques for measurement of conductivity and diffusivity of soil samples 
or models in the laboratory were described by Klute and Dirksen (1986). The 
conductivity is usually measured by applying a constant hydraulic head dif- 
ference across the sample and measuring the resulting steady flux of water. Soil 
samples can be desaturated either by tension-plate devices or in a pressure 
chamber. The measurements are made at successive levels of suction and wet- 
ness so as to obtain the functions K(\\f), X(6), and D(6). The K(\\f) relation may 
be strongly hysteretic, so a complete determination requires measurements in 
desorption and in sorption (as well, perhaps, as in intermediate scanning). This 
is difficult, however, and requires specialized apparatus, so all too often only 
the desorption curve is measured (starting at saturation and proceeding to 
increase the suction in increments). 

Such laboratory techniques can be applied to the measurement of undis- 
turbed soil cores taken from the field. This is certainly preferable to meas- 
urements taken on fragmented and artificially packed samples, though 
it should be understood that no field sampling technique yet available 
provides truly undisturbed samples. Moreover, any attempt to represent a 
field soil by means of extracted samples incurs the problem of field soil 
heterogeneity as well as the associated problem of determining the appro- 
priate scale (i.e., the representative volume) for realistic measurement of 
parameters. 

A widely used transient flow method for measurement of conductivity and 
diffusivity in the laboratory is the outflow method. It is based on measuring 
the diminishing rate of outflow from a sample in a pressure cell after the pres- 
sure is raised by a certain increment. In the application of this method, the 
hydraulic resistance of the porous plate or membrane on which the sample is 
placed must be taken into account. Laboratory measurements of conductivity 
and diffusivity can also be made on long columns of soil, not only on small 
samples contained in cells. In such columns, steady-state flow can be induced 
by evaporation or by infiltration. If the column is long enough to allow the 
measurement of suction gradients (e.g., by a series of tensiometers) and of wet- 
ness gradients (by sectioning or, preferably, by a nondestructive technique such 
as gamma-ray scanning), the K(Q) and K(\\f) relationships can be obtained for 
a range of 9 values with a single column or with a series of similarly packed 
columns. 
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IN SITU MEASUREMENT OF UNSATURATED 
HYDRAULIC CONDUCTIVITY 

Application of the theories of soil physics to the description or prediction 
of actual processes in the field (processes involved in infiltration, runoff con- 
trol, irrigation, drainage, water conservation, groundwater recharge and pol- 
lution, etc.) depends on knowledge of soil hydraulic characteristics, including 
the functional relation of hydraulic conductivity and of matric suction to soil 
wetness, as well as the their spatial and temporal variation. 

It seems fundamentally unrealistic to measure the unsaturated hydraulic 
conductivity of field soil by making laboratory determinations on discrete 
samples removed from their natural continuum. Such samples are generally 
dried, fragmented, and repacked into experimental containers, so the origi- 
nal structure is destroyed. Hence it is necessary to devise and test practical 
methods for measuring soil hydraulic conductivity on a realistic scale in situ. 
We now proceed to give a brief description of several of the methods available 
for this purpose. A comprehensive review was given by Green et al. (1986) and 
more recently by Clothier and Scotter (2002). 

Sprinkling Infiltration 

The principle of this method is that a continued supply of water to the soil 
at a constant rate lower than the saturated hydraulic conductivity of the soil 
eventually establishes a steady moisture distribution in the conducting profile. 
Once steady-state conditions are established, a constant flux exists. In a uni- 
form soil the suction gradients will tend to zero, and with only a unit gravita- 
tional gradient in effect the hydraulic conductivity becomes effectively equal to 
the flux. This test can be performed on an initially dry soil to which succes- 
sively increasing sprinkling intensities are applied incrementally. It then 
becomes possible to obtain different values of hydraulic conductivity corres- 
ponding to different values of soil wetness. 

The difficulty of the steady sprinkling infiltration test in the field is that it 
requires rather elaborate equipment, which must be maintained in continuous 
operation for long periods of time. The requirement of maintaining continu- 
ous operation becomes increasingly important, and difficult, as one attempts 
to extend the test toward the greater suction range by reducing the application 
rate below 1 mm/hr. Another difficulty is to avoid the raindrop impact effect, 
which can cause the exposed surface soil to disperse and seal, thus reducing 
infiltrability. This problem can be avoided by mulching the soil surface with 
straw. A more serious problem is the possible presence at some depth of soil 
layers that might impede flow, thus preventing the attainment throughout the 
profile of a condition of a zero matric suction gradient. Ideally, therefore, this 
test applies to uniform (or nearly uniform) soil profiles rather than to dis- 
tinctly layered ones. 

Infiltration Through an Impeding Layer 

This method was first suggested by Hillel and Gardner (1970a), who 
showed that an impeding layer at the surface of the soil can be used to achieve 
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the desired boundary conditions for measuring the underlying soil's unsat- 
urated hydraulic conductivity and diffusivity as functions of soil wetness. The 
effect of an impeding layer present over the top of the profile during infiltra- 
tion is to decrease the hydraulic potential in the profile under the impeding 
layer. Thus, the soil wetness and, correspondingly, the conductivity and diffu- 
sivity values of the infiltrating profile are reduced. 

When the surface is covered by an impeding layer ("crust") with a saturated 
conductivity smaller than that of the underlying soil, steady flow conditions are 
eventually established. At that stage, the hydraulic head gradient in the subcrust 
soil is unity (i.e., gravitational only), while the head gradient through the imped- 
ing layer (owing to its low conductivity) is necessarily greater than unity. If the 
ponding depth of water over the surface is negligible, such an impeding layer 
induces the development of suction in the sublayer, the magnitude of which 
increases with increasing hydraulic resistance of the crust. After steady infiltra- 
tion is achieved, the conductivity of the subcrust soil becomes equal to the flux. 

A variant of the crust method is the use of a so-called tension infiltrometer 
(Elrick and Reynolds, 1992; Warrick, 1992; Bootlink and Bouma, 2002). It 
consists of a reservoir of water designed to maintain a constant subatmospheric 
pressure by means of a Mariotte tube, at the bottom of which is a fixed a 
porous plate. That plate introduces hydraulic resistance (analogous to a surface 
crust of the soil itself), and the hydraulic gradient through the plate when it is 
placed on the soil surface creates a suction at its contact place with the soil. 
This instrument has been used in soils with macropores to assess their poten- 
tial contribution to the process of infiltration under ponding (see Chapter 14). 

A serious problem that may invalidate the crust test in some cases pertains to 
the so-called unstable flow phenomenon. It has been observed that in transition 
from a fine-textured zone to a coarse-textured zone during infiltration, the 
advance of the water may not be even (or planar, as it tends to be in a uniform 
profile), but that sudden breakaway flows may occur in specific locations where 
fingerlike intrusions take place. This phenomenon is discussed in Chapter 14. 

Internal Drainage 

This method is based on monitoring the transient-state internal drainage of 
a profile in the field (Fig. 8.9). The method can help to minimize the alteration 
of soil hydraulics that can result from methods that disrupt soil structure. The 
method requires frequent and simultaneous measurements of the soil wetness 
and matric suction profiles under conditions of drainage alone (evapotranspir- 
ation prevented). The use of strain gauge pressure transducers in tensiometry 
facilitate the rapid and automatic acquisition of suction data, while the 
required soil wetness data are obtainable with a neutron moisture gauge or a 
time-domain reflectometer. From these measurements it is possible to obtain 
instantaneous values of the potential gradients and fluxes operating within the 
profile and hence also of hydraulic conductivity values. Once the hydraulic 
conductivity at each elevation within the profile is known in relation to wet- 
ness, the data can be applied to the analysis of drainage and evaporation in a 
bare field or of evapotranspiration in a vegetated field. 

To apply this method in the field, one must choose a characteristic fallow 
plot that is large enough (say, at least 5 x 5 m) so that processes at its center are 



164 CHAPTER 8 WATER FLOW IN UNSATURATED SOIL 



Volume wetness 6 




\ 

Fig. 8.9. Change in profile water content AW in the depth interval Z=0 (soil surface) 
to depth Z in the time interval ^ to t 2 during internal drainage, assuming no evaporation or 
lateral flow. 

unaffected by the boundaries. Within this plot, at least one neutron access tube 
is installed through and below the root zone. The desirable depth will some- 
times exceed 2 m. A series of tensiometers is installed at various depths near the 
access tube so as to represent profile horizons. (The depth interval between suc- 
ceeding tensiometers should not exceed 30 cm.) Water is then ponded on the 
surface and the plot is irrigated long enough so that the entire profile becomes 
as wet as it can be. After this, the soil surface is covered by an opaque plastic 
sheet so as to minimize soil heating and to prevent evaporation from the soil 
surface. As internal drainage proceeds, periodic measurements are made of dis- 
tribution and tension of soil moisture throughout the profile. The handling of 
the data and a sample calculation of the hydraulic conductivity were described 
by Hillel et al. (1972) and more recently by Vachaud and Dane (2002). 

The method as described is not applicable where lateral movement of soil 
moisture is appreciable. This movement is not normally significant when the 
soil profile is unsaturated, but lateral movement can become significant wher- 
ever an impeding layer occurs on which saturated conditions might prevail for 
some time. In practice, the moisture range for which conductivity can be meas- 
ured by the internal drainage method is generally limited to suctions not 
exceeding about 0.5 bar, since the drainage process often slows down within 
a few days or weeks to become practically imperceptible thereafter. 

VAPOR MOVEMENT 

As already stated, liquid water moves in the soil by mass flow, a process by 
which the entire fluid flows in response to differences in hydraulic potential. 
In certain circumstances, the movement of water vapor can also occur as mass 
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flow, for instance, when wind gusts induce bulk movement of air (containing 
vapor) in the surface zone of the soil. In general, however, vapor movement 
within the soil profile occurs by diffusion, a process in which different com- 
ponents of a mixed fluid move independently, and at times in opposite direc- 
tions, in response to differences in concentration (or partial pressure) from one 
location to another. Water vapor is always present in the gaseous phase of an 
unsaturated soil, and vapor diffusion occurs whenever differences in vapor 
pressure develop within the soil. 

The diffusion equation for water vapor is 



q Y = -D Y (dp Y /dx) 



(8.25) 



where pv is the vapor density (or concentration) in the gaseous phase and Dv 
is the diffusion coefficient for water vapor. Dv in the soil is lower than in open 
air because of the restricted volume and the tortuosity of air-filled pores 
(Currie, 1961). 

By considering that the liquid water in the soil serves as both a source and 
a sink for water vapor, and assuming that changes in liquid water content with 
time are much greater than the changes in vapor density with time, Jackson 
(1964a) described nonsteady vapor transfer in terms of the liquid water con- 
tent (volumetric wetness) 9: 



30 
dt 



d_ 
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dp Y dQ 

ae dx 



(8.26) 



For the simultaneous transfer of both liquid and vapor, the following equa- 
tion applies: 



30 _ d_ 
dt dx 
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dx 



(8.27) 



where D is the hydraulic diffusivity for liquid water. 

The foregoing equations consider water vapor diffusion as an isothermal 
process, assuming that both viscous flow in the liquid phase and diffusion of 
vapor are impelled by the forces of adsorption and of capillarity. No explicit 
account is thus taken of osmotic or solute effects on vapor pressure, though 
such effects can sometimes be significant. More importantly, this approach dis- 
regards the simultaneous and interactive transport of both water and heat in 
nonisothermal situations, to be described in a subsequent chapter. 

At constant temperature, vapor-pressure differences in a nonsaline soil are 
likely to be very small. For example, at standard temperature a change in 
matric suction from to 10 MPa (100 bar) is accompanied by a vapor pres- 
sure reduction from 17.54 to 16.34 torr, i.e. a difference of only 1.2 torr (1.6 
x 10~ 4 MPa, or 1.6 mbar). (The torr is a unit of pressure equal to 1 mm of 
mercury under standard conditions.) Under normal field conditions (except at 
extreme dryness) soil air is nearly vapor saturated at almost all times. 

When temperature differences do occur, they can cause considerable differ- 
ences in vapor pressure. For example, a change of 1 degree in water tempera- 
ture, from 19 to 20°C, results in an increase in vapor pressure of 1.1 torr. 
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Thus, a change in temperature of just 1°C has nearly the same effect on vapor 
pressure as a change in suction of 10 MPa (100 bar)! 

In the range of temperatures prevailing in the field, the variation of sat- 
urated vapor pressure (that is, the vapor pressure in equilibrium with pure, 
free water) is as follows: 

Temperature (°C) 20 30 40 

Vapor pressure (torr) 4.6 17.5 38.0 55.8 

Vapor movement tends to take place from warmer to cooler zones in the soil. 
Since the soil surface is warmer during the daytime and colder during the night 
than the deeper layers, vapor movement tends to be downward during the day 
and upward during the night. Temperature gradients can also induce liquid 
flow, because higher temperatures tend to reduce matric suction and thus can 
induce hydraulic potential gradients. As commonly observed, liquid flow is the 
dominant mode in moist, nearly isothermal soils; hence the contribution of 
vapor diffusion to overall water movement is probably negligible in the main 
part of the root zone, where diurnal temperature fluctuations are slight. 



9. SOLUTE MOVEMENT 
AND SOIL SALINITY 



THE SOIL SOLUTION 

In the preceding chapters, we discussed soil water with only occasional ref- 
erence to solutes. However, water present in the soil and constituting its liquid 
phase is never chemically pure. In the first place, the water entering the soil as 
rain or irrigation is itself a solution. Rainwater is of course distilled and essen- 
tially pure when it first condenses to form clouds, but as it descends through 
the atmosphere it generally dissolves such atmospheric gases as carbon dioxide 
and oxygen, often together with such products of our industrial civilization as 
oxides of sulfur and nitrogen, as well as — along the coast — appreciable 
quantities of salt that enter the air as sea spray. Solute concentrations (mostly 
electrolytic salts) typically found in rainwater are of the order of 5-20 mg/L 
(units roughly equivalent to mg/kg, also designated parts per million, or ppm). 

During its residence in the soil, the infiltrated water tends to dissolve add- 
itional solutes, including soluble products of mineral and organic matter 
decomposition as well as fertilizers and pesticides. The concentration of salts 
in irrigation water (generally obtained from surface reservoirs or subterranean 
aquifers) may range between 100 and 1000 mg/L. Finally, the concentration 
may be as high as 10,000 mg/L in drainage from saline soil. (Note: The con- 
centration of ocean water is of the order of 35 grams per liter.) 

As it moves through the profile, soil water carries its solute load in its con- 
vective stream, leaving some of it behind to the extent that the component salts 
are adsorbed, taken up by plants, or precipitated whenever their concentration 
exceeds their solubility (mainly at the soil surface during evaporation). Solutes 
move not only with soil water, but also within it, in response to concentration 
gradients. At the same time, solutes react among themselves and interact with 
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the solid matrix of the soil in a continuous cyclic succession of interrelated phys- 
ical and chemical processes. These interactions involve and are strongly influ- 
enced by such variable factors as acidity, temperature, oxidation-reduction 
potential, composition, and concentration of the soil solution. 

In former times, processes involving solutes were considered to belong in 
the exclusive realm of soil chemistry and outside the scope of a treatise on soil 
physics. Nowadays, however, we have come to recognize that arbitrary separ- 
ations among "traditional" disciplines that are in fact complementary and 
overlapping should not be allowed to hinder our quest for an ever more com- 
prehensive understanding of interactive phenomena in the environment. 

A better understanding of the simultaneous movement and interactions of 
water and solutes in the soil is essential to the improvement of soil fertility 
through control of nutrients in the root zone as well as to the prevention of 
soil salinity, alkalinity, and other occurrences of toxicity. Such an understand- 
ing has also become crucial in the area of environmental management when- 
ever soil-borne solutes migrate to, and affect the quality of, groundwater or 
surface water resources (Hendrickx et al., 2002). 



CONVECTIVE TRANSPORT OF SOLUTES 

The convection (or mass flow) of soil water, sometimes called the Darcian 
flow, carries with it a flux of solutes J c proportional to their concentration c: 

j c = qc = _ c [ K (dH/dx)] (9.1) 

where q = -K(dH/dx) is Darcy's law, discussed in the preceding two chapters. 
Since q is usually expressed as volume of liquid flowing through a unit area 
(perpendicular to the flow direction) per unit time and c as mass of solute per 
unit volume of solution, J c is given in terms of mass of solute passing through 
a unit cross-sectional area of soil per unit time. 

To estimate the distance of travel of a solute per unit time, we consider the 
average apparent velocity v of the flowing solution: 

v = q/Q (9>2 ) 

where 6 is volumetric wetness and v is taken as the straight-line length of path 
traversed in the soil in unit time. In this formulation we disregard the round- 
about path caused by the geometric tortuosity of the water-filled soil pores. 
Since actual velocities vary over several orders of magnitude within pores and 
between pores, the concept of average velocity is obviously a gross approxi- 
mation (much like lumping insects and elephants in computing an "average" 
size animal). However, assuming v to be a working approximation, we get 

Jc = ™ c (9.3) 

It is sometimes useful to have an estimate of the average residence time t r of 
a solute within a layer of soil of thickness L (especially if we are concerned 
with some time-dependent interactive process involving the solute under con- 
sideration). Accordingly, 



t r = L/v 



(9.4) 
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If the flow is impelled by gravity alone, with no pressure gradients, then the 
downward flux of liquid is equal to the hydraulic conductivity K of the 
medium, a function of wetness 6: 



The foregoing equations allow us to estimate, for instance, the distance of 
travel of a soluble pollutant from the bottom of, say, a septic tank or sanitary 
landfill to the water table, through the so-called unsaturated zone, as follows: 



where L t is the average distance of convective transport in time t. If the values 
of wetness and hydraulic conductivity vary within the soil profile, as often 
happens, the foregoing calculations must be carried out layer by layer to deter- 
mine the solution's space-variable flux, average distance of travel, and per- 
layer residence time. 

The serious shortcoming of this approach is that one cannot be sure that the 
transport of solutes occurs by convection alone. In fact, we know that solutes 
do not merely move with the water as sedentary passengers in a train, but also 
move within the flowing water in response to concentration gradients in the 
twin processes of diffusion and hydro dynamic dispersion. Moreover, solutes 
are not always as inert as we have thus far assumed, because they tend to inter- 
act with the biological system within the soil (e.g., to be taken up or released 
by microbes and the roots of plants) and with the physicochemical system 
(e.g., to be adsorbed or exchanged within or by the soil). Additionally, solutes 
may undergo chemical reactions and may also be removed from solution by 
precipitation or volatilization. 



Sample Problem 

A soluble pollutant was inadvertently spilled on the ground. Suppose that it is non- 
degradable, nonvolatile, not taken up by plants, not adsorbed by the soil, and not 
immobilized by any other mechanism. If the annual rainfall is 1500 mm, the annual 
evapotranspiration is 1250 mm, the water table is 20 m deep, and the so-called unsat- 
urated zone underlying the soil has a constant volumetric wetness of 25%, estimate the 
residence time in the unsaturated zone and the time required for the pollutant to reach 
the groundwater. 

As a rough approximation, we assume that the solute is transported only by the con- 
vective stream of water draining out of the soil, vertically downward through the unsat- 
urated zone toward the water table. The possible effects of diffusion and dispersion are 
thus disregarded. We further assume that this drainage occurs under steady-state condi- 
tions, that is, that temporal perturbations at the soil surface resulting from intermittent 
periods of rainfall and evapotranspiration are damped out in the upper layer of the soil. 



q = K(Q) 

Using Eq. (9.2), we thus obtain for Eq. (9.4) 

t r = L Q/K(Q) 



(9.5) 



L t = tK{Q)/Q 



(9.6) 
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To estimate the distance of travel of a solute per unit time, we take the average vel- 
ocity v of the flowing solution to be [Eq. (9.2)] 

v = q/9 

where v is the straight-line length of path traversed through the soil or subsoil by the 
solution in unit time, 6 is the volumetric wetness, and q is the flux (volume flowing 
through unit area per unit time). Substituting the given values we obtain 

v = (1500 - 1250)/0.25 = 1000 mm/yr 

To estimate the residence time £ r of the solute within the unsaturated zone, we refer 
to Eq. (9.4): 

t r = L/v 

where L is the thickness of the zone considered. Thus, 

t r = 20 m/1 m/yr = 20 y 

Thus, the bulk of the solute can be expected to reach the water table and enter the 
groundwater in about 20 years. Since in fact diffusion and dispersion phenomena do 
operate, we can expect some of the solute to move faster than the bulk of the solution 
and some to lag behind. However, the calculation based on convective transport alone 
can serve as a useful rough estimation of the movement rate. 



DIFFUSION OF SOLUTES 

Diffusion processes commonly occur within multicomponent gaseous or 
liquid phases, in consequence of the random thermal motion (often called 
Brownian motion) and repeated collisions and deflections of molecules in the 
fluid. The net effect is a tendency toward equalizing the spatial distribution of 
the components in a nonhomogeneous fluid. 

Diffusion processes are very important in the soil. As we show in Chapter 
1 1 on soil aeration, diffusion in the air phase of such gases as oxygen, carbon 
dioxide, nitrogen, and water vapor can have a decisive influence on the soil's 
chemical and biological processes. Equally important are diffusion processes 
involving solutes in the soil's liquid phase, including nutrients as well as salts 
and toxic compounds that affect plant growth. 

Wherever solutes are not distributed uniformly throughout a solution, con- 
centration gradients exist. Consequently, solutes tend to diffuse from zones 
where their concentration is higher to where it is lower. In bulk water at 
rest, the rate of diffusion is related by Fick's first law to the gradient of the 
concentration c: 

J d = -D {dc/dx) (9.7) 

in which D is the diffusion coefficient for a particular solute diffusing in bulk 
water and dcldx is that solute's effective concentration gradient. 

For diffusion in the soil's liquid phase, the effective diffusion coefficient is 
generally less than the diffusion coefficient in bulk water, D , for several 
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reasons. In the first place, the liquid phase occupies only a fraction of the soil 
volume; at most, in a state of saturation, its volume fraction equals the soil's 
porosity. Secondly, the soil's pore passages are tortuous, so the actual path 
length of diffusion is significantly greater than the apparent straight-line dis- 
tance. In an unsaturated soil, as soil wetness diminishes, the fractional volume 
available for diffusion in the liquid phase decreases still further and the tortu- 
ous length of path increases. 

If the sole factors affecting the diffusion coefficient in the soil (D s ) are frac- 
tional water volume 9 and tortuosity ^, we can write 

D s = D e^ (9.8) 

where ^, the tortuosity factor, is an empirical parameter smaller than unity, 
expressing the ratio of the straight-line distance to the average roundabout- 
path length through the water-filled pores for a diffusing substance. This 
parameter has been found to depend on both the fractional volume and the 
geometric configuration of the water phase and, hence, to decrease with 
decreasing 0. Thus, D s is strongly dependent on 0, both directly and through 
its dependence on ^, which itself is a function of 0. To show this dependence, 
we write D s (0). 

Other factors in addition to the geometric ones considered in Eq. (9.8) also 
tend to decrease the effective diffusion coefficient, particularly in unsaturated 
soils with an appreciable content of clay. As soil wetness is reduced and the 
water films coating the particles contract, the increasing density of the 
exchangeable cations adsorbed to the clay surfaces and the corresponding 
exclusion of anions, as well as the possible increase in viscosity of the 
adsorbed liquid phase, might combine to further retard diffusion. Because 
these and other complicating factors are not mutually independent, it has 
seemed impossible thus far to formulate them separately. Hence, it is tempt- 
ing to lump them all together into a single complexity factor, which we can 
designate a. Thus, 

D s = D o 0a (9.9) 

We can now rewrite Eq. (9.7) for diffusion in the liquid phase of an unsat- 
urated soil: 

J d = -D s (Q)(dc/dx) (9.10) 

By itself, this equation can only describe steady-state diffusion processes. In 
order to proceed to a more generalized diffusion equation capable of describ- 
ing transient- state processes (in which the rate and concentration vary in time), 
we must (as in the case of water flow alone) invoke the mass conservation law, 
expressed in the continuity equation. 

Let us assume that there are no sources or sinks for the diffusing solute in the 
soil body in which diffusion is occurring. Now let us consider a rectangular vol- 
ume element of soil that contains a liquid phase and is bounded by two parallel 
square planes, of area A, separated by a distance Ax. If diffusion takes place 
from left to right, the amount of solute diffusing through the left-hand plane into 
the volume element per unit time is A/j, and the amount diffusing out through 
the right-hand plane is A [/a + (6/a/8x)Ax]. The rate of accumulation of the solute 
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in the volume element is A(bc/bt)Ax, where hclht is the time rate of change of 
concentration. Thus, 

A(dc/dt)Ax = A[Jd + (dJ d /dx)Ax] - AJ d 

which reduces to 

dc/dt = -dj d /dx (9.11) 

The negative sign indicates that any increase of diffusive flux along the direc- 
tion of diffusion from the entry face to the outlet face of the volume elem- 
ent necessarily depletes the concentration in the volume element; and vice 
versa (the concentration increases if the rate of out-diffusion is less than the 
in-diffusion). 

Combining this with Eq. (9.10), we obtain a second-order equation as 
follows: 

dc/dt = d[D s (Q)(dc/dx)]/dx (9.12) 

In the special case when the diffusion coefficient D s is constant, Eq. (9.12) 
assumes the classical form of Fick's second law of diffusion-. 

dc/dt = D s (d 2 c/dx 2 ) (9.13) 

However, D s is generally not constant and in fact might be dependent not only 
on wetness but also on concentration, i.e., be a function of both 6 and c. 

Attempts to apply the foregoing equations to describe the diffusion of 
solutes in the soil solution, particularly in unsaturated soil conditions, have 
difficulties. The soil varies both in space and time. Solutes interact with, and 
modify, the solid matrix — and hence may affect the pore space. Different 
species of solutes in the liquid phase interact with one another as well as with 
the adsorbed phase. Evaporation and condensation of water in pores further 
modify the concentration gradients and the pattern of diffusion. Finally, the 
convective flow of the solution also affects the diffusion process by changing 
the distribution of solutes and by inducing a process called hydrodynamic 
dispersion (Skaggs and Leij, 2002). 



HYDRODYNAMIC DISPERSION 

The motion of any inhomogeneous solution in a porous body brings about 
another process that differs from diffusion in its mechanism but that tends to 
produce an analogous or synergetic tendency to mix and eventually to even- 
out the differences in concentration or composition among different portions 
of the flowing solution. This process, which at times predominates over diffu- 
sion, is called hydrodynamic dispersion. It results from the microscopic 
nonuniformity of flow velocity in the soil's conducting pores. Since water 
moves faster in wide pores than in narrow ones and faster in the center of each 
pore than along its walls, some portions of the flowing solution move ahead 
while other portions lag behind. 

Consider, for example, the laminar flow of a solution through a single capill- 
ary pore hypothetically shaped like a cylindrical tube. From our earlier 
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derivation of Poiseuille's law (Chapter 7) we know that flow velocity v in such 
a tube is a decreasing function of radial distance r from the center: 

v = 2v(l - r 2 /R 2 ) (9 >14 ) 

Here v is average velocity and R is the radius of the tube. Thus the velocity of 
a solute molecule carried by the convective stream depends on its position 
within the pore passage. At r = R, which is at the wall of the tube, the velocity 
is zero, whereas at r = 0, in the center of the tube, the velocity is maximal and 
equal to twice the average velocity. 

Added to the nonuniformity of velocity within each pore is the fact that 
pores vary widely in radius over several orders of magnitude, say from 1 um 
to 1 mm. We recall Poiseuille's law [Eq. (7.3)], 

Q = 4R 4 (Ap/8r|L) 

which states that the discharge Q (volume flow per unit time) is proportional 
to the fourth power of the radius R. Hence a pore with an effective radius of 
1 mm will conduct a volume of water (10 3 ) 4 = 10 12 (a million million) times 
greater than a pore having an effective radius of 1 um. Great indeed is the 
microscopic-scale variation of pore water velocity in the soil! 

The fact that some portions of a flowing solution move faster than other 
portions causes an incoming solution to mix or disperse within the antecedent 
solution. The degree of mixing depends on such factors as average flow vel- 
ocity, pore size distribution, degree of saturation, and concentration gradients. 
When the convective velocity is sufficiently high, the relative effect of hydro- 
dynamic dispersion can greatly exceed that of molecular diffusion and the lat- 
ter can be neglected in the analysis of solute movement. On the other hand, 
when the soil solution is at rest, hydrodynamic dispersion does not come into 
play at all. 

Mathematically, hydrodynamic dispersion can be formulated in a manner 
analogous to diffusion, per Eqs. (9.10) and (9.12), except that a dispersion coef- 
ficient Dh is used instead of a diffusion coefficient. has been found (Bresler, 
1972b) to depend more or less linearly on the average flow velocity v . Thus 

D h = av (9A5) 

with a an empirical parameter. 

Because of the similarity in effect (though not in mechanism) between dif- 
fusion and dispersion, it is tempting to assume the two effects to be additive. 
Accordingly, the diffusion and dispersion coefficients are often combined into 
a single term, called the diffusion-dispersion coefficient (D s h, which is a func- 
tion of both the fractional water volume 6 and the average velocity v : 

D sh (e,z7) = D s (6) + D h (z7) (9U) 



MISCIBLE DISPLACEMENT AND BREAKTHROUGH CURVES 

When a liquid different in composition or concentration from the preexist- 
ing pore liquid is introduced into a column of soil, and the outflow from the 
end of the column is collected and analyzed, its composition is seen to change 
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in time as the old liquid is displaced and replaced by the new one. If the two 
liquids are not mutually soluble (as is the case, for example, with oil and 
water), then the process is called immiscible displacement. If, on the other 
hand, the two liquids mix readily — as do many aqueous solutions — the 
process just described is referred to as miscible displacement. Plots of the out- 
flowing solution's composition versus time or versus cumulative discharge are 
called breakthrough curves. 

If the soil were saturated throughout the experiment and if neither diffusion 
nor hydrodynamic dispersion were to take place at the boundary between the 
displacing and the displaced solutions, then that boundary would remain a 
sharp front moving along the length of the column at a velocity equal to the 
flux. If we were to monitor the composition at the column's outlet, we would 
notice an abrupt change in composition at the moment the last portion of the 
old solution was completely driven out and the new solution arrived. Such a 
pattern of displacement without mixing is commonly called piston flow. It is 
seldom if ever encountered in practice. What normally happens at the bound- 
ary or front between the two solutions is a gradual mixing resulting from both 
diffusion and hydrodynamic dispersion, so that the boundary becomes 
increasingly diffuse about the mean position of the advancing front, as shown 
in Figs. 9.1 and 9.2. 

Ideally, breakthrough curves should be sigmoidal in shape and symmetrical 
about the front of the advancing solution, with the inflection representing 50% 
displacement at a cumulative flow of one "pore volume" if the soil is saturated. 
A typical curve of this sort is shown in Fig. 9.2 for a sand. Curves obtained with 
finer-textured soils differ from the symmetrical ideal, particularly in the case of 
structured (aggregated) soils, owing to various interactions between solutes and 
the soil matrix (e.g., positive or negative adsorption) and to the possible exist- 
ence of pore spaces where water movement is so sluggish that portions of the 
antecedent solution lag behind and are displaced only very slowly. 
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Fig. 9.1. Solute concentration versus soil column depth at various times during the infiltra- 
tion of a saline solution into a nonsaline soil. Note that the concentration "front" becomes 
increasingly diffuse about its mean position as it advances in the soil. 
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Fig. 9.2. Schematic illustration of a sigmodial breakthrough curve in a saturated sandy soil 
during the replacement of a dilute antecedent solution by an entering saline solution of fivefold 
greater concentration. 



Miscible displacement phenomena and breakthrough curves are not merely 
of theoretical interest but are indeed relevant to the solution of many real- 
world problems, such as the leaching of excess salts from saline soils, the dis- 
tribution of nutrient solutions, and the pollution of groundwater by the 
migration of soil-borne solutes of various types, including radioactive wastes, 
toxic chemicals, and agrochemical (pesticide and fertilizer) residues. 



COMBINED TRANSPORT OF SOLUTES 

To take into account the three mechanisms of solute movement described 
thus far [mass flow (convection), molecular diffusion, and hydrodynamic dis- 
persion], we combine Eqs. (9.3), (9.10), and (9.16): 

J = vQc- D s (Q)(dc/dx) + D h (v)(dc/dx) 

which can be stated in words: 

[combined solute flux] = [flux due to convection] + [flux due to diffusion] 
+ [flux due to hydrodynamic dispersion] 

Since in practice the diffusion and dispersion phenomena cannot be separated, 
the foregoing equation is usually written in the form 

J = vQc- D sh (Q,v)(dc/dx) ^^ 7 ) 

Here / is the total mass of a solute transported across a unit cross-sectional 
area of soil per unit time, D s h is the lumped diffusion-dispersion coefficient 
(a function of volumetric wetness and average pore-water velocity z7), c is 
the solute concentration, and dcldx is the solute gradient. 

Equation (9.17) by itself can describe only steady-state (time-invariant) 
processes. Moreover, it is limited to "noninteracting" (inert) solutes, by which 
term we designate solutes not subject to adsorption by soil solids or subject to 
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chemical or biological reactions. Strictly speaking, truly noninteracting solutes 
scarcely exist. Moreover, parameters D s , D^, z7, 0, and c can only be defined 
in macroscopic terms as gross spatial averages. Hence Eq. (9.17) is only an 
approximation of the process it is meant to depict. 

Turning now to transient-state processes, in which fluxes and concentrations 
can vary both in time and in space, we once again invoke the conservation 
("continuity") principle, which for combined convective-diffusive-dispersive 
transport can be written 

d(cQ)/dt = -dJ/dx (9.18) 

The rate of change of the solute mass in a volume element of soil should equal 
the difference between the incoming and outgoing fluxes of the solute, pro- 
vided there are no gains or losses of the solute by any mechanisms operating 
within the volume element itself (i.e., there are no sources or sinks). 
Combining Eqs. (9.8) and (9.17), we get 

d(cQ) d(vdc) d ( ^ 



dt dx dx 



D ^ 
Dsh dx 



(9.19) 



J 



For steady water flow (which, however, does not necessarily imply steady 
solute movement) 0, v, and D s ^ can be taken as constant, and Eq. (9.19) 
simplifies to 

— = -^7 — + ^sh_ ( 9. 2 o) 
dt dx d x 2 

Certain solutes are generated within the soil. An example is the nitrate ion, 
which evolves under appropriate circumstances from nitrification of organic 
matter. In contrast, some solutes may disappear from the soil volume (as in the 
case of nitrates being taken up by plants or undergoing denitrification). To 
account for such "sources" and "sinks," we must modify Eq. (9.18) to include 
a composite source-sink term, S, expressing the rate of production or disap- 
pearance of the particular solute: 

d(cQ)/dt = -dj/dx + S (9.21) 

The term S represents the net sum of all n possible sources X Sj and all m pos- 
sible sinks X sj. Accordingly, 

n m 

S = X 5 * "S s / (9.22) 

i=i j=i 

The terms of this equation must be specified as quantities of the solute gener- 
ated or dissipated per unit volume of soil and per unit length of time. 

An additional possibility to consider is the existence of a dynamic stor- 
age for the solute inside the soil body but outside the mobile liquid phase, 
as, for instance, in precipitated form or in the soil's exchange complex. In 
this case, the left-hand side of Eq. (9.21) can be expanded to include the 
quantity of solute in storage (o s ). Accordingly, the left-hand side of 
Eq. (9.21) becomes d(Qc + c s )/dt. The time derivative of G s (namely, dajdt) 
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expresses the rate of increase of storage outside the solution phase for the 
solute under consideration. 

We can now write a comprehensive equation of transient-state solute 
dynamics to include convective-dispersive-diffusive movement as well as 
sources, sinks, and storage changes. For a vertical soil profile, we substitute 
the axis z (representing depth below the soil surface) for x, to obtain 



3(9c + q s ) _ d_ 
dt dz 



D * 



\ 



^ + S (9.23) 
dz 



wherein, as previously defined, the solution's convective flux q is equal to the 
product of its average velocity and volume fraction in the soil; that is, q = v 0. 

The adsorption of ions in the soil can be positive, as is the attachment of 
cations to clay surfaces, or it can be negative, as is the repulsion or partial 
exclusion of anions from the electrostatic double layer of the same clay. Since, 
in consequence, the anions are relegated to the centers of the pores, they tend 
to travel somewhat faster than cations when an electrolytic solution is passed 
through a soil, even as the cations undergo adsorption and exchange phe- 
nomena within the soil's cation exchange complex and their motion is thereby 
retarded. If the attainment of equilibrium between the ions in the solution 
phase and the soil's exchange complex is rapid enough to be considered instan- 
taneous, then the amount adsorbed A can be taken as dependent only on the 
concentration c of the ion species in the soil solution. Assuming that storage 
outside the solution phase is due entirely to adsorption (i.e., there is no other 
storage mechanisms, such as precipitation of a component of limited solubil- 
ity), then the amount in storage as is equal to A. Using these assumptions, 
Eq. (9.23) can be rewritten 



D * 



3(<?c) 

to + (9 " 24) 



Here A(c) is the slope of the adsorption isotherm, a function of concentration; 
0, c, s, and q are functions of depth and time; and is a function of and 
average velocity v - q/Q. 



EFFECTS OF SOLUTES ON WATER MOVEMENT 

The first phenomenon to consider in this regard is the hydration of clay par- 
ticles and consequent swelling of the soil. Recall that negatively charged clay 
particles attract cations, with which they form an electrostatic double layer 
(see Chapter 4). This process of imbibition, causing swelling, is especially pro- 
nounced when the ambient solution (i.e., the soil solution away from the par- 
ticle surfaces) is the more dilute. Imbibition between clay platelets is 
constrained by interparticle bonds and usually ceases at ambient solution con- 
centrations above 200-400 meq/L (McNeal, 1974). With more dilute solu- 
tions, continued swelling — in a tendency to relieve the osmotic pressure 
differential between the clay domains and the ambient solution — drives the 
particles apart and weakens the interparticle bonds. A combination of this 
osmotic swelling with mechanical disturbance of the soil system ("puddling") 
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can lead to a rupturing of interparticle bonds, so adjacent particles separate 
and the clay fraction undergoes dispersion, which in turn alters the geometry 
of soil pores and results in a decrease of intrinsic permeability. 

Combinations of low salt concentration and high exchangeable sodium per- 
centage (ESP) are the conditions most likely to cause swelling, dispersion, and 
reduction of permeability. The collapse of aggregates resulting from dispersion 
of clay tends to plug the large interaggregate pores, particularly in the top 
layer, so an "open" soil surface can become sealed. Moreover, dispersed par- 
ticles can move with percolating water and migrate into the soil profile. 
Evidence of such migration can be seen in the occurrence of clay skins over 
aggregates deeper in the profile and in the natural deposition of clay in the for- 
mation of distinct layers called clay pans. 

Loss of permeability resulting from the adverse effect of salt concentration 
and exchangeable sodium percentage can become a major problem in irrigated 
agriculture. It can cause problems, as well, in the operation of municipal and 
industrial waste disposal systems, such as septic tank drainage fields, where 
decreases in the hydraulic conductivity by one or more orders of magnitude 
have been reported. 

A widely accepted index for characterizing the soil solution with respect to 
its likely influence on the exchangeable sodium percentage is the sodium 
adsorption ratio (SAR). It has also been used to assess the quality of irrigation 
water. SAR is defined as follows: 

SAR = [Na + ]/{([Ca 2+ ] + [Mg 2+ ])/2}°- 5 (9.25) 

In words, it is the ratio of the sodium ion concentration to the square root of 
the average concentration of the divalent calcium and magnesium ions. In this 
context, all concentrations are expressed in milliequivalents per liter. SAR is 
thus an approximate expression for the relative activity of Na + ions in 
exchange reactions in soils. A high SAR, particularly at low concentrations of 
the soil solution, causes high ESP and a decrease of soil hydraulic conductivity. 
The relation of hydraulic conductivity to composition and concentration of 
the soil solution and to the composition and capacity of the soil's exchange 
complex is influenced by the quantity and nature of the predominant clay 
(e.g., whether kaolinitic or montmorillonitic) as well as by the presence and 
content of cementing agents (e.g., humus and sesquioxides). 

SOIL SALINITY AND ALKALINITY 

An excessive accumulation of salts in the soil causes a decline in productiv- 
ity. Soil salinity is the term used to designate a condition in which the soluble 
salt content of the soil reaches a level harmful to crops. Soil salinity affects 
plants directly through the reduced osmotic potential of the soil solution and 
the toxicity of specific ions, (such as boron, chloride, and sodium. If the salts 
are mainly sodic salts, their accumulation increases the concentration of 
sodium ions in the soil's exchange complex, which in turn affects soil proper- 
ties and behavior. Thus, salinity can also have indirect effects on plant growth 
through deleterious modification of such soil properties as swelling, porosity, 
water retention, and permeability. 
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Soluble salts may be present in the original soil material or be brought to 
the soil by invading surface water or rising groundwater. The ocean is a source 
of salt for low-lying soils along the coast, where it may also contribute salt to 
rainfall by sea spray. Except along the seacoast, however, saline soils seldom 
occur in humid regions, thanks to the typically downward net seepage of 
water through the soil profile brought about by the excess of rainfall over 
evapotranspiration. In arid regions, however, there may be no net downward 
percolation of water and no effective leaching, so salts can accumulate in the 
root zone, especially in its top layer. Here the combined effects of meager rain- 
fall, a high evaporation rate, the occurrence of salt-bearing sediments, and the 
presence of shallow, brackish groundwater give rise to a group of soils known 
in classical pedology as solonchaks. 

Less obvious than the appearance of naturally saline soils, but perhaps more 
ominous, is the induced salination of originally productive soils by the injudicious 
practice of irrigation in certain arid regions. Typically located in the river valleys 
of the dry zone, irrigated soils are particularly vulnerable to the insidious, and for 
a time invisible, rise of the water table caused by failure to provide adequate 
groundwater drainage. F roper irrigation maintains a supply of good-quality 
moisture needed by plants to answer the climatically imposed evaporational 
demand while at the same time ensuring a favorable salt balance and nutrient 
supply together with adequate aeration and temperature regimes throughout the 
root zone. Efficient irrigation, furthermore, avoids wasting water through runoff 
or excessive drainage, except insofar as some drainage is necessary to flush out 
potentially harmful salts that would otherwise accumulate in the root zone. Crop 
plants extract water from the soil while leaving most of the salt behind. Unless 
leached away (preferably continuously, but at least periodically) such salts will 
sooner or later begin to hinder crop growth. 

The classical and still pertinent publication on soil salinity is the U.S. 
Department of Agriculture Handbook 60 (L. A. Richards, editor, 1954). 
Although newer and much revised publications have since been issued (e.g., 
Bresler et al., 1982; Tanji, 1990; Rhoades et al., 1999; and Hillel, 2000), some 
of the definitions and concepts of the original publication are still used widely. 
The accepted classification of soil salinity (as well as of irrigation water qual- 
ity) is based on total salt concentration, as measured by its electrical conduct- 
ivity, and on the relative concentration of sodium. Soil alkalinity (or sodicity) 
is characterized by the ESP, the content of exchangeable sodium ions 
(expressed in milliequivalents per 100 grams of soil) as a fraction (percent) of 
the total cation exchange capacity. 

According to these criteria, a saline soil is one whose saturation extract 
indicates an electrical conductivity exceeding 0.4 S/m (4 mmho/cm) at 25°C 
but whose ESP is less than 15. (A saturation extract is obtained after adding 
an amount of water just sufficient to saturate a soil sample, which is then 
stirred to form a slurry or "paste" in a standard manner. The water is later 
sampled by filtration for determination of salt concentration.) Such soils usu- 
ally have pH values less than 8.5 and are ordinarily well flocculated. 

Reclamation of saline soils requires removal of excess salts by leaching, with 
due care to prevent a rise in the exchangeable sodium percentage. Saline-alkali 
soils have been defined as having a saturation-extract conductivity greater than 
0.4 S/m and an ESP greater than 15. Such soils, when leached, become highly 
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dispersed and exhibit higher pH values. To be reclaimed, these soils require, in 
addition to leaching, treatment with soluble calcium salts (e.g., gypsum) to 
replace the excess of exchangeable sodium. Finally, nonsaline alkali soils exhibit 
an ESP greater than 15 but a salinity less than the 0.4-S/m level. Such soils, 
which often exhibit very high pH values (8.5-10) have traditionally been called 
solonetz by pedologists and sometimes black alkali (in reference to the black 
color resulting from the highly dispersed state of organic matter at the surface). 

SALT BALANCE OF THE SOIL PROFILE 

The salt balance is a quantified summary of all salt inputs and outputs for a 
defined volume or depth of soil during a specified period of time. If salts are con- 
served (that is to say, if they are neither generated nor decomposed chemically 
in the soil), then the difference between the total input and output must equal 
the change in salt content of the soil zone monitored. Accordingly, if input 
exceeds output, then salt must be accumulating, and vice versa. The salt balance 
has been used as an indicator of salinity trends and the need for salinity control 
measures in large-scale irrigation projects as well as in single irrigated fields. 

The following equation applies to the amount of salt in the liquid phase of 
the root zone per unit area of land: 

[p w ( V r q + V>q + V g c g ) + M s + M a ] - (M p + M c + p w V d c d ) = AM SW (9.26) 

Here V r is the volume of rainwater entering the soil with a salt concentration 
q; Vj is the volume of irrigation with a concentration q; V g is the volume of 
groundwater with a concentration c g entering the root zone by capillary rise; 
V d is the volume of water drained from the soil with a concentration c d ; M s 
and M a are masses of salt dissolved from the soil and from agricultural inputs 
(fertilizers and soil amendments), respectively; M p and M c are the mass of salt 
precipitated (or adsorbed) in situ and the mass removed by the crop, respect- 
ively; p w is the density of water; and, AM SW is the change in mass of salt in the 
soil's liquid phase during the period considered. 

A simplified form of the salt balance equation was given by Buras (1974) 
for a complete annual period. Assuming that the net change in total soil water 
content from one year to the next (as monitored either at the end of the wet 
season or at the end of the dry season) is close to zero; disregarding surface 
runoff, the water balance per unit area is: 

Vi + V r + V g =V et +V d (9.27) 

Here V i9 V r , V g , V et3 and V d are total annual volumes of irrigation, atmospheric 
precipitation, capillary rise of groundwater, evapotranspiration, and drainage, 
respectively. As evapotranspiration removes no salt and crops generally 
remove only a negligible amount, and if we disregard agricultural inputs and 
in situ precipitation and dissolution of salts, the salt balance corresponding to 
Eq. (9.29), assuming no accumulation, is 

V i d+ V r c r = (V d - V g )c d (9.28) 

where q, q, and c d are the average concentrations of salt in the irrigation, rain- 
fall, and drainage waters, respectively. If the water table is kept deep enough 
so that no substantial capillary rise into the root zone occurs, and since the salt 
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content of atmospheric precipitation is usually negligible, Eq. (9.30) further 
simplifies to 

ViC t = V d c d (9.29) 

Such an overall "black box" approach disregards the mechanisms and rates 
of salt and water interactions in the root zone as well as the changing pattern 
of salt distribution throughout the soil profile. A more detailed treatment of 
the dynamic balance of salts in the root zone under irrigation was given by 
Bresler (1972b), based on the following equation: 

^ J o Z [c(z, t) d(z, *)] d* = q(o, t)c Q (t) - q(z, t) 

where the flux q, soil wetness 6, and salt concentration c are considered as 
functions of depth z and time £, and c is the salt concentration of the applied 
water. This equation was solved explicitly for c(z, t), via numerical methods, 
for different initial and boundary conditions. 

Figure 9.3 demonstrates the results obtained from these computations for a 
fallow (unvegetated) loam soil during cycles of infiltration, redistribution of 
soil moisture, and evaporation. The computation of salt and water dynamics 
in the presence of an active root system, though more complicated, is 
amenable to the same type of quantitative approach (e.g., Hillel et al., 1975). 




Fig. 9.3. Computed salt and water content distributions following successive stages of the 
field water cycle. The dispersion term was considered (solid lines) and omitted (dashed lines). 
(From Bresler, 1972b.) 
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Sample Problem 

The following data were obtained in a field in an arid zone: 

(a) Rainfall occurred only in winter and amounted to 300 mm, with a total salt concen- 
tration of 40 ppm. 

(b) Capillary rise from shallow, saline groundwater during spring and autumn totaled 
100 mm at a concentration of 1000 ppm. 

(c) Irrigation was applied during the summer season and amounted to 900 mm (400 ppm 
salts). 

(d) Drainage occurred only during the irrigation season and amounted to 200 mm, with 
a soluble salt concentration of 800 ppm. 

(e) An additional increment 0.12 kg/m 2 of soluble salts was added in the form of fertil- 
izers and soil amendments, whereas an amount of 0.1 kg/m 2 was removed by the 
harvested crops. 

Disregarding dissolution and/or precipitation of salts within the soil, compute the 
annual salt balance. Is there a net accumulation or release of salts by the soil? 

We begin with a slightly modified version of Eq. (9.28) to calculate the salt balance 
of the root zone per unit of land area: 

AM S = p w (\/ r c r + 1/jCj + V g Cg - V d c d ) + M a -M c 

where AM S is the change in mass of salt in the root zone (in the liquid phase as well as in 
the solid phase, i.e., the sum of all dissolved, adsorbed, and precipitated salt); p w is the 
density of water; V r , V lf V gt and V d are the volumes of rain, irrigation, groundwater rise, 
and drainage, respectively, with corresponding salt concentrations of c r , q, c g , c d ; and M a , 
M c are the masses of salts added agriculturally and removed by the crops, respectively. 

Using 1 m 2 as the unit "field" area, calculating water volumes in terms of cubic 
meters and masses in terms of kilograms (water density being 1 000 kg/m 3 ), we can sub- 
stitute the given quantities into the previous equation to obtain the change in mass con- 
tent of salt in the soil: 

AM S = [1 3 kg/m 3 (0.3 m x 40 x 1 0~ 6 + 0.1 m x 1 000 x 1 0~ 6 
+ 0.9 m x 400 x 1 0- 6 - 0.2 m x 800 x 1 0~ 6 ) 
+ 0.12 kg/m 2 -0.1 kg/m 2 ] 
= 0.322 kg/m 2 yr 

Thus, the soil's root zone is accumulating salt at a rate equivalent to 3220 kg (3.22 met- 
ric tons) per hectare per year. 



.o I BOX 9.1 Silt and Salt in Ancient Mesopotamia 

1: Ancient Mesopotamia owed its prominence to its agricultural productivity, based 
■"■ I on its soil and water resources and its favorable climate. The soils of this extensive 
alluvial valley are deep and fertile. The topography is level and the climate is warm 
and dry, with abundant sunshine year-round. The scant rainfall poses no appreciable prob- 
lems of water erosion or of nutrient leaching, such as occur on sloping lands in more 
humid regions. The main constraint to crop production in this arid valley is, of course, 
water. Fortunately, water is abundant in the twin rivers, the Euphrates and the Tigris. 
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However, the diversion of river water onto valley land led to a series of interrelated 
problems. The first problem was sedimentation. Early in history, the upland watersheds 
of the twin rivers were deforested and overgrazed. Erosion resulting from seasonal rains 
proceeded to strip off the soil of sloping uplands and pour it into the streams. As the 
floodwaters wound their way toward the lower reaches of the valley, the sediment set- 
tled along the bottoms and sides of the rivers, raising their beds and banks above the 
adjacent plain. During periodic floods the rivers overtopped their banks and inundated 
large tracts of land. 

The second insidious problem was salt. It resulted from the inexorable rise in the 
water table, which, in the absence of adequate drainage, naturally follows the flood 
irrigation of low-lying lands. Elevated rivers continually seep into the groundwater. So 
do diversion canals and distribution ditches. Finally, irrigation itself causes seepage 
from the entire surface of the land. Since all irrigation waters contain dissolved salts, 
and since crop roots normally exclude salts while extracting soil moisture, the salts 
tend to accumulate in the soil. Unless leached out, the salts eventually poison the 
root zone. 

In arid regions, natural rainfall is generally insufficient for annual leaching; irrigation 
must hence be applied in excess of crop water requirements so as to remove harmful 
salts by downward percolation beyond the root zone. For some years or even gener- 
ations, the processes of groundwater salination and water table rise are invisible and go 
unnoticed. Then, when the water table comes close to the ground surface, a secondary 
process of capillary rise comes into play. The rising groundwater evaporates at the sur- 
face, thus infusing the topsoil with salt. This was the process that eventually doomed the 
civilizations of Mesopotamia. Those civilizations — Sumer, Akkad, Babylonia, and Assyria 
— each in turn rose and then declined, as the center of population and culture shifted 
over the centuries from the lower to the central to the upper parts of the 
Tigris-Euphrates valley (Adams, 1981; Jacobsen, 1982; Artzy and Hillel, 1988). 
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LEACHING OF EXCESS SALTS 

It is a startling fact that 1-m depth of even reasonably good-quality irriga- 
tion water (an amount normally applied in a single irrigation season) contains 
sufficient salt to salinize an initially salt-free soil (i.e., about 3000-5000 kg, or 
3-5 tons, per hectare). 

To prevent salts from accumulating during repeated irrigation-evapotranspir- 
ation cycles, the obvious remedy is to apply water in an amount greater than 
evapotranspiration so as to cause a portion of the applied water to flow through 
the root zone and wash away the excess salts. However, unless the water table 
is very deep or lateral groundwater drainage is sufficiently rapid, the excess irri- 
gation often causes a progressive rise of the water table. Once the water table 
comes within a meter or so of the soil surface, groundwater tends to seep 
upward into the root zone by capillary action and to reinfuse the soil with salt. 

From the foregoing it should be obvious that any attempt to leach without 
provision of adequate drainage is not merely doomed to fail but can indeed 
exacerbate the problem. In many areas where natural drainage is slow and arti- 
ficial drainage is not provided, it becomes impossible to sustain irrigation and 
the land must sooner or later be abandoned owing to progressive salination. 

Much attention has been devoted to assessing the optimal quantity of water 
that must be applied to cause leaching. The application of too much water can 
be as harmful as the application of too little. Exaggerated leaching not only 
wastes water but also tends to remove essential nutrients and to impede aer- 
ation by waterlogging the soil. The leaching requirement concept was developed 
by the U.S. Salinity Laboratory. It has been defined as the fraction of the irri- 
gation water that must be leached out of the bottom of the root zone so as to 
prevent average soil salinity from rising above some specifiable limit. 

According to the standards of the Handbook of the U.S. Salinity 
Laboratory, the maximum concentration of the soil solution, expressed in 
terms of electrical conductivity, should be kept below 0.4 S/m (4 mmhos/cm) 
for sensitive crops. Tolerant crops such as beets, alfalfa, and cotton may give 
good yields at values up to 0.8 S/m, while very tolerant crops such as barley 
may give good yields at salinity values as high as 1.2 S/m. 

The leaching requirement depends on the salt concentration of the irriga- 
tion water, on the amount of water extracted from the soil by the crop (the 
evapotranspiration), and on the salt tolerance of the crop, which determines 
the maximum allowable concentration of the soil solution in the root zone. 
Assuming steady-state conditions of through-flow (thus disregarding short- 
term changes in soil moisture content, flux, and salinity) and assuming no 
appreciable dissolution or precipitation of salts in the soil and no removal of 
salts by the crop or capillary rise of salt-bearing water from below, we obtain 
from Eq. (9.29), 

y d /Vi = q/c d (9.31) 

in which V d and V x are the volumes of drainage and of irrigation, respectively, 
and q and c x are the corresponding concentrations of salt. Water volumes are 
normally expressed per unit area of land as equivalent depths of water, and salt 
concentrations are generally measured and often reported in terms of electrical 
conductivity. Since the volume of water drained is the difference between the 
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volumes of irrigation and evapotranspiration (i.e., V d = Vj - V et ), we can trans- 
form the last equation as follows: 

Vi = [c d /(c d - Ci )]V et (9.32) 

which is equivalent to the formulation by Richards (1954): 

4 = [E d /(E d -Ei)K t (9.33) 

Here d x is depth of irrigation, d et is the equivalent depth of the crop's "con- 
sumptive use," and E d , E x are the electrical conductivities of the drainage and 
irrigation waters, respectively. 

The leaching requirement equation implies that by varying the fraction of 
applied water percolated through the root zone, it is possible to control the 
concentration of salts in the drainage water and hence to maintain the con- 
centration of the soil solution in the main part of the root zone at some inter- 
mediate (optimal) level between c- x and c d . 

Leaching soils at a water content below saturation (e.g., under low-intensity 
sprinkling irrigation or under intermittent irrigation) can produce more effi- 
cient leaching and thereby reduce the amount of water required as well as mit- 
igate drainage problems in areas of high water tables. If a soil with large 
vertical cracks is ponded with water, much of the water moves through the 
cracks and is ineffective in leaching. Under rainfall or slow sprinkling, in con- 
trast, a greater portion of the applied water moves through the soil blocks and 
micropores, thus producing more efficient leaching of the soil matrix per unit 
volume of water infiltrated. 



Sample Problem 

Estimate the "leaching requirements" of a field subject to a seasonal evapotranspiration 
of 1000 mm, if the electric conductivity of the irrigation water is 0.1 S/m (equivalent to 
a salt concentration of about 650 ppm) and that of the drainage water is allowed to 
reach 0.4 S/m (about 2600 ppm salts). What would be the leaching requirement if the 
irrigation water were half as concentrated? And what if the drainage water were allowed 
to become twice as concentrated? Finally, what would be the electrical conductivity of 
the drainage water if the amount of irrigation were 1500 mm? 
Using Eq. (9.33): 

ofi = [£d/(£ d -^i)Kt 

where d\ and d et are the volumes of water per unit land area (in depth units) of irriga- 
tion and of evapotranspiration, respectively, and E d and E\ are the electrical conductiv- 
ities of the drainage and irrigation waters, respectively. Substituting the appropriate 
values, we get 

d t = [0.4/(0.4 - 0.1 )] 1 000 mm = 1 333 mm 
The "leaching depth" is 

d e = 4 - d et = 1333 - 1 000 = 333 mm 
If the irrigation water were half as concentrated (£j = 0.05 S/m), 
c/j = [0.4/(0.4 - 0.05)] 1 000 mm = 1 1 43 mm 
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Thus, the leaching depth would be only 143 mm, which is less than half the previously 
required leaching volume. If the drainage water were permitted to be twice as concen- 
trated, that is, if £ d were 0.8 S/m instead of 0.4, then 

cfj = [0.8/(0.8 - 0.1)] 1000 mm = 1 143 mm 

In words: Doubling the allowable concentration of the drainage water is equivalent to 
halving the concentration of the applied irrigation water, in terms of its effect on redu- 
cing leaching requirements. If the depth of irrigation water applied were 1500 mm and 
its electric conductivity were 0.1 S/m, the electric conductivity of the drainage water 
would be 

E d = Ei/[1 - (det/c©] 
which is obtained by simple transformation of Eq. (9.33). Thus, 
E d = 0.1 S/m/[1 - (1 000/1 500)] = 0.3 S/m 



. I BOX 9.2 How Ancient Egypt Escaped the Scourge of Salinity 

In sharp contrast to Mesopotamia, the civilization of Egypt survived and con- 
I tinued in the same location for several millennia. What explains the persistence 
of irrigated farming in Egypt in the face of its demise in Mesopotamia? 

The answer lies in the different soil and water regimes of the two river valleys. Neither 
clogging by silt nor poisoning by salt was as severe along the Nile as in the 
Tigris-Euphrates valley. The silt of Egypt is delivered by the Blue Nile from the volcanic 
highlands of Ethiopia, and it is mixed with the organic matter delivered by the White 
Nile from its swampy sources. It was not so excessive as to choke the irrigation canals, 
but it was fertile enough to add nutrients to the fields. Whereas in Mesopotamia the 
inundation usually comes in the spring and summer evaporation tends to make the soil 
saline, the Nile crests at a much more favorable time: after the summer heat has killed 
the weeds and aerated the soil, and in time to wet the soil for the prewinter planting. 

The narrow floodplain of the Nile (except in the Delta) precluded the widespread rise 
of the water table. The water table was controlled by the stage of the river, which, over 
most of its length, normally lies below the level of the adjacent land. When the river 
inundated the land, the seepage naturally raised the water table. As the river's level 
dropped, it pulled the water table down after it. This annual pulsation of the river and 
the associated fluctuation of the water table under a free-draining floodplain created an 
automatically self-flushing cycle by which the salts were leached from the soil and car- 
ried away by the Nile itself (Hillel, 1994). 

Unfortunately, the soil of Egypt is now threatened with degradation. The Aswan High 
Dam has blocked the fertile silt that had formerly been delivered by the Nile. Hence 
Egyptian farmers must rely increasingly on chemical fertilizers. The river, now running clear 
of silt, has increased its erosivity and has been scouring its own banks. Along the estuaries 
of the Delta there is no more deposition, so coastal erosion has begun, along with sea- 
water intrusion. The artificial maintenance of a nearly constant water level in the river, 
needed to allow easy pumping of irrigation water throughout the year, has resulted in rais- 
ing the water table and making drainage more difficult. So Egypt is now experiencing the 
maladies of waterlogging and salination from which it had for so long seemed immune. 
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THE VITAL ROLE OF SOIL AERATION 

The process of soil aeration is an important determinant of soil productiv- 
ity. Plant roots absorb oxygen and release carbon dioxide in the process of res- 
piration. In most terrestrial plants (excepting such specialized plants as rice), 
the internal transfer of oxygen from the above-ground parts (leaves and stems) 
to the roots cannot take place at a rate sufficient to supply the oxygen require- 
ments of the latter. Adequate root respiration therefore requires that the soil 
itself be aerated, that is to say, that gaseous exchange take place between soil 
air and the atmosphere at a rate sufficient to prevent a deficiency of oxygen 
and an excess of carbon dioxide from developing in the root zone (Fig. 10.1). 
Microorganisms in the soil also respire and, under restricted aeration, might 
compete with the roots of higher plants for scarce oxygen. 

Gases can move either in the air phase (i.e., in the pores that are drained of 
water, provided they are interconnected and open to the atmosphere) or in dis- 
solved form through the water phase. The rate of transfer of gases in the air 
phase is generally much greater than in the water phase; hence soil aeration 
depends largely on the volume fraction of air-filled pores. 

Impeded aeration resulting from poor drainage and waterlogging or from 
mechanical compaction of the soil surface zone can strongly inhibit crop 
growth. The problem of soil compaction seems to have worsened in modern 
times, along with the growing trend to use larger and heavier machinery and 
the tendency to tread over the field repeatedly for such purposes as seeding, 
fertilization, pest control, and harvesting. With greater use of fertilizers and 
irrigation, shortages of nutrients and water have been obviated in many places 
so that, by default, soil aeration has gained in relative importance as a major 
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Roots 



Fig. 10.1. Soil aeration as a process of 2 and C0 2 exchange with the atmosphere. Among 
other gases involved in the soil atmosphere exchange are various volatile forms of nitrogen, sul- 
fur, and hydrocarbons. 



constraint to the attainment of maximal productivity. Root systems are com- 
monly restricted in extent by the progressive decrease of aeration in the deeper 
regions of the soil profile. 

Anaerobic conditions in the soil induce a series of chemical and biochem- 
ical reduction reactions. Among these reactions are denitrification (the 
processes by which nitrate is reduced to nitrite, thence to nitrous oxide, and 
finally to elemental nitrogen: NO3 > NO2 > N2O > N2); manganese reduction 
from the manganic to the manganous form; iron reduction from the ferric to 
the ferrous form; and sulfate reduction to form hydrogen sulfide. Many 
organic compounds are formed in the anaerobic decomposition of organic 
matter, some of which are toxic to plants (e.g., ferrous sulfide, ethylene, and 
acetic, butyric, and phenolic acids). 

The subject of soil aeration has been reviewed repeatedly over the years. 
The evolving state of our knowledge is reflected in the successive publications 
by Currie (1975), Cannell (1977), Phene (1986), Rolston (1986), and Scanlon 
et al. (2002). 



VOLUME FRACTION OF SOIL AIR 

In most natural soils, the volume ratios of the three constituent phases — 
solid particles, water, and air — are continually changing as the soil undergoes 
wetting and drying, swelling and shrinkage, tillage and compaction, aggrega- 
tion and dispersion, etc. Specifically, since the twin fluids of water and air 
together occupy the pore space, their volume fractions are so related that an 
increase of the one generally entails a decrease of the other. Thus, 

f a = f-e (10.1) 

where f a is the volume fraction of air, f is the total porosity (the fractional 
volume of soil not occupied by solids), and 9 is the volume fraction of water 
(volume wetness). 

Since the volume fraction of air is largely dependent on the content of water 
in the soil, it can only be used as an index of soil aeration in conjunction with 
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some specifiable and reproducible wetness value. The wetness value generally 
chosen for this purpose is the so-called "field capacity" (see Chapter 15). 
Although the term defies exact physical definition, it is usually defined in an 
approximate sense as the volume fraction of water retained by a freely drain- 
ing soil profile after the initially rapid stage of internal drainage. Objections to 
this concept notwithstanding for the moment, we can use it as the basis for an 
analogous soil aeration index, which we might call field-air capacity , definable 
as the fractional volume of air in a soil at the field-capacity water content. 
Though under different names (e.g., "noncapillary porosity," "air-filled poros- 
ity," and "air content at field capacity"), this index or something very similar 
to it has been used for many years to characterize the state of soil aeration. It 
has been found to depend on numerous factors, not all of which are amenable 
to human control. 

In the first place, air capacity depends on soil texture. In sandy soils it is of 
the order of 25% or more; in loamy soils it is typically in the range of 
15-20%; and in clayey soils, which tend to retain the most water, it is likely 
to fall below 10% of total soil volume. In fine-textured soils, however, soil 
structure (as well as soil texture) has much to do with determining the air 
capacity. Strongly aggregated soils generally have a considerable volume of 
macroscopic (interaggregate) pores that drain quickly and remain air filled 
most of the time. Hence such soils exhibit an air capacity of 20-30%. When 
the clay fraction is dispersed and when the aggregates are broken down by 
physicochemical processes or mechanical forces, the macroscopic pores tend 
to disappear, so a strongly compacted soil may contain less than 5% air by 
volume at its characteristic field-capacity value of soil moisture. The effect of 
compaction (bulk density) on a soil's capacity to retain air and water is shown 
hypothetically in Fig. 10.2. 

There are fundamental limitations to the air capacity index as a means of 
characterizing soil aeration. First, the value is difficult to determine accurately, 
since it generally depends on prior determination of two highly variable 
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parameters that are themselves rather cumbersome to measure, namely, the 
field capacity and the total porosity. Both determinations depend on the 
method of sampling, and their results can be grossly inaccurate. An even more 
serious objection to the use of air capacity as an index of soil aeration is that 
in principle the rate of exchange of soil air rather than simply the content of 
soil air constitutes the decisive factor. At high wetness values, soils often con- 
tain isolated pockets of occluded air that, though forming a part of the air- 
filled volume, do not contribute to active gas exchange (Fayer and Hillel, 
1986a,b). At times, even a thin surface crust, if highly compact or saturated, 
can act as a bottleneck limiting aeration to the entire soil profile, regardless of 
the air-filled porosity beneath. We are thus led to the necessity of characteriz- 
ing aeration in more dynamic terms. 

COMPOSITION OF SOIL AIR 

In a well-aerated soil, the composition of soil air is close to that of the exter- 
nal ("open") atmosphere, because the oxygen consumed in the soil is readily 
replaced from the atmosphere and the carbon dioxide generated is readily 
vented to the atmosphere. Not so in a poorly aerated soil. Analyses of the 
actual composition of soil air in the field reveal it to be much more variable 
than the external atmosphere. Depending on such factors as time of year, tem- 
perature, soil moisture, depth below the soil surface, root growth, microbial 
activity, pH, and — above all — the rate of exchange of gases through the soil 
surface, soil air can differ to a greater or lesser degree from the composition of 
the external atmosphere. 

The greatest difference is in concentration of carbon dioxide (C0 2 ), the 
principal product of aerobic respiration by the roots of higher plants as well 
as by numerous macroorganisms and microorganisms in the soil. The C0 2 
concentration of the atmosphere is about 0.036% (some 360 parts per million, 
in terms of partial volume). In the soil, however, it frequently reaches levels 
that are 10 or more times as great. 

Because C0 2 is produced in the soil by oxidation of carbonaceous (organic) 
matter, an increase in C0 2 concentration is generally associated with a decrease 
in elemental oxygen (0 2 ) concentration (though not necessarily to an exactly 
commensurate degree, since additional sources of oxygen may exist in dissolved 
form and in easily reducible compounds). Since the 2 concentration of air is 
normally above 20%, it would seem that even a hundredfold increase of C0 2 
concentration, say, from 0.036% to 3.6%, can diminish the 2 concentration 
to only about 17%. However, even before they begin to suffer from lack of oxy- 
gen per se, some plants may suffer from excessive concentrations of C0 2 and 
other gases in both the gaseous and aqueous phases. In more extreme cases of 
aeration restriction, the 2 concentration can fall to near zero. Prolonged 
anaerobic conditions can result in the development of a chemical environment 
characterized by reduction reactions such as denitrification, the evolution of 
such gases as hydrogen sulfide (H 2 S), methane (CH 4 ), and ethylene (C 2 H 4 ), and 
the reduction of mineral oxides such as those of iron and manganese. 

Both carbon dioxide (released from the soil by the decomposition of organic 
matter under aerobic conditions) and methane (released under anaerobic 
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conditions) contribute to the atmospheric greenhouse effect. In contrast, prac- 
tices that build up the organic matter content of the soil sequester carbon from 
the atmosphere and thus may help to mitigate the potentially disruptive effects 
of the same greenhouse effect (i.e., global warming). 



Sample Problem 

A tropical forest is cleared and cultivated. The topsoil, depth 0.4 m, contains 2% read- 
ily decomposable organic residues having a carbon content of 40%. If the 2 con- 
sumption rate (due to soil respiration) is constant at 0.08 kg/m 2 per day, how much 
carbon is released to the atmosphere in 1 month (30 days) and in 4 months, and what 
fraction of the organic matter decomposes in each period? Assume soil bulk density = 
1250 kg/m 3 . 
Calculations: 

Mass of soil in toplayer: 0.4 m x 1 250 kg/m 3 = 500 kg/m 2 . 

Mass decomposable organic matter: 2% x 500 kg/m 2 = 10 kg/m 2 . 

Mass of carbon in toplayer: 40% x 1 kg/m 2 = 4 kg/m 2 . 

Note: As one C atom (atomic weight 1 2) combines with two O atoms (atomic weight 
16) to form C0 2/ the C release rate is 12/32 = 0.375 times the 2 consumption rate. 
Hence: 

Daily carbon release = 0.375 x 0.08 kg/m 2 = 0.03 kg/m 2 
Daily organic matter decomposed = 0.03/0.4 = 0.075 kg/m 2 
Mass of C released in 1 month (30 days) = 0.03 x 30 = 0.9 kg/m 2 
Organic matter decomposed in 1 month = 0.9/0.4 = 2.25 kg/m 2 
% organic matter decomposed in 1 month = 2.25/10 = 22.5% 
Organic matter decomposed in 4 months = 4 x 2.25 = 9 kg/m 2 
% organic matter decomposed in 4 months = 9/10 = 90% 
Organic matter remaining after 4 months = 1 kg/m 2 
Mass of C released in 4 months 4 x 0.9 = 3.6 kg/m 2 
Mass of C0 2 released in 4 months = 3.6 x 44/1 2 = 13.2 kg/m 2 

Note: 44/12 is the ratio of the molecular weight of C0 2 to the atomic weight of C. 



SOIL RESPIRATION AND AERATION REQUIREMENTS 

The overall rate of respiration due to all biological activity in the soil — 
that is, the amount of oxygen consumed and the amount of carbon dioxide 
produced by the entire profile — determines the aeration requirement of the 
soil. Quantitative knowledge of the aeration requirements of different crops 
and soils in varying circumstances is essential if we are to devise means to 
ensure that these requirements are indeed met. However, the information is 
difficult to obtain, because the rate and spatial distribution of soil respiration, 
as well as its temporal variation, depend on numerous factors. Prominent 
among these factors are soil temperature, soil wetness, pH, and organic mat- 
ter content and composition (whether fresh or well decayed) — all of which 
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influence the time-variable respiratory activity of the numerous species of 
macroorganisms and microorganisms living in the soil. 

Anaerobiosis, or oxygen stress, will occur in the soil whenever the rate of 
supply falls below the demand. This condition can develop quite quickly, since 
the storage of oxygen in the soil is generally rather low in relation to the quan- 
tity required for soil respiration. To illustrate, let us consider a soil with 
an effective root zone depth of 60 cm and 15% air- filled porosity, containing 
90 L of air under each square meter of soil surface. With an initial oxygen 
concentration of 20% in the gaseous phase, the storage of oxygen can be cal- 
culated to be 18 L, equivalent to about 25 g, or 0.025 kg. [An ideal gas at 
standard temperature and pressure occupies a volume of 22.4 L/mol. The mass 
of a mole of 2 (atomic weight 16) is 0.032 kg. The mass contained in 18 L is 
therefore 0.032 x 18/22.4 = 0.0257 kg.] 

If the oxygen requirement for soil respiration is of the order of 0.01 kg/day 
per square meter of ground, the initial oxygen reserve in the soil would last 
only 2.5 days. Oxygen stress symptoms would probably begin even earlier. 
However, these figures are given only to provide an order of magnitude, since 
in actual conditions the aeration rate varies between wide limits. Plant growth 
probably depends more on the occurrence and duration of periods of oxygen 
deficiency than on average conditions. 

Measurements in the field demonstrate the effect of temperature on soil res- 
piration. Figure 10.3 illustrates the seasonal variation of soil temperature and 
soil respiration. Respiration rates in summer can be more than 10 times as 
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Fig. 10.3. Seasonal variation of soil respiration and soil temperature at Rothamsted. (After 
Currie, 1975.) 
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great as in winter. Other factors can also have a strong influence. For example, 
respiration rates at a given temperature tend to be greater in spring than in 
autumn, apparently because of the vigorous activity of microorganisms and 
greater availability of undecomposed organic residues in springtime. Soil res- 
piration is greater in cropped than in fallow land, owing to root respiration 
and to the enhanced microbial activity resulting from exudations of live roots 
and the decay of dead roots. The diurnal variation of soil respiration also fol- 
lows the pattern of soil temperature, with oxygen uptake rates registering 
a greater than twofold increase from early morning to mid-afternoon. Thus, 
the respiration rates in soil vary from season to season, from day to day, and 
from hour to hour and are related to crop growth stage and to microbial activ- 
ity. The effect of waterlogging the soil is slight in winter, for, although air 
diffusion is constricted, the oxygen requirements are low. The same waterlog- 
ging in summer, however, could be severely damaging to a crop at its most 
active growth stage. 



Sample Problem 

Assume the same soil conditions and same first-month organic matter decomposition 
rate as in the preceding Sample Problem. Thereafter, the decomposition rate does not 
remain constant but is proportional to the amount remaining in the soil. Again, calcu- 
late the mass of C released in 4 months and the amount and percent of the initial 
organic matter decomposed in that period. 
We use the exponential decay equation: 

-dM/dt = kM 

where M is the mass of organic matter present in the soil and -dM/dt is the time rate of 
its decomposition. The minus sign indicates that the amount of organic matter is dimin- 
ishing with time. In this equation the variables can be separated: 

-dM/M = kdt 

Integrating between the limits M 2 at t 2 and at £ lr we obtain 

[-In <; = [kt% 

Here, In M is the natural logarithm (to the base e) of M: 

(-In M 2 )-(-ln M^) = k(t 2 -U) 

Solving for k (known as the specific reaction rate), we get 

k = (In M, - In M 2 )/(t 2 - t,) = [2.303/(£ 2 - tfi] log 10 (/W 1 /M 2 ) 

We can simplify this equation by taking ^ as zero time. Then becomes M 0f the mass 
of organic matter at zero time. M is the mass at any time t. 

Setting ^ = 0, t 2 = 1 month, M = 10 kg/m 2 , and M = 1 - 2.25 = 7.75 kg/m 2 , we get 

k= (2.303/0[log 10 (M /M)] = (2.303/1) log(1 0/7.75) = 0.25 
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We now calculate the organic matter (M) remaining after 4 months: 

0.25 = (2.303/4) log(10/M) 
(4 x 0.25)/2.303 = log 1 - log M 

Hence log M = 1 - 0.434 = 0.566, and M = antilog 0.566 = 3.69 kg/m 2 

Organic matter decomposed in 4 months = 10 - 3.69 = 6.31 kg/m 2 
Fraction of organic matter decomposed in 4 months = 63.1% 
Mass of carbon released in 4 months = 40% of 6.31 = 2.524 kg/m 2 
Mass of C0 2 released in 4 months = 2.524 x 44/1 2 = 9.25 kg/m 2 

Comment: The exponential decay calculation (this problem) may be more realistic 
than the constant-rate method (preceding Sample Problem). Although the figures given 
in these problems are hypothetical, the rapid decomposition of organic matter in newly 
cleared tropical areas is a real problem, resulting not only in the of soil productivity but 
also in significant contributions to global warming. 




MEASUREMENT OF SOIL-AIR CONTENT AND COMPOSITION 

An early approach to the problem of measuring aeration was to determine 
the fractional air space, or air-filled porosity, at a standard value of soil wet- 
ness. This was done by taking an "undisturbed" sample from a soil pre- 
sumed to be at its "field capacity" moisture content. In practice, this has 
usually meant either sampling the soil in the field two days after a deep wet- 
ting or saturating a soil sample in the laboratory and then subjecting it to 
some specified water tension. By either method, the determination of frac- 
tional air space is fraught with uncertainties and gives no real indication of 
aeration dynamics. 

Another traditional approach is to measure the composition of soil air 
(Bremner and Blackmer, 1982; Farrell et al., 2002). Although still a static meas- 
urement, this appears to be a better diagnostic tool than measurement of air 
volume alone, for it can reveal more directly when a problem might exist — 
that is, when the oxygen content of soil air falls significantly below that of the 
atmosphere owing to restricted gas exchange. The difficulty here is how to 
extract an air sample at once large enough to provide a reliable measurement 
and yet small enough to represent the sampled point and to avoid disturbance 
and mixing of soil air or even contamination from the atmosphere. The gas 
chromatograph technique, using a syringe to extract small samples (only 
0.5 mL in volume) may help to make the measurement more reliable. 

Gas sampling extracts air mainly from the larger, better aerated pores, and the 
samples are likely to contain some external air, either from dead space in the sam- 
pling equipment or from leakage into the sampling tubes (Payne and Gregory, 
1988). Numerous measurements have shown that oxygen concentrations in the 
soil's air phase tend to be lower than in the open atmosphere, but they are rarely 
below 10% by volume, while CO2 concentrations rarely rise above a few percent. 
However, Blackwell (1983), using very small samples, showed that in water- 
logged soils oxygen concentrations can fall to virtually zero. 
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MEASUREMENT OF SOIL RESPIRATION 

Soil respiration values reported by various investigators have varied widely. 
Papendick and Runkles (1965), working under laboratory conditions, meas- 
ured respiration rates of 1.7 x 10~ 5 mol/m 3 sec, equivalent to 0.75 moles of 
oxygen per cubic meter per 12-hour day, or 2.4 x 10~ 2 kg/m 3 day. At the other 
extreme, Grable and Siemer (1968) reported values 10,000 times higher. Under 
field conditions, respiration values are likely to be smaller than those found in 
growth chambers. Greenwood (1971), working in England, measured average 
oxygen consumption rates of 1.3 x 10~ 7 mL oxygen per second per milliliter 
of a soil carrying a mature crop and maximum rates three times as high. The 
average value is equivalent to 8 x 10~ 3 kg of oxygen per cubic meter of soil 
per 12-hour day. 

Comprehensive data on soil respiration rates were obtained in England 
from field respirometers, first built at Wrest Park and later placed at 
Rothamsted Experiment Station (Fig. 10.3). These installations were 
described by Currie (1975). They consist of large containers (91 x 91 x 91 
cm) filled with soil and sealed on top, with provisions to maintain normal 
atmospheric composition continuously by adding or removing amounts of 
oxygen and carbon dioxide as required. When the soil is cropped, the plants 
are grown through holes in the lid, using silicone rubber to seal the 
gaps around the stems. It is thus possible to measure daily C0 2 output and 
2 uptake and their seasonal variation for soils with and without plants 
(Fig. 10.4). 

The respiratory quotient, RQ, that is, the ratio of the volume of carbon 
dioxide produced to the volume of oxygen consumed (Payne and Gregory, 




Fig. 10.4. Soil respirometer at Rothamsted. 



(After Currie, 1975.) 
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TABLE 10.1 Oxygen Consumption and Carbon Dioxide Production in 
a Bare Soil and a Soil under a Crop of Kale (g/m 2 per day) 





January 




July 




Soil 


Cropped 


Bare 


Cropped 


Bare 


Oxygen consumption 


2.0 


0.7 


24 


12 


Carbon dioxide release 


3.0 


1.2 


35 


16 


Soil temperature at 0.1 m 


3°C 




17°C 





1988), is close to unity in the case of a well-aerated soil. It rises to above unity 
only when there are anaerobic pockets present in the soil. A determination of 
this quotient in a soil is therefore a sensitive method for checking if the whole 
body of the soil is aerobic. 

Published data regarding carbon dioxide production and oxygen consump- 
tion in different conditions vary widely. Monteith et al. (1964) reported the 
following relationship: 

R = Ro qT/io (102 ) 

where R is the flux at 0°C and R that at T°C. He found that Q had a value 
of about 3. However, Currie (1970), working in the same location 
(Rothamsted, England) but using a more direct method to measure fluxes, 
reported much higher figures. Since he measured both the 2 and C0 2 fluxes, 
Currie was able to demonstrate that the respiratory quotient was almost 
exactly unity, except in mid-summer (when the respiratory requirements were 
especially high), at which time RQ was 1.05. His results are summarized in 
Table 10.1. 



OXIDATION-REDUCTION PROCESSES IN THE SOIL 

Soil organisms obtain the energy they need for their vital processes by 
means of a series of chemical reactions involving the transfer of electrons from 
substances that serve as sources of energy to substances that may become 
products of respiration (Rowell, 1981). For example, glucose is a source of 
electrons when it is oxidized to pyruvic acid in the first stage of its breakdown 
to carbon dioxide: 

C 6 H 12 6 2CH 3 COCOOH + 4H + + 4e- (10.3) 

In aerobic respiration, the final electron sink is oxygen, which accepts elec- 
trons and combines with hydrogen ions to form water: 



2 + 4H + + 4e- 2H 2 



(10.4) 
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Where free oxygen is scarce, several other substances will accept electrons. 
Some ions containing oxygen (e.g., nitrate and sulphate ions) can accept elec- 
trons and lose oxygen: 

N0 3 - + 2H + + 2e" -> N0 2 - + H 2 (10.5) 

2N0 2 - + 8H + + 6e" -> N 2 + 4H 2 (10.6) 

Some variable-valence ions will accept electrons and thus be reduced to 
a lower-valence state. Examples are the reduction of high-valence iron and 
manganese ions: 

Fe 3+ + e" -> Fe 2+ 
Mn 4+ + 2e" -> Mn 2+ (10.7) 

And hydrogen ion itself can accept an electron to become hydrogen gas: 

2H + + 2e-^H 2 (10.8) 

The tendency of a solution to donate electrons to a reducible substance or 
to accept electrons from an oxidizable substance can be measured in terms of 
its oxidation-reduction potential, commonly known as redox potential, E^. (It 
is defined as the potential, in volts, required in an electric cell to produce oxi- 
dation at the anode and reduction at the cathode. This potential is measured 
relative to a standard "hydrogen electrode", which is taken as zero. The 
hydrogen electrode consists of platinum, over which hydrogen is bubbled, to 
produce a standard concentration of hydrogen ions.) The more strongly redu- 
cing a substance, the lower is its potential. The of a solution also depends 
on its pH (Rowell, 1981). Values of E^ may vary from +400 mV in a well- 
aerated soil to -350 mV in poorly aerated, carbon-rich soils (Glinski and 
Stepniewski, 1985; Paine and Gregory, 1988). 



7 I BOX 10.1 Appearance of Poorly Aerated Soils 

Poorly aerated soils often occur in humid regions characterized by high year- 
I round rainfall. They may also occur in semihumid or even arid regions, in low- 
lying river valleys, deltas, and estuaries, as well as along seacoasts. They can 
generally be recognized by their waterlogged condition, though occasionally a poorly 
aerated soil may appear to be dry on the surface. A pit dug into such a soil will often 
emit such gases as hydrogen sulphide, noted for its foul smell, and methane, which is 
highly flammable. Such gases result from the anaerobic decomposition of organic mat- 
ter. Nitrogen is often reduced from its nitric state to a nitrous state, and it may even be 
reduced to the elemental N 2 gas that volatilizes into the atmosphere. 

Prolonged anaerobic conditions result in the chemical reduction of mineral elements, 
particularly iron and manganese. Consequently, an anaerobic soil layer within the pro- 
file will typically acquire a bleached, grayish (occasionally even bluish or greenish) hue. 
A telltale sign of poor aeration is a condition known as mottling, characterized by the 
appearance of spotty discoloration, typically just above the water table. These spots 
generally indicate that some of the normally reddish ferric oxides have been reduced to 
ferrous oxides. In extreme cases, manganese is reduced from an oxide to the elemental 
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state and occurs in the form of small blackish concretions. Soils with such symptoms of 
poor aeration, typically resulting from the blockage of pores by excessive wetness, are 
called gley soils in the classical pedological terminology (the term having originated from 
the Ukrainian word glei, meaning "clay"). 

Even apparently well-aerated soils may contain zones that are poorly aerated. In 
some cases, such zones occur as distinct layers, generally composed of tight clay. In 
other cases, they occur as isolated spots throughout the profile, for example, in the 
interior of aggregates, where water is retained for long periods. The outer portion of an 
aggregate may be bright red and seem to be entirely oxidized, while the interior of the 
same aggregate may be mottled. Plant roots may grow all around the periphery of such 
aggregates but seldom penetrate into them (Sextone et al., 1985). 



1 1 . GAS MOVEMENT 
AND EXCHANGE 



PROCESSES OF GASEOUS TRANSFER 

To sustain aerobic life in the soil, the oxygen consumed must be replaced 
and the carbon dioxide produced must be vented out. Maintenance of soil res- 
piration requires the constant exchange of soil air with the external atmos- 
phere. The main path through which such exchange can take place is the 
network of air-filled pores that form a continuous system connecting the sur- 
face to the deeper layers of the soil. Soil aeration is restricted when this net- 
work is partially or wholly blocked, as when the soil is excessively compacted 
and — especially — when it is excessively wet. 

Gaseous transfer in the soil can occur by means of several mechanisms 
(Payne and Gregory, 1988). Changes in temperature and atmospheric pressure 
cause soil air to either expand or contract; rainwater entering the soil carries 
"new" oxygen in dissolved form into the pores, even as it pushes out "old" air. 
Wind blowing over the soil surface may also pump air into, or suck air out of, 
the soil surface. The extraction of soil moisture by plants creates a pressure 
deficit that draws air into the soil. 

In all such phenomena, two main processes operate to effect gaseous trans- 
port within the soil: convection and diffusion. Each of these processes can be 
formulated in terms of a linear rate law, stating that the flux is proportional 
to the moving force. In the case of convection, also called mass flow, the mov- 
ing force consists of a gradient of total gas pressure, and it causes in the entire 
mass of air to stream from a zone of higher pressure to one of lower pressure. 
In the case of diffusion, on the other hand, the moving force is a gradient of 
partial pressure (or concentration) of any constituent member of the variable 
gas mixture that we call air, and it causes the molecules of the unevenly 
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distributed constituent to migrate from a zone of higher concentration to one 
of lower concentration even while the gas as a whole may remain isobaric and 
stationary. 



CONVECTIVE FLOW OF AIR IN THE SOIL 

Pressure differences between soil air and the outer atmosphere, inducing 
convective flow into or out of the soil, can be caused by barometric pressure 
changes, temperature gradients, and wind gusts. Additional phenomena affect- 
ing the pressure of soil air are the penetration of water during infiltration, 
causing displacement (and sometimes compression) of antecedent soil air, the 
fluctuation of a shallow water table pushing air upward or drawing air down- 
ward, and the extraction of soil water by plant roots. Short-term changes in 
soil air pressure can also occur during tillage or compaction by machinery. 

The degree to which air pressure fluctuations and the resulting convective 
flow may contribute to the exchange of gases between the soil and the atmos- 
phere has long been a subject of debate among soil physicists. Most of the 
time, diffusion rather than convection appears to be the more important mech- 
anism of soil aeration. Under certain conditions, however, convection can con- 
tribute significantly to soil aeration, particularly at shallow depths and in soils 
with large pores. For example, Vomocil and Flocker (1961), assuming that the 
2 consumption rate is 0.2 mL/hr g of root tissue (fresh weight), that rooting 
density is 0.1 g/cm 3 , that the water extraction rate is 7.5 mm/day, and that soil 
bulk density remains constant, calculated that the process of root water 
extraction by itself can draw into the soil as much as 70% of the oxygen 
required for respiration of crop roots. 

The convective flow of air in the soil is similar in some ways to the flow of 
water and different in other ways. The similarity is in the fact that the flow of 
both fluids is usually impelled by, and is proportional to, a pressure gradient. 
The dissimilarity results from the relative incompressibility of water in com- 
parison with air, which is highly compressible so that its density and viscosity 
are strongly dependent on pressure (as well as temperature). The gravitational 
potential gradient, where it exists (as in vertical systems), is directly important 
in causing water to flow, but it is hardly involved in air flow. Quite another 
difference is that water has the greater affinity to the surfaces of mineral par- 
ticles (i.e., it is the wetting fluid) and is thus drawn into narrow necks and 
pores, forming capillary films and wedges (menisci). 

In a three-phase system, therefore, air tends to occupy the larger pores. The 
two fluids — water and air — coexist in the soil by occupying different portions 
of the pore space having different geometric configurations. For this reason, 
the soil exhibits toward the two fluids different conductivity or permeability 
functions, as these relate to the different effective diameters, tortuosities, and 
interconnectedness of the pore sets occupied by each fluid. 

Notwithstanding the differences between water flow and air flow, we can 
formulate the convective flow of air in the soil in an equation analogous to 
Darcy's law for water flow: 



q y = -(k/r\) VP 



(11.1) 
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where q Y is the volume convective flux of air (volume flowing through a unit 
cross-sectional area per unit time), k is the permeability of the air-filled pore 
space, T| is the viscosity of soil air, and VP is the three-dimensional gradient of 
soil air pressure. In one dimension, this equation takes the form 

q Y = -(kft\)(dP/dx) (11.2) 

If the flux is expressed in terms of mass (rather than volume) per unit area and 
per unit time, then the equation is 

q m = -(pk/i\)(dP/dx) (11.3) 

wherein q m is the mass convective flux and p is the density of soil air. 

Recalling that the density of a gas depends on its pressure and temperature, 
we now assume that soil air is an ideal gas in which the relation of mass, vol- 
ume, and temperature is given by the equation 

PV=nRT (11.4) 

where P is pressure, V is volume, n is the number of moles of gas, R is the uni- 
versal gas constant per mole, and T is absolute temperature. Since the density 
p = M/V and the mass M is equal to the number of moles n times the molecu- 
lar weight m, we have 

p{m/RT)P (11.5) 

We now recall the continuity equation (see Chapters 8 and 9) for a compres- 
sible fluid: 

dp/dt = - dqjdx (11.6) 

Substituting the expression for p from Eq. (11.5) and the expression for q m 
from Eq. (11.3) into Eq. (11.6), we obtain 

(m/RT)(dP/dt) = d/dx[(pk/T[)dP/dx] (11.7) 

If the composite term pk/r\ is nearly constant (if pressure differences are small), 
we can write 

dP/dt = ad 2 P/dx 2 (11.8) 

where a = RTk/m, a composite constant. This is an approximate equation for 
the transient-state convective flow of air in soil. An assumption underlying this 
equation is that flow is laminar. 

Quite a different mechanism of convective movement of gases in the soil is 
the transfer of dissolved gases by rain or irrigation water infiltrating into and 
percolating through soils. Since oxygen-saturated air at atmospheric pressure 
contains only 6 liters of 2 per cubic meter, which is only enough to provide 
for the respiration of 1 kg (dry weight) of active roots, it seems unlikely that 
the oxygen supplied by infiltrating water can have anything but a very tem- 
porary effect in most situations. 
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Sample Problem 

Consider a cropped field with an effective root zone depth of 0.8 m, a daily transpir- 
ation rate of 6 mm, and a daily soil respiration rate of 0.1 kg/m2. Calculate what frac- 
tion of the oxygen requirement is supplied by convection if air is drawn from the 
atmosphere in immediate response to the pressure deficit created in the soil by the 
extraction of soil moisture. 
Calculations: 

Volume of water extracted per square meter per day: 1 m 2 x 0.006 m = 0.006 m 3 = 6 L. 
Volume of air drawn from atmosphere = volume of water withdrawn from soil = 6 1. 
Volume of oxygen drawn from atmosphere (21 % 2 ) = 6 x 21 /1 00 = 1 .26 L. 
Mass of oxygen drawn from the atmosphere = (1 .26/22.4) x 0.032 = 0.001 8 kg. 
Percentage of daily oxygen requirement supplied by convection = 0.001 8/0.1 
= 1 8%. 

Note: 0.032 kg = mass of 1 mol 2/ occupying 22.4 L at standard pressure and 
temperature. 



DIFFUSION OF GASES IN THE SOIL 

The diffusive transport of gases such as 2 and C0 2 in the soil occurs partly 
in the gaseous phase and partly in the liquid phase. Diffusion through the air- 
filled pores maintains the exchange of gases between the atmosphere and the 
soil, whereas diffusion through water films of various thicknesses maintains 
the supply of oxygen to, and disposal of C0 2 from, live tissues, which are typ- 
ically hydrated. For both portions of the pathway, the diffusion process can be 
described by Fick's law (see Chapter 9): 

J g = -D{dc/dx) (11.9) 

where J g is the diffusive flux of a gas (mass diffusing across a unit area per unit 
time), D is the diffusion coefficient (generally having the dimensions of area 
per time), c is concentration (mass of diffusing substance per volume), x is dis- 
tance, and dc/dx is the concentration gradient. If partial pressure p is used 
instead of concentration of the diffusing component, we get 

J g = -{D/$){dp/dx) (11.10) 

where (3 is the ratio of the partial pressure to the concentration. 

Considering first the diffusive path in the air phase, we note that the diffu- 
sion coefficient in the soil D s must be smaller than that in bulk air D because 
of the limited fraction of the total volume occupied by continuous air-filled 
pores and also because of the tortuous nature of these pores. Hence we can 
expect D s to be some function of the air-filled porosity, f a . 

Different workers have over the decades have reported different relations 
between D s and f a for various soils. For instance, 
Penman (1940) found a linear relation: 



D s /D = 0.66/* 



(11.11) 



DIFFUSION OF GASES IN THE SOIL 



205 



where 0.66 is a tortuosity coefficient, suggesting that the apparent (straight-line) 
path is about two-thirds the length of the mean path of diffusion in the soil. 
Tortuosity depends on the fractional volume of air-filled pores (i.e., it stands to 
reason that the tortuous path length should increase as the air-filled pore volume 
decreases); hence we can expect Penman's constant coefficient to hold for only 
a limited range of variation of air-filled porosity or of volume wetness. 

An analysis by de Vries (1950) showed on the basis of theory that the rela- 
tion sought between the effective diffusion coefficient and air-filled porosity 
should be curvilinear and dependent on pore geometry; hence it is not expected 
to be the same for different soils and water versus air contents. Consequently, 
Grable and Siemer (1968) found that as air-filled porosity fell to around 10%, 
the ratio D s /D fell to about 0.02. At even lower f a values of 4-5%, Lemon and 
Erickson (1952) found the D s /D ratio to be as low as 0.005. 

Currie (1961) studied diffusion in aggregated soils. He compared the diffu- 
sion coefficient of a gas in a dry soil in its natural structure with the diffusion 
coefficient within the individual soil crumbs and found that the within-crumb 
coefficient was only about one-fifth that of the between-crumb coefficient for 
a given air space. He offered the following equation: 

D c /D = /" c /[l + (&c-l)(l-/c) (11.12) 

where D c and f c are, respectively, the diffusion coefficient and volumetric air 
space within the crumb and k c is a constant. Currie showed that k c is a useful 
measure of soil structure, being high for poorly structured soils, and that it is in 
fact a measure of the tortuosity of the larger pores within the crumb. He reported 
values of k c that varied from 4.2 to 11.0. More recent measurements of oxygen 
diffusion in soil aggregates have been reported by Sextone et al. (1985). 

Methods of measuring gas diffusivity in soils are described by Rolston and 
Moldrup (2002). 



Sample Problem 

Consider a soil profile in which the air-phase 2 concentration diminishes linearly from 
21 % at the surface to half that at 1 -m depth. If the total porosity is a uniform 45% and 
the volume wetness 35%, calculate the diffusion rate using Penman's formula for the 
effective diffusion coefficient of oxygen in the soil (D s ). Assume steady-state diffusion, 
bulk-air diffusion coefficient (D ) = 1 .89 x 10~ 5 m 2 /sec. 

Our first step is to estimate the effective diffusion coefficient D s using Penman's lin- 
ear relation between D s and air-filled porosity f a : 

D s = 0.66f a D = 0.66 x (0.45 - 0.35) x 1 .89 x 1 0~ 5 = 1 .26 x 1 0~ 6 m 2 /sec. 

We use Fick's first law to calculate the steady-state one-dimensional diffusive flux / g of 
oxygen through the soil profile from the external atmosphere to a plane at 1-m depth, 
where 2 concentration is 10.5%: 

/ g = D s (Ac/Ax) 

= (1 .26 x 1 0- 6 m 2 /sec)(0.3 - 0.1 5 kg/m 3 )/1 m = 1 .89 x 1 0~ 7 kg/m 2 sec. 
Note: The atmospheric concentration of 2 = 21 % x 0.032 kg/22.4 L = 0.3 kg/m 3 . 
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FORMULATION OF DIFFUSION PROCESSES 

Having established the variable nature of D s , we now return to the math- 
ematical formulation of diffusion processes in soils. For transient conditions, 
we once again introduce the continuity principle: 

dc/dt = -dj g /dx (11.13) 

which states that the time rate of change of concentration of a diffusing gas 
equals the rate of change of diffusive flux with distance. The foregoing 
assumes that the diffusing substance is conserved throughout (i.e., is neither 
created nor destroyed within the soil body considered). 

As 2 and C0 2 diffuse through the soil, however, 2 is taken up and C0 2 
is generated by aerobic biological activity along the diffusive path. To take 
account of the amount of a diffusing substance added to or subtracted from 
the system per unit time, we add a plus-or-minus S term to the right-hand side 
of Eq. (11.14). Note that a positive sign represents an increment rate (source) 
and a negative sign represents a decrement rate (sink) for the substance con- 
sidered. Accordingly, 

dcldt = -dj g dx ± S(x,t) (11.14) 

The designation S(x,t) implies that the source-sink term is a function of both 
space and time. 

We next substitute Eq. (11.9) into Eq. (11.15) and consider only the verti- 
cal direction z: 

dcldt = d(D s dc/dz)/dz ± S(z,t) (11.15) 

Note that we use D s , for which one may wish to substitute an expression such 
as the one by Penman (D s = 0.66D /" a ) or any other empirical or theoretically 
based function. 

In the event that D s is constant, Eq. (11.16) simplifies to 

dc/dt = D s (d 2 c/dx 2 ) ±S(z,t) (11.16) 

In aggregated soils, gaseous diffusion occurs readily in the between-aggregate 
macropores, which drain rapidly after a rain or irrigation and form a contin- 
uous air-filled phase. However, the within-aggregate micropores can remain 
nearly saturated for extended periods and restrict the internal aeration of 
aggregates. Therefore plant roots are often confined to the larger pores 
between aggregates and scarcely penetrate the aggregates themselves, whether 
because the small internal pores of the aggregates and their mechanical rigid- 
ity do not permit penetration or because of aeration restriction. However, 
microorganisms do penetrate aggregates and, by their demand for oxygen, 
affect soil aeration. 

Equations (11.16) and (11.17) consider diffusion in the soil profile as a 
whole. If we wish to take a closer look at diffusion into or out of individual 
soil aggregates (clods), we must recast our equations into three-dimensional 
form. Assuming an aggregate to be isotropic and approximately spherical, we 
can use polar coordinates to obtain 



dcldt = (l/r 2 )d[D s r 2 (dc/dr)]/dr ± S 



(11.17) 
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where r is radial distance from the center of the sphere. If we further assume 
steady-state exchange (equal and constant-rate absorption of 2 and release of 
C0 2 ) between the clod and its surroundings, we can simply set clt equal to 
zero and solve the equation for appropriate boundary conditions. For a uni- 
form aggregate of radius R, respiring steadily and uniformly, the concentration 
difference Ac between the surface and the center is given by (Crank, 1975) 

Ac = ±SR 2 /6D s (11.18) 

Note that the concentration difference (i.e., expressing the 2 deficit or C0 2 
excess inside the clod) is proportional directly to the respiration rate S and 
inversely to the diffusion coefficient D s . As pointed out by Currie (1975), 
knowledge of both S and D s is required to quantify aeration. 

Thus far we have confined our attention almost entirely to diffusion in the 
air phase. In the case of root respiration, the final segment of the diffusion 
path takes place through the hydration envelope surrounding the root. To 
describe this stage of the aeration process, we can employ the cylindrical form 
of the diffusion equation (Fig. 11.1): 

dc/dt = {l/r)d{rD w dc/dr)/dr (11.19) 

in which r is the radial distance from the root axis. Here we specify the diffu- 
sion coefficient for the soluble diffusing substance in water, D w . Although this 
stage of the process takes place through a very short distance (the hydration 
film being, at most, only a few millimeters thick), it may be the rate-limiting 
stage, because the diffusivity of 2 in water is only about 1/10,000 its value in 
air (i.e., about 2.6 x 10~ 3 mm 2 /sec in water as against 22.6 in air). The solu- 
bility of oxygen in water (only 4% of the solubility of carbon dioxide) may be 
limiting also, especially at high temperatures. 




Fig. 11.1. Diffusion of 2 from soil to root, representating root and hydration film as con- 
centric cylinders. Here r is the radial distance from the root axis, R is the radius of the root, and 
F is the thickness of the water film. 
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The diffusion of oxygen to roots was first analyzed by Lemon (1962). His 
analysis divided the process between two regions: an inner region, the root 
itself, and an outer region, the water film enveloping the root. For steady-state 
diffusion, the equations pertaining to the inner region (subscripted i) and the 
outer one (subscripted e) are 



d 2 c t 1 d 2 c t 

— T + _ + 

r or 



A ,2. 1 -a 



S = 0, D e 



d z c e 1 d z c e 

— f- + ~ + ~^ 
dr 1 r or 



(11.20) 



If the diffusion coefficients for the root D[ and for the water film D e are known 
and if the oxygen consumption rate per length of root S is also known, it is 
possible to solve the pair of equations simultaneously for different conditions 
and to define the conditions likely to limit root respiration (Glinski and 
Stepniewski, 1985). 

There is a fundamental difference between the relation of a soil's permeabil- 
ity to pore geometry and the corresponding relation of the diffusion coefficient. 
Because the permeability pertains to pressure-induced viscous flow, it obeys 
Poiseuille's law, which states that flow rate varies as the fourth power of the pore 
radius. Hence permeability is strongly dependent upon pore size distribution. 
Diffusion, on the other hand, depends mainly on the total volume and tortuos- 
ity of continuous pores available for diffusion. The reason that diffusion does 
not depend on pore size distribution is that for air at atmospheric pressure the 
mean free path of molecules in thermal motion (i.e., the distance an "average" 
molecule in random motion travels before it collides with another) is of the 
order of 0.0001-0.0005 mm and thus much smaller than the radii of the pores 
that generally account for most of a soil's air-filled porosity. A possible excep- 
tion to this generalization is the diffusion of gases in a porous medium under 
extremely low gas pressures, at which a phenomenon called Knudsen diffusion 
may come into play (Clifford and Hillel, 1986). Knudsen diffusion occurs when 
the mean free path of gas molecules is much greater than the pore radius, hence 
molecule-wall collisions dominate over molecule-molecule collisions (Scanlon et 
al., 2002). The Knudsen diffusive flux depends on the molecular weight, density, 
and temperature of the diffusing gas, as well as on pore radii. 



MEASUREMENT OF GASEOUS CONVECTION AND DIFFUSION IN SOILS 

The set of processes involved in the transport of gases within the soil and 
in the exchange of gases between the soil and the atmosphere is altogether too 
complex to be definable by any single measurement. Soil physicists have 
sought, therefore, to measure soil attributes and component processes con- 
sidered to be relevant to the problem at hand and to be indicative of soil aer- 
ation as whole. The early attempts to characterize soil aeration in terms of the 
content and composition of soil air were essentially inadequate in that their 
results were, at best, static snapshots of the situation at a given moment in 
time, with no indication of process dynamics, directions, and rates of change. 

A quite different approach to characterizing soil aeration is to measure the 
air permeability, that is, the coefficient governing convective transmission of 
air through the soil in response to a gradient of total gas pressure (Ball and 
Schjnning, 2002). This measurement can provide useful information on the 
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effective sizes and the continuity of air-filled pores. The techniques that have 
been proposed include constant-pressure and falling-pressure devices (Fig. 
11.2). The method has been applied in the field and found useful for assessing 
the "openness" of the surface layer to the entry of air, as affected by such cul- 
tural practices as tractor traffic and tillage (Fig. 11.3). 

The measurement of diffusion rates through the air-filled pores alone gives 
no indication the possible impedance of the liquid envelope surrounding a 
root. A soil may have a high 2 concentration in the network of large pores 
that are open to the atmosphere and yet not provide an adequate supply to the 
roots if they are thickly hydrated. An interesting method for measuring oxy- 
gen diffusion to a rootlike probe is based on the use of a thin platinum elec- 
trode maintained at a constant potential. The reaction that takes place at the 
negatively charged electrode is that dissolved oxygen molecules reaching the 
electrode by diffusion take up four electrons and react with hydrogen ions to 
form water in an acid solution (0 2 + 4H + + 4e~ — > 2H 2 0) or react with water 
to form hydroxyl in an alkaline solution (0 2 + 2H 2 + 4e~ — » 40H~). 

The resulting current measures the flux of oxygen to the moisture-covered 
electrode, which acts as a sink, thus simulating the action of a respiring root. 
In practice, one inserts the probe into a moist soil and waits until the reading 
becomes steady, at which time the flux of oxygen to the probe is taken to rep- 
resent the oxygen-supplying power of the soil, commonly called the ODR 
(for oxygen diffusion rate). The technique fails in relatively dry soils, which, 
however, are unlikely to present aeration problems. Descriptions of the tech- 
nique and the results obtainable by it have been published by Blackwell 
(1983), and Payne and Gregory (1988), and Farrell et al. (2002). 



Compressed 




Manometer 



(b) 




Manometer 



Fig. 11.2. Measurement of air permeability with (a) a constant-pressure, variable-volume 
permeameter [k = (Lr\/Af)(AV/t)] and (b) a falling-pressure, constant-volume permeameter [k = 
(23h]V/ AP a )(\og[pi/ p 2 ]/ At)]. (Note: k is air permeability, L is sample length, A is sample cross- 
sectional area, V\s volume of the air cell, P a is barometric pressure, p is cell air pressure, t is time, 
and Pt and p 2 are cell pressure at start and end of time step AT, respectively.) 
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Fig. 1 1 .3. Air permeameter for field use. (After Grover, 1 956.) 



7 I BOX 11.1 Soil Emissions of Radon Gas 

In recent decades, concern has risen over the generation of radon gas by some 
^ I soils, especially in areas underlain by granite, as a consequence of the radio- 
active decay of radium. Persistent radon gas may diffuse into the basements of 
homes that are built over radon-emitting soils. Being colorless, odorless, practically inert 
chemically, and present in only trace concentrations, radon can nonetheless constitute 
a serious health hazard because it is radioactive and known to be a powerful carcinogen 
(Eisenbud, 1 987; Boyle, 1 988). Since it is difficult to vent houses with appreciable radon 
concentrations after the fact, the best approach is to test soil emissions prior to con- 
struction and to insulate the ground surface at the time of construction. 
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EMISSIONS OF GREENHOUSE GASES FROM SOILS 

Growing attention is now being devoted to the "greenhouse effect" of the 
atmosphere and its enhancement by the anthropogenic emissions of radiatively 
active gases. Often cited as the major culprit is the burning of fossil fuels 
(petroleum, coal, natural gas), which releases carbon dioxide into the atmos- 
phere in excess of the amount that can be absorbed by green plants and the 
oceans. Lately, agriculture's role in climate change has come to light (Lai et al., 
1995b; Rosenzweig and Hillel, 1998). Clearing of forests for fields and pas- 
tures, transforming virgin soil into cultivated land, flooding areas for rice and 
sugarcane production, burning crop residues, raising ruminant animals, and 
applying nitrogen fertilizers are activities that have been implicated in the 
release of greenhouse gases to the atmosphere. 

The gases emitted are primarily carbon dioxide, methane (Harriss et al., 
1988; Cicerone and Orenland, 1988; Knowles, 1993), and nitrous oxide 
(Denmead et al., 1979; Andreae and Schimel, 1989). Altogether the agricul- 
tural sources are now estimated to constitute about 20% of the total anthro- 
pogenic emissions of greenhouse gses. Land-use changes for agricultural 
development may account for an additional 14% (IPCC, 1995). 

On a global basis, soil is second only to the ocean in the amount of carbon 
it contains, holding perhaps 1.5-3 times as much carbon as living terrestrial 
vegetation. Estimates of total soil carbon (including litter and soil organic mat- 
ter) are about 1.4-1.6 x 10 12 metric tons (Schlesinger, 1991; IPCC, 1995). 
When areas originally covered with natural vegetation are converted to culti- 
vated fields, much of the vegetation initially present is converted to carbon 
dioxide. The material above ground either is burned or decomposes rapidly, 
whereas the organic matter in the soil decays more slowly but over a period of 
time releases significant quantities of C0 2 . 

However, the release of C0 2 from different agricultural practices varies. 
Curtailed tillage practices, such as minimum or no tilling, efficient crop rota- 
tion, and periodic fallowing, tend to reduce C0 2 effluxes. Controlling soil ero- 
sion also helps to conserve the carbon content of soils. When lands that have 
degraded from overuse or are salinized are retired from cultivation, they tend 
to sequester rather than release carbon. 

Methane (CH 4 ) is the second most important greenhouse gas after carbon 
dioxide (IPCC, 1995; Rosenzweig and Hillel, 1998). Although it is very much 
less prevalent than C0 2 , methane is about 20 times more powerful per molecule 
in terms of radiative forcing (IPCC, 1990). Hence, its rising concentration in the 
atmosphere is a matter of concern. Agriculture is the largest anthropogenic 
source of methane, accounting for about 40% of total emissions. The major 
agricultural sources of methane are fields of wetland rice (known as rice pad- 
dies), herds of ruminant animals, and biomass burning. The conversion of nat- 
ural wetlands to shallow impoundments for irrigation water management tends 
to increase methane emissions as well (Harriss et al., 1988). Methane is pro- 
duced in the process of carbohydrate (including cellulose) decomposition carried 
out by anaerobic bacteria (Cicerone and Oremland, 1988; Bouwman, 1990). 

Nitrous oxide (N 2 0) is present in the atmosphere in even smaller quantities 
than methane. The current concentration is about 0.31 parts per million by 
volume (ppmv), compared with -360 ppmv for carbon dioxide and -1.72 
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ppmv for methane (IPCC, 1995). The radiative forcing of the N 2 molecule is 
about 200 times greater than that of C0 2 , and its mean lifetime in the atmos- 
phere is about 120 years. The annual rate of rise of nitrous oxide is 0.2-0.3%. 
Besides being a greenhouse gas, nitrous oxide plays another important role in 
the atmosphere: It is further oxidized into NO^ in the stratosphere, where it 
acts to deplete ozone. Nitrous oxide emissions are part of the complex global 
nitrogen cycle by which various forms of nitrogen are transported and trans- 
muted in soils, plants, animals, and the atmosphere (Spreat, 1987; Brady, 
1990; Schlesinger, 1991). 

Soils are the major medium that generates N 2 0, through microbial 
processes. Agricultural activities that contribute to nitrous oxide emissions 
include the liberal application of nitrogenous fertilizers, burning of biomass, 
and conversion of forests to pastures in tropical regions. The production of 
nitrous oxide in the soil is an intermediate stage in both nitrification (oxida- 
tion of ammonium to nitrate) and denitrification (the reverse of nitrification), 
but it is the latter that constitutes the main process through which nitrous 
oxide is released from soils. 

A detailed description of soil-borne processes and of agriculture in relation 
to the greenhouse effect is presented in Rosenzweig and Hillel (1998). 
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12. SOIL TEMPERATURE 
AND HEAT FLOW 



IMPORTANCE OF SOIL TEMPERATURE 

Soil temperature, its value at any moment and the manner of its variation 
in time and space, is a factor of primary importance in determining the rates 
and directions of soil physical processes and of energy and mass exchange with 
the atmosphere. Temperature governs evaporation and aeration as well as the 
types and rates of chemical reactions that take place in the soil. Finally, soil 
temperature strongly influences biological processes, such as seed germination, 
seedling emergence and growth, root development, and microbial activity. 

Soil temperature varies in response to changes in the radiant, thermal, and 
latent energy exchange processes that take place primarily through the soil 
surface. The effects of these phenomena are propagated into the soil profile 
by a complex series of transport processes, the rates of which are affected by 
time-variable and space-variable soil properties. Hence the quantitative for- 
mulation and prediction of the soil thermal regime can be a formidable task. 
Even beyond passive prediction, the possibility of actively controlling or modi- 
fying the thermal regime requires a thorough knowledge of the processes at 
play and of the environmental and soil parameters determining their rates. 
The pertinent soil parameters include the specific heat capacity, thermal con- 
ductivity and thermal diffusivity (all of which are strongly affected by bulk 
density and wetness) as well as the internal sources and sinks of heat operat- 
ing at any time. 

Many reviews of soil temperature and heat flow have been published over 
the years by (among others): de Vries (1975b), Campbell (1977), Taylor and 
Jackson (1986), Fuchs (1986), Hanks (1992), Evett (2002), and Mclnnes 
(2002). 
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MODES OF ENERGY TRANSFER 

We begin with basic physics. There are three principal modes of energy trans- 
fer: radiation, convection, and conduction. By radiation, we refer to the emis- 
sion of energy in the form of electromagnetic waves from all bodies above K. 
According to the Stefan-Boltzmann law, the total energy emitted by a body, J t , 
integrated over all wavelengths, is proportional to the fourth power of the 
absolute temperature T of the body's surface. This law is usually formulated 

/ t = eaT 4 (12.1) 

where a is a constant and £ is the emissivity coefficient, which equals unity for 
a perfect emitter (generally called a black body). The absolute temperature 
also determines the wavelength distribution of the emitted energy. Wiens law 
states that the wavelength of maximal radiation intensity X m is inversely pro- 
portional to the absolute temperature: 

X m = 2900/T (12.2) 

where X m is in micrometers. The radiative intensity as a function of wavelength 
and temperature is given by Planck's law: 

E x = C^X 5 [exp(C 2 AT) - 1] (12.3) 

where is energy flux emitted in a given wavelength range and Q, C 2 are 
constants. 

Since the temperature of the soil surface averages about 300 K (though it 
can range from below 273 K, the freezing point, to 330 K or even higher), the 
radiation emitted by the soil surface has its peak intensity at a wavelength of 
about 10 um and its wavelength distribution over the range of 3-50 um. This 
is in the realm of infrared, or heat, radiation. 

A very different spectrum is emitted by the sun, which acts as a black body 
at an effective surface temperature of about 6000 K. The sun's radiation includes 
the visible light range of 0.3-0.7 um as well as some infrared radiation of greater 
wavelength (up to about 3 um) and some ultraviolet radiation (X < 0.3 um). 
Since there is very little overlap between the two spectra, it is customary to 
distinguish between them by calling the incoming solar spectrum short-wave 
radiation and the spectrum emitted by the earth long-wave radiation. 

The second mode of energy transfer, called convection, involves the move- 
ment of a heat-carrying mass, as in the cases of ocean currents and atmos- 
pheric winds. An example more pertinent to soil physics would be the 
infiltration of warm wastewater into an initially cold soil. 

Conduction, the third mode of energy transfer, is the propagation of heat 
within a body by internal molecular motion. Because temperature is an expres- 
sion of the kinetic energy of a body's molecules, the existence of a temperature 
difference within a body will normally cause the transfer of kinetic energy by 
the collisions of rapidly moving molecules from the warmer region of the body 
to their neighbors in the colder region. The process of heat conduction is thus 
analogous to diffusion; and in the same way that diffusion tends in time to 
equilibrate a mixture's composition throughout, heat conduction tends to 
equilibrate a body's internal temperature. 

In addition to the three modes of energy transfer described, there is a com- 
posite phenomenon that one may recognize as a fourth mode, namely, latent 
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beat transfer. A prime example is the process of distillation, which includes the 
heat-absorbing stage of evaporation, followed by the convective or diffusive 
movement of the vapor, and ending with the heat-releasing stage of condensa- 
tion. A similar catenary process can also occur in transition back and forth 
from ice to liquid water in soils subject to freezing and thawing. 

ENERGY BALANCE FOR A BARE SOIL 

A detailed elucidation of the energy and water balances of vegetated fields is 
given in Chapter 20. At this stage we outline the energy regime of a bare 
(unvegetated) soil. We begin with the radiation balance of a bare surface, 
which can be written thus (van Bavel and Hillel, 1976): 

/„=(/s+/a)(l-00+/li-/.o (12.4) 

Here J n is the net radiation, that is, the sum of all incoming minus outgoing 
radiant energy fluxes, / s is the incoming flux of short-wave radiation directly 
from the sun, J a is the short-wave diffuse radiation from the atmosphere (sky), 
/li is the incoming long-wave radiation flux from the sky, J\ Q is the outgoing 
long-wave radiation emitted by the soil, and a is the albedo, or reflectivity 
coefficient, which is the fraction of incoming short-wave radiation reflected by 
the soil surface rather than absorbed by it. We shall disregard in the present 
context all terms that do not pertain to the soil, namely, / s , / a , and J\[. 

The albedo a is an important characteristic of soil surfaces, and it can vary 
widely in the range of 0.1-0.4, depending on the soil's basic color (whether 
dark or light colored), the surface's roughness, and the inclination of the inci- 
dent radiation relative to the surface (Sellers, 1965). In the short run, the 
albedo also depends on the changing wetness of the exposed soil (Jackson 
et al., 1974). The drier the soil, the smoother its surface; the brighter its color, 
the higher its albedo. To a certain extent, the albedo can be modified by vari- 
ous surface treatments, such as tillage and mulching. 

Apart from the reflected short-wave radiation, governed by the albedo, we 
have another soil-dependent process, namely, the emission of long-wave radi- 
ation. In accordance with Eq. (12.1), the emitted flux /j e depends on surface 
temperature but is also affected by emissivity £. This parameter, in turn, 
depends on soil wetness and generally varies between 0.9 and 1.0. 

The net radiation received by the soil surface is transformed into heat, 
which warms the soil and air and vaporizes water. We can thus write the sur- 
face energy balance as follows: 

/ n = S + A + LE (12.5) 

where S is the soil heat flux (the rate at which heat is transferred from the sur- 
face downward into the soil profile), A is the "sensible" heat flux transmitted 
from the surface to the air above, and LE is the evaporative heat flux, a product 
of the evaporative rate E and the latent heat per unit quantity of water evapo- 
rated, L. The total surface energy balance [combining Eqs. (12.4) and (12.5)] is: 

(J s +/ a )(l - a) +/h -/ lo -S-A-LE = (12.6) 

Conventionally, all components of the energy balance are taken as positive if 
directed toward the surface and negative otherwise. 
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Sample Problem 

Consider the energy balance of a bare-surface soil, assuming the following conditions: 
The daytime (12-hr) average global (sun and sky) radiation is 3.35 x 10 4 J/m 2 min (0.8 
cal/cm 2 min). The albedo is 0.15. The average soil surface temperature during the diur- 
nal period is 27°C. Advection in daytime balances the outflow of sensible heat during 
the night, so diurnal net sensible heat exchange with the atmosphere is negligible. 
Evaporation is 2 mm/day. The emissivity is 0.9, and the atmosphere returns 60% of the 
long-wave radiation emitted by the ground. Estimate the daytime soil heat transfer 
term. Is it positive or negative? 

Following Eq. (12.6), the diurnal energy balance can be written 

/ 5 (1 -a)-h- S-A- LE=0 

where ] s is incoming global short-wave radiation, a is albedo, ]\ is net long-wave emit- 
ted radiation, 5 is heat flow into the soil, A is sensible heat transfer to the air, and LE is 
latent heat loss. To obtain 5, we rearrange this equation to read 

S = h0 -a)-h-A-LE 

For the net short-wave radiation, we have 

/ s (1 - a) = (3.35 x 10 4 //m 2 min)(720 min/day)(1 - 0.15) 
= 2.05 x 10 7 J/m 2 daytime 

Net outgoing long-wave radiation (using the Stefan-Boltzmann law) is: 

h = 0A (eo7) 

Note: The total energy radiated per unit surface of a "black body" in unit time is 
proportional to the fourth power of the thermodynamic temperature. The constant of 
proportionality has the value of 5.67 x 10~ 8 J sec -1 nrr 2 K -4 . 

/, = 0.4 x 0.9 x (5.67 x 1 0~ 8 j sec" 1 rrr 2 K- 4 )(8.64 x 1 4 sec/diurnus)(273 + 27) 4 K 
= 1.43 x 10 7 J/m 2 

Note: The factor 0.4 is used because, as stated, the atmosphere returns 60% of the out- 
going /|. Also, the emission of longwave radiation takes place throughout the 24-hr day. 
The net sensible heat transfer A is negligible. For the latent heat loss term, we have 

LE = 2 A3 x 1 6 J/kg x 2 kg/m 2 day = 4.86 x 1 6 J/m 2 per daytime 
(= 580 cal/g x 0.2 g/cm 2 day = 1 1 6 cal/cm 2 day) 

Note: Evaporation = 2 mm/day = 2 L/m 2 day = 2 kg/m 3 (water density = 1 000 kg/m 3 ). 
Finally, we can sum up all of these quantities to obtain the soil heat flow: 

5 = 2.05 x 1 7 - 1 .43 x 1 7 - - 0.49 x 1 7 
= 1 .3 x 1 6 J/m 2 per diurnus (-32.1 cal/cm 2 day) 

Ergo, the soil is gaining heat. If this amount of heat is absorbed in the top 0.2 m of 
the soil with a specific heat capacity of 2000 J/kg and a bulk density of 1600 kg/m 3 , it 
will raise the temperature by 2 degrees. 



CONDUCTION OF HEAT IN SOIL 

The conduction of heat in solids was analyzed as long ago as 1822 by 
Fourier, whose name is given to the linear equation that has been used ever 
since to describe heat conduction. This equation is mathematically analogous 
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to the diffusion equation (Fick's law) as well as to Ohm's law for the conduc- 
tion of electricity and Darcy's law for water flow in soil. 

The first law of heat conduction, known as Fourier's law, states that the 
flux of heat in a homogeneous body is in the direction of, and proportional to, 
the temperature gradient: 

q h = -KVT (12.7) 

Here q^ is the thermal flux (i.e., the amount of heat conducted across a unit 
cross-sectional area in unit time), K (Greek letter kappa) is thermal conductiv- 
ity, and VT is the spatial gradient of temperature T. In one-dimensional form, 
this law is written 

<7h = ~ K x {dT/dx) or q h = -k z (dT/dz) (12.8) 

Here dT/dx is the temperature gradient in any direction, designated x, and 
dT/dz is, specifically, the gradient in the vertical direction representing soil 
depth (z = being the soil surface). The subscripts attached to the thermal con- 
ductivity term are meant to account for the possibility that this parameter may 
have different values in different directions (i.e., that it may be nonisotropic). 
The negative sign in these equations is due to the fact that heat flows from a 
higher to a lower temperature (i.e., in the direction of, and in proportion to, a 
negative temperature gradient). 

Equation (12.7) is sufficient to describe heat conduction under steady-state 
conditions, that is to say, where the temperature at each point in the conduct- 
ing medium is invariant and the flux is constant in time and space. To account 
for nonsteady (transient) conditions, we need a second law analogous to Fick's 
second law of diffusion as embodied in Eq. (9.13). To obtain the second law 
of heat conduction, we invoke the principle of energy conservation in the form 
of the continuity equation, stating that, in the absence of internal sources or 
sinks of heat, the time rate of change in heat content of a volume element must 
equal the change of flux with distance: 

pc m (dT/dt) =-V-q h (12.9) 

where p is mass density and c m specific beat capacity per unit mass (defined as 
the change in heat content of a unit mass of the body per unit change in tem- 
perature). The product pc m (often designated C) is the specific beat capacity 
per unit volume, and dT/dt is the time rate of temperature change. Note that 
the symbol p represents the total mass per unit volume, including the water in 
the case of a moist soil. The symbol V (del) is the shorthand representation of 
the three-dimensional gradient. Equation (12.9) can thus be restated as 

pc m {dT/dt) = -(dqjdx + dq y /dy + dqjdz) 

where x, y, z are the orthogonal direction coordinates. 

Combining Eqs. (12.9) and (12.7), we obtain the desired second law of beat 
conduction: 

pc m (dT/dt) = -V • (k VT) (12.10) 
which, in one-dimensional form, is 



pc m (dT/dt) = (d/dx) [k (dT/dx)] 



(12.11) 
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Sometimes we may need to account for the possible occurrence of heat 
sources or sinks in the realm where heat flow takes place. Heat sources include 
such phenomena as organic matter decomposition, wetting of initially dry soil 
material, and condensation of water vapor. Heat sinks are generally associated 
with evaporation. Lumping all these sources and sinks into a single term S, we 
can rewrite the last equation as 

pc m (dT/dt) = (d/dx) [k (3773*)] ± S(x, t) (12.12) 

in which the source-sink term is shown as a function of both space and time. 

The ratio of the thermal conductivity K to the volumetric heat capacity C (= 
pc m ) is called the thermal diffusivity, designated D T . Thus, 

D t = k/C (12.13) 

Substituting D T for K, we can rewrite Eq. (12.8) and (12.11): 

q h = -D T C (3773*) (12.14) 

In the special case where D T can be taken as constant (not a function of dis- 
tance), we can write 

3773* = D T {d 2 T/dx 2 ) (12.15) 

To solve the foregoing equations so as to obtain a description of how tem- 
perature varies in space and time, we need to know, by measurement or cal- 
culation, the pertinent values of the three parameters just defined, namely, the 
volumetric heat capacity C, thermal conductivity K, and thermal diffusivity 
D T . Together, they are called the thermal properties of soils. 



VOLUMETRIC HEAT CAPACITY OF SOILS 

A soil's volumetric heat capacity C is defined as the change of a unit volume's 
heat content per unit change in temperature. It is expressed as calories per 
cubic centimeter per degree or joules per cubic meter per degree. Thus, C 
depends on the composition of the soil's solid phase (mineral and organic com- 
ponents), on bulk density, and on soil wetness (Table 12.1). 



TABLE 12.1 Densities and Volumetric Heat Capacities of Soil 
Constituents (at 10°C) and of Ice (at 0°C) 



Density p Heat capacity C 



Constituent 


(g/cm 3 ) 


(kg/n 


i 3 ) 


(cal/cm 3 K) 


(J/m 3 K) 


Quartz 


2.66 


2.66 x 


10 3 


0.48 


2.0 x 10 6 


Other minerals (average) 


2.65 


2.65 x 


10 3 


0.48 


2.0 x 10 6 


Organic matter 


1.3 


1.3 x 


10 3 


0.6 


2.5 x 10 6 


Water (liquid) 


1.0 


1.0 x 


10 3 


1.0 


4.2 x 10 6 


Ice 


0.92 


0.92 x 


10 3 


0.45 


1.9 x 10 6 


Air 


0.00125 


1.25 




0.003 


1.25 x 10 3 
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The value of C can be estimated by summing the heat capacities of the 
various constituents, weighted according to their volume fractions. As given 
by de Vries (1975a), it is 

C = S(/- si C si + /wC w + / a C a ) (12.16) 

Here, ^denotes the volume fraction of each phase: solid (subscripted s), water 
(w), and air (a). 

The solid phase includes a number of components subscripted i, such as 
various minerals and organic matter, and the symbol X indicates the summa- 
tion of the products of their respective volume fractions and heat capacities. 
The C value for water, air, and each component of the solid phase is the prod- 
uct of the particular density and the specific heat per unit mass (i.e., C w = 

Pw^mw? — Pa^ma? ^si — Psi^mi)* 

Most of the minerals composing soils have nearly the same values of density 
(about 2.65 g/cm 3 , or 2.65 x 10 3 kg/m 3 ) and of heat capacity (0.48 cal/cm 3 K, 
or 2.0 x 10 6 J/m 3 K). Since it is difficult to separate the different kinds of 
organic matter present in soils, it is tempting to lump them all into a single con- 
stituent (with an average density of about 1.3 g/cm 3 , or 1.3 x 10 3 kg/m 3 , and 
an average heat capacity of about 0.6 cal/cm 3 K, or 2.5 x 10 6 J/m 3 K). 

Although the density of water is less than half that of mineral matter 
(about 1 g/cm 3 , or 1.0 x 10 3 kg/m 3 ), its specific heat is more than twice as 
large (1 cal/cm 3 K, or 4.2 x 10 6 J/m 3 K). Finally, since the density of air is only 
about 1/1000 that of water, its contribution to the specific heat of the com- 
posite soil can generally be neglected. 

Thus, Eq. (12.16) can be simplified as follows: 

C = f m C m + f C + f w C w (12.17) 

where subscripts m, o, w refer to mineral matter, organic matter, and water, 
respectively. Note that f m + f Q + f w = 1 - f a and the total porosity f=f a + f w - 
The reader will recall that in preceding chapters we designated the volume 
fraction of water f w as 9. Knowing the approximate average values of C m , C 
and C w , we can further simplify Eq. (12.17) to give 

C = 0A8f m + 0.60f o + f w (12.18) 

The use of Eq. (12.18) must be qualified in the case of frozen or partially 
frozen soils, since the properties of ice differ from those of liquid water (p = 0.92 
g/cm 3 , or 0.92 x 10 3 kg/m 3 , and C = 0.45 cal/cm 3 K, or 1.9 x 10 6 J/m 3 K). In 
typical mineral soils, the volume fraction of solids is in the range of 0.45-0.65, 
and C values range from about 1 MJ/m 3 K (less than 0.25 cal/cm 3 K) in the dry 
state to about 3 MJ/m 3 K, or 0.75 cal/cm 3 K, in the water-saturated state. 

The measurement of heat capacity and specific heat is described by 
Kluitenberg (2002). 

THERMAL CONDUCTIVITY AND DIFFUSIVITY 

Thermal conductivity K is defined as the quantity of heat transferred 
through a unit area of the conducting body in unit time under a unit tempera- 
ture gradient. As shown in Table 12.2, the thermal conductivities of specific 
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TABLE 12.2 Thermal Conductivities of Soil 
Constituents (at 10°C) and of Ice (at 0°C) 



Constituent 


mcal/cm sec K 


(W/m K) 


Quartz 


21 


8.8 


Other minerals (average) 


7 


2.9 


Organic matter 


0.6 


0.25 


Water (liquid) 


1.37 


0.57 


Ice 


5.2 


2.2 


Air 


0.06 


0.025 



soil constituents differ widely (see also Table 12.3). Hence the space-averaged 
(macroscopic) thermal conductivity of a soil depends on its mineral compos- 
ition and organic matter content as well as on the volume fractions of water 
and air. 

Since the thermal conductivity of air is very much smaller than that of water 
or solid matter, a high air content (or low water content) corresponds to a low 
thermal conductivity. Moreover, since the proportions of water and air vary 
continuously, K is also time variable. Soil composition is seldom uniform in 
depth; hence K is generally a function of depth as well as of time. It also varies 
with temperature, but under normal conditions this variation is ignored. 
Unlike heat capacity, thermal conductivity is sensitive not only to the mineral 
composition of a soil but also to the sizes, shapes, and arrangements of soil 
particles. In the normal range of soil wetness experienced in the field, C may 
undergo a threefold or fourfold change, whereas the corresponding change in 
K may be a hundredfold or more. 



TABLE 12.3 Average Thermal Properties of Soils and Snow 



Soil 
type 


Porosity f 


Volumetric 
wetness 6 


Thermal 
conductivity 
(10 3 cal/cm sec °C) 


Volumetric 
heat capacity C v 
(cal/cm sec °C) 


Damping 
depth 

(diurnal) 
(/(cm) 


Sand 


0.4 


0.0 


0.7 


0.3 


8.0 




0.4 


0.2 


4.2 


0.5 


15.2 




0.4 


0.4 


5.2 


0.7 


14.3 


Clay 


0.4 


0.0 


0.6 


0.3 


7.4 




0.4 


0.2 


2.8 


0.5 


12.4 




0.4 


0.4 


3.8 


0.7 


12.2 


Peat 


0.8 


0.0 


0.14 


0.35 


3.3 




0.8 


0.4 


0.7 


0.75 


5.1 




0.8 


0.8 


1.2 


1.15 


5.4 


Snow 


0.95 


0.05 


0.15 


0.05 


9.1 




0.8 


0.2 


0.32 


0.2 


6.6 




0.5 


0.5 


1.7 


0.5 


9.7 



a After van Wijk and de Vries (1963). 



THERMAL CONDUCTIVITY AND DIFFUSIVITY 



223 



The relationship between the overall thermal conductivity of a soil and the 
specific conductivities and volume fractions of the soil's constituents is very 
intricate. Two relatively simple alternative cases can be envisaged: a dry soil 
and a water-saturated soil with the same internal structure. In both cases we 
have a two-phase system in which the particles are dispersed in a continuous 
fluid (air or water) with a volume fraction f and thermal conductivity K . The 
particles then occupy a volume fraction fx = 1 - f and have a thermal con- 
ductivity iq. A composite thermal conductivity for the medium can be defined 
as follows: Consider a representative cube of soil with side L, large in com- 
parison with the diameters of the particles and pores. Assume that the upper 
face is at a temperature Tj and the bottom face is at a lower temperature, T 2 . 
A constant heat flux will then pass through the cube, proportional to the 
temperature gradient, with K c as the proportionality factor for the composite 
medium: 

<?h = _K c (dT/dx) = Kc(Ti - T 2 )/l 

Since the cube is a mixture of two phases, the composite thermal conductivity 
k c will be intermediate between k and iq. According to de Vries (1975a), 

K c = (f K + kf l K l )/(fo + k (l ) (12.19) 

where the factor k is the ratio of the average temperature gradient in the par- 
ticles to the corresponding gradient in the continuous fluid: 

k = (dT/dz) 2 /(dT/dz) 1 

The value of k depends not only on the ratio k^/Kq, but also on the particle 
sizes, shapes, and mode of packing. 

If there are several types of particles with different shapes or conductivities, 
Eq. (12.20) can be generalized: 

n 

X k ifi K i 

*c = — n (12.20) 

lk t f t 

i=l 

Here n is the number of particle classes within which all particles have about 
the same shape and conductivity. The thermal conductivity of soils of widely 
differing compositions can be estimated by Eq. (12.20). 

The following form of Eq. (12.20), for an unsaturated soil, was used by van 
Bavel and Hillel (1975, 1976): 

K c = (f w K w + k s f s K s + fe a / a K a )/(/ w + k s f s + kj a ) 

where K w , K a , and K s are the specific thermal conductivities of the soil con- 
stituents (water, air, and an average value for the solids, respectively). The fac- 
tor k s represents the ratio between the space average of the temperature 
gradient in the solidphase and that in the water phase. It depends on grain 
shapes as well as on mineral composition and organic matter content. The k a 
factor represents the corresponding ratio for the thermal gradient in the air 
and water phases. 
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Fig. 1 2.1 . Thermal conductivity and thermal diffusivity as functions of volume wetness (vol- 
ume fraction of water) for (1) sand (bulk density 1460 kg/m 3 , volume fraction of solids 0.55); 
(2) loam (bulk density 1330 kg/m 3 , volume fraction of solids 0.5); and (3) peat (volume frac- 
tion of solids (0.2). (After de Vries, 1975.) 



The dependence of thermal conductivity and diffusivity on soil wetness is 
illustrated in Fig. 12.1. The influence of latent heat transfer by the diffusion of 
water vapor in the air-filled pores is proportional to the temperature gradient 
in these pores. It can be taken into account (van Bavel and Hillel, 1976; Hillel, 
1977) by adding to the thermal conductivity of air an apparent conductivity 
due to evaporation, transport, and condensation of water vapor (the so-called 
vapor enhancement factor). This value is strongly temperature dependent and 
rises rapidly with increasing temperature. 

Methods of measuring thermal conductivity were summarized by Jackson 
and Taylor (1986) and more recently by Bristow (2002). 

The thermal diffusivity D^, instead of the conductivity K, is sometimes 
desired (Horton, 2002). It can be defined as the change in temperature pro- 
duced in a unit volume by the quantity of heat flowing through the volume in 
unit time under a unit temperature gradient. An alternative definition, easier 
to perceive, is that the thermal diffusivity is the ratio of the conductivity to the 
product of the specific heat and density: 



D h = K/c s p = kC v 



(12.21) 
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where C v is the volumetric heat capacity. As shown in the preceding section, 
the specific heat and density of both solids and water must be considered when 
calculating C v : 



where p s is the density of dry soil, c s is the specific heat of dry soil, c w is the 
specific heat of water, and w is the ratio of the mass of water to the mass of 
dry soil. The thermal diffusivity can be measured directly, as described by 
Jackson and Taylor (1986). 



SIMULTANEOUS TRANSPORT OF HEAT AND MOISTURE 



The flows of water and of thermal energy under nonisothermal conditions 
in the soil are interactive phenomena: The one entails the other. Temperature 
gradients affect the moisture-potential field and induce both liquid and vapor 
movement. Reciprocally, moisture gradients move water, which carries heat. 
The simultaneous occurrence of temperature gradients and moisture gradients 
in the soil therefore brings about the combined transport of heat and moisture. 
This combined transport can generally be ignored in the extreme cases of a satu- 
rated or nearly saturated soil and of a nearly dry soil. In the former, the influ- 
ence of temperature gradients on liquid water flow is generally small in 
comparison with the influence of gravity or pressure gradients; in the latter, 
the movement of heat can entail no significant movement of either liquid water 
or vapor. Thus, we are left with the problem of how to deal with the wide 
range of intermediate situations in which transport of liquid water and of 
vapor can be both significant and mutually influenced. 

Two separate approaches to the combined transfer of heat and moisture 
have been attempted: (1) a mechanistic approach, based on a physical model 
of the soil system, and (2) a thermodynamic approach, based on the phenom- 
enology of irreversible processes in terms of coupled forces and fluxes. Though 
starting from different points of view, the two approaches have been shown to 
be related and, properly formulated, can be cast into an equivalent mold 
(Groenevelt and Bolt, 1969; Jury, 1973). 

The mechanistic approach was originally formulated by Philip and de Vries 
(1957). Their model was based on the concept of viscous flow of liquid water 
under the influence of gravity and of capillary and adsorptive forces and on 
the concept of vapor movement by diffusion. Local "microscopic-scale" 
thermodynamic equilibrium between liquid and vapor was assumed to exist 
at all times and at each point within the soil. The general differential equa- 
tion describing moisture movement in a porous system under combined 
temperature and moisture gradients for unidimensional vertical flow is, 
accordingly, 



where q is volumetric wetness, t is time, T is absolute temperature, D T is the 
water diffusivity under a temperature gradient (the sum of the liquid and 
vapor diffusivities), D w is the water diffusivity under a moisture gradient, K is 
the hydraulic conductivity, and z is the vertical space coordinate. The last term 



C v = Ps(^s + C W W) 



(12.22) 



de/dt = V • (Dj VT) + V • (D W V9) - dK/dz 



(12.23) 
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on the right-hand side is due to the gravity gradient and becomes positive if z 
is taken to be increasing downward. 
The heat transfer equation is, similarly, 

C v dTldt = V • (k VT) - LV-(D w , vap V0) (12.24) 

Here C v is volumetric heat capacity, K is apparent thermal conductivity of the 
soil, L is latent heat of vaporization of water, and D w?vap is diffusivity for heat 
conveyed by water movement (mostly vapor). The preceding equations are 
both of the diffusion type, involving 0- and T-dependent diffusivities as well 
as gradients of both 6 and T. 

Taken together, Eqs. (12.23) and (12.24) describe the coupled transport of 
moisture and heat in soils. The mechanistic nature of the theory and of the 
coefficients involved was explained by de Vries (1975b). The assumption of 
local thermodynamic equilibrium links the vapor pressure p y to the matric 
potential \\f by the following relation: p Y = p YS h = p YS exp(Mg\|/ART), where p vs 
is the saturated vapor pressure at the particular temperature T, h is relative 
humidity, M is molar mass, g is the acceleration of gravity, and R is the uni- 
versal gas constant. The diffusivities for water and heat by vapor transport are 
obtained by use of this relationship. However, the difficulty encountered in 
making the theory operational is in measuring the diffusivities. A more funda- 
mental problem is that, since the two mechanisms of flow represented in each 
equation do interact, they are not, strictly speaking, simply additive. 

To consider the approach based on irreversible thermodynamics^ we must 
first understand in principle the difference between this relatively new branch 
of science and the older, "classical" thermodynamics, which deals with 
reversible processes and equilibrium states. Classical thermodynamics can pre- 
dict whether, and in what direction (but not at what rate), a spontaneous 
process will occur in a system not at equilibrium. However, in a natural sys- 
tem any number of different forces might be operating simultaneously to pro- 
duce mutually interacting fluxes in a combination of irreversible processes. For 
instance, a concentration gradient causes diffusion, a pressure gradient causes 
convection, and a temperature gradient results in the transfer of heat, with 
each of these fluxes affecting the others. If the system is not too far from equi- 
librium, the fluxes are taken to be related linearly to the forces causing them. 

In application to simultaneous water and heat flow, as an example, the 
approach based on the thermodynamics of irreversible processes formulates a 
pair of phenomenological equations in which the fluxes of moisture q w and 
heat q^ are expressed as linear functions of the moisture potential (e.g., pres- 
sure) gradient dP/dz and the temperature gradient dT/dz: 

q w = -L ww (l/T) (dP/dz) - L wh (l/Ti)(dT/dZ) 

qh = -L WW (VT) (dP/dz) - L hh (l/T 2 )(dT/dZ) 

The four phenomenological coefficients occurring in these equations (L ww , 
L w h, Lh w , L^, relating water flow to the water potential gradient, water flow 
to the thermal potential gradient, heat flow to the water potential gradient, 
and heat flow to the thermal potential gradient, respectively) are unknown 
functions of P (or 0) and T. According to Onsagefs theorem (Katchalsky and 
Curran, 1965), the cross-coupling coefficients L w ^ and L^ w are equal when the 
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fluxes and forces are properly formulated. Thus, the number of coefficients 
that must be measured is reduced. 

An apparent advantage of the irreversible thermodynamics approach is that 
it makes no a priori assumptions regarding the mechanisms of the transport 
phenomena formulated. Hence it would seem to be less restrictive than a phys- 
ical theory, whose validity is constrained at the outset by its mechanistic 
assumptions. The disadvantage of the approach, however, is precisely in its fail- 
ure to provide insight into the nature and internal workings of the processes 
considered. 



THERMAL REGIME OF SOIL PROFILES 

In nature, soil temperature varies continuously in response to the ever- 
changing meteorological regime acting on the soil-atmosphere interface. That 
regime is governed by a regular periodic succession of days and nights and of 
summers and winters. Yet the regular diurnal and annual cycles are perturbed 
by such irregular episodic phenomena as cloudiness, cold waves, warm waves, 
rainstorms or snowstorms, and periods of drought. Added to these external 
influences are the soil's own changing properties (i.e., temporal changes in 
reflectivity, heat capacity, and thermal conductivity as the soil alternately wets 
and dries, and the variation of all these properties with depth), as well as the 
influences of geographic location, vegetative cover, and — finally — human 
management. All these labile factors complicate the effort to define the ther- 
mal regime of soil profiles. 

The simplest mathematical representation of nature's fluctuating thermal 
regime is to assume that at all depths in the soil the temperature oscillates as 
a pure harmonic (sinusoidal) function of time around an average value. Since 
nature's actual variations are not so orderly, this may be a rather crude 
approximation. Nonetheless, it is an instructive exercise in itself, and when 
used in conjunction with field data it may lead to a better understanding, and 
perhaps even provide a basis for the prediction, of a soil's thermal regime. 

To begin, let us assume that although soil temperature varies differently at 
different depths in the soil, the average temperature is the same for all depths. 
We next choose a starting time (t = 0) such that the surface is at the average 
temperature. The temperature at the surface can then be expressed as a func- 
tion of time (Fig. 12.2): 

T(0,f) = T ave + A sin co£ (12.26) 

where T(0,£) is the temperature at z = (the soil surface) as a function of time 
£, T ave is the average temperature of the surface (as well as of the profile), and 
A is the amplitude of the surface-temperature fluctuation (the range from 
maximum, or from minimum, to the average temperature). Finally, CO is the 
radial frequency, which is 2n times the actual frequency. In the case of diurnal 
variation, the period is 86,400 sec (24 hr), so CD = 271/86,400 = 7.27 x 10- 5 /sec. 
Note that the argument of the sine function is expressed in radians rather than 
in degrees. 

The last equation is the boundary condition for z = 0. For the sake of con- 
venience, let us assume that at infinite depth (z = °°) the temperature is constant 
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Fig. 12.2. Idealized daily fluctuation of surface soil temperature, according to the equation 
T= T ave + A sin(cot/p), where T is temperature, 7" ave is average temperature, A is amplitude, t is 
time, and p is the period of the oscillation (in this case, p refers to the diurnal 24 hr). 



and equal to T ave . Under these circumstances, the temperature at any depth z 
can also be represented as a sine function of time, as shown in Fig 12.3: 

T(z,t) = T ave + A z sin[co£ + 4>(z)] (12.27) 

in which A z is the amplitude at depth z. Both A z and §(z) are functions of z but 
not of t. They can be determined by substituting the solution of Eq. (12.26) in 
the differential equation dT/dt = K(d 2 T/dz 2 ). This leads to the solution 

T(z,t) = T ave + A [sin(co£ - zJd)\le^ d (12.28) 

The constant d is a characteristic depth, called the damping depth, at which 
the temperature amplitude equals lie (1/2.718 = 0.37) of the amplitude at the 
soil surface A . The damping depth is related to the thermal properties of the 
soil and the frequency of the temperature fluctuation: 

d = (2k/Cco) 1/2 = (2D h /co) 1/2 (12.29) 

It is seen that at any depth the amplitude of the temperature fluctuation A z is 
smaller than A by a factor e z/d and that there is a phase shift (a time delay of 
the temperature peak) equal to -z/d. The decrease of amplitude and increase 
of phase lag with depth are typical phenomena in the propagation of a peri- 
odic temperature wave in the soil. 

The physical reason for the damping and retarding of the temperature waves 
with depth is that a certain amount of heat is absorbed or released along the 
path of heat propagation when the temperature of the conducting soil increases 
or decreases, respectively. The damping depth is related inversely to the fre- 
quency, as can be seen from Eq. (12.29). Hence it depends directly on the 
period of the temperature fluctuation considered. The damping depth is 
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Fig. 12.3. Idealized variation of soil temperature with time for various depths. Note that at 
each succeeding depth the peak temperature is damped and shifted progressively in time. Thus, 
the peak at a depth of 0.4 m lags about 12 hr behind the temperature peak at the surface and 
is only about 1/16 of the latter. In this hypothetical case, a uniform soil was assumed, with a 
thermal conductivity of 1.68 J/m sec deg (or 4 x 10 -3 cal/cm sec deg) and a volumetric heat 
capacity of 2.1 x 10 6 J/m 3 deg (0.5 cal/cm 3 deg). 



( 3 65) 1/2 = 19 times larger for the annual variation than for the diurnal variation 
in the same soil. For example, van Wijk and de Vries (1963) calculated the 
damping depth for a soil with k = 0.96 J/m sec deg (equal to 2.3 x 10~ 3 cal/cm 
sec deg) and obtained d- 0.12 m for the diurnal temperature fluctuation and 
d = 2.29 m for the annual fluctuation. Whereas the amplitude at depth z = d is 
0.37 as great as the amplitude at the surface, it is only about 0.05 of the sur- 
face amplitude at z = 3d (0.36 m for the diurnal variation in the case of the soil 
used by these authors). When an arbitrary zero point t is introduced into the 
time scale, Eq. (12.28) becomes 

T(z,t) = T ave + A [sin(co£ + (J) - z/d)]/e z/d (12.30) 

The constant § is called the phase constant. 

The annual variation of soil temperature down to considerable depth causes 
deviations from the simplistic assumption that the daily average temperature 
is the same for all depths in the profile. The combined effect of the annual and 
diurnal variations of soil temperature can be expressed by 

T(z,t) = T ave?y + A y [sin(oy + ^ - z/d y )]/e z/d y 

+ A d [sin(co d £ + <|> d - z/d d )]/e z/d * UZ.jij 
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wherein the subscripted indices y and d refer to the yearly and daily tempera- 
ture waves, respectively. Thus T ave?y is the annual mean temperature. The daily 
cycles are now seen to be short-term perturbations superimposed on the annual 
cycle. Vagaries of weather (e.g., spells of cloudiness or rain) can cause consid- 
erable deviations from simple harmonic fluctuations, particularly for the daily 
cycles. Longer-term climatic irregularities can also affect the annual cycle, of 
course. Also, since the annual temperature wave penetrates much more 
deeply than the daily wave, the assumptions of soil homogeneity in depth 
and of the time constancy of soil thermal properties are clearly unrealistic 
(Gao et al., 2003). 

An alternative theoretical approach is possible, one with fewer constraining 
assumptions. It is based on numerical, rather than analytical, methods for 
solving the differential equations of heat conduction. Computer-based math- 
ematical simulation models now allow soil thermal properties to vary in time 
and space (e.g., in response to periodic changes in soil wetness) so as to 
account for alternating surface saturation and desiccation and for profile 
layering. They also allow various climatic inputs to follow more realistic and 
irregular patterns. The surface amplitude of temperature need no longer be 
taken to be an independent variable, but one that depends on the surface 
energy balance and thus is affected by both soil properties and above-soil con- 
ditions. Examples of the numerical approach can be found in the published 
works of van Bavel and Hillel (1975, 1976), Hillel (1977), and Evett et al. 
(1994). 

Other developments of practical importance include techniques for moni- 
toring the soil thermal regime more precisely than was possible previously. 
One such technique is the infrared radiation thermometer for scanning or 
remote sensing of surface temperature for both fallow and vegetated soils 
without disturbance of the measured surface. Knowledge of the surface tem- 
perature and its variation in time is important in assessing energy exchange 
between soil and atmosphere as well as in determining boundary conditions 
for within-soil heat transfer. 

An additional technique is the use of heat flux plates. These are flat and thin 
plates or disks of constant thermal conductivity, which allow precise measure- 
ment of the temperature difference between their two sides so as to yield the 
heat flux through them. When embedded horizontally in the soil at regular 
depth intervals, a series of such heat flux plates can provide a continuous 
record of heat transfer throughout the profile. There are problems, however. 
The presence of heat flux plates can distort the flow of heat in the surround- 
ing medium if their thermal conductivity is very different from that of the soil. 
The experimental error can be minimized by constructing plates of maximal 
thermal conductivity and minimal thickness and by calibrating them in a 
medium with a thermal conductivity near to that of the soil in which they are 
to be placed. Another problem is that such plates preclude vapor flow, which 
can sometimes be an important component of heat transfer. The use of heat 
flux plates is described by Fuchs (1986) and by Sauer (2002). 

The soil-temperature profile as it might vary from season to season in a 
frost-free region is illustrated in Fig. 12.4. The diurnal variation of tempera- 
ture and the directions of heat flow within a soil profile are illustrated in 
Fig. 12.5. 
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Fig. 12.5. Typical variation of temperature with depth at different times of day in summer. 
(From Sellers, 1965; data by Carson, 1961.) 
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Sample Problem 

The daily maximum soil-surface temperature is 40°C and the minimum is 10°C. Assume 
that the diurnal temperature wave is symmetrical, that the mean temperature is equal 
throughout the profile (with surface temperature equal to the mean value at 6 a.m. and 
6 p.m.), and that the "damping depth" is 0.10 m. Calculate the temperatures at noon 
and midnight for depths 0.05, 0.10, and 0.20 m. 

Since the temperature range is 30°C and the mean (7 ave ) 25°C, and the amplitude at 
the surface A , the maximum value above the mean is 15°. 

Use Eq. (12.28) to calculate the temperature 7 at any depth z and time t: 

7(7,0 = Tave + A)[sin(cof - z/d)]/e^ d 

where co is the radial frequency (27i/24 hr) and d is the "damping depth" at which the 
temperature amplitude is Me ( = 0.37) of A . Note: Radial angle is expressed in radians, 
not in degrees (i.e., sin n/2 = 1, sin 3n/2 = -1). 

At the soil surface (depth zero): 

Noontime temperature (6 hr after 7 = 7" ave ) 

7(0.6) = 25 + 1 5 x [sin(7i/2 - 0)]/e° = 25 + 1 5 = 40°C 

Midnight temperature (18 hr after 7= 7 ave ) 

7(0,1 8) = 25 + 1 5 x [sin(37t/2 - 0)]/e° = 25 - 1 5 = 1 0°C 

At depth 0.05 m: 

Noontime temperature: 

7(0.05,6) = 25 + 15 x [sin(7i/2 - 0.05/0.1 )]/e 005/0 1 
= 25 + 1 5 x sin(1 .07)/1 .65 = 33°C 

Midnight temperature: 

7(0.05,18) = 25 + 15 x [sin(37i/2 - 0.05/0.1 )]/e 005/0 1 
= 25 + 1 5 x sin(4.21 )/1 .65 = 1 7°C 

At depth 0. 7 m (the damping depth): 
Noontime temperature: 

7(0.1,6) = 25 + 15 x [sin(7i/2 - 0.1/0.1)]/e 01/01 
= 25 + 1 5 x sin(0.57)/2.72 = 28°C 

Midnight temperature: 

7(0.1,18) = 25 + 15 x [sin(37i/2 - 0.1/0.1)]/e 01/01 
= 25 + 1 5 x sin(3.71 )/2.72 = 22°C 

At depth 20 cm: 

Noontime temperature: 

7(0.2,6) = 25 + 1 5 x [sin(7i/2 - 0.2/0.1 )]/e°- 2/01 
= 25 + 1 5 x sin( - 0.43)/7.4 = 24.1 5°C 
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= 25 + 1 5 x sin(2.71 )/7.4 = 25.85°C 

Note: At a depth of 0.2 m the phase shift is so pronounced that at midnight the tem- 
perature is higher than at noon. A useful exercise for students is to plot the sinusoidal 
course of temperature at each depth, to observe how the phase shift (time lag of max- 
imum and minimum values) increases and the amplitude decreases with depth. 
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1 3. STRESS, STRAIN, 
AND STRENGTH 
OF SOIL BODIES 



SOIL RHEOLOGY 

The fundamental concepts of soil rheology and the principles of soil 
mechanics based on them pertain to the behavior of soil bodies under applied 
forces. Engineers have long used these principles in solving problems related 
to the stability of slopes and foundations and to the use of soil as a construc- 
tion material. Recently and increasingly the same fundamental concepts have 
been applied to the behavior and management of soils in traction and tillage. 

The term rheology originates from the Greek word rheos, meaning "flow- 
ing." As a branch of science, however, it is concerned with all types of deform- 
ation, of which flow is merely one. Broadly speaking, rheology can be 
described as the mechanics of deformable bodies. In connection with the study 
of soil deformation, however, the analogous term soil dynamics (rather than 
soil rheology) seems to have won wider acceptance in the literature. 

Extensive expositions of soil dynamics were published by Gill and Vanden 
Berg (1967), Hillel (1980a), Koolen and Kuipers (1983), McKyes (1985), and 
Chancellor (1994). Here, we deal only briefly with selected highlights of that 
complex topic. 

STRAIN-STRESS RELATIONSHIPS AND FAILURE OF SOIL BODIES 

The reaction of a body to a force or a combination of forces acting on or 
within it can be characterized in terms of its relative deformation, or strain, 
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Fig. 13.1. Longitudinal deformation of an elongated body subjected to an axial load. 

that is, the ratio of the deformation to the body's initial dimensions. The sim- 
plest example is a rectangular or cylindrical body subjected to a force directed 
along its main axis (Fig. 13.1). If the initial length is L and the change in 
length AL, then the longitudinal strain £ is 

e = AL/L (13.1) 

Another form of deformation occurs when the angles rather than the length 
dimensions of a body change. The simplest such case, called simple shear, is 
depicted in Fig. 13.2. The measure of shear strain y (or tangential strain) is the 
relative change of the initially right angle: 

y=u/h (13.2) 

where u is the lateral (or tangential) displacement and h is the height of the 
body. The ratio ulh is thus the tangent of the deformation angle. Being a ratio 
of lengths, strain is dimensionless and is often expressed as a fraction or per- 
centage of the original dimension. 




F t 



Fig. 1 3.2. Angular deformation in simple shear of a cube. 
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The effect of a force in causing deformation is related directly to the mag- 
nitude of the force and inversely to the area over which it acts. The ratio of 
force to area, that is, force per unit area, is called stress. A normal stress is 
caused by a force that is perpendicular to the area over which it acts. Such a 
stress, equivalent to a pressure, is usually designated o. Thus, 

c = F n /A (13.3) 

where F n is the force normal to the surface area A. When the direction of a 
force is parallel to the surface area, it constitutes a tangential stress, also called 
a shearing stress, designated x: 

% = F t IA (13.4) 

where F t is the tangential force acting on area A. 

Another important factor in rheology is the time rate of stress application 
and the time dependence of strain. The stress-strain-time relationships of a 
material determine its rheological character, that is, whether it is an elastic 
solid, a plastic solid, a Newtonian or non-Newtonian liquid, or any other of 
the various types of materials recognized and characterized by rheologists. 

The standard physical definition of a solid is a material with an ordered 
internal structure (e.g., a crystal). The rheological criterion for a solid depends 
not on internal structure, important as it is, but on mechanical behavior. Solids 
are bodies of distinct shape that may exhibit various types of response when 
under stresses. An elastic solid deforms instantaneously and retains its new 
form as long as the stress is maintained; it regains its original dimensions when 
the stress is released. (Strictly speaking, there are no such materials, since most 
real bodies exhibit some residual deformation after release of stress.) 

Three centuries ago, Robert Hooke discovered that loaded springs stretched 
in proportion to the load applied to them. His observation has been general- 
ized and formulated into an equation known as Hooke's Law, which states 
that, for elastic solids, strain 8 is proportional to stress. It furthermore implies 
that strain occurs instantaneously when stress is applied and that it disappears 
immediately and completely when the stress is relieved. Thus, 

8 = a/£ (13.5) 

where £ is a constant of proportionality known as Young's modulus. 

The equation of elasticity for shearing stress, which is analogous to 
Eq. (13.5), is 

y = x/G (13.6) 

where G is the modulus of shearing, a measure of the body's rigidity. 

When a body is subjected to isotropic pressure, its volume diminishes in 
proportion to the pressure applied. The constant of proportionality is termed 
the bulk modulus K. Thus, 

8 V = P/K (13.7) 

where 8 V is the volume compression or expansion relative to the original 
volume. Bulk modulus is the reciprocal of the coefficient of compressibility 
[C = p~ 1 {dpldF)], which is the relative change of density p with change of 
pressure P. 
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In the case of nonisotropic materials (e.g., wood, which exhibits different 
properties in directions parallel to us perpendicular to its fibers), the various 
coefficients just defined can have different values for the three principal axes 
as well as for different planes. 

In contrast with elasticity, plasticity is the property of a body not merely to 
deform when under stress but also to retain its deformed shape when the stress 
is relieved. Many materials under stress exhibit an elastic phase until some 
point, called the yield point, at which elasticity gives way to plastic behavior. 
The transition from elastic to plastic behavior may be affected by the rate of 
strain and by a phenomenon known as strain hardening. Such behavior is typ- 
ically encountered in the case of ductile metals. An increase in strength of a 
metal as a consequence of deformation is usually due to internal structural 
changes and recrystallization. An analogous effect may be observed in soils 
due to compaction. 

The conventional definitions of strain given by Eqs. (13.1) and (13.2) 
apply to small strains only (normally under 1%). The usefulness of the 
strain concept can be extended to larger deformations by redefining it in 
terms of natural strain, namely, the incremental change of length or angle 
divided by the instantaneous value rather than by the original prestrained 
value. 

In soil, strain is often very large. For example, an increase in bulk den- 
sity from 1.1 to 1.4 metric tons/m 3 represents a volume change of 27%. In 
small and confined samples of soil, strain may be fairly uniform. Under nat- 
ural soil conditions, though, deformation can take place in very complicated 
geometric patterns. Soil deformation is often dependent in ways that may 
not conform to either elastic or plastic theories. In soils, failure under stress 
is more complex than in most ductile or brittle materials. Depending on 
such variables as moisture and clay content, soil properties can vary from 
those of a viscous liquid to those of a plastic solid and finally to those of a 
brittle elastic solid. In transition from one state or mode of behavior to 
another, intermediate states may occur. The modes of failure vary accord- 



Fig. 1 3.3. Modes of shear failure that occur when a cylinder of soil is subjected to progres- 
sive axial stress: (a) rigid soil, failure by fracture; and (b) soft soil, plastic flow. 



ingly (Fig. 13.3). 




(a) 



(b) 
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Stated qualitatively, soil strength is the capacity of a soil body to withstand 
forces without experiencing failure, whether by rupture, fragmentation, or 
flow. In quantitative terms, soil strength can be defined as the maximal stress 
that a given soil body can bear without failing. In practice, it is generally 
defined as the minimal stress that will cause the body to fail. 

Though seemingly easy to define, soil strength is not at all easy to measure, 
being a highly variable property that often changes during the very process of 
measurement, because the deformed body of soil might either decrease or 
increase its resistance to further deformation. In unsaturated soil, for instance, 
strength may increase as the soil becomes more compact; whereas in saturated 
soils transient stresses may cause loss of cohesion and even liquefaction (a 
phenomenon known as thixotropy). The manner and rate of stressing can thus 
influence both the pattern of deformation and the mode of failure (Fredlund 
and Vanapalli, 2002). 

Since in most actual cases soil bodies fail by shear, it is useful at this point 
to concentrate specifically upon the ability of a soil to withstand shearing 
stresses, known as shearing strength. A very useful approach to the analysis of 
shearing is the theory of Mohr, based on the functional relationship between 
c and x for any plane within a body of soil that is subject to differential (non- 
isotropic) stresses. The theory considers the possible distribution of stresses on 
the surfaces of a small volume element of soil (assumed to be orthogonal to 
the three coordinate axes x, y, z), as illustrated in Fig. 13.4. It then resolves the 
stresses (normal and tangential) acting on any arbitrarily inclined plane inside 
that volume element, as shown, for example, in Fig. 13.5 for a plane inclined 
to the x and y axes but parallel to the z axis. 

The analysis results in a circle, called the Mohr circle, plotted on a hypo- 
thetical o-T plane. This graphic representation indicates the values of the nor- 
mal and tangential (shearing) stresses on any angle of inclination a. The Mohr 



Y 




Fig. 1 3.4. Stress components on surfaces of a cubic volume element. 
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Fig. 13.5. The resolution of o x on an inclined plane. 



circle is illustrated in Fig. 13.6. A detailed explanation of the principles under- 
lying it is given in Hillel (1980a) as well as in various textbooks on soil 
mechanics. 

If a series of stress states just sufficient to cause failure is imposed on the 
same material and these states are plotted as a set, or family, of Mohr circles, 
then the line tangent to these circles, called the envelope of the family of 
Mohr circles, can be used as a criterion of shearing strength. Where this 
envelope is found to be a rising straight line, or nearly so, it can be described 
by the equation 

x = a + b<5 (13.8) 

where the constant indicated in the figure as Tq, is the intercept of the envel- 
ope line on the x axis and the constant b is the tangent of the angle § that the 
envelope line makes with the horizontal line (Fig. 13.7). 

The linearity of T versus o pertaining to the internal shearing strength of 
bodies is analogous to that of Coulomb's law for sliding friction between bod- 
ies. Coulomb's law states that the frictional resistance toward a tangential 
stress tending to slide one planar body over another is proportional to the 




Fig. 13.6. The Mohr circle of stress. 
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Fig. 1 3.7. The Mohr envelope of stress circles. 



normal force pressing the bodies together (Fig. 13.8). Because of this analogy, 
the angle (]) is often termed the angle of internal friction. Moreover, the inter- 
cept x ? visualized as the shear stress needed to cause failure at zero normal 
load, is generally called soil cohesion. The relationship of Eq. (13.8) is gener- 
ally expressed in these terms as 

x = c + a tan § (13.9) 

The Mohr theory of the straight-line envelope has been widely accepted in 
engineering soil mechanics, although it does not necessarily represent shear 
failure conditions under all circumstances. The Mohr envelope can be deter- 
mined experimentally by means of the direct shear test or, preferably, by means 
of the so-called triaxial shear test. In principle, (1) all points under the envel- 
ope represent states of stress that the soil can bear without failure, (2) all 
points on the envelope are stress states just sufficient to cause failure, and 
(3) points above the envelope are impossible stress states (i.e., stress states that 
the soil cannot stably bear) (Barber, 1965). 

Measurement of soil strength is generally based on some procedure for 
determining the stresses acting on or within a body at the moment of its 
mechanical failure. Soil resistance to applied stresses can be characterized in 
terms of two parameters: cohesiveness c, presumably representing the mutual 
bonding of soil particles that must be overcome if the soil body is to be frac- 
tured or sheared, and the angle of internal friction 0, representing the frictional 
resistance encountered when soil is forced to slide over soil along some shear 
plane. It should be understood that this dual representation of soil strength is 
merely a conceptual model, because in real cases the two parameters may not 
be truly independent of each other. 

Soils that exhibit appreciable cohesiveness, called cohesive so/7s, generally 
contain a fair amount of clay, which has the effect of bonding or cementing 
the soil internally. Dry sand, on the other hand, is generally noncohesive, 







N 

T 







Fig. 13.8. Illustration of Coulomb's law. The tangential force T needed to overcome fric- 
tional resistance to the sliding of planar bodies over each other is proportional to the normal 
force N acting on the plane. Thus T= ji/V, where ji is the coefficient of friction. 
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Fig. 13.9. Illustration of dilatancy (volume increase) during shearing of a dense sand, due 
to the interparticle rolling effect. 

hence the only resistance to shear is due to interparticle friction that results 
from sliding and rolling of particles over one another. Dense sand might actu- 
ally expand during shear, an attribute known as dilatancy and illustrated in 
Fig. 13.9. In the case of moist (unsaturated) sand, the surface tension effect of 
the water menisci between grains imparts to the soil an apparent cohesiveness, 
which disappears when the matrix is either dried or saturated with water. 

Two principal methods have been used to measure failure by shear in soil 
and thus to obtain the values of c and (|). The direct shear apparatus is illus- 
trated in Fig. 13.10, showing a sectioned container packed with soil to a 
known bulk density. Normal stress is applied to the shear plane by loading 
a piston-like porous stone placed over the soil surface. Shearing is induced 
by gradually increasing the lateral, or tangential, stress until failure occurs. 
The test can be carried out either at a constant rate of stress increase or at a 
constant rate of deformation: the so-called stress- controlled versus strain- 
controlled methods. The direct shear test has several drawbacks. The shearing 
plane does not remain constant during the test, so the stresses can vary even if 
the applied forces remain constant. Moreover, the size and shape of the con- 
tainer influence the test results. 

The alternative and more fundamentally based method for determination of 
shear strength is known as the cylindrical shearing test. In this test, the failure 
surface is not predetermined but allowed to form within a specimen as suc- 
cessive combinations of lateral and axial stresses are applied to a series of sam- 
ples of the same soil. Thus a series of Mohr circles representing shear failure 
states are determined, and the envelope of these circles yields the desired c and 
b values (Bishop and Henkel, 1964; Fredlund and Vanapalli, 2002). 
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Fig. 13.10. Direct shear apparatus. 
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Fig. 13.11. The cylindrical shear apparatus. 



The cylindrical shear apparatus is illustrated in Fig. 13.11. A cylindrical 
sample of soil is wrapped in a thin sleevelike rubber membrane, tightly sealed 
to parallel metallic plates fitted with porous plugs at the top and bottom of the 
sample. All this is placed in a water-filled pressurized cell that provides a con- 
stant and uniform stress, conventionally designated (J3. An axial stress <3i 
exceeding the lateral stress is applied. The difference (01 - 03), called devia- 
toric stress, is applied through a loading ram attached to a proving ring. The 
axial stress is gradually increased until failure occurs, at which moment the 
axial stress as well as the lateral stress (the cell pressure) are noted. 

An alternative laboratory procedure to characterize the cohesive strength of 
dry soil briquettes is to measure the modulus of rupture. This consists of cen- 
trally loading a small bean of soil, supported at both ends, until failure occurs 
(as shown in Fig. 13.12). The equation for determining the modulus of rup- 
ture is 

o b = 3FL/2bd 2 (13.10) 

where F is the force applied to cause failure, L is the length of the briquette 
between its supports, and d is its thickness. 

A very different method of measuring soil cohesiveness, suitable for use in 
the field, is the vane shear test (ASTM, 1956), illustrated in Fig. 13.13. In this 
test, the vane is driven into the soil to the desired depth and then rotated. The 
torque required to shear the soil along the surface of a cylinder generated by 
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Fig. 13.12. Measurement of the modulus of rupture on a rectangular and on a cylindrical 
specimen of soil. 



the blade edges is measured. The theoretical relation between torque T, soil 
cohesiveness c, and the dimensions of the blades is 

T=cn(d 2 h/2 + d 3 /6) (13.11) 

For the standard height-to-radius ratio of 4:1, cohesiveness can be computed 
from the equation 

c = 3T/28nr 3 (13.12) 
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Fig. 13.14. (a) Push-type and (b) hammer-driven penerrometers for field characterization 
of soil strength. 

The advantage of this method is that it can be applied in situ at succeeding 
depths, without extracting the apparatus, to obtain a strength profile of the 
natural soil. 

An indirect method for assessing soil strength in the field is to use a pene- 
trometer. This instrument, illustrated in Fig. 13.14, is designed to evaluate soil 
resistance to the penetration of a narrow probe. What is measured is not soil 
strength per se, but a composite parameter considered to be related to soil 
strength, though the quantitative nature of its relation to soil strength is not 
exactly defined. Nevertheless, this technique has certain advantages, particu- 
larly in the ease and simplicity of in situ measurement. Penetrometers have been 
used to estimate the force required to plow soils under different conditions as 
well as to indicate soil trafficability (the ability of a soil to provide traction and 
allow unobstructed overland passage of vehicles such as tractors, automobiles, 
and tanks). Penetrometers have been used to simulate seedling emergence 
through a surface crust. Procedures and specifications for using penetrometers 
for various purposes were provided by the American Society for Testing 
Materials (1984) by Bradford (1986), and by Lowery and Morrison (2002). 



Sample Problem 

A triaxial shearing test was performed on a cohesive soil. Three samples of the soil were 
mounted in an apparatus of the type shown in Fig. 1 3.1 1 . Each sample was subjected 
to a different cell pressure and loaded axially at a slow rate so as to allow free drainage 
and dissipation of pore-water pressure. The axial stress at which failure occurred was 
recorded in each case. The following data were obtained: 

Cell pressure a 3 : 1 .0 2.0 3.0 bar 
Axial load ay. 5.9 8.5 11.2 bar 
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Plot the set of Mohr circles and their envelope, and determine the soil's cohesiveness 
and angle of internal friction. Predict the deviator and axial stresses as well as the nor- 
mal and shear stresses on the failure plane at a lateral stress of 2.5 bar. 

The three stress circles are shown in Fig. 13.15. Note that the diameter of each cir- 
cle is equal to the deviator stress - a 3 . A tangent is drawn to the three circles and is 
seen to be a straight line. When this line is extrapolated leftward, it intercepts the i axis. 
According to the Mohr theory of stress, this line can be expressed in terms of Eq. (1 3.9): 

s = c + c n tan § 

where s is the shearing strength of the soil. From the graph, we determine the intercept 
c, representing the soil's cohesiveness, to be 1 bar. The slope of the % - a function (repre- 
senting tan (])) is seen to be about 0.5. Hence the angle of internal friction <\> is about 26.5°. 

We can now use these parameters to determine the normal and shear stresses on any 
plane in a sample subjected to any pair oi, g 3 under the envelope. For example, if the 
lateral stress is 2.5 bar, the circle of failure, tangent to the envelope, is as drawn in Fig. 
13.15 (the dotted circle). The deviator stress (equal to the circle's diameter) is seen to 
be 7.4 bar (i.e., an axial load of about 9.9 bar is needed to cause failure). We can deter- 
mine the normal and shearing stresses on the failure plane graphically by reading the 
values of a and t at the point of the circle's tangency with the envelope line. The values 
turn out to be o n = 4.5 bar, i = 3.25 bar. 

Note: The Mohr envelope for a confined system becomes horizontal if the soil is sat- 
urated. Additional cell and axial pressures cannot add to the effective stress, merely to 
pore-water pressure. 
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Fig. 13.15. Mohr circles and their envelope for the data in the sample problem. 



SOIL CONSOLIDATION 

Consolidation is the process by which a body of soil, either initially sat- 
urated or compacted to the point of saturation, is compressed in a manner that 
results in reduction of pore volume by expulsion of water. As such, consolida- 
tion is not an immediate response of soil to transient pressures such as those 
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caused by episodic traffic or tillage. Rather, it is manifested in the gradual 
settlement, or subsidence, of soil under a long-term loading such as that due 
to a heavy structure (e.g., a single building or even an entire city). Hence the 
practical importance of consolidation lies in the domain of civil engineering, 
where the amount and uniformity of foundation settlement are of concern to 
those interested in the stability and safety of structures. 

To arrive at a conceptual understanding of consolidation, let us first consider 
a sample of water-saturated soil confined in a rigid-walled cylinder and sub- 
jected to compressive load applied to a piston in such a manner as to allow no 
possible outlet for water. Because the confined water is practically incompres- 
sible, the applied pressure can cause no compression of the soil matrix and 
must be borne entirely by the water phase. In other words, while each particle 
of soil is subject to the hydrostatic pressure of water surrounding it, the soil 
matrix as a whole is not subject to any stress at all. If, however, we bore a nar- 
row hole through the piston, we can expect the pressured water to begin ooz- 
ing out, thus gradually relieving the hydrostatic pressure inside the cell and 
transmitting the load to the soil matrix. The matrix would then tend to com- 
press at a rate commensurate with the extrusion of water from the cell. To flow 
out of the cell, the water must wend its way through the narrow and tortuous 
pores of the soil. This accounts for the time-variable nature of the consolida- 
tion process. 

In general, coarse-grained (sandy) soils are the least compressible soils, and 
such consolidation as does take place usually occurs relatively rapidly, thanks 
to these soils' large pores and high permeability. In contrast, fine-grained soils, 
such as clays, generally have greater total porosity than sands (and hence 
greater overall compressibility), but the rate of their consolidation is likely to 
be slow (possibly extending over a period of months or even years), owing to 
their smaller pores. This difference is illustrated in Fig. 13.16. 

A classical mechanical model, shown in Fig. 13.17, has been found useful 
in illustrating the principles involved in the consolidation process. The model 
consists of a perforated or porous piston pressed into a water-filled cylinder 
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Fig. 1 3.16. Relative compressibilities and rates of consolidation for a sandy soil (dashed line) 
and a clayey soil (solid line). 
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Fig. 13.17. Conceptual model illustrating the process of consolidation. 

fitted with springs. When the piston is first loaded and before any downward 
motion has yet taken place, the pressure applied is transmitted to the water 
only. However, as water escapes and the piston moves down, the springs begin 
to contract. As more and more of the water escapes, the springs contract to an 
increasing degree. If the piston is place under a constant load, the downward 
movement will finally stop and static equilibrium will prevail when the resist- 
ance of the compressed springs just equals the downward force acting on the 
piston. Thenceforth, the entire load will be borne by the springs. Thus at the 
beginning of the process the water, not the springs, is stressed and at the end 
of the process the situation is reversed. At any intermediate point during the 
process, the load is carried partly by the water and partly by the springs. The 
springs are quite obviously analogous to the soil matrix, and the water in the 
cylinder is analogous to the water permeating the pores of a saturated soil that 
is subject to a compressive stress. 




Consolidating layer 



Fig. 13.18. A consolidating layer draining both upward and downward. The piezometers 
on the right indicate the isochrones at various times from the start of the process (at t ) to the 
eventual end (at t a ). 
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Fig. 13.19. The consolidation test. 



The concept described in so many words can be summed up in the form of 
an equation, known as Terzaghis effective stress equation (Terzaghi, 1953): 

a t = p + a e or a e = c t -p (13.13) 

Here a t is the total stress, p is the hydrostatic pressure known as pore-water 
pressure, and o e is the effective stress borne by the solid matrix and therefore 
often termed inter granular stress. The term p is a neutral stress, in as much as 
the liquid pressure in a saturated soil acts equally in all directions and, hence 
has no effect on compressing the matrix. When a total stress is suddenly 
applied to a soil and then maintained for an indefinite period, p diminishes 
gradually and o e increases, as shown hypothetically in Fig. 13.18. 

To characterize soils with respect to their consolidation behavior, labora- 
tory tests are generally carried out with small samples, preferably "undis- 
turbed" cores, placed in an apparatus such as shown in Fig. 13.19. Extraction 
of a sample from some depth in the field generally entails release of the origi- 
nal in situ confining pressure (often called the overburden). The sample, how- 
ever, retains what might be called a "memory" of its state of preconsolidation 
pressure. When reconsolidated, it will not compress significantly until its pre- 
consolidation pressure is exceeded. Thereafter, its compression will tend to fol- 
low a straight-line relation for void ratio versus the logarithm of pressure. The 
typical pattern of consolidation is illustrated in Fig. 13.20. 
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Fig. 13.20. Void ratio versus effective pressure curve for a compressible soil during consoli- 
dation. The semilogarithmic plot indicates the apparent preconsolidation pressure p an d a 
pressure release ("rebound") reconsolidation loop. 
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SOIL COMPACTION IN RELATION TO WETNESS 

The term compaction applies to the densification of an unsaturated soil by 
the reduction of the fractional air volume. Since the viscosity of water is gen- 
erally 50-100 times greater than that of air, the expulsion of air from an unsat- 
urated soil under compaction is inherently much more rapid — being 
practically instantaneous — than the expulsion of water from a saturated soil 
under consolidation. 

Soil compaction can be considered from either the viewpoint of the civil 
engineer or that of the plant ecologist and agronomist. The engineer, interested 
in the soil as a construction material (e.g., for roadbeds, embankments, foun- 
dations for dams and various structures, or tractable surfaces for vehicles), 
wishes to enhance the strength and to reduce the permeability of soil layers. Soil 
compaction is a means to achieve those ends. In extreme contrast, the ecologist 
or agronomist, interested in the soil as a medium in which seeds can germinate 
and roots can proliferate and obtain sustenance, views soil compaction as a 
scourge, an undesirable consequence of mechanization that reduces the soil's 
biological productivity and — in extreme cases — makes it unfit for plant 
growth. So what one professional may wish to achieve, another may wish to 
avoid. We next describe each of these approaches on its own merits. 

The engineer generally seeks ways to achieve the maximum practicable degree 
of compaction with the least expenditure of energy. An early empirical approach 
to this problem was developed by R. R. Proctor, whose testing procedure, known 
as the Proctor test, was designed to determine the "optimal" soil wetness at 
which compaction of a given soil can be achieved most effectively by a given com- 
pactive effort. Although modified repeatedly and given different names, the basic 
procedure has enjoyed universal acceptance and has been adopted as the stand- 
ard criterion for soil compaction in engineering practice (ASTM, 1984). 

Compactive stresses can be administered in several different ways. For testing 
purposes, perhaps the simplest is to confine a soil sample in a rigid-walled con- 
tainer and apply a static load (a weight) by means of a piston resting on the sam- 
ple's surface. An alternative way is to apply a time-variable dynamic load by 
means of an impacting or hammering device. Still another way, found to be most 
effective in the case of dry granular materials, is to vibrate the sample. Finally, 
one could attempt to compact soil by applying a space-variable and time-variable 
set of compressive and shearing stresses in combination. Such action, which in 
effect causes a churning (or "puddling") of the soil, is commonly called kneading 
compaction. This last method forms the basis of the Proctor test, which is, in 
essence, an imitation of the common engineering practice of compacting soil in 
the field by means of spiked ("sheepsfoot") rollers. The standard test is carried 
out in a cylindrical mold. The soil material is compacted in three layers, each 
layer being worked by an impact-driven tamper in a standardized manner. 

For any given compactive effort, the resulting bulk density is a function of 
soil wetness. This functional dependence, illustrated in Fig. 13.21, indicates 
that, starting from a dry condition, the attainable bulk density at first increases 
with soil wetness and then reaches a maximal density at a wetness value called 
optimum moisture, beyond which the density decreases. 

This behavior is readily explainable, at least qualitatively. A dry soil typically 
resists compaction because of its stiff matrix and high degree of particle-to- 
particle bonding, interlocking, and frictional resistance to deformation. As soil 
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Fig. 13.21. Typical moisture-density curve for a medium-textured soil, indicating the max- 
imum density obtainable with a given compactive effort. 



wetness increases, the films of moisture weaken the interparticle bonds and seem 
to reduce internal friction by "lubricating" the particles. The soil thus becomes 
more readily compactible. As soil wetness nears saturation, however, the frac- 
tional volume of expellable air is reduced and the soil can no longer be com- 
pacted by the same compactive effort to the same degree as at the lower wetness. 
Henceforth, any further increase in soil moisture reduces, rather than enhances, 
soil compactibility. Finally, at saturation, no amount of kneading can cause any 
increase in bulk density unless water is expelled. At high wetness values, the 
water that hydrates the grains pushes them apart and causes swelling, thus pre- 
venting the closer packing of the soil matrix. 

The function described, relating attainable bulk density to soil moisture, does 
not constitute a single characteristic curve for a given soil but a family of curves, 
as shown in Fig. 13.22. For each level of compactive effort, the curve is shifted 
upward and leftward, indicating higher attainable bulk density at lower values of 
"optimal moisture." Experience shows that the line connecting the peaks of all 
the curves of bulk density versus wetness corresponds approximately to the 80% 
degree-of-saturation line and that the descending portions of these curves tend to 
converge on a line representing a degree of saturation of about 85-90%. 
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Fig. 13.22. Family of moisture-density curves for different compactive efforts (Fl > E2 > E 3 
> £4). Note that the 100% saturation line, representing zero air-filled porosity, was calculated 
assuming a particle density value of 2.63 g.cm 3 . 
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To the extent that the Proctor test portrays or simulates compaction in the 
field, it can serve as a criterion by which to guide earth construction works. A 
typical job specification might require a contractor to compact an earth fill to, 
say, 90% of attainable maximal density as defined by the Proctor test (ASTM, 
1984). The contractor will then examine the results of the test to determine the 
optimal wetness value (or range of values) at which to carry out the compacting 
operation. In practice, an earth fill is laid by depositing and rolling successive 
layers while controlling soil moisture through measured applications of water 
(generally by sprinkling) to the deposited material. If the soil material is too wet, 
it must be dried by drainage and, weather permitting, by evaporation. 



Sample Problem 

A Proctor compaction test was performed on medium-textured soil with the following 
results: 

Mass wetness w: 6% 9% 12% 15% 18% 21% 

Bulk density p b : 1.80 1.91 1.94 1.86 1.75 1.65 g/cm 3 

Plot the data and determine the optimal moisture and maximum density values. 
Calculate the volume wetness and degree of saturation at optimal moisture content. 

An examination of the data, confirmed by the plotted graph, shows that the opitmal 
moisture is at or about a mass wetness w value of 12%, and the maximal density p b is 
1 .94 g/cm 3 . Accordingly, the volume wetness is 

p h 1 .94 q/cm 3 

6 = w ^- = 0.1 2 x = 0.23 = 23% 

P w 1 g/cm 3 

and the degree of saturation is 

s = Q/f 

where f, the porosity, can be obtained from the soil's bulk and particle densities: 

f=1 "(Pb/Ps) 

Hence 

6 0.23 

s = = = 0.85 = 85% 

1 - (Pb/Ps) 1-1.94/2.65 



o BOX 13.1 On the Origins of Cultivation 

j_ An important factor in the evolution of agriculture, which first took place in 
I the Near East some 1 0-1 2 millennia ago, was the development of the tools of 
soil husbandry. Seeds scattered on the ground are often eaten by birds and 
rodents or are subject to desiccation, so their germination rate is likely to be very low. 
Given a limited seed stock, farmers would naturally do whatever they could to pro- 
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mote germination and seedling establishment. The best way to accomplish this is to 
insert the seeds to some shallow depth, under a protective layer of loosened soil, and 
to eradicate the weeds that might compete with the crop seedlings for water, nutri- 
ents, and light. 

The simplest tool developed for this purpose was a paddle-shaped digging stick by 
which a farmer could make holes for seeds. The use of this simple device was 
extremely slow and laborious, however, so at some point the digging stick was modi- 
fied to form the more convenient spade. This tool could be swung and made to strike 
the ground with greater force, not only to open the ground for seed insertion but also 
to loosen and pulverize the soil and eradicate weeds more effectively. In time, the 
spade developed a triangular blade, first made of wood but later made of stone and 
eventually of metal. Such a spade, initially designed to be used by one person, was 
later modified so that it could be pulled by a rope in order to open a continuous slit, 
or furrow, into which the seeds could be dropped. A second furrow could then be 
made alongside the first, to facilitate seed coverage. In some cases, rows were widely 
enough separated to permit a person to walk between the rows in order to weed the 
cultivated plot. 

The human-pulled traction spade, or ard, gradually metamorphosed into an animal- 
drawn plow. The first picture of such a plow, dating to 3000 b.c.e., was found in 
Mesopotamia, and numerous later pictures have been found both there and in Egypt as 
well as in China. It was not long before these early plows were fitted with a seed funnel 
so that the acts of plowing and sowing could be carried out simultaneously. The same 
ancient implement is still used today in the Near East. 

Although the advent of the plow represented a huge advance in terms of conveni- 
ence and efficiency of operation, it had an important side effect. As with many other 
innovations, the benefits were immediate, but the full range of consequences took sev- 
eral generations to play out, long after the new practice became entrenched. The major 
environmental consequence was that plowing made the soil surface — now loosened, 
pulverized, and bared of weeds — much more vulnerable to accelerated erosion. In the 
history of civilization, contrary to the idealistic vision of the prophet Isaiah, the plow- 
share may have been more destructive than the sword. That is why modern efforts are 
directed toward reducing excessive tillage so as to prevent compaction and to promote 
the conservation of both soil and energy. 




Fig. B13.1. Depiction of a seeder-plow on an ancient Mesopotamian seal. 
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SOIL COMPACTION IN AGRICULTURAL FIELDS 

In agronomy, a soil is considered compacted when the total porosity, par- 
ticularly the air-filled porosity, is so low as to restrict aeration or when the soil 
is so tight, and its pores so small, as to impede root penetration, infiltration, 
and drainage. 

Soil compaction can take place in agricultural fields under the influence 
of man-induced mechanical forces applied at or near the soil surface. One 
such cause of soil compaction is trampling by livestock. However, by far 
the most common cause of soil compaction in modern agriculture is the 
effect of machinery, imposed on the soil by vehicles and soil-engaging 
implements. 

Instances of soil compaction are prevalent in modern mechanized agricul- 
ture. The trend to reduce labor on the farm by the use of larger and heavier 
machinery increases the frequency of traffic over the soil and the likelihood of 
damage by compaction. Especially insidious is the practice of plowing with the 
tractor wheel running over the bottom of the open furrow, where the soil may 
be even more compactable than at the surface, owing to higher moisture 
and lower organic matter content. Furthermore, compaction in depth is 
much more difficult to rectify and hence longer lasting than compaction at the 
surface. 

Especially damaging is the cultivation of clayey soils with heavy equipment 
when the soil is in a wet state and its strength is low. Smearing of the soil plow- 
shares and wheels creates a "plow sole" or "plow pan." The churning and 
slipping action of wheels can be more important than loading per se in caus- 
ing the degradation of soil structure (D. B. Davies et al., 1973). Traffic associ- 
ated with harvesting in wet conditions causes deep rutting, smearing, and 
compaction, which in turn inhibit infiltration, drainage, and soil aeration 
(Swain, 1975). 

As shown by Cannell (1977), roots are generally unable to enter pores nar- 
rower than their root caps; thus, if they are to grow through compacted soil 
they must displace soil particles to widen the pores by exerting a pressure 
greater than the soil's mechanical strength. Studies on the effect of mechanical 
impedance on root growth have been reported by, among others, Bowen et al. 
(1981), and Hadas et al. (1990) 

Ehlers et al. (1983) conducted extensive studies of penetration resistance, 
bulk density, soil wetness, and root growth of oats in loessial soil. They found 
that root growth was inversely related to penetrometer resistance. The limiting 
penetrometer resistance for root growth was 3.6 MPa in the tilled surface layer 
and 4.6 to 5.1 MPa in the underlying soil. Dexter (1987) reported similar stud- 
ies of cotton, corn, pea, and peanut roots. 

Observations have shown that some roots do eventually penetrate com- 
pacted zones and that the roots of some species have a remarkable ability to 
enter and enlarge crevices in rocks, roads, and foundations. Where the soil is 
highly compact and rigid, root growth may be confined almost entirely to 
cracks and cleavage planes. In seeking out such cracks, plant roots are not 
merely passive agents; they cause differential shrinkage though preferred 
extraction of moisture from zones of greater penetrability. 
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CONTROL OF SOIL COMPACTION 

The most obvious approach to the prevention of soil compaction is avoid- 
ance of all but essential pressure-inducing operations. This calls for reducing 
the number of operations involved in primary and secondary tillage (plowing 
and subsequent cultivation, respectively) and choosing the most efficient 
implements and the most appropriate time to effect the desirable soil condition 
in a single pass rather than by a repeated sequence of passes. It has long been 
known that excessive soil manipulation leads not only to deterioration of soil 
structure and to reduced productivity but also to accelerated erosion. 

In recent decades, growing awareness of these hazards has resulted in the 
development of new field-management systems, variously called minimum 
tillage, conservation tillage, and even zero tillage (Wittmus et al., 1975; 
McGregor et al., 1975; Uri, 1999; Bradford and Peterson, 2000). Such systems 
reduce the number of operations, avoid unnecessary inversion of topsoil, and 
generally retain crop residues as protective mulch (against evaporation and 
erosion) over the surface. In former times, frequent cultivation of orchards and 
of row-cropped fields was necessary for weed control. This requirement was 
greatly reduced by the introduction of sprayable herbicides. However, exces- 
sive reliance on phytotoxic chemicals poses serious environmental problems. 

Since random traffic by heavy machinery is a major cause of soil com- 
paction, cultural systems have been proposed to restrict vehicular traffic to 
permanent, narrow lanes and to reduce the fractional area trampled by wheels 
to less than 10% of the land surface (Dumas et al., 1973). In row crops, 
seedbed preparation, involving pulverizing the top layer, can be confined to the 
narrow strips where planting takes place, while the inter-row zone is left in an 
open, cloddy condition to promote water and air penetration and to reduce 
erosion by water and wind. The field is thus divided into three consistent 
zones: (1) narrow planting strips, precision tilled; (2) narrow traffic lanes, 
permanently compacted; and (3) inter-row water-management beds, main- 
tained in a cloddy condition and covered with a mulch of plant residues. 

An extremely important factor is the timing of field operations in relation 
to soil moisture. Moist soils can be highly vulnerable to compaction. 
Operations that impose high pressures should, if possible, be carried out on 
dry soil, which is less compactible. These include traffic in general, as well as 
such tillage methods as subsoiling, or chiseling, which is more effective in 
achieving its main purpose of shattering and loosening the soil when it is dry 
than when it is wet. 

A basic discussion of tillage in relation to soil compaction was provided by 
by McKyes (1985). 
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14. WATER ENTRY 
INTO SOIL 



INFILTRATION 

The entry of water into the soil may occur under a variety of conditions. It 
may take place through the entire surface uniformly or via localized furrows 
or crevices. It may also move upward into the soil from a source below, such 
as a rising water table. 

When water is supplied from above to the soil surface, whether by precipi- 
tation or irrigation, it typically penetrates the surface and is absorbed into suc- 
cessively deeper layers of the profile. At times, however, a portion of the 
arriving water may fail to penetrate but instead will tend to accrue at the sur- 
face or flow over it. The penetrated water is itself later partitioned between the 
amount that returns to the atmosphere by direct evaporation from the soil or 
by the extraction and transpiration of plants and the amount that continues to 
seep downward and eventually recharges the groundwater reservoir. 

Infiltration is the term applied to the process of water entry into the soil, 
generally by downward flow through all or part of the soil surface. The rate 
of this process, relative to the rate of water supply, determines how much 
water will enter the root zone and how much, if any, will run off. Hence the 
rate of infiltration affects not only the water economy of terrestrial plants 
but also the amount of overland flow and its attendant dangers of soil ero- 
sion and stream flooding. Where soil conditions, especially at the surface, 
limit the rate of infiltration, plants may be denied sufficient moisture while 
surface erosion increases. Knowledge of the infiltration process as it is 
affected both by the soil's properties and transient conditions and by the 
mode of water supply is therefore a prerequisite for efficient soil and water 
management. 
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INFILTRATION CAPACITY/' OR INFILTRABILITY 

If water is sprinkled over the soil surface at a steadily increasing rate, sooner 
or later the supply rate will exceed the soil's finite rate of absorption, and the 
excess will accrue over the soil surface or run off it (Fig. 14.1). The infiltration 
rate is defined as the volume flux of water flowing into the profile per unit of 
soil surface area. For the special condition in which the rainfall rate exceeds 
the ability of the soil to absorb water, infiltration proceeds at a maximal rate, 
which Horton (1940) called the soil's infiltration capacity. 

Hillel (1971) suggested the term infiltr ability to designate the infiltration 
flux resulting when water at atmospheric pressure is made freely available at 
the soil surface. This one-word replacement avoids the extensity-intensity con- 
fusion in the term infiltration "capacity" and permits use of the term infiltra- 
tion "rate" in the literal sense to represent the surface flux in any set of 
circumstances, whatever the rate or pressure at which the water is supplied to 
the soil. The infiltration rate can be expected to exceed infiltrability whenever 
water is ponded over the soil to a depth sufficient to cause the hydrostatic 
pressure at the surface to be significantly greater than atmospheric pressure. 
On the other hand, if water is applied slowly or at subatmospheric pressure, 
the actual infiltration rate may be smaller than the infiltrability. 

As long as the rate of water delivery to the surface is smaller than the soil's 
infiltrability, water infiltrates as fast as it arrives and the process is supply con- 
trolled (or flux controlled). However, once the delivery rate exceeds the soil's 
infiltrability, the latter determines the actual infiltration rate, and thus the 
process becomes soil controlled. The soil may limit the rate of infiltration 
either at the surface or within the profile. Thus the process may be either sur- 
face controlled or profile controlled. 

When a shallow layer of water is instantaneously applied and thereafter 
maintained over the surface of an initially unsaturated soil, the full measure of 
soil infiltrability comes into play from the start. Many trials of infiltration 
under shallow ponding have shown infiltrability to vary and generally to 
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Fig. 14.1. Time dependence of infiltration rate under rainfall of constant intensity that is 
lower than the initial value but higher than the final value of soil infiltrability. 
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Fig. 14.2. Time dependence of infiltrability and of cumulative infiltration under shallow 
ponding. 

decline in time. Thus, the cumulative infiltration, being the time integral of 
infiltration rate, typically exhibits curvilinear time dependence, with a grad- 
ually diminishing slope (Fig. 14.2). 

Soil infiltrability and its variation with time are known to depend on the 
initial wetness and suction as well as on the texture, structure, and uniformity 
(or layering sequence) of the profile. In general, soil infiltrability is relatively 
high in the early stages of infiltration, particularly where the soil is initially 
quite dry, but it tends to decrease and eventually to approach asymptotically 
a constant rate that we call the steady-state infiltrability but that is often 
termed the final infiltration capacity. (The adjective final in this context does 
not signify the end of the process, but the attainment of a constant rate that 
can persist thenceforth.) 

The decrease of infiltrability from an initially high rate can in some cases result 
from gradual deterioration of soil structure and the partial sealing of the profile 
by the formation of a surface crust. It can also result from the detachment and 
migration of pore-blocking particles, from swelling of clay, as well as from 
entrapment of air bubbles or the bulk compression of the air originally present in 
the soil if it is prevented from escaping during its displacement by incoming 
water. Primarily, however, the decline of infiltrability results from the decrease in 
the matric suction gradient , which occurs inevitably as infiltration proceeds. 

If the surface of an initially dry soil is suddenly saturated (e.g., by ponding), 
the difference of hydraulic potential between the saturated surface and the 
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relatively dry soil just below creates a steep matric suction gradient. As the 
wetted zone deepens, the same difference of potential acting over a greater dis- 
tance expresses itself as a diminishing gradient. And as the wetted part of the 
profile deepens, the suction gradient eventually becomes vanishingly small. In 
a horizontal column, the infiltration rate eventually tends to zero. In down- 
ward flow into a vertical column under continuous ponding, the infiltration 
rate tends asymptotically to a steady, gravity-induced rate that approximates 
the soil's saturated hydraulic conductivity if the profile is homogeneous and 
structurally stable (Fig. 14.2). 



PROFILE MOISTURE DISTRIBUTION DURING INFILTRATION 

An examination of an initially dry, texturally uniform soil profile at any 
moment during infiltration under ponding generally shows the surface zone to 
be saturated to a depth of several millimeters or centimeters. Beneath this sat- 
urated zone is a less-than-saturated, lengthening zone of apparently uniform 
wetness, known as the transmission zone, beyond which occurs a wetting 
zone. In the latter zone, soil wetness increases with time at each point, but at 
any given time wetness decreases with depth at a steepening gradient, down to 
a wetting front. At the wetting front, the moisture gradient is so steep that 
there appears to be a sharp boundary between the moistened soil above and 
the initially dry soil beneath. The simple explanation for the existence of the 
wetting front is that (since the flux is the product of the gradient and the con- 
ductivity) the hydraulic conductivity of the as-yet unwetted soil is so low that 
water can only penetrate it when the gradient is very steep. It follows that the 
drier the soil is initially, the steeper must be the gradient at the wetting front. 

The typical moisture profile during infiltration is shown schematically 
in Fig. 14.3. Repeated examinations of the moisture profile of a stable soil 
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Fig. 14.3. The infiltration moisture profile. At left, a schematic section of the profile; at right, 
the curve of water content versus depth. The common occurrence of a saturation zone as dis- 
tinct from the transmission zone may result from the structural instability of the surface zone. 
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Fig. 14.4. Water-content profiles (at right) and hydraulic-head profiles (at left) at successive 
times (U,t 2 ,t 3 ,t 4 ) during infiltration into a uniform soil ponded at the surface. The dH g /dz value 
is the gravitational head gradient. In this figure the possible existence of a saturation zone dis- 
tinct from the transmission zone is disregarded. 



during infiltration generally reveal that the transmission zone lengthens (deep- 
ens) continuously and that the wetting zone and the wetting front likewise 
move downward continuously, with the latter becoming less steep as it moves 
deeper into the profile. Typical families of successive moisture and hydraulic- 
head profiles are shown in Figure 14.4. 

THE GREEN AND AMPT APPROACH 

A simplistic, yet still useful, theoretical approach to the infiltration process 
was suggested as early as 1911 by W. H. Green and G. A. Ampt in their clas- 
sic paper on flow of air and water through soils. Their theory has been found 
to apply particularly to infiltration into uniform, initially dry, coarse-textured 
soils, which exhibit a sharp wetting front. The G&A solution gives no infor- 
mation about the moisture profile during infiltration, but it does offer esti- 
mates of the infiltration rate and the cumulative infiltration as functions of 
time, i(t) and I(t). 

The main assumptions of the G&A approach are that there exists a distinct 
and precisely definable wetting front during infiltration and that, although this 
wetting front moves continuously downward as the process proceeds, it is 
characterized by a constant matric suction, regardless of time and position. 
Furthermore, this approach assumes that, in the transmission zone behind the 
wetting front, the soil is uniformly wet and of constant conductivity. The wet- 
ting front is thus viewed as a plane separating a uniformly wetted infiltrated 
zone from an as-yet totally uninfiltrated zone. In effect, this supposes the K-\|/ 
(hydraulic conductivity versus suction head) relation to be discontinuous, that 
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is, to change abruptly at the suction value prevailing at the wetting front, from 
a high value at lower suctions to a very much lower value at higher suctions. 

These assumptions simplify the flow equation, making it amenable to ana- 
lytical solution. For horizontal infiltration, a Darcy-type equation can be 
applied directly: 

i = dlldt = K{H - H { )/L { (14.1) 

where i is the flux into the soil and through the transmission zone, I is the 
cumulative infiltration, K is the hydraulic conductivity of the transmission 
zone, H is the pressure head at the entry surface, Hf is the effective pressure 
head at the wetting front, and Lf is the distance from the surface to the wet- 
ting front (the length of the wetted zone). If the ponding depth is negligible and 
the surface is thus maintained at a pressure head of zero, we obtain simply 

dlldt = -KH { /L { = K(AH p /Lf) (14.2) 

Here AH p is the pressure-head difference between the surface and the wetting 
front. This shows the infiltration rate to be proportional to the reciprocal of 
the distance to the wetting front. 

Since a uniformly wetted zone is assumed to extend all the way to the wet- 
ting front, it follows that the cumulative infiltration / should be equal to the 
product of the wetting-front depth Lf and the wetness increment A0 = t - 
(where 9 t is the transmission-zone wetness during infiltration and 9; is the ini- 
tial profile wetness, which prevails beyond the wetting front): 

I = L £ A9 (14.3) 

(In the special case where 9 t is saturation and 9; is zero, I = fL t , where f is the 

porosity.) 

Therefore, 

dl dL{ AH p A9AH 

~dt = ~dt = ~rf~ = < 14 - 4 > 

where dL^/dt is the rate of advance of the wetting front. The infiltration rate 
is thus seen to be inversely related to the cumulative infiltration. Rearranging 
Eq. (14.4), we obtain 

ALL 

L { dL { = K v -dt = D(dt) (14.5) 

A9 

where the composite term [K(AH p /A9)] can be regarded as an effective diffu- 
sivity D e ff for the infiltrating profile. Integration gives 

L? AH n 

^ = K v -t = Dt (14.6) 

2 A9 

L f = ^2Kt(AH p /Ad) = JlEt (14.7) 

or 



I = Ae^^25t, i = A^DIlt (14.8) 
Thus the depth of the wetting front is proportional to £ 1/2 , and the infiltration 
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With gravity taken into account, the Green and Ampt approach gives 

f = ^ = K H -H t+Lt (149) 
at at Lf 

which integrates to: 

Kt/AQ = L f - (H - H f ) ln[l + L f /(H - H f ) (14.10) 

As t increases, the second term on the right-hand side of Eq. (14.10) increases 
more and more slowly in relation to the increase in Lf, so at very large times 
the relationship becomes 

L f = K#A9 + 8 or I = Kt + 8 (14.11) 

where 8 can eventually be regarded as a constant. 

The Green and Ampt model was designated the delta-function approxima- 
tion by Philip (1966a), because it corresponds exactly to the nonlinear diffu- 
sion description of infiltration in the special case where the diffusivity is 
wholly concentrated at the wet end of the moisture range (a so-called Dirac 
delta function). This model represents a reasonable approximation of reality 
in situations where the wetting front is sharp and the moisture profile differs 
little from a step function, for example, one-dimensional vertical systems with 
water supplied under positive hydrostatic pressure to soils that are coarse- 
textured, initially dry, and without air entrapment. 



Sample Problem 

The infiltration rate under shallow ponding was monitored as a function of cumulative 
rainfall and found to be 20 mm/hr when a total of 100 mm had infiltrated. If the even- 
tual steady rate of infiltration is 5 mm/hr, estimate the infiltration rate at a cumulative 
infiltration of 200 and 400 mm. Use the Green and Ampt theory. 
We refer to Eq. (14.1): 

i=i c +b/l 

where / is the infiltration rate, i c is the eventual steady rate, / is the cumulative infiltra- 
tion, and b is a constant. Substituting the given values and solving for b, we get 

20 mm/hr = 5 mm/hr + (b mm 2 /hr)/1 00 mm, 
b = 1 00(20 - 5) = 1 500 mm 2 /hr 

We use this value of b to estimate the infiltration rate at any value of cumulative infil- 
tration. 

At / = 200 mm: / = 5 + 1 500/200 = 1 2.5 mm/hr 
At / = 400 mm: / = 5 + 1 500/400 = 8.75 mm/hr 

Given the soil conditions described, calculate how much water can be delivered to 
the root zone of a crop without exceeding the soil's infiltrability if the sprinkling irriga- 
tion rate is 1 5 or 25 mm/hr? What is the highest steady sprinkling rate we can use if we 
wish to provide an irrigation of 250 mm in the shortest possible time? 
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At a sprinkling rate of 15 mm/hr, 

1 5 mm/hr = 5 mm/hr + (1 500 mm 2 /hr)// mm 
/= 1500/(15 -5) = 150 mm 

At a sprinkling rate of 25 mm/hr, 

/= 1 500/(25 - 5) = 75 mm 

Note: The higher the sprinkling rate, the smaller the total amount of water that can 
infiltrate without exceeding the soil's infiltrability (i.e., without causing flooding or 
runoff). 

To infiltrate 250 mm by steady sprinkling without exceeding Infiltrability, we can apply 
/=5 + 1500/250 = 11 mm/hr 
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We begin by combining the Darcy equation with the continuity equation to 
obtain the general flow equation for water in soil (see Chapters 7 and 8). For 
one-dimensional flow the appropriate form of the flow equation is 



36 
dt 



d_ 
dx 



K 



3H 

dx 



(14.12) 



where 9 is the volumetric wetness, t is time, x is distance along the direction 
of flow, and H is the hydraulic head. The simplest application of this equation 
is in the description of lateral infiltration [termed absorption by Philip 
(1969a)] into a thin horizontal column extending in the x direction. In this 
case, the gravity force is zero, and water is drawn into the soil by matric suc- 
tion gradients only. If the soil is texturally homogeneous and the antecedent 
moisture is equal throughout, the diffusivity equation can be applied: 



30 

dt 



d_ 

dx 



D0 



30 

dx 



(14.13) 



This equation can be solved for the case of flow into an infinitely long column 
of uniform initial wetness i9 where the plane of entry (x = 0) is instanta- 
neously brought to, and thereafter maintained at, a higher wetness O . These 
conditions are written formally in the following way: 



= i5 
= 0q, 



x > 0, 
x = 0, 



f = 
t>0 



(14.14) 



We can now simplify Eq. (14.13) by introducing the composite variable A,(0), 
defined as 



X(0) = xt~ m 



(14.15) 
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Note that X is a function of only. When substituted into Eq. (14.13) it trans- 
forms that equation from a partial to an ordinary differential equation (the 
only variables being and X): 



XdQ _ d_ 
2 dX dX 



(14.16) 



This mathematical sleight of hand, first introduced by Ludwig Boltzmann in 
1894, has been known ever since as the Boltzmann transformation. 
Equation (14.15) can be rewritten 

x = X{Q)t m (14.17) 

During infiltration into an initially dry and stable soil, the advancing wet- 
ting front is usually visible and indicates a moving zone of practically constant 
wetness. In this situation, X(Q) can be assumed to remain constant, and there- 
fore x (taken to be the distance to the wetting front) is proportional to t m . 
A plot of the distance to the wetting front against t m should therefore give 
a straight line with a slope equal to X. 

The cumulative volume of water entered through a unit area of the entry 
plane (x = 0) in time t is given by 

I = x de (14.18) 

where / is the cumulative infiltration, 0; is the initial volumetric wetness of the 
uninfiltrated soil, and O is the saturation wetness. Substitution of the 
Boltzmann variable [Eq. (14.15)] gives 

I = t 1/2 \®° X(d)dd = st 111 (14.19) 



where 



s = j*°X(Q)dd = lit 111 (14.20) 



The coefficient s is a constant (a definite integral) and is called the sorptivity 
(Philip, 1969a). Note that s depends on both 0; and O . Therefore, it is defined 
only in relation to a fixed initial state 0i and an imposed boundary condition 
O . The dimensions of sorptivity are length per square root of time (L7^ 1/2 ). 
From Eq. (14.19) we note that a plot of cumulative infiltration I versus t m 
should give a straight line with a slope equal to s. 

Introducing the Boltzmann transformation into Eq. (14.13) also requires 
transforming the boundary conditions. Accordingly, Eq. (14.14) becomes 



= i? X^c 

e = O , x = o 



(14.21) 



A numerical solution is generally needed because the D(0) relationship 
makes Eq. (14.16) nonlinear. A quasi-analytical technique was introduced by 
Parlange (1971). Computer-based simulation methods were devised by de Wit 
and van Keulen (1972) and by Elrick and Laryea (1979). 
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Vertical Infiltration 



Downward infiltration into an initially unsaturated soil generally occurs 
under the combined influence of suction and gravity gradients. As the water 
penetrates deeper and the wetted part of the profile lengthens, the suction gra- 
dient decreases, since the difference in pressure head (between the saturated 
surface and the unwetted part of the profile) divides itself over an ever-increasing 
distance. As this trend continues, eventually the suction gradient in the upper 
part of the profile becomes negligible, leaving the constant gravitational gra- 
dient as the only force moving water downward. Since the gravitational head 
gradient has the value of unity (the gravitational head decreasing at the rate of 
1 m with each meter of vertical depth below the surface), it follows that the 
flux tends to approach the hydraulic conductivity as a limiting value. 

In a uniform profile (without any impeding layer) under prolonged pond- 
ing, the water content of the wetted zone should, theoretically, approach sat- 
uration. In practice, however, because of air entrapment (or encapsulation in 
bubbles or bypassed pores), the soil-water content often does not attain total 
saturation but some maximal value lower than saturation, which has been 
called satiation. Total saturation is assured only when the air phase in a soil 
sample is evacuated (subjected to a vacuum) or replaced with a readily soluble 
gas (such as C0 2 ) and then wetted with deaired water. 

Darcy's equation for vertical flow is 

q = -K{dH/dz) = -K[d{H p - z)/dz] (14.22) 

where q is the flux, K is hydraulic conductivity, and H is the total hydraulic 
head (the sum of a pressure head H p and a gravity head H z = - z). The fore- 
going assumes that the datum plane is at the soil surface (z = 0) and that z is 
the vertical distance from the soil surface downward (i.e., the depth). At the 
soil surface, q = /, the infiltration rate. In an unsaturated soil, H p is negative 
and can be expressed as a suction head, \|/. Hence, 

q = K(d\\f/dz) + K (14.23) 

Combining these formulations of Darcy's equation, Eqs. (14.22) and 
(14.23), with the continuity equation dQ/dt - -dq/dz gives the general flow 
equation 



30 _ d_ 

dt dz 



dz 



d_ 

dz 



dz 



dK 

(14 * 24) 



If soil wetness 9 and suction head \|/ are uniquely related, we can use the chain 
rule to rewrite the left-hand side of Eq. (14.24) thus: dQ/dt = (39/3\|/)(3\|//3/:). 
This transforms the equation into 



C ^ = A. 
dt dz 



dz 



♦ f (14.25, 
dz 



where C (= -30/3\|/) is defined as the specific (or differential) water capacity 
(i.e., the change in water content in a unit volume of soil per unit change in 
matric potential). 
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Alternatively, we can transform the right-hand side of Eq. (14.24), again 
using the chain rule, to render -3\|//3z = -(3\|//30)(30/3z) = (l/C)(30/3z). We 
thus obtain 

30 _ _3_ 
dt dz 

where D, once again, is the soil-moisture diffusivity, which we propose call- 
ing the hydraulic diffusivity (see Chapter 8). Equations (14.24), (14.25), 
and (14.26) can all be considered forms of the Richards equation, named 
for L. A. Richards, who first combined Darcy's equation for unsaturated 
flow with the continuity equation (L. A. Richards, 1931). 

Note that the preceding three equations contain two terms on their right- 
hand sides; the first pertains to the role of the suction (or wetness) gradient 
and the second to the role of gravity. Whether the one or the other force is 
dominant depends on the initial and boundary conditions and on the stage of 
the process considered. For instance, when infiltration takes place into an ini- 
tially dry soil, the suction gradients at first can be much stronger than the gravi- 
tational gradient, and the initial infiltration rate into a horizontal column 
approximates the infiltration rate into a vertical column. Water from a furrow 
will therefore tend at first to infiltrate laterally almost to the same extent as 
vertically (Fig. 14.5). However, when infiltration takes place into an initially 
wet soil, the suction gradients are weak from the start and become negligible 
much sooner (Fig. 14.6). 

The first mathematically rigorous solution of the flow equation applied to 
vertical infiltration was given by Philip (1957a). More comprehensive reviews of 
infiltration theory were subsequently provided by the same author (Philip, 
1969a; 1993). Philip's original solution pertained to the case of an infinitely 



k ae 

C dz 



dK 

dz 



or 



30 _ _3_ 
dt dz 



D 



30 

dz 



dK 

dz 



(14.26) 




Fig. 14.5. Infiltration from an irrigation furrow into an initially dry soil. The wetting front is 
shown after different periods of time < t 2 < t 3 ). At first the strong suction gradients cause 
infiltration to be nearly uniform in all directions. As the infiltration process continues, the suc- 
tion gradients diminish and the gravitational gradient eventually predominates. 
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Initially moist soil 



Time 

Fig. 14.6. Infiltrability as function of time in an initially dry and in an initially moist soil. 



deep, uniform soil of constant initial wetness 9;, assumed at time zero to be sub- 
merged under a thin layer of water that instantaneously increases soil wetness at 
the surface from its initial value to a new value 9q (near saturation) that is there- 
after maintained constant. Mathematically, these conditions are stated as 

t = 0, z > 0, 9 = 9, 

£= 0, z = 0, 9 = 9 (14.27) 
His solution took the form of a power series: 

2(6,0 = X f„(Q)t nl2 = mt m + f 2 (Q)t + f 3 (Q)t 312 + Umt 1 +■■■ (14.28) 

n=l 

where z is the depth to any particular value of wetness 9 and the coefficients f n (Q) 
are calculated successively from the diffusivity and conductivity functions. 

Philip's solution also describes the time dependence of cumulative infiltra- 
tion I in terms of a power series: 

I(t) = £ j„m t" 12 = st m +(A 2 +K )t + A 3 t 3 ' 2 + A 4 t 2 +■■■ + A n t"' 2 (14.29) 

n=l 

in which the coefficients / n (9) are calculated from K(9) and D(9) and the coef- 
ficient s is called the sorptivity. Differentiating Eq. (14.29) with respect to t we 
obtain the series for the infiltration rate 

i(t) = \st~ yi + (A 2 + K ) + | A 3 t m + 2A 4 t + • • ■ + | A n t n/2 ~ (14.30) 

In practice, it is generally sufficient for an approximate description of infiltra- 
tion to replace Eq. (14.29) and (14.30) by two-parameter equations of the type 

I(t) = st 111 + At, i(t) = jsr m + A (14.31) 
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TABLE 14.1 Steady Infiltration Rates for 
Different Soil Types 



Soil type 


Steady infiltration rate (mm/h) 


Sands 


>20 


Sandy and silty soils 


10-20 


Loams 


5-10 


Clayey soils 


1-5 


Sodic clayey soils 


<1 



where t is not too large. In the limit, as t tends to infinity, the infiltration rate 
decreases monotonically to its final asymptotic value i(oc). At large times, it is 
possible to represent Eq. (14.31) as 

I = st m + Kt, i = silt 111 + K (14.32) 

where K is the hydraulic conductivity of the soil's upper layer, which in a soil 
under ponding is nearly equal to the saturated conductivity K s . 

Recall that the sorptivity has been defined (according to Philip, 1969a) in 
terms of the horizontal infiltration equation as the ratio of the cumulative 
infiltration to the square root of time: 

s = I/t m (14.33) 

As such, it embodies in a single parameter the influence of the matric suction 
and conductivity on the transient flow process that follows a step-function 
change in surface wetness or suction. Strictly speaking, one should write 
s(9 , 8i) or s(\|/ , \|/i), since s has meaning only in relation to an initial state 
of the medium and an imposed boundary condition. Philip also defined 
an intrinsic sorptivity — a parameter that accounts for the viscosity and sur- 
face tension of the fluid. 

It should be obvious from the foregoing that the effects of ponding depth and 
initial wetness (Fig. 14.6) can be significant during early stages of infiltration but 
diminish in time and eventually tend to vanish in a very deeply wetted profile. 
Typical values of the "final" (steady) infiltration rate are shown in Table 14.1. In 
actual cases the infiltration rate can be considerably higher, particularly during 
the initial stages of the process and in well-aggregated or cracked soils, or lower, 
as in the presence of a surface crust or of an impeding layer inside the profile. 



Sample Problem 

A horizontal infiltration trial was conducted with a soil-filled tube having a cross-sectional 
area of 5 x 10 3 mm 2 . After 15 min, cumulative infiltration totaled 1.5 x 10 5 mm 3 . What 
is the expectable cumulative infiltration and infiltration rate after 1, 4, and 16 hr? 

We use Philip's horizontal infiltration ("absorption") theory to calculate the sorptivity 
5 according to Eq. (14.19), 



s=llt" 2 
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where t is time and / is cumulative infiltration: 

s = (1 .5 x 1 5 mm 3 /5 x 1 3 mm 2 )/(1 5 min x 60 sec/min) 1/2 
= 30/30 = 1 mm/sec 1 12 

We now apply this value to estimate cumulative infiltration at various times, again using 
Eq. (14.19): (/ = sf 1/2 ): 
After 1 hr: 



After 4 hr: 



/ = 1 mm/sec 1/2 x (3600 sec) 1/2 = 60 mm 
/= 1 mm/sec 1 12 x (14,400 sec) 1/2 = 120 mm 



After 16 hr: 

/ = 1 mm/sec 1 12 x (57,600 sec) 1/2 = 240 mm 

The corresponding infiltration rates are obtainable by differentiating the Eq. (14.19) 
with respect to time t: 

l=dl/dt = s/2t^ 2 

After 1 hr: 

/ = (1 mm/sec 1 /2 )/2(3600 sec) 1/2 = 8.33 x 10~ 3 mm/sec = 30 mm/hr 

After 4 hr: 

/ = (1 mm/sec 1 /2 )/2(1 4,400 sec) 1/2 = 4.166 x 10~ 3 mm/sec = 15 mm/hr 
After 16 hr: 

/= (1 mm/sec 1 /2 )/2(5 7,600 sec) 1/2 = 2.0833 x 10" 3 mm/sec = 7.5 mm/hr 

Now assume that the same column is vertical. If the effective saturated hydraulic 
conductivity of the soil is 2 x 10~ 3 mm/sec, estimate the cumulative infiltration and infil- 
tration rate values at 1, 4, and 16 hr. If the initial volumetric wetness is 0.05 (5%) and 
the saturation wetness is 0.45, estimate the depth of the wetting front at the same 
times. 

We use Eq. (14.32) for cumulative infiltration in a vertical column (/ = sf 1/2 + Kt): 
After 1 hr (3600 sec): 

/ = 1 mm/sec 1 12 x 60 sec 1/2 + 2 x 1 -3 mm/sec x 3600 sec 
= 60 mm + 7.2 mm = 67 mm 

After 4 hr (14,400 sec): 

/ = 1 mm/sec 1 12 x 1 20 sec 1 12 + 2 x 1 0~ 3 mm/sec x 1 4,400 sec 
= 120 mm + 28.8 mm = 148.8 mm 

After 16 hr (57,600 sec): 

/ = 1 mm/sec 1/2 x 240 sec 1/2 + 2 x 1 0~ 3 mm/sec x 57,600 sec 
= 240 mm + 1 1 5.2 mm = 355.2 mm 

To calculate the infiltration rate into a vertical column, we differentiate Eq. (14.32) 
with respect to time: 

i=dl/dt = s/2e /2 + K 
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After 1 hr: 



/= (1 mm/sec 1 /2 )/(2 x 60 sec 1/2 ) + 2 x lO" 3 mm/sec 
= 8.33 x 1 0~ 3 mm/sec + 2 x 1 0~ 3 mm/sec = 1 0.33 x 1 0~ 3 mm/sec 
= 37.2 mm/hr 



After 4 hr: 



/= (1 mm/sec 1 /2 )/(2 x 120 sec 1/2 ) + 2 x lO" 3 mm/sec 
= 4.1 66 x 1 0~ 3 mm/sec + 2 x 1 0~ 3 mm/sec = 6.1 66 x 1 0~ 3 mm/sec 
= 22.2 mm/hr 



After 16 hr: 



/= (1 mm/sec 1 /2 )/(2 x 240 sec 1/2 ) + 2 x 10~ 3 mm/sec 
= 2.083 x 1 0- 3 mm/sec + 2 x 1 0~ 3 mm/sec = 4.083 x 1 0~ 3 mm/sec 
= 14.7 mm/hr 

To calculate depth of the wetting front L f we use a variant of Eq. (14.3) (L f = //AG): 
After 1 hr: 



After 4 hr: 



After 16 hr: 



L f = (67.2 mm)/(0.45 - 0.05) = 1 68 mm 
L f = (1 48.8 mm/0.4 = 372 mm 
L f = (355.2 mm)/0.4 = 888 mm 




Note: The student is invited, to plot the calculated values of /, /, and L f against time and 
against the square root of time. The relationships involved will become clearer in the 
process. 



INFILTRATION INTO LAYERED PROFILES 

Experimental studies have shown that the infiltration process can be greatly 
affected by soil-profile heterogeneity. Although in any conducting soil the 
matric suction and hydraulic head must be continuous throughout the profile 
regardless of layering sequence, the wetness and conductivity may exhibit 
abrupt discontinuities at interlayer boundaries. 

The advent of computer-based numerical methods for solving nonlinear 
partial differential equations subject to complex boundary conditions made 
possible a flexible approach to infiltration theory. No longer is the theory 
shackled to the restrictive assumptions that had been necessary previously in 
order to formulate the process mathematically in closed form, as required for 
the attainment of analytical solutions. 

An early demonstration that the computer can be used effectively to obtain 
a mathematical description of infiltration in heterogeneous soil profiles with 
strata of differing properties and initial wetness values was given by Hanks 
and Bowers (1962). In their model the initial wetness (Gj) was allowed to vary 
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with depth z, and different K(\\f) and 9(\|/) functions were assigned to soil lay- 
ers of different thicknesses. 

Later, F. C. Wang and Lakshminarayana (1968) modified the formulation 
of infiltration to make more explicit the expression of heterogeneity, that is, 
the dependence of K and \|/ on z and in the form K = K(0, z) and \|/ = \|/(0, z). 
Both models were still based on the surface-ponding boundary condition. 
Subsequently, investigations have provided even more comprehensive descrip- 
tions of infiltration into variously constituted soil profiles (e.g., Hillel and 
Talpaz, 1977; Hillel, 1977; Ross, 1990). 

One typical situation is that of a coarse layer of higher saturated hydraulic 
conductivity overlying a less conductive finer-textured layer. In such a case the 
infiltration rate is at first controlled by the more conductive top layer, but 
when the wetting front reaches and penetrates into the finer-textured sublayer, 
the infiltration rate can be expected to drop and tend to that of the deeper soil 
alone. Thus, in the long run it is the layer of lesser conductivity that controls 
the process. If infiltration continues for long, then positive pressure heads 
(a "perched water table") can develop in the top layer, just above its boundary 
with the impeding finer layer. 

In the opposite case — infiltration into a profile with a fine-textured layer 
overlying a coarse-textured one — the initial infiltration rate is again deter- 
mined by the upper layer. As water reaches the interface with the coarse lower 
layer, however, the infiltration rate typically decreases. Water at the wetting 
front is normally under suction, and this suction may be too high to permit 
ready entry into the relatively large pores of the coarse layer. The wetting front 
often pauses at the interface, until the pressure of the water just above the 
interface builds up sufficiently to enter the sublayer. 



INFILTRATION INTO CRUST-TOPPED SOILS 

A very important special case of a layered soil is that of a profile that 
develops a thin, less permeable "crust," or "seal," at the surface. Such a seal 
can form over a bare soil (devoid of a protective cover of vegetation or stub- 
ble) under the beating action of raindrops or as a result of the spontaneous 
slaking and breakdown of soil aggregates during wetting of the surface. 

The impact of a raindrop on an exposed surface is related to its kinetic 
energy £ k : 

E k = mv 2 /2 (14.34) 

Here m is raindrop mass and v is its velocity. The total action of a rainstorm 
might be expected therefore to be a function of the sum of the kinetic energies 
of all the drops: 

£ k,tot = S m ^i 2/2 (14.35) 

wherein m i? v x are, respectively, the masses and velocities of raindrops of suc- 
cessive size groups. 

As a raindrop of any size falls earthward through the atmosphere, it is 
accelerated by gravity but encounters the viscous resistance of the atmosphere. 
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That resistance increases as the velocity of the falling drop increases. When the 
air resistance equals the downward force of gravity, acceleration ceases and 
the drop continues to fall at a constant, "terminal" velocity that depends on 
its mass. The spectrum of drop sizes, hence also of terminal velocities, varies 
from storm to storm and from place to place. 

The impact of raindrops on the soil is influenced by surface roughness, 
slope, incident angle, and the possible presence of standing water on the sur- 
face. It is also influenced by the structure and wetness of the exposed soil; 
hence the impact varies with time, being maximal at the early stages of a rain- 
storm, when the soil surface is at its driest state and most vulnerable to slak- 
ing. The destructive impact of rainfall on soil structure can be mitigated by the 
presence of a protective cover of vegetation or a mulch that can intercept the 
drops before they strike the soil directly. 

Another important factor affecting the formation of a surface seal (crust) is 
the chemical composition of the infiltrating solution. Irrigation water with 
a high sodium adsorption ratio (SAR), coupled with a low overall concentra- 
tion of salts, can induce dispersion and swelling of the clay present in the soil's 
surface layer, which in turn can have a strong effect on soil infiltrability. The 
dispersed aggregates collapse and close the interaggregate cavities, and migrat- 
ing clay particles tend to lodge in soil pores beneath the surface. 

The effect of sodium in the added water is strongest at the soil surface 
because of the mechanical agitation of the applied water and because of the 
absence of a confining matrix. Extreme clay dispersion and clogging can occur 
at SAR values as low as 10 if the solution concentration is lower than 
2 mol/m 3 (Oster and Schroer, 1979). Particularly destructive to surface soil 
structure is the alternation of sodic irrigation water with rainfall, which results 
in the drastic reduction of soil infiltrability. 

Surface crusts are characterized by greater bulk density, finer pores, and 
lower saturated conductivity than the underlying soil. Once formed, a surface 
crust can greatly impede water intake by the soil (Fig. 14.7), even if the crust 
is quite thin (say, not more than several millimeters in thickness) and the soil 
is otherwise highly permeable. Failure to account for the formation of a crust 
can result in gross overestimation of infiltration. 




(c) 



Time 



Fig. 14.7. Infiltrability as a function of time in (a) a uniform soil, (b) a soil with a more 
permeable upper layer, and (c) a soil with a surface crust. 
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An analysis of the effect of a developing surface crust on infiltration was 
carried out by W. M. Edwards and Larson (1970). Hillel (1964) and Hillel and 
Gardner (1969, 1970a) used a quasi-analytical approach to calculate fluxes 
during steady and transient infiltration into crust-capped profiles from know- 
ledge of the basic hydraulic properties of the crust and of the underlying soil. 
Further developments of infiltration theory for crusted soils have been pub- 
lished by Ahuja and Swartzendruber (1992). 

INSTABILITY OF WETTING FRONTS DURING INFILTRATION 

An interesting and still incompletely understood phenomenon is that of 
unstable flow, particularly wetting- front instability, which occurs most 
notably in the transition of infiltrating water from a fine-textured top layer to 
a coarse-textured sublayer. Rather than advance as a smooth front, the perco- 
lating water may concentrate at certain points to break into the sublayer in the 
form of fingerlike or tonguelike protrusions. Flow through the coarse-textured 
layer thereafter occurs through "chimneys" or "pipes" traversing the layer 
rather than through the entire layer uniformly (Fig. 14.8). 

Unstable flow can allow small "outlaw" streams of water to drain out of 
sites such as "sanitary" landfills and industrial dumps, and carry raw pollu- 
tants, including toxic products, into groundwater while evading the filtration 
and purification mechanisms of the soil's greater volume. 

The existence of instability at the moving interface between two immiscible 
fluids of different densities or viscosities (such as oil and water) has long been 
recognized (Wooding, 1969). Interfacial instability can also occur between two 
miscible fluids, as in the penetration of a saline solution into a porous medium 



Soil surface 




Uniform Uniform Coarse-textured Fine-textured 

coarse-textured fine-textured overlying overlying 
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Fig. 14.8. Appearance of "fingers" during infiltration into a layered profile, with a fine- 
textured layer overlying a coarse-textured layer. 
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initially filled with fresh water. However, the occurrence of instability during 
the flow of water in unsaturated soil has caught the attention of soil physicists 
only in the last few decades. 

The earliest reference to the phenomenon was apparently made by Tabuchi 
(1961) and by D. E. Miller and Gardner (1962). Bridge and Collis-George 
(1973) reported a similar occurrence in their experiments of infiltration into 
a two-layer profile of fine sand overlying coarse sand. Peck (1965) observed 
instability patterns during infiltration into an unsaturated sand where the air 
phase was confined so that its pressure increased as the wetting front moved 
downwards. 

A convincing demonstration of this effect at the transition from a layer of 
fine-textured material into an underlying layer of coarser material (of larger 
pores) was published by E. D. Hill and Parlange (1972). They postulated that 
the formation of fingers in this case is due to an instability at an air-water 
interface, which is gravity driven and is more pronounced as the pore sizes of 
the coarse sublayer increases. In these fingers, the infiltrating water moved in 
saturated columns surrounded by an unsaturated cylinder of partially wetted 
soil. The overall flow rate through the system was governed by the number of 
such fingers per unit total area of interface, that is, by the fraction of the soil 
volume occupied by the conducting fingers. Their approach was followed by 
a series of laboratory tests by Glass et al. (1988, 1989). 

The intriguing question is thus why any perturbations that might appear in 
the wetting front are in some cases flattened out by lateral diffusion so that the 
front remains stable, while in other cases they become self-generating fingers 
that destabilize the wetting front. 

A general explanation was attempted by Raats (1973), who pointed out 
that profile layering is not a prerequisite for wetting-front instability, which 
may also be due to increased air pressure ahead of the wetting front or to 
water repellency of soil layers. Raats based his analysis on the Green and 
Ampt model (described earlier in this chapter) and offered the hypothesis that 
stability depends on the change of velocity u of the wetting front with distance 
L: A chance perturbation in an initially flat wetting front will tend to grow if 
u increases with L and will tend to disappear if u decreases with L. 

In the case of a surface crust, Raats stated the following criterion for the 
onset of instability: 



in which Q is the hydraulic resistance of the crust (its thickness divided by its 
hydraulic conductivity), L is the depth to the wetting front, h c is the pressure 
head at the wetting front, and K L is the hydraulic conductivity of the subcrust 
soil. Accordingly, instability is favored by a high crust resistance, a small value 
of - h c (i.e., a low suction, or high antecedent wetness, of the subcrust soil), 
and a large value of K L . In the general cases of layered profiles, the wetting 
front can become unstable if 



where d is the depth of ponded water, H b is barometric pressure, H c is the capil- 
lary pressure head at the wetting front, H a is the soil air pressure head, L is the 
soil depth, and subscripts t and b refer to the top and bottom layers, respectively. 



Q > (L - b c )/K L 



(14.36) 



K st <K sb [(d + H b + H c -H a )/L + l] 



(14.37) 
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The problem was subsequently reassessed by Philip (1975), who applied the 
methods of hydrodynamic stability analysis (C. C. Lin, 1955). He used the 
same Green and Ampt (delta-function) model as did Raats, but proposed a dif- 
ferent criterion of stability, stating that "the physical attribute of the system 
which is fundamental to the question of stability is the water pressure gradi- 
ent behind the wetting front. When this gradient assists the flow, the flow is 
stable; when this gradient opposes it, the flow is unstable." 

In examining the implications of his criteria for particular cases, Philip sug- 
gested that flow can become unstable if (1) the wetting front reaches a stratum 
so water repellent that the pressure head needed to penetrate it is positive; (2) 
air entrapment and compression ahead of the wetting front cause a sufficient 
rise in air pressure there; (3) the air-entry pressure is more negative than the 
wetting-front moisture potential during redistribution; and (4) hydraulic con- 
ductivity increases in depth at a sufficient rate. In all the various instances of 
instability that Philip identified, it is essential that the flow be gravity assisted. 

An analysis by Hillel and Baker (1988), later tested by R. S. Baker and 
Hillel (1990), emphasized the importance of the suction of water entry (SWE) 
into an initially dry sublayer. This parameter had been ignored in previous 
treatments of unstable flow. Because SWE determines the effective hydraulic 
conductivity of the sublayer, it also determines whether or not flow is acceler- 
ated with distance down the profile. When the wetting front reaches the inter- 
layer boundary, it pauses until the suction there falls (or the pressure builds up) 
sufficiently to allow entry of water into the large pores of the sublayer. If at 
this point the conductivity of the sublayer exceeds that of the top layer, the 
sublayer cannot conduct throughout its entire volume, since it would then be 
conducting more water than it is receiving (an obvious impossibility). Hence 
the spatially distributed flow field with its parallel streamlines must begin to 
constrict at the critical depth (typically, at or just below the transition from the 
less permeable top layer to a more permeable sublayer), thus causing the 
streamlines to converge. In the case of a wide flow field, this forms spatially 
separated, partial-volume, flow paths (fingers). 

The theory by Hillel and Baker also predicts the fractional cross-sectional area 
(F) of fingers that form under specified sets of conditions. In the general case; 



Here K t is the saturated hydraulic conductivity of the less permeable top layer, 
K u is the unsaturated hydraulic conductivity of the sublayer (a function of the 
matric suction of water entry into the sublayer, S e ), H is the hydraulic head 
imposed on the surface by the ponded water, and Z± is the vertical thickness of 
the top layer (depth of the interlay er boundary below the surface). 

In the extreme case, where the sublayer is of very coarse texture whose water 
entry value is effectively zero suction (i.e., a layer having such large pores or being 
so water repellent that it can only be penetrated by water under positive atmos- 
pheric pressure), and if the ponding depth at the surface is negligible, we get: 



Thus, for example, if the saturated conductivity of the sublayer is an order of 
magnitude (xlO) greater than that of the top layer, then we may expect the fin- 
gers to occupy some 10% of the cross-sectional area of the sublayer; if it is two 



F=[K t /K u (S e )][(H + Z l + S e )/Z i ] 



(14.38) 



F-KJK S \, 



(14.39) 



OTHER FORMS OF PREFERENTIAL FLOW 



279 



orders of magnitude greater, then the fingers will only occupy some 1 % of the 
soil volume. In such conditions detecting vadose-zone fingering in the field by 
random sampling from above would be extremely difficult. (The hydrological 
term vadose zone refers to the entire volume of unsaturated but water- 
conducting porous material — including the soil and the strata below it — 
that is above the water table. In other words, it is the unsaturated zone that 
overlies the saturated zone.) 

Evidence from the field reveals that unstable flow is not a mere curiosity, of 
interest only to theoreticians. Hendrickx et al. (1988b), who conducted a brom- 
ide tracer trial in the Netherlands, found that after 5 weeks with 120 mm rain- 
fall, the bromide concentration in the groundwater was 13 times higher when 
an unstable wetting front had formed than could be expected with a stable wet- 
ting front. In Wisconsin, Kung (1990) found that water and solutes flowed 
through less than 10% of the soil volume at the 3.0- to 3.6-m-depth layer. 

OTHER FORMS OF PREFERENTIAL FLOW 

The phenomenon of fingering, described earlier, is only one of several pos- 
sible forms of preferred pathway flow, also known as preferential flow, in the 
soil. In contrast with the mode of distributed flow, in which water permeates 
the entire porous network of the soil matrix and moves through its entire 
volume, preferential flow occurs via distinct pathways that constitute only a 
fraction (sometimes only a small fraction) of the soil's total volume. 

Most readily evident are flow patterns that follow preexisting features in 
the soil profile, such as clay or sand lenses, cavities, and fissures. This last may 
be formed either physically by the shrinking and cracking of clay or biologic- 
ally by burrowing animals (such as earthworms, ants, and rodents) or decay- 
ing roots. Finally, human manipulation of the land (including certain types of 
tillage, such as subsoiling, or chiseling) may form cracks that, in turn, consti- 
tute pathways for preferential flow. 

A fairly common case is that of a clayey soil that shrinks on drying and 
forms cracks (or macropores) that begin at the surface and extend to some 
depth in the profile. When such a soil is subsequently subjected to surface 
flooding or to a heavy downpour of rain, water under positive pressure imme- 
diately penetrates the cracks and quickly fills their volume, known as macro- 
pore storage. Thereafter, infiltration takes place from the water-filled cracks 
sideways into the soil blocks between the cracks, as well as downward from 
the bottoms of the cracks and from the soil surface (Fig. 14.9). The process is 
therefore multidimensional, and its pattern depends on the geometry of the 
cracks, the conductivity (or sorptivity) of the soil matrix, as well as the mode 
and duration of wetting. 

During the initial period of infiltration, the intake rate of water by cracked 
soils can be extremely high (Mitchell and van Genuchten, 1991) — much 
higher than the saturated conductivity of the soil matrix. However, if the infil- 
tration process continues long enough, the influence of the surface cracks 
eventually diminishes as the wetting front penetrates deeper into the profile, 
well beyond the reach of the cracks, and as the cracks themselves tend to close 
due to the swelling of clay under prolonged imbibition. 



280 



CHAPTER 14 WATER ENTRY INTO SOIL 




Fig. 14.9. Shape of the wetting front during ponded infiltration into a soil with open cracks. 



The role of macropores in soil-water dynamics was described by Beven and 
Germann (1982). They pointed out that flow in the two domains (the macro- 
pores between soil blocks and the "micropores" within soil blocks) is gov- 
erned by different potential gradients. They also showed that the sizes and the 
structures of the macropores determine the pattern of water flow. 
Accordingly, they classified macropores into four groups, on the basis of their 
morphology: 

1. Pores formed by burrowing animals (e.g., moles, gophers, and 
wombats): Such pores are usually tubular and may range in diameter 
from 1 mm to over 50 mm. 

2. Pores formed by plants roots: These pores are also tubular, and their 
sizes and extensions depend on the type of plant. After the roots have 
decayed, these root channels remain for a time as hollow passages. 
Even in the case of living roots, preferential flow may take place along 
the soil-root interface (Gish and Jury, 1983). 

3. Cracks and fissures: These are formed by shrinkage of clay or by 
chemical weathering of the bedrock. They may also be formed by 
freeze-thaw cycles and such methods of cultivation as subsoiling. 

4. Natural soil "pipes": These can form under the erosive action of 
subsurface flows in highly permeable noncohesive soil materials when 
subjected to strong hydraulic gradients. 

W. M. Edwards et al. (1988) further clarified the influences of the size, fre- 
quency, vertical and lateral distribution, and continuity of macropores on the 
hydrological characteristics of soil profiles. They found that worm holes may 
extend to 1 meter below the surface and can be quite durable. 

Definitive work on infiltration processes in soils with macropores was car- 
ried out by Bouma (1981), Germann and Beven (1985), Beven and Clark 
(1986), and Dagan (1986). Modeling studies were reported by Hoogmoed and 
Bouma (1980), and Huyakorn et al. (1983, 1985), among others. Preferential 
flow has obvious implications regarding solute transport in the soil (Germann 
et al., 1984; van Genuchten et al., 1984; Berkowitz et al., 1988; Steenhuis 
et al., 1990). 
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RAIN INFILTRATION 

When rain or sprinkling intensity exceeds soil infiltrability, free water 
appears on the soil surface. In principle, the infiltration process should then be 
similar to that in the case of shallow ponding. If rain intensity is less than the 
initial infiltrability value of the soil but greater than the final value, then at first 
the soil will absorb at less than its potential rate and the flow of water in the 
soil will occur under unsaturated conditions; however, if the rain is continued 
at the same intensity and as soil infiltrability declines, the soil surface will even- 
tually become saturated. Thenceforth the process will continue as in the case of 
ponding infiltration. Finally, if rain intensity is at all times lower than the infil- 
trability, the soil will continue to absorb the water as fast as it is applied with- 
out ever attaining saturation. After a long time, as the suction gradients become 
negligible, the wetted profile will acquire a wetness for which the conductivity 
is equal to the water supply rate, and the lower this rate, the lower the degree 
of saturation of the infiltrating profile. This effect is illustrated in Fig. 14.10. 

The process of infiltration under rain or sprinkler irrigation was studied by 
Youngs (1964), and by Rubin (1966). This last author, who used a numerical 
solution of the flow equation for conditions pertinent to this problem, recog- 
nized three modes of infiltration due to rainfall: (1) nonponding infiltration, 
involving rain not intense enough to produce ponding, (2) preponding infil- 
tration, due to rain that has not yet but can eventually produce ponding, and 
(3) rainpond infiltration, characterized by the presence of ponded water. 

Rainpond infiltration is usually preceded by preponding infiltration, the 
transition between the two being called incipient ponding. Thus, nonponding 




Fig. 14.10. The water-content distribution profile during ii 
(b) under sprinkling at relatively high intensity, and (c) under spi 



infiltration (a) under ponding, 
Tinkling at a very low intensity. 
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Fig. 14.11. Relation between surface flux and time during infiltration into Rehovot sand 
due to rainfall (solid lines) and flooding (dashed line). The numbers labeling the curves indicate 
the magnitude of the relative rain intensity (r/K s ). (After Rubin, 1966.) 

and preponding infiltration rates are dictated by rain intensity and are there- 
fore supply controlled (or flux controlled), whereas rainpond infiltration rate 
is determined by the pressure (or depth) of water above the soil surface as well 
as by the suction conditions and conductivity relations of the soil. Where the 
positive pressure of water at the soil surface is small (not substantially exceed- 
ing atmospheric pressure), rainpond infiltration, like ponding infiltration in 
general, is profile controlled. 

In the analysis of rainpond or ponding infiltration, the surface boundary 
condition generally assumed is that of a constant pressure at the surface. On 
the other hand, in the analysis of nonponding and preponding infiltration, the 
water flux through the surface is considered to be equal either to the rainfall 
rate or to the soil's infiltrability, whichever is the lesser. In actual field condi- 
tions, rain intensity might increase and decrease alternately, at times exceeding 
the soil's saturated conductivity (and its infiltrability) and at other times drop- 
ping below it. Since periods of decreasing rain intensity involve complicated 
hysteresis phenomena (Hillel, 1980b), the analysis of variable-intensity rain- 
storms is rather difficult. However, Rubin's analysis was based on the assump- 
tion of no hysteresis. 

Figure 14.11 describes infiltration rates into a sandy soil during preponding 
and rainpond infiltration under three rain intensities. The horizontal part of 
each curve corresponds to preponding infiltration, and the descending parts to 
rainpond infiltration periods. As pointed out by Rubin (1966), the rainpond 
infiltration curves are of the same general shape and approach the same limit- 
ing infiltration rate. However, they do not constitute horizontally displaced 
parts of a single curve and do not coincide with the infiltration rate under 
flooding (shown as a dashed line in Fig. 14.11). 
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SURFACE WATER EXCESS 

Whenever the rate of water supply to the soil surface exceeds the rate of 
infiltration, free water, called surface water excess^ tends to accumulate over the 
soil surface. Where the surface is not perfectly flat and smooth, this excess water 
collects in depressions, forming puddles. The total volume of water thus held, 
per unit area is called the surface storage capacity. It depends on the geometric 
irregularities of the surface as well as on the overall slope of the land (Fig. 15.1). 
Only when surface storage is filled and the puddles begin to overflow can actual 
runoff begin. The term surface runoff thus represents the portion of the water 
supply to the surface that is neither absorbed by the soil nor retained on its 
surface but that runs downslope. Surface runoff typically begins as sheet flow, 
but as it accelerates and gains in erosive power, it eventually forms channels 
variously called rills or gullies. Running water tends to scour the soil surface and 
deepen those channels, which generally form a treelike pattern of converging 
branches with numerous confluences leading to larger streams. 

There exists a wide spectrum of flow patterns. On the one extreme is the 
thin, sheetlike runoff called overland flow. It is likely to be the primary type 
in surface runoff from small natural areas or fields having little topographic 
relief. The next distinctive type is found in the smallest stream channels, which 
gather the overland flow in a continuous fashion along their length to form the 
lowest order of stream flow. As these small streams merge with one another, 
they form channels of higher order, which collect converging tributaries as well 
as continuous lateral inflows. 
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Fig. 15.1 . Effect of surface roughness and slope on surface (pocket) storage of rainfall excess. Most of the 
water thus accumulated generally infiltrates (and some evaporates) after cessation of the rain. 



OVERLAND FLOW 

Overland flow is considered laminar flow in the initial condition. When the 
depth and velocity of the flow increase to critical values, turbulence entering 
the laminar flow domain will not dampen out. Vennard (1961) specified a 
Reynolds number of 500 as a criterion for the onset of turbulence. (Recall that 
the Reynolds number is a dimensionless index incorporating the product of the 
mean fluid velocity in a channel and its effective hydraulic radius, divided by 
its kinematic viscosity.) 

To obtain a simplified formulation of overland flow, we begin with the 
basic equation governing the rate of flow (discharge) in a channel: 

Q = vA (15.1) 

where Q is the flow rate, v is the average velocity, and A is the cross-sectional 
area of flow. 

Conservation of matter (continuity) requires that, assuming no rainfall and 
infiltration, the change in water level b with time be equal to the negative 
change of flow rate with distance: 

db/dt = -dQ/dx (15.2) 

Taking into account the time rates of rainfall (r) and of infiltration (/), we have 

dhldt + dQldx = r-i (15.3) 

Mean velocity and cross-sectional area of flow depend on the shape and size 
of the channel. Since flow is constrained by shear stresses resulting from the 
immobility of the water in immediate contact with the sides and bottom of 
the channel (assuming at this stage that these boundaries are fixed in space), the 
hydraulic resistance of a channel is generally proportional to the area of 
the perimeter of contact per unit volume of flowing liquid. This contact area can 
be characterized in terms of the hydraulic radius, or hydraulic mean depth, of a 
channel, defined as the cross-sectional area divided by the wetted perimeter. 

Now consider an infinitely wide channel without sides. Such a "wide- 
open channel" is represented by a laterally uniform sloping surface with a 
layer of water flowing over it, as illustrated in Fig. 15.2. Here the effective 
hydraulic radius is h. As an approximation, let us assume that the two forces 
acting on the flowing water are (1) the component of the water's weight act- 
ing in the direction of the bed slope, and (2) the shear stresses developed at 
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the solid-to-water boundary. If the velocity is more or less uniform along the 
slope, then the two forces must be approximately balanced, and we get 

x = pgha (15.4) 

where p is the liquid's density, g is the acceleration of gravity, h is the water 
depth, a is the slope, and x ls the bottom shear stress. 

Shear stress x is known to be related to the average velocity squared: 

x = apv 2 (15.5) 

where a is a proportionality factor. Combining the last two equations gives 

v = [(g/a)ha] m = Cb 1/2 a m (15.6) 

where C is the Chezy coefficient, named after the French engineer who first 
discovered this relationship two centuries ago. A large amount of empirical 
work conducted since then has shown that Chezy's coefficient C is not a con- 
stant but depends on water depth h and surface roughness n as follows: 

C = b l,6 /n (15.7) 

Combining this with Eq. (15.1) gives the equation usually attributed to Robert 
Manning (1891): 

v=h m a i/2 /n (158) 

Multiplying by h converts the left side of this equation to discharge per unit 
width: 

Q = h 5/3 a 1/2 /n ~ h 2 a V2 /n (15.9) 

In practice, a power of 2 for h rather than 5/3 has been found to give satis- 
factory results for overland flow. Measured values of the roughness coefficient 
n have been tabulated (e.g., Sellin, 1969) and range from 0.01 for extremely 
smooth channels to 0.1 for flood plains with a dense growth of timber. A value 
of 0.03 seems to be reasonable for soil surfaces (either bare or with a cover of 
short grass). 

The last version of Manning's equation can be combined with Eq. (15.3) to 
yield the kinematic wave equation: 

dh/dt + §h m ~ x {db/dx) = r-i (15.10) 

where (3 = a 112 In and m = 2. 
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The foregoing set of equations was used by Hillel and Hornberger (1979) 
to model overland flow from texturally heterogeneous fields. 

RUNOFF INDUCEMENT 

Uncontrolled runoff is never desirable, and its control requires additional 
investment in most agricultural situations. In humid regions , where rainfall 
may be excessive, surface drainage is often necessary, and the land must be 
shaped and managed so as to direct the runoff via protected (grassed or 
concrete-lined) channels. In semiarid regions, by way of contrast, natural rain- 
fall is on the margin of being insufficient for dryland farming, hence farmers 
take measures to minimize runoff so that as much of the precipitation as pos- 
sible infiltrates into the soil. 

However, in many arid regions large tracts of land are unusable for con- 
ventional rainfed farming, owing to insufficient or unstable rainfall, nonarable 
soils (too shallow, stony, or saline), or unsuitable topography. From the point 
of view of farmers (though not of ecologists, who are concerned over an area's 
natural biota rather than over crop production per se), rain falling on such 
land is almost totally lost. Often rainfall amounts per storm are insufficient 
either to recharge the groundwater or to support an economically viable crop. 
This water generally infiltrates to a shallow depth only and is quickly returned 
to the atmosphere either by direct evaporation or by transpiration of 
ephemeral vegetation. Some of this water may also appear as runoff, causing 
flash floods typical of the desert, although natural runoff seldom exceeds 
about 10% of annual precipitation (Hillel, 1982). However, when it is feas- 
ible, the possibility of controlling and increasing the amount of surface runoff 
obtainable from limited sections of such lands can be of great importance, par- 
ticularly where water is scarce and the runoff thus obtained can augment the 
water supply of an inhabited region. 

The art of collecting and utilizing runoff as been practiced by desert-dwelling 
societies since antiquity. Remnants of extensive runoff farming systems are 
found in the American Southwest. In desert areas of the Middle East, ancient 
systems of terraced stream beds were used for growing crops, whose water sup- 
ply was augmented by runoff water collected from the adjoining hillsides and 
brought to the fields by means of sophisticated conveyance systems (Hillel, 
1982). There is evidence that the builders of these systems understood the inad- 
equacy of natural runoff and therefore perfected techniques for inducing soil 
crusting so as to increase runoff. Noticing that the soil had a natural tendency 
to crust, which was obstructed, however, by the desert's natural cover of gravel 
(commonly known as "desert pavement"), the ancient inhabitants of the Negev 
region in Israel raked the stones off the surface in order to expose the finer soil 
material and induce the formation of a dense crust (Tadmor et al., 1957). Even 
so, the ancient runoff farmers needed a water-contributing area 20 times or 
more larger than the area to which water was brought for crop production. 
Similar techniques were used to collect runoff in cisterns for subsequent use as 
drinking water for humans and domestic animals. 

Modern technology holds the promise of more efficient runoff induce- 
ment than was possible in ancient times. Runoff can now be increased 
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severalfold by means of mechanical treatments (stone clearing, smoothing, 
and compaction) as well as by a variety of chemical treatments to seal and 
stabilize the surface. The soil surface can be made water repellent or imper- 
meable either by the application of mechanical barriers to water movement 
(such as plastic, aluminum foil, concrete, or sheet metal) or by the artificial 
formation of an impervious soil crust with the aid of various materials, such 
as sodic salts, sprayable asphalt emulsions, and silicone water-repellents 
(Hillel, 1982). 

Several systems have been tried with respect to size and arrangement of the 
contributing area in relation to the water-receiving area (Shanan and Tadmor, 
1976; Hillel, 1982). A small watershed can be treated in its entirety so as to 
provide the maximal amount of water at the outflow of the basin for con- 
veyance to irrigated fields. On a still smaller scale, strips of land can be treated 
on a slope so as to contribute their share of rainfall as runoff to adjacent 
lower-lying "run-on" strips in which crops can he grown (Hillel, 1994). 
A third possible approach is to form microwatersheds, wherein each con- 
tributing area serves a single tree or row of plants (Shanan et al., 1970: 
Fairbourn and Kemper, 1971). 

International development agencies are engaged in the effort to apply these 
ancient methods to modern farming communities in arid and semiarid regions 
(FAO, 1989). 

SOIL EROSION BY WATER 

Agricultural cultivation can have various negative effects on soils, insofar as 
it may set in motion processes of degradation, such as accelerated decomposi- 
tion of unreplenished organic matter, depletion of nutrients, breakdown of 
aggregates and of structural stability, crusting, compaction, waterlogging, sali- 
nation, and erosion by water and wind. Of these processes, one of the most 
widespread is soil erosion. It results not only in loss of soil productivity on 
sites where it occurs but also in the off-site deposition of sediments that may 
pollute surface and underground water resources as well as clog streams, reser- 
voirs, and estuaries. The erosion process is indeed a major transport mechan- 
ism for agricultural chemicals, significant amounts of which do not remain 
where they are applied but spread into the larger environment. The main cul- 
prit process is erosion by water, though in arid conditions erosion by wind 
may be equally insidious. 

Geologic erosion is a natural and inevitable process that takes place con- 
tinually and universally. This slow and inexorable process is, however, greatly 
accelerated by human activity. Fundamentally, agriculture consists of remov- 
ing an area's natural vegetation and introducing in its stead a selection of 
domesticated and specialized plants, called crops. The very act of eradicating 
the native vegetation and of baring and pulverizing the soil so as to make it 
receptive to planted crops makes the soil much more vulnerable to erosion. 
Most vulnerable is the soil's top layer, which is often the soil's most fertile 
layer (being richest in nutrient-releasing plant and animal residues). The loss 
of topsoil requires farmers to use greater amounts of chemical fertilizers to 
compensate for the reduced natural fertility, and the increased application of 
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such chemicals itself exacerbates the hazard of groundwater and surface 
water pollution. 

Soil erosion is a three-stage process (D. F. Post, 1996): (1) detachment of 
particles from the soil body that is their original domain; (2) transport of the 
detached soil particles by flowing water or by wind; (3) deposition of the 
transported particles, a stage known as sedimentation. 

In water erosion, detachment of soil particles generally occurs under the 
impact of striking raindrops or by the scouring action of flowing water 
(whether laminar or turbulent) over the soil surface. As it runs downslope, 
that flow (called surface runoff or overland flow) then carries the detached 
particles in suspension. When the runoff water finally comes to rest in a low- 
lying area, it deposits its suspended load, known as fluvial sediment. 

The topic of soil erosion has somehow been neglected by many soil physi- 
cists, whose traditional interests have focused on the physical attributes and 
processes of the soil directly affecting plant growth (primarily soil structure 
and soil moisture and their management) and, more recently, soil and water 
pollution. Hardly any of the texts or courses on soil physics deal with the 
physics of erosion per se, except tangentially or cursorily. That lacuna needs 
to be redressed. In the last couple of decades soil physicists have indeed 
expanded their sphere of interest to explore the interfaces of their discipline 
with such sister disciplines as meteorology, ecology, geochemistry, hydrology, 
and hydrogeology. 

The topic of sedimentology, insofar as it also relates to soil physical 
processes, similarly demands greater attention from soil physicists in the effort 
to define the mechanisms and functional relationships involved in the process 
and to develop a systematic theoretical basis for understanding and control- 
ling it. 

Research on erosion has been carried out mainly by civil and agricultural 
engineers. Their efforts have been directed toward identifying the factors 
affecting erosion, quantifying soil loss rates, and designing systems to reduce 
those rates (Schwab et al., 1993). 



, I BOX 15.1 Demonstrating the Significance of Soil Erosion 

Two early leaders of the U.S. Soil Conservation Service, Hugh H. Bennett and 
^ I Walter Clay Lowdermilk, who surveyed the global dimensions of the soil erosion 

problem, wrote in the 1938 Yearbook of Agriculture: "Soil erosion is as old as 
farming. It began when the first heavy rain struck the first furrow turned by a crude 
implement of tillage in the hands of prehistoric man. It has been going on ever since, 
wherever man's culture of the earth has bared the soil to rain and wind." 

When asked to testify on soil erosion before a committee of Congress, the two of 
them, without a word, placed a thick towel on the committee's polished table and 
poured a large cup of water onto it. The towel soaked up the water. Next they removed 
the wet towel and, still saying nothing to the puzzled members of the committee, 
poured a second cupful of water on the bare table. The water splashed and trickled off 
the table and onto the laps of the distinguished committee members. Every one of them 
then understood the dire consequences of removing the soil cover from the land. 
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SHEET, RILL, AND GULLY EROSION 

Early investigators of water erosion made a distinction between sheet erosion, 
rill erosion, gully erosion, and stream-channel erosion (Fig. 15.3). Sheet erosion 
was defined as the uniform removal of thin layers of soil from a more or less 
smooth slope, carried by the distributed (rather than concentrated) flow of 
runoff water over the soil surface. This is an idealized concept that rarely occurs 
as such. In reality, the erosion process is hardly ever uniform, and very soon after 
it begins the sediment-carrying runoff tends to concentrate in small tills, which 
wend their way downslope. Being small and shallow, these rills are hardly 
noticeable at first and are easily obscured by cultivation. However, as the 




C. Gully erosion 
Fig. 15.3. (A) Sheet, (B) rill, and (C) gully erosion. 
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process continues and is repeated over the course of successive rainstorms, the 
rills gradually become deeper. They scour the soil to form distinct gullies, which 
can no longer be obscured by conventional tillage and which converge downs- 
lope to form rivulets. As gullies cut further into the soil, they may reach a tight 
and practically impervious subsoil. Although bottom erosion may slow down, 
further erosion may occur along the slumping sides of the gullies. 

Watson and Laflen (1986) described splash and sheet erosion as inter-rill 
erosion and related it to the characteristics of the soil, slope, and rain as fol- 
lows: 



where D[ is inter-rill erosion rate, K[ is inter-rill soil erodibility, i is rainfall 
intensity, and Sf is an empirical slope factor. 

Rill erosion is the scouring and transport of soil by a concentrated flow of 
water (Schwab et al., 1993). The erosivity of the flowing water is a function 
of the hydraulic shear 1 of the water flowing in the rill. The soil factors that 
affect rill erosion are the rill erodibility K r and the critical shear x c , that is, the 
shear below which soil detachment is negligible (Lane et al., 1987). These vari- 
ables are related as follows: 



where D r is the rill detachment rate, Q s is the rate of sediment flow in the rill, 
and T c is the sediment transport capacity of the rill. The hydraulic shear of the 
flowing water is x = pgrs, where p is the density of water, g is the acceleration 



o BOX 15.2 Plato on Soil Degradation 

The Greek philosopher Plato (427-327 b.c.e.), who founded the first Academy, 

I in one of his Dialogues, had Critias bewail the degradation of soil that took place 

in Greece even two and a half millennia ago: 

What now remains of the formerly rich land is like the skeleton of a sick man, with 
all the fat and soft earth having wasted away and only the bare framework remain- 
ing. Formerly, many of the mountains were arable. The valleys that were full of 
rich soil are now marshes. Hills that were once covered with forests and produced 
abundant pasture now produce only food for bees. Once the land was enriched 
by yearly rains, for they were not lost as they are now by flowing from the bare 
land into the sea. The soil was deep, it absorbed and kept the water in the loamy 
soil, and the water that soaked into the hills fed springs and running streams 
everywhere. Now the abandoned shrines at spots where formerly there were 
springs attest that our description of the land is true. 

Has the picture changed? Yes. It has gotten worse. What then took place in specific 
areas is now a global occurrence. The early astronauts described what they saw as they 
orbited the earth. They noted widespread forest fires in tropical areas and dust clouds 
in overgrazed semiarid areas. The island of Madagascar, like a wounded giant, appeared 
to be bleeding into the sea, its red soils raked off the denuded slopes by the monsoonal 
rains and carried away by the streams. 



(15.11) 



D r = K r (x r -x c )(l-Q s /T c ) 



(15.12) 
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of gravity, r is the hydraulic radius of the till, and s is the hydraulic gradient 
of rill flow. 

The transport capacity of rills has been expressed in terms of the following 
relationship (Foster and Highfill, 1983): 

T c = Bt 3/1 (15.13) 

where T c is the transport capacity per unit width, B is the transport coefficient 
based on soil and water conditions, and x is the hydraulic shear in the rill 
channel. 



EROSIVITY OF RAINFALL 

When a rainstorm strikes a bare soil surface, quantities of soil material are 
splashed into the air, and many particles are splashed repeatedly. The amount 
of soil splashed, measured by means of collecting pans placed over the soil, 
was found to be 50-90 times greater than the runoff losses. A heavy rainstorm 
may splash as much as 200 tons of soil (Schwab et al., 1993). Although most 
of the detached sediment is not immediately lost from the field (most of it 
being trapped by depressions in the surface), it has the effect of clogging the 
surface pores and reducing the soil's infiltrability, thereby inducing even 
greater runoff and greater soil erodibility. Raindrop impact on bare soil was 
depicted in high-speed photographs by Mihara (1951). 

Particle detachment and splash obviously depend on rainfall intensity, the 
size distribution of drops and their terminal velocities, the direction and steep- 
ness of slope, wind, soil conditions (texture, looseness, size and stability of 
aggregates, roughness of surface), and the possible presence of impediments to 
splash, such as vegetation, litter, and gravel. Splashed particles may move more 
than 0.6 m in height and more than 1.5 m laterally on level surfaces. On slop- 
ing ground, the splashed material moves preferentially. Surface roughness is 
also an important factor. Where the surface is pitted, the depressions may fill 
with water during high-intensity rainfall to form puddles, which then absorb 
some of the energy of the rain and much of the splashed material, thus redu- 
cing the soil loss from the field as a whole. 

Hudson (1981) defined the following attributes of rain pertaining to erosion: 

1. The intensity of a rain is the amount of water falling on a unit area in 
a unit of time, generally expressed as millimeters per hour. It usually 
varies during the course of a rainstorm. The time pattern of rain 
intensity also differs from storm to storm, from place to place, and 
from season to season. 

2. The duration of a rain is the length of time from the start of a 
rainstorm to its ending. This is often arbitrarily determined, because 
rainstorm events typically exhibit alternating periods of stronger and 
weaker rain intensity as well as respite periods during which only a 
drizzle occurs. Is the squall that follows a drizzly respite part of the 
same rainstorm, or is it a new one? 

3. The energy of a rainstorm is the summation of the kinetic energies of 
all raindrops falling on a unit area. As such, it is a function of the size 
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distribution of the raindrops and their respective terminal velocities. 
Measurements of raindrop sizes (reported by Hudson, 1981) have 
shown that they range from a fraction of a millimeter to about 5 mm 
in diameter. Raindrops larger than 5 mm generally tend to disintegrate 
because of air turbulence. A positive relationship has been found 
between rain intensity and median drop size, but this relationship is not 
consistent for different types of rains in different regions. 

A falling raindrop is subject to gravitational acceleration. As the raindrop 
gains speed, however, the resistance of the air also increases, until it becomes 
equal to the accelerating force. Thereafter, the drop ceases to accelerate but 
continues to fall at a constant speed, called the terminal velocity. It is analo- 
gous to the phenomenon described in Chapter 3 in the section on the settling 
of particles suspended in an aqueous medium. 

The terminal velocity of each drop depends on its size, as shown in Fig. 15.4. 
Note that the largest raindrops, having a diameter of about 5 mm, fall at a ter- 
minal velocity of about 9 m/sec (roughly equivalent to the speed limit in the 
streets of a city). The abrupt collision of such drops with the soil has the impact 
and effect of a miniature bomb: It detaches and splashes soil particles and cre- 
ates a minicrater at the surface, as shown in Fig. 15.5. 

The erosive power of rainfall is related to the kinetic energy of the raindrops 
(which is proportional to the product of the mass and velocity squared, i.e., 
Ek = mv 1 ) and to their momentum (equal to the product of the mass and 
velocity, M = mv). If the size distribution of raindrops is known, their terminal 
velocities can be determined. The energy and momentum of the rainstorm as 
a whole can then be calculated by summation. Attempts have also been made 
to measure the momentum or kinetic energy of a rainstorm directly by various 
devices (Hudson, 1981; Romkens et al., 2002). 

According to Hudson (1981), the threshold level of intensity at which 
a rain becomes erosive is about 25 mm/h. In this respect, an important dif- 
ference exists between temperate and tropical regions. In temperate regions, 
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Fig. 15.4. 
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Terminal velocity of raindrops as a function of size. (From Laws, 1940). 
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Fig. 15.5. Impact of a raindrop on an erodible soil surface. 



only about 5% of the rain falls at intensities great enough to be erosive, 
whereas in tropical regions as much as 40% of the rain contributes to soil 
erosion. Moreover, the total amount of rain per season is likely to be greater 
in the humid tropics, so altogether those regions are more prone to severe 
erosion. 



ERODIBILITY OF SOIL 

The actual amount of erosion depends as much on the erodibility of the soil 
as it does on the erosivity of the rain. The erodibility of a soil (i.e., its vulner- 
ability to the erosivity of rain or of running water) depends on many factors. 
Prominent among these factors are the texture and structure of the soil. For 
example, a weakly aggregated soil is more erodible than a stably aggregated one, 
and a dispersed clay is much more erodible than a flocculated clay. Similarly, 
a soil pulverized by excessive tillage or trampling is more erodible than an 
untilled and mulch-covered soil. Other relevant factors are the slope and the 
type and density of the vegetative cover. Soil erodibility indexes have been 
described in numerous publications (e.g., Hudson, 1981; Schwab et al., 1993). 

Apart from the widespread occurrence of surface erosion, there is an 
entirely different and even more catastrophic form of erosion that takes place 
in certain topographic and climatic conditions. It is the slumping of rain- 
saturated soil from steep slopes, where shallow soil is underlain by smooth 
bedrock. Such landslides may result in the massive loss of the entire soil cover 
of a hillside. The author has observed these occurrences in such places as New 
Zealand and Nepal, especially where the slope had been denuded of its ori- 
ginal forest cover and where roadbeds that have been cut into the bottom of 
the slope destabilize the soil uphill. In Nepal, where the landscape is particu- 
larly steep and geologically unstable, the volume of soil detached during such 
events may be large enough to temporarily block the flow of an entire stream. 
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THE "UNIVERSAL SOIL LOSS EQUATION" 

The following empirical equation is known as the universal soil loss equa- 
tion (USLE): 

A = RKLSCP (15.14) 

Here, A is the estimated average annual soil loss, in metric tons per hectare; R 
is the rainfall erosivity factor (depending on its intensity, quantity, and dura- 
tion); K is the soil erodibility factor (a measure of the soil's susceptibility to 
erosion, affected by soil texture, organic matter content, structure and its sta- 
bility, and permeability); LS is the topographic factor (combining the effects of 
slope length and steepness); C is the surface cover factor (depending on 
whether the soil is vegetated, mulched, or bare); and P is the management fac- 
tor (relating the soil loss with the given management practices to the losses 
that would occur with up-and-down slope cultivation). 

The advantage of the universal soil loss equation is its simplicity. Its disad- 
vantage is that it may be too simplistic. Being a strictly empirical equation, the 
USLE can best be applied in conditions that are basically similar to those 
where the various factors have been calibrated experimentally in the field. Any 
attempt to apply the equation away from the context in which it was devised 
and calibrated may be misleading (to apply it in Africa, say, where the soils 
and the rainfall regimen are very different from those in the United State), 
unless there is supporting experimental data obtained locally. 

The erosion process is not a steady, orderly, easily predictable process. 
Much of it takes place episodically, in rare but violent events. A single torren- 
tial rainstorm striking the soil just when its surface happens to be bare and 
pulverized (hence most vulnerable) may cause more soil loss in a few hours 
than a whole season's "normal" rainfall over a fully vegetated field. 

The USLE was originally proposed in 1965 for estimating sheet and rill 
erosion from cultivated fields in the United State east of the Rocky 
Mountains (Wischmeier and Smith, 1978). It has since been applied 
throughout the United State and in many other countries, for rangelands 
and forestlands as well as cultivated lands. Various revisions have been 
made to the original formulation (El Swaify et al., 1985; Lai, 1994; D. F. 
Post, 1996). However, the equation remains largely empirical, and the topic 
of soil erosion yet awaits the development of a more fundamental and com- 
prehensive mechanistic approach. 

CONTROL OF SOIL EROSION 

Effective control of erosion by water consists of minimizing the impact of 
raindrops and the velocity of running water on the soil surface. This includes 
enhancing infiltrability and surface storage, improving soil structure, protect- 
ing the surface by a cover crop or a mulch (to prevent raindrops from striking 
the exposed soil), minimizing cultivation and performing it on the contour 
rather than up and down the slope, and avoiding both compaction and exces- 
sive pulverization (Romkens et al., 2002). An ancient and still common prac- 
tice of soil conservation is the shaping of sloping land by means of terraces or 
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Fig. 15.6. Terrace shapes on slopes of different steepness. 

contour strips so as to reduce the inclination of the surface and the length of 
slope segment, thereby checking the downhill acceleration of running water 
(Schwab etal., 1993; Hillel, 1994). Figure 15.6 illustrates different types of 
modern terraces. 
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16. REDISTRIBUTION 
AND RETENTION 
OF SOIL MOISTURE 



SOIL WATER STORAGE 

When rain or irrigation ceases and free water on the surface disappears (by 
infiltration, runoff, or evaporation), the process of infiltration comes to an 
end. Downward water movement within the soil, however, does not cease 
immediately and may in fact persist for a long time as soil moisture percolates 
within the profile. The upper soil layers, wetted to near saturation during infil- 
tration, do not retain their full water content, because part of the water moves 
down into the lower layers under the influence of gravity and possibly also of 
suction gradients. In the presence of a high water table, or if the profile is ini- 
tially saturated throughout, this postinfiltration movement is herein termed 
internal drainage. In the absence of groundwater, or where the water table is 
too deep to affect the relevant depth zone, and if the profile is not initially wet- 
ted to saturation throughout its depth, this movement is called redistribution. 
Its effect is to redistribute water in the soil by increasing the wetness of suc- 
cessively deeper layers at the expense of the infiltration-wetted upper layers of 
the profile. 

In some cases, the rate of redistribution diminishes rapidly, becoming 
imperceptible after several days. Thereafter the initially wetted part of the soil 
appears to retain its moisture, unless this moisture evaporates from the soil 
directly or is taken up by plants. In other cases, redistribution may continue at 
an appreciable, though diminishing, rate for many days or weeks. 

The importance of the redistribution process should be self-evident, 
because it determines the amount of water retained at various times by the 
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different-depth zones in the soil profile and hence can affect the water econ- 
omy of plants. The rate and duration of downward flow during redistribution 
determine the effective soil-water storage. This property is vitally important, 
particularly in relatively dry regions, where water supply is infrequent and 
plants must rely for long periods on the unreplenished reservoir of water 
within the rooting zone. Even in relatively humid regions, where the water 
supply by precipitation would seem to be sufficient, inadequate soil-moisture 
storage may deprive growing plants of a major portion of the water supply 
and can cause crop failure. Finally, the redistribution process is important 
because it often determines how much water will flow through the root zone 
(rather than be retained within it) and hence how much leaching of solutes 
and recharge of groundwater will take place. As we shall show, soil-water 
storage is generally not a fixed quantity or static property but a dynamic 
process, determined by the time-variable rates of inflow to, and outflow from, 
the relevant soil volume. 



INTERNAL DRAINAGE IN DEEPLY WETTED PROFILES 

We have already made a distinction between the postinfiltration movement 
of soil water in cases where a groundwater table is present at some shallow 
depth (i.e., at a depth not exceeding a few meters) and that in cases where 
groundwater is either nonexistent or too deep to affect the state and move- 
ment of soil moisture in the root zone. 

At the groundwater table (also called the phreatic surface), whatever its 
depth, soil water is at atmospheric pressure. Beneath this level the hydrostatic 
pressure exceeds atmospheric pressure; above this level soil water is generally 
under suction. Internal drainage in the presence of a water table tends eventu- 
ally toward a state of equilibrium. At equilibrium, the suction head at each 
point corresponds to its height above the free-water level. As equilibrium is 
approached, the downward drainage flux declines while the hydraulic gradi- 
ent decreases, both approaching zero in time. (That is, of course, provided 
there is no further addition of water by another episode of infiltration or 
abstraction of water by evapotranspiration — processes that would prevent 
the attainment of static equilibrium.) 

At equilibrium, if attained, soil wetness would increase in depth to a value 
of saturation just above the water table, a depth distribution that would mir- 
ror the soil-moisture characteristic curve. Phenomena involving falling water 
tables and groundwater drainage will be treated in our next chapter. In the 
present section, however, we deal with the internal drainage of profiles ini- 
tially wetted to near saturation throughout their depth. We shall treat this 
process as if it were unaffected by any water table, which, if it exists, is 
assumed to lie too far below the zone of interest to be of any direct conse- 
quence. 

In the hypothetical case of a deeply and uniformly wetted profile, suction 
gradients would hardly exist. Internal drainage should occur under the influ- 
ence of gravity alone. If so, downward flow through any arbitrary plane 
(say, the bottom of the root zone) should be equal to the hydraulic conduct- 
ivity and should diminish in time as the conductivity diminishes due to 
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reduction of water content in the infiltration-wetted soil above the plane 
considered. 

Recall the one-dimensional (vertical) form of Darcy's equation: 

q = _ m ^A (16 .d 

dZ 

where q is downward flux, K(Q) is hydraulic conductivity (a function of wet- 
ness 0), z is depth, and \|/ is matric suction. With d\\f/dz assumed to be zero, we 
have simply 

q = K(0) (16.2) 

If we happen to know the functional dependence of K on 0, we can formulate 
q as an explicit function of 0. For instance, if the function is exponential, say, 

K(Q)=ae be (16.3) 

where a and b are constants, we get 

q = ae be or In q = A + bQ {16 A) 

where A = In a. Thus, even a small decrease in can result in a steep (loga- 
rithmic) decrease of the flux q. 

A simple approach to the internal drainage process is possible if the soil 
profile can be assumed to drain uniformly, that is, if the soil is equally wet and 
its wetness diminishes at an equal rate throughout the draining profile. 
Observations have shown this to be a reasonable approximation in many (but 
certainly not all) cases. In the absence of any flow through the upper soil sur- 
face, the flux ^b, through any plane at depth Zh, must equal the rate of decrease 
of total water content W, where W = Qzb (the product of the wetness and 
depth z b ): 

q h = K(Q) = -dW/dt = -z b (dQ/dt) (16.5) 

This equation can be used to measure the depth-averaged hydraulic conduct- 
ivity as a function of wetness in a field plot that is under an impervious sur- 
face (say, a sheet of plastic material). Note that in this case the downward flux 
increases in proportion to depth. Note also that it diminishes in time, as does 
the rate of decrease of soil wetness, in accordance with the functional decrease 
of conductivity with the remaining soil wetness. Once the characteristic K(Q) 
function is established for a given soil, it becomes possible to predict the time 
dependence of and of drainage rate q for any depth. 

An alternative approach is to assume that the downward drainage flux is pro- 
portional to the total amount of water remaining in the draining profile. Thus 

-dW/dt = XW (16.6) 

where, as before, -dW/dt is the time rate of decrease of profile water content 
(storage) W and X is a proportionality constant. Equation (16.6) can be inte- 
grated by separation of variables: 



J (dw/w) = -aJ dt 



(16.7) 
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to give 

In W=-Xt+c (16.8) 

wherein c is the integration constant. The last equation can be rewritten as 

W=e c /e Xt (16.9) 

At t = (the beginning of the process), W= e c , a constant that we can desig- 
nate Wj (initial water content of the profile). Thus 

W= W { e- Xt or W/W, = e~ Xt (16.10) 

which is the well-known equation used to describe exponential decay 
processes, such as radioactive decay. The proportionality constant X is called 
the decay constant, and it can be interpreted as the fraction of the remaining 
soil-water content that drains per unit time. To characterize the stability of 
soil-moisture storage, we can use the concept of half -life (£1/2), which is the 
time required for the cumulative drainage of half the initial amount of water 
present in the soil (i.e., the value of t in the last equation at which W= WJ2). 
Thus, at t = £1/2, e Xt = 2. Hence, 

t m = In 2fk = 0.693/X (16.11) 

If Eq. (16.6) is not by itself a good description of the internal drainage 
process, as W tends rather unrealistically to approach zero in time, the 
equation can perhaps be made more realistic by providing for soil-water 
content to approach asymptotically some finite residual value W r rather 
than zero. As an example, let us assume that W r corresponds to the product 
of the soil depth considered, Z^, and the equilibrium value of soil wetness 
at a matric suction value of, say, 33 kPa (one-third of a bar). The value of 
W r obviously depends on soil texture, as do the values of W i9 X, and indeed 

h/2- 

For a more fundamental approach to the problem of predicting the depend- 
ence of flux and wetness on time, we must go to the general flow equation, 
which can be stated as 



dQ = d_ 
dt ~ dz 



dZ 



dK{Q) 



dz 

This equation can be solved subject to the following conditions: 



(16.12) 



t = 0, z > 0, = S (initially saturated profile) 

£>0, z = 0, q = (no further inflow or (16.13) 

outflow through the surface) 
t > 0, z = 2b) ^ = K(%) (flux equals conductivity at Zh) 

Results obtained by numerical solution of the equation for the conditions 
shown (Hillel and van Bavel, 1976) are illustrated for soils of different textures 
in Figs. 16.1-16.3, which show the pattern of decreased soil-moisture storage 
during internal drainage. The sandy soil, although it contains less water at sat- 
uration, is seen to drain much more rapidly at first. Thus, it loses half again as 
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Fig. 16.1. The changing soil-moisture distribution during drainage from initially saturated 
uniform profiles of (a) clay, (b) loam, and (c) sand. The numbers indicate duration of the process 
(days). (After Hillel and van Bavel, 1976.) 



much water as the loam and nearly five times as much water as the clay dur- 
ing the first two days. Thereafter these differences diminish and are eventually 
reversed as further drainage from the sand slows down to a very low rate, 
while drainage from the loam, and even more so from the clay, persists at an 
appreciable rate for many more days. 
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Time (days) 

Fig. 16.2. Cumulative gravity drainage from initially saturated uniform profiles (1.16 m 
deep) of sand, loam, and clay. Dashed lines, drainage alone; solid lines, simultaneous drainage 
and evaporation. (After Hillel and van Bavel, 1976.) 




5 6 7 8 9 10 
Time (days) 

Fig. 16.3. Volumetric wetness at depth 0.41 m as function of time in initially saturated uni- 
form profiles of sand, loam, and clay. Dashed lines, drainage without evaporation; soild lines, 
simultaneous drainage and evaporation. (After Hillel and van Bavel, 1976.) 



Sample Problem 

Assume gravity drainage out the bottom of a uniformly wetted soil profile, 1 m deep, 
with an initial volume wetness of 45%. Further assume the hydraulic conductivity Kto 
be an exponential function of the soil's volume wetness 6, namely, K=ae bQ , where 
a = 1 .5 x 1 -5 mm/day and b = 35. Estimate the remaining soil wetness when the 
drainage flux has diminished to 1/2, then to 1/10, and then to 1/100 of the evapo- 
transpiration (ET) rate, which is 5 mm/day. 
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With gravity alone (no suction gradients), vertical drainage occurs at a rate q, equal 
to the hydraulic conductivity, which is itself a function of the soil's wetness at the depth 
considered (e.g., at bottom of the root zone): 

q = K(e) = ae bQ = 1.5x1 (TV 59 

We can now calculate the flux at different assigned wetness values to obtain a plot 
of log q versus 6, as follows: 

When 6 = 0.45, q = (1 .5 x |n- 5 )e 35x0 - 45 = 1 03.8 mm/day 
When 6 = 0.40, q = (1 .5 x |n- 5 )e 35x0 - 40 = 1 8 mm/day 
When 6 = 0.35, q = (1 .5 x |rj- 5 )e 35x0 - 35 = 3.1 5 mm/day 
When 6 = 0.30, q = (1 .5 x |n- 5 )e 35x0 - 30 = 0.54 mm/day 
When 6 = 0.25, q = (1 .5 x |n- 5 )e 35x0 - 25 = 0.095 mm/day 
When 6 = 0.20, q = (1 .5 x |0- 5 )e 35x0 - 20 = 0.01 7 mm/day 

From the q-6 plot we can determine the 6 values at which q = 2.5 mm/day (ET/2), 
0.5 mm/day (ET/10), and 5 x 10~ 2 mm/day. The 6 values turn out to be approximately 
43, 30, and 23.2%, respectively. Which of the q values is to be considered negligible is 
a matter of individual decision. 

Alternatively, we can calculate the 6 remaining at any flux value, as follows: 

q = /C(6) = ae bQ 

Hence In q = In a + bQ. Therefore 6 = (In q - In a)/b. 

The actual plot of q versus 6 is left as an optional exercise. 



Implicit in the foregoing discussion was the supposition that the soil pro- 
file is texturally or structurally uniform in depth. Quite a different situation 
can prevail when the profile is layered. An impeding layer inside or below 
the root zone can greatly inhibit internal drainage. In many cases such 
a layer can be harmful to crops, for it might cause retention of excessive 
moisture, and perhaps of salts, in the root zone. In some cases, however, as 
in rapidly draining sands, it might be desirable to form an artificial barrier 
at some depth to promote greater retention of moisture within reach of 
plant roots. 



REDISTRIBUTION IN PARTIALLY WETTED PROFILES 

Perhaps more typical than the condition described in the preceding section 
(namely, that of a soil that is deeply and uniformly wetted throughout its 
profile) are cases in which the end of the infiltration process consists of 
a wetted zone in the upper part of the profile and an unwetted zone 
beneath. The postinfiltration movement of water in such a profile can truly 
be called redistribution, because the relatively dry deeper layer (beyond the 
infiltration wetting front) draws water from the upper one so that soil mois- 
ture redistributes itself between the layers. The time-variable rate of redis- 
tribution depends not only on the hydraulic properties of the conducting 
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soil but also on the initial wetting depth as well as on the relative dryness 
of the bottom layers. When the initial wetting depth is small and the under- 
lying soil is relatively dry, strong suction gradients augment the gravita- 
tional gradient in causing a rapid rate of redistribution. On the other hand, 
when the initial wetting depth is considerable and the underlying soil itself 
is fairly moist, the suction gradients tend to be small, so redistribution 
occurs primarily under the influence of gravity, as in the case of internal 
drainage described earlier. 

At first the decrease of soil wetness in the initially wetted zone can be 
expected to occur more rapidly during the redistribution of moisture in pro- 
files that had wetted to shallow depth than in the internal drainage of profiles 
that had been wetted deeply. Sooner or later, however, the redistribution 
process "spends itself out," so to speak, and the flux slows down for two rea- 
sons: (1) the suction gradients between the wetter and the drier zones dimin- 
ish as the former loses, and the latter gains, moisture; (2) as the initially wetted 
zone quickly desorbs, its hydraulic conductivity falls correspondingly. With 
both gradient and conductivity decreasing simultaneously, the flux also falls 
rapidly. The rate of advance of the wetting front slows down, and this front, 
which was relatively sharp during infiltration, gradually flattens out and dis- 
sipates during redistribution. This trend is illustrated in Fig. 16.4. The figure 
shows that the initially wetted upper zone drains monotonically, though at 
a decreasing rate. On the other hand, the sublayer at first wets up but eventu- 
ally begins also to drain. 

The time dependence of soil wetness in the upper zone is illustrated in 
Fig. 16.5 for a sandy soil, in which the unsaturated conductivity falls off 
rapidly with increasing suction, and for a clayey soil, in which the decrease 
of conductivity is more gradual and hence redistribution tends to persist 
longer. 



Wj Water content W 



m 




days 14 4 1 







Fig. 16.4. The changing moisture profile in medium -textured soil during redistribution 
following a partial irrigation. The successive moisture profiles shown are for 0, 1, 4, and 14 days 
after the irrigation. W u preirrigation (antecedent) soil wetness. 
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Fig. 16.5. The monotonic decrease of soil wetness with time in the initially wetted zone of 
a clayey and a sandy soil during redistribution. The dashed lines show the wetness values 
remaining in each soil after two days. 



HYSTERETIC PHENOMENA IN REDISTRIBUTION 

Unlike the internal drainage process, in which a deeply wetted soil desorbs 
monotonically, the redistribution process that takes place in a partially wetted 
profile necessarily involves hysteresis; the upper part of the profile desorbs 
while the lower part absorbs water from it. It is the nature of hysteresis that 
even if the two sections were to attain equilibrium with the same matric poten- 
tial, the desorbed section of the soil would be wetter than the section having 
undergone sorption. Moreover, an intermediate zone, just below the infiltra- 
tion-wetted zone, first absorbs water and then begins to desorb as the redis- 
tribution process progresses deeper into the profile. This pattern of sorption 
and desorption is portrayed schematically in Fig. 16.6. 

We recall from Chapter 8 that the relation between wetness and suction is 
not unique but depends on the history of wetting and drying that took place 
at each point in the soil. This relationship, when plotted, exhibits two limiting 
curves that apply when wetting or drying starts from the extreme conditions 
of dryness or saturation, respectively. Between the wetting and drying 
branches (the "primary soil-moisture characteristic curves") there lies an infin- 
ite number of possible "scanning curves," which describe wetting or drying 
between different intermediate values of wetness. Such scanning curves tend to 
be "flatter" than the primary desorption curve; hence a greater increase in suc- 
tion is needed to effect a unit drop in wetness during desorption after partial 
wetting than in desorption after complete wetting. 

If hysteresis were nonexistent, we would expect a draining vertical column 
under the influence of gravity to tend toward an equilibrium such that soil 
wetness would increase with depth as the suction forces increase with eleva- 
tion (see Chapter 8). With hysteresis, however, more of the moisture is retained 
in the infiltration-wetted part of the profile, where it might remain available 
for subsequent plant use, rather than flow downward beyond the reach of 
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Fig. 16.6. Water content profiles at the end of infiltration (t{) and at two later points in time 
as a result of redistribution. 

plant roots. Evidence for this was provided by Rubin (1967), as shown in 
Fig. 16.7. The role of hysteresis can be especially important in semiarid 
regions, where limited rainfall may wet the soil only to shallow depths, so 
retaining moisture in the root zone is likely to be critical to native plants as 
well as to crops. 

Volumetric moisture content 6 




0.30 



(a) (b) 



Fig. 16.7. Calculated soil-moisture profiles after redistribution in a sandy soil, illustrating 
the effect of hysteresis on retention of moisture in the upper layers. In the right-hand figure, the 
hysteretic redistribution profile (H) is compared with the nonhysteretic profile based on 
the sorption characteristic curve (W) and with the nonhysteretic profile based on the desorp- 
tion characteristic curve (D). (After Rubin, 1967.) 
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The steep reduction in hydraulic conductivity that takes place in the drain- 
ing part of the profile, the overall decrease in matric suction gradients, and the 
effect of hysteresis all act in concert to promote moisture retention in the 
upper part of the profile. If we did not know of these synergistic effects, we 
might never understand how the soil, being in effect a "bottomless barrel," 
nevertheless manages to retain enough water in its upper part long enough to 
support the growth of vegetation even in arid regions, where water supply is 
meager and infrequent. 



ANALYSIS OF REDISTRIBUTION PROCESSES 

Once again we return to the general equation for flow in a vertical profile, Eq. 
(16.12): 

dd/dt = (-d/dz)[K(dy/dz) + K] 

In the case of redistribution involving hysteresis, this equation is written 

(dQ/d\\f) h (d\\f/dt) = (-d/dz)[K h (\\f)(d\\f/dz)] - dK h (\\f)/dz (16.14) 

In the foregoing, is volumetric wetness, t is time, K is conductivity, z is depth, 
\|/ is suction head, and the subscript h indicates a hysteretic function. After 
the cessation of infiltration and in the absence of evaporation, flux through the 
soil surface is zero. Therefore the hydraulic gradient at the surface must also 
be zero. Conservation of matter requires that 

J' Z = oo 
Qdz = constant (16.15) 

for all time, provided no sinks are present (e.g., no extraction of water by plant 
roots). 

When redistribution begins, the upper portion of the profile, which was 
wetted to near saturation during the preceding infiltration process, begins to 
desorb monotonically. Below a certain depth, however, the soil first wets dur- 
ing redistribution and then begins to drain, and the value of wetness at which 
this turnabout takes place diminishes with depth. Each point in the soil thus 
follows a different scanning curve, and the conductivity and water-capacity 
functions vary with position. 

To solve Eq. (16.12), one dependent variable (namely, \\f) can be eliminated: 

dQ/dt = (-d/dz)[(K/c)(dQ/dz) + K] (16.16) 

The solution can then be sought, subject to the following initial and boundary 
conditions: 

£ = o, *>o, e = e(*) 

£>0, z = 0, q = (K/c)(dd/dz)+K = (16.17) 
t > 0, £ = oo, 9 = 9, 

where q is the flux, Q(z) is a function of soil depth describing the initial post- 
infiltration moisture profile, 9j is the soil's preinfiltration wetness, c is the 
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differential water capacity <i0Ai\|/, and the other variables are as previously 
defined. The ratio K/c is the hydraulic diffusivity D. 

Equation (16.16) has been solved numerically by means of an implicit dif- 
ference equation. To take account of hysteresis, Rubin (1967) used empirical 
equations for the dependence of \|/ on in primary wetting, in primary drying, 
and in scanning from wetting to drying, as well for the relation of K to 0. 
(Empirical equations cannot be expected to pertain to any but the particular 
soil considered; the results of the analysis, however, are thought to be valid in 
principle, provided the basic assumptions are met in the real situation, at least 
approximately. ) 

Rubin's findings (Fig. 16.7) indicate that the hysteretic moisture profile 
is not bounded by the two possible nonhysteretic profiles (one assuming the 
desorbing branch of the soil-moisture characteristic, the other assuming 
the sorbing branch). The hysteretic redistribution was shown to be clearly 
slower than the nonhysteretic one. These results demonstrate the import- 
ance of hysteresis in redistribution processes, particularly in coarse-textured 
soils, which often exhibit more pronounced hysteresis than do fine-textured 
soils. 

A different approach to the analysis of redistribution was taken by Gardner, 
Hillel, and Benyamini (1970a, b). Equation (16.16) can be solved analytically 
by separation of variables (W. R. Gardner, 1962b) in the special case where the 
empirical relation D - C0 W applies (C and n being constants). In this proce- 
dure, it is assumed that the solution is of the form = T(t)Z(z), where T is a 
function of t alone and Z is a function of z alone. It is further assumed that 
K = BQ m (with B and m constants). Their analysis suggests that both where 
matric suction forces predominate and where, alternatively, the gravity force 
predominates, the time dependence of soil-water content obeys a relation of 
the type 

W,0 ave or jddz ~ a(b + t)~ c (16.18) 

where W is the total water content and ave is the mean wetness of the initially 
wetted zone at time t during redistribution. This theory accords with experi- 
mentally measured patterns of redistribution in a sandy loam soil irrigated 
with different quantities of water (Figs. 16.8 and 16.9). The constants in Eq. 
(16.18) were shown to be related to the soil's hydraulic conductivity and dif- 
fusivity. Of these, the value of b could be neglected after a day or so, so the 
simplified equation could be cast into logarithmic form: 

log W = log tf- clog* (16.19) 

The values of a and c can be obtained from a graph of log W versus log £, pro- 
vided the data indicate a straight line, as shown in Fig. 16.9. Eq. (16.18) can 
also be differentiated with respect to time to yield the rate of decrease of water 
content in the initially wetted zone (-dW/dt), equal to the flux through the ini- 
tial (end-of-infiltration) wetting front: 



-dW/dt = ac/(b + t) c+1 



(16.20) 
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Fig. 16.9. Cumulative downward flow through the initial (end of infiltration) wetting front 
during redistribution after irrigations of 50 and 100 mm of water. (After Gardner, Hillel, and 
Benyamini, 1970a, b.) 
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Sample Problem 

Use the equation of L A. Richards etal. (1956) to estimate the water content of a 
1-m-deep profile at the end of 1, 2, 3, 4, 5, 6, and 7 days of redistribution if the initial 
profile water content is 500 mm, factor a = 40, and exponent b = 0.8. Estimate the time 
necessary for the downward flux at a depth of 1 m to diminish to 10 mm/day. 
Using Eq. (16.21), 

dW/dt = -at b , 

we get 

dW=-at b dt 

Integrating, we obtain 

W=-[a/(-b+ 1)]r b+1 +c 

where c, the constant of integration, equals the profile water content at t= 0. We can 
now calculate the water content at various times: 



At zero time, 


W = 


500- 


[40/(-0.8 + 1)] x O 2 = 500 mm 


After 1 day, 


W = 


500- 


(40/0.2) x 1 2 = 


300 mm 


After 2 days, 


W = 


500- 


(40/0.2) x 20 - 2 


= 270 mm 


After 3 days, 


W = 


500- 


(40/0.2) x 30 2 


= 251 mm 


After 4 days, 


W = 


500- 


(40/0.2) x 40 2 


= 236 mm 


After 5 days, 


W = 


500- 


(40/0.2) x 50 2 


= 224 mm 


After 6 days, 


W = 


500- 


(40/0.2) x 60 2 


= 214 mm 


After 7 days, 


w= 


500- 


(40/0.2) x 70 2 


= 205 mm 



To estimate the time needed for the flux to diminish to any specified value q n we again 
use Eq. (16.22) [f n = (a/q n ) 1/b ], hence 

t = (40/10) 125 = 5.66 days 



THE CONCEPT OF FIELD CAPACITY 

Early observations that the rate of water-content change during internal 
drainage and redistribution decreases in time were construed to mean that the 
flow rate becomes negligible within a few days or even that flow ceases 
entirely. The presumed water content at which internal drainage allegedly 
ceases, termed the field capacity , had for a long time been accepted almost uni- 
versally as an actual physical property, characteristic and constant for each 
soil. 

Though the field capacity concept originally derived from rather crude 
data of water content in the field, some workers sought to explain it in 
terms of a static equilibrium or the conjectured (but never proven) occur- 
rence of an abrupt physical discontinuity in "capillary water." It was com- 
monly assumed that the application of a certain quantity of water to a unit 
depth of soil will fill the "deficit to field capacity," and that any quantity of 
water delivered to the soil will not penetrate beyond the depth to which that 
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quantity can "replenish" the field capacity. It became a common practice to 
calculate the amount of irrigation to be applied at any particular time on 
the basis of the deficit to the field capacity of the soil depth to be wetted, as 
if each soil layer were a bucket that must be filled before it can overflow to 
a lower bucket. 

In recent decades, with the development of theory and with more precise 
experimental techniques for the in situ determination of soil wetness and of 
unsaturated flow, the field capacity concept has been recognized as arbitrary. 
The redistribution process is in fact continuous and exhibits no abrupt 
"breaks" or static levels. Although its rate decreases constantly, in the absence 
of a water table the process continues and equilibrium is approached, if at all, 
only after very long periods. The soils for which the field capacity concept is 
most applicable are coarse-textured ones, in which internal drainage is initially 
most rapid but soon slows down owing to the relatively steep decrease of 
hydraulic conductivity with increasing matric suction (see Chapter 8). In 
medium- or fine-textured soils, however, redistribution can persist at an appre- 
ciable rate for many days. 

As an example, we can cite the case of a loessial silt loam in the Negev 
region of Israel, in which the changes in water content (shown in Table 16.1) 
were observed in the 0.6- to 0.9-m-depth zone following a wetting to a depth 
exceeding 1.50 m. The plot was covered with a paper mulch and a layer of dry 
soil to prevent evaporation. The data show that water loss continued (albeit at 
a diminishing rate) for over five months. 

An irrigation farmer accustomed to frequent irrigations is interested mainly 
in the short-run storage of moisture in the soil. For such a farmer, the field 
capacity of the loessial soil described can be taken at about 18%. By way of 
contrast, a dryland farmer is likely to be interested in accumulating and stor- 
ing soil moisture from one season to the next or even from one year to the 
next. The latter farmer, obviously, cannot assume that the same soil retains 
a water content of 18% but only 14% or even less. The difference, 4% by 
mass, represents about one-third of the amount of soil moisture classically 
considered available for crop use! 

Various laboratory methods have been proposed for the estimation of field 
capacity. These include equilibration of presaturated samples in the labora- 
tory with a centrifugal force 1000 times the gravity force (the so-called 



TABLE 16.1 Retention of Moisture (% by Mass) 
in a Loessial Soil (0.6- to 0.9-m Depth) Following 
a Deep Wetting 



End of infiltration 
After 1 day 



29.0 
20.2 
18.7 
17.5 
15.9 
14.7 
13.6 



2 days 
7 days 
30 days 
60 days 
156 days 



a After Hillel (1971). 
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"moisture equivalent") or with a matric suction value of 10 or 33 kPa (1/10 
or 1/3 bar). Although the results of such tests may correlate with measure- 
ments of soil-moisture storage in the field in certain circumstances, it is a fun- 
damental mistake to expect criteria of this sort to apply universally, since they 
are solely static in nature while the process they purport to represent is highly 
dynamic. 

Notwithstanding the fundamental impossibility of fixing unequivocally any 
unique point in time at which internal drainage or redistribution ceases, there 
remains a universal need for a simple criterion to characterize the ability of 
soils to retain moisture (i.e., the upper limit of soil-water content that can be 
depended on, more or less, in the field). The rapid slowing of internal drainage 
or redistribution is an important property of soils, responsible for retaining 
moisture (albeit temporarily) for the vital needs of plants during periods 
between rains or irrigations. 

PHYSICALLY BASED CONCEPTS OF MOISTURE STORAGE 

Granted that the traditional definition of field capacity is subjective, what cri- 
terion of moisture storage can be used in its stead? In the first place, since no 
laboratory system yet devised is capable of duplicating soil-water dynamics in 
situ, it should be obvious that profile moisture storage must be measured 
directly in the field. Second, the field determination itself must be made repro- 
ducible by standardizing a consistent procedure. Such vague specifications as 
"wet the soil to the depth of interest" and "allow the soil to drain for approxi- 
mately 2 days" are not good enough. Wetting depth is extremely important, 
and the preferred depth is the maximal one — considerably beyond the "depth 
of interest." The internal drainage of a profile initially wetted to the entire 
depth of the root zone is a much more reproducible and reliable criterion than 
redistribution in a profile wetted to some unspecified partial depth without 
regard to antecedent conditions. 

Third, the measurement of soil-moisture content and depth distribution 
should be made repeatedly rather than only once at an arbitrary time such 
as 2 days. Periodically repeated measurements, preferably by a nondestruc- 
tive method (neutron gauging or time-domain reflectometry), will provide 
information on the dynamic pattern of internal drainage and allow evalu- 
ation of whether any single value of soil moisture at any specifiable time is 
distinct enough to be designated as the field capacity (Romano and Santini, 
2002). To make this judgment objectively, one must decide at the outset 
what drainage rate is low enough to be considered "negligible." A likely cri- 
terion might be 10% of the mean daily potential evapotranspiration (PET). 
Thus, if PET is 5 mm/day, one might specify a drainage flux of 0.5 mm/day 
through the bottom of the root zone as small enough to be disregarded. For 
different soils, the characteristic time may vary from one day to a few weeks, 
depending on soil hydraulic properties and on the wetness or flux criterion 
used. 

A still better approach is to characterize, for each field to be considered, the 
internal drainage process (starting from well-defined initial and boundary con- 
ditions) as a complete function of time. One way to do this is to specify the 
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half-life of stored moisture, as explained earlier in this chapter. Another way 
is to fit the measured function to an empirical equation such as 

q = -dW/dt = ar b (16.21) 

It would then be up to the user to calculate what value of soil moisture gives 
the best estimate of soil-moisture storage to suit his or her purposes. 
Assuming, for the sake of argument, that the data obtained in the field accords 
with the preceding equation, then, for whatever limiting value of flux q n one 
wishes to regard as negligible, one gets 

t n =(a/q n ) 1/b (16.22) 

where t n is the time period required for the drainage rate to fall to a negligible 
value. Constants a and b must be calculated from the internal drainage curve 
as measured in the field. 
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17. GROUNDWATER 
DRAINAGE AND 
POLLUTION 



BASIC CONCEPTS OF GROUNDWATER HYDROLOGY 

Of the earth's total amount of fresh (nonsaline) water, some 75% exists in 
the frozen state in polar ice caps and glaciers, while less than 2% is in surface 
waters, such as lakes and streams, and a relatively minute amount is contained 
in the generally unsaturated soil. That leaves nearly 22% of our planet's fresh 
water that permeates porous rocks and sediments, generally at some depth 
below the ground surface. It is this amount that we call groundwater. 

In many regions, groundwater constitutes an important source of fresh 
water for domestic, agricultural, or industrial use. Since an adequate water 
supply is a prerequisite for the development of settlements and industries, 
including the agricultural industry, and since injudicious exploitation of 
groundwater can deplete the groundwater reservoir and diminish its quality, it 
is important to acquire and disseminate knowledge pertaining to the behavior 
of groundwater and to methods of managing it. Extraction of groundwater in 
excess of the annual recharge (including the natural percolation of precipita- 
tion water, seepage from reservoirs and streams, and artificial injection 
through wells and by surface ponding) will cause depletion, whereas an excess 
of recharge over extraction will cause a buildup of groundwater. 

An aquifer (literally, a "carrier of water") is a porous geological formation 
that accumulates and transmits water in sufficient quantities to serve as a 
source of supply for human use. Aquifers vary greatly in their characteristics. 
Some consist of unconsolidated coarse sediments, such as sand and gravel, and 
some are pervious bedrock, such as sandstone, conglomerate, limestone, or 
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even fissured volcanic formations. A formation that, in contrast with an 
aquifer, neither contains nor transmits significant amounts of water is called 
an aquifuge. An example is a formation of tight, impermeable granite. 
Between the two extremes, aquifer and aquifuge, hydrologists recognize an 
intermediate type of formation that contains water but, owing to low permea- 
bility, cannot transmit enough to serve as a source of supply (e.g., clay layers 
and shales). Such a formation is called an aquiclude. 

A distinction is made between two major types of aquifers: confined and 
unconfined. A confined aquifer occurs when a permeable stratum is overlain 
by an impermeable stratum (i.e., when an aquifer is "confined" by an 
aquiclude). A confined aquifer is generally recharged not through the 
aquiclude but from areas (possibly some distance away) where the permeable 
formation outcrops, as shown in Fig. 17.1. Often, the water contained in a 
confined aquifer is under pressure, called artesian pressure (after the district of 
Artois in France), which may be sufficient to bring water up to ground surface 
whenever a well is drilled through the aquiclude. 

The equilibrium height to which water rises in an unpumped well is called 
the piezometric level (from the Greek word meaning "to press", hence a 
piezometer is a device to measure pressure). The static level of water in a well 
that penetrates a confined aquifer indicates the hydrostatic pressure of water 
in that aquifer (M. H. Young, 2002). Not all rock formations can serve as 
aquifers. Layers that are sufficiently permeable to transmit water vertically to 
or from a confined aquifer but not permeable enough to transport water lat- 



Recharge area 




M.t.M.Uilii 



Aquifuge 



Fig. 17.1. A confined (artesian) and an unconfined (phreatic) aquifer. The former rests on an aquifuge, 
and the latter is perched on an aquiclude. Note that the deep wells are artesian. 



CONFINED GROUNDWATER FLOW 



317 



erally are called aquitards (Bouwer, 1978). An aquifer bound by one or two 
aquitards is called a leaky or semiconfined aquifer. 

An unconfined aquifer (also called a phreatic aquifer, from the Greek phrear, 
"a well") is one in which the water level is free to fluctuate up and down, to 
rise and fall periodically, and thus to seek an equilibrium level. Phreatic aquifers 
may reach levels close to the ground surface, and at times and places even rise 
above it. Typically, however, the soil remains unsaturated to some depth (called 
the unsaturated zone or vadose zone, or the zone of aeration), below which a 
saturated condition prevails in what is known as the zone of saturation. 

For more fundamental expositions of groundwater theory, the reader is 
referred to publications by Freeze and Cherry (1979), Ward and Robinson 
(1990), and Bras (1990). Problems of groundwater pollution were described 
by Fried (1976) and by Pepper et al. (1996). 



CONFINED GROUNDWATER FLOW 

We now describe a number of simple cases illustrating flow phenomena in 
confined aquifers. The simplest example is that of flow through a horizontal 
layer of uniform thickness and properties, sandwiched between impervious 
layers. As illustrated in Fig. 17.2, flow takes place from the channel on the left 
to the channel on the right. If the water level in each of the two channels is 
maintained at a constant level, the flow will take place at a steady state, that 
is, a state in which the flux and gradient are time invariant and the flux is 
space invariant as well. 

The process can be formulated as follows. Begin with the Darcy equation 
(with q being flux, K conductivity, H hydraulic head, and x horizontal distance): 

q = -K{dH/dx) (17.1) 

Now separate differential variables: 

dH = -{q/K) dx 

Next, integrate 

l^ dH = -(qlK)\l dx (17.2) 
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to obtain 

H 2 -H 1 =-(q/K)x or H 2 = H 1 -{q/K)x (17.3) 

which indicates that, as long as the flux and conductivity are constant, the 
hydraulic head diminishes linearly with distance along the direction of flow. 

To calculate the discharge Q, that is, the total volume of flow per unit time 
per unit thickness (perpendicular to the plane of the drawing), we multiply the 
flux by the height of the aquifer Z: 

Q = qZ = -KZ{dH/dx) = -x{dH/dx) {17 A) 

Here x = KZ is a composite parameter called the transmissivity that character- 
izes the amount of water obtainable from an aquifer under a unit hydraulic gra- 
dient. In evaluating the potential usefulness of an aquifer as a source of water, 
the transmissivity rather than the conductivity is the parameter of interest, since 
a less permeable aquifer can deliver more water than a highly permeable one if 
the dimensions of the former are sufficiently larger than those of the latter. 

Now let us consider the slightly more complex case of steady radial flow 
toward a single well. Suppose that the initial piezometric head at the well 
was H[ and that this head was uniform for an infinite distance in the region 
surrounding the well, as shown in Fig. 17.3. As we begin to pump water out 
of the well, we notice the piezometric head at, and in the vicinity of, the well. 
A hydraulic-head gradient is thereby created, and water flows radially 
inward toward the well from the surroundings, creating a cone of depression 
in the piezometric head. If we continue pumping water at a steady rate, and 
if the head remains constant at some distance from the well, the cone of 
depression will stabilize at the exact configuration that will supply the well 
with the amount of water withdrawn per unit time. Henceforth the depres- 
sion of piezometric head (from the original level H{) at each point, called 
the drawdown, will be a function of radial distance and of discharge, but not 
of time. 
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Fig. 17.3. Cone of depression formed during radial low to a pumped well. 
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To formulate this process in mathematical terms, we cast Darcy's law into 
the radial form (with r, the radius, as the space coordinate): 

q = -K{dH/dr) (17.5) 

To obtain the discharge through any concentric cylindrical surface at any 
radial distance r from the well, we multiply the flux q by the area through 
which flow takes place, namely, 2%rZ (where 2nr is the circumference of the 
circle and Z, once again, is the height, or thickness, of the aquifer): 

Q = -2nrZK{dH/dr) (17.6) 

At steady state, the discharge through all concentric cylindrical surfaces must 
equal the discharge from the well, that is, the pumping rate -Q p (volume with- 
drawn per unit time), so that in Eq. (17.6) Q = -Q p . We can now separate the 
differential variables: 

dH={Q p /2nZK) {dr/r) 
and integrate between any arbitrary radial distances r 1 and r 2 : 

J^ 2 dH = (Q p /2nZK)\^ dr/r (17.7) 

to obtain 

H 2 -H 1 = (Q p /2nZK) ln(r 2 /n) (17.8) 

If we wish to measure the aquifer transmissivity T = ZX, we can drill two 
observation wells at radial distances r 1 and r 2 from the pumping well, begin 
pumping at a steady rate, and wait until the piezometric levels in the two 
observation wells stabilize. Then, knowing the values of r 1? r 2 , H l9 H 2 , and Q p , 
we can calculate the value of x from the well-known Tbiem equation: 

t = ZK= [Q p /2tt(H 2 - H,)] ln(r 2 /n) (17.9) 

Equation (17.9) presupposes steady-state conditions. To obtain a solution 
pertaining to the transient-state, falling-head phase of the process, we must 
first consider the change in aquifer storage resulting from a change in piezo- 
metric head. 

In an unconfined aquifer, a fall in piezometric head means a fall in the water 
table and consequent desaturation of a corresponding depth increment in the 
soil, so the effective height (or thickness) of the aquifer is visibly reduced. But 
a confined aquifer remains saturated even while the piezometric head declines, 
so it is difficult to see where the water comes from. 

A decline of piezometric head implies a decrease of hydrostatic pressure, 
which causes decompression (expansion) of water. The volume of water remain- 
ing in the aquifer can thus remain constant, although some water is withdrawn. 
Strictly speaking, however, the volume does not remain constant, since the over- 
burden (i.e., the weight of the strata overlying the confined aquifer), formerly 
supported in part by the hydrostatic pressure in the aquifer, causes an incre- 
mental compression of the aquifer (possibly resulting in surface subsidence) as 
the hydrostatic pressure is partially relieved. Consequently, a decline in piezo- 
metric head even in a confined aquifer releases water, and the volume released 
per unit area per unit decline in piezometric level is generally called storativity. 
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Sample Problem 

Two confined aquifers, geometrically similar to the one depicted in Fig. 1 7.2, were com- 
pared, as follows: 

Aquifer A Aquifer B 

Horizontal distance between channels 200 m 90 m 

Hydraulic-head difference between channels 10 m 15 m 

Discharge per unit length of channel 0.02 m 3 /rm hr 0.05 m 3 /rm hr 
Vertical thickness of conducting layer 8 m 6 m 

Calculate the transmissivity and hydraulic conductivity values. 
The system is described by a form of Eq. (1 7.4): 

Q = KZ(AH/Ax) = x(AH/Ax) 

where Q is discharge, K\s hydraulic conductivity, Z is vertical thickness of the aquifer, AH 
is hydraulic-head difference, Ax is distance (AH/ Ax being the hydraulic gradient), and t is 
transmissivity (= KZ). 
To calculate transmissivity, we set 

x = Q/(AH/Ax) 

and to calculate conductivity we set 

K= Q/Z(AH/Ax) = t/Z 

For Aquifer A, 

t = (0.02 m 3 /m hr)/(1 m/200 m) = 0.4 m 2 /hr 

K= (0.4 m 2 /hr)/8 m = 0.05 m/hr= 1.39 x 10~ 5 m/sec 



For aquifer B, 



t = (0.08 m 3 /m hr)/(1 5 m/90 m) = 0.48 m 2 /hr 

K= (0.48 m 2 /hr)/6 m = 0.08 m/hr = 2.22 x 10~ 5 m/sec 



Sample Problem 

Consider a confined aquifer of the type depicted in Fig. 1 7.3, with a single pumping 
well and two piezometers located at 50-m intervals along a radial line from the well. 
Water is pumped out continuously at the rate of 100m 3 /hr. After the "cone of 
depression" (drawdown) stabilizes and steady-state conditions are established, 
the hydraulic-head difference between the two piezometers is 2 m. Calculate the 
transmissivity of the aquifer. If its thickness is 60 m, calculate the aquifer's hydraulic 
conductivity. 

This steady-state radial-flow case is described by Eq. (1 7.9), known as the Thiem 
equation: 

x = ZK=[Q p /2n(H 2 -H,)] \n(r 2 /r,) 
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where x is transmissivity, Z is aquifer thickness, K is hydraulic conductivity, Q p is pump 
discharge, and and H 2 are hydraulic-head values at the piezometers located at radial 
distances ^ and r 2 , respectively, from the well. Substituting the appropriate values, we 
can write: 

t = 60 m x K = [(100 m 3 /hr)/(6.28 x 2 m)] ln(100 m/50 m) = 5.52 m 2 /hr 
K= (5.52 m 2 /hr)/60 m = 2.55 x 10~ 5 m/sec 



UNCONFINED GROUNDWATER FLOW 

Whereas water in unsaturated soil is affected by suction gradients and its 
movement is subject to variations in conductivity resulting from changes in 
soil wetness, groundwater (by definition) is always under positive hydro- 
static pressure and hence saturates the soil. Thus, no suction gradients and 
no variations in wetness or conductivity normally occur below the water 
table. The hydraulic conductivity is maximal and fairly constant in time, 
though it may vary in space and direction. (We are disregarding here possible 
effects due to overburden pressures and swelling phenomena as well as to 
flocculation-dispersion phenomena. ) 

Despite the differences between the saturated and unsaturated zones, the 
two are not independent realms but parts of a continuous flow system. 
Groundwater is recharged by percolation through the unsaturated zone, and 
the position of its surface (the water table) is determined by the relative rates 
of recharge versus discharge. Reciprocally, the position of the water table 
affects the moisture profile and flow conditions above it. One problem 
encountered in attempting to distinguish between the unsaturated and sat- 
urated zones is that the boundary between them may not be at the water table 
but at some elevation above it, corresponding to the upper limit of the capil- 
lary fringe (at which the suction is equal the soil's air-entry value). This 
boundary may be diffuse and hardly definable, especially when affected by 
hysteresis. 

Water may seep into or out of the saturated zone via the surface or by lat- 
eral flow via the sides of a channel or a porous drainage tube. The ground- 
water table is hardly ever entirely level and may exhibit steep gradients in the 
drawdown regions near drainage channels, tubes, and wells. Where the topog- 
raphy of the land is variable, as well as where the inflow from precipitation or 
from stream seepage varies areally, the water table can change in depth and 
may in places and at times intersect the soil surface and emerge as free water 
("outflow"). 

If the depth of the water table remains constant, the indication is that the 
rate of inflow to the groundwater and the rate of outflow are equal. In other 
words, where there is downward seepage out of the unsaturated zone, this 
must be offset by downward or horizontal outflow of the groundwater if the 
water table is to remain stationary. On the other hand, a rise or fall of the 
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Land surface 




: Saline water _ 



Fig. 17.4. Idealized representation of a Ghyben-Herzberg lens of fresh water floating on 
saline water under an island or narrow peninsula. 



water table indicates a net recharge or discharge of groundwater, respectively. 
Such vertical displacements of the water table can occur periodically, as under 
a seasonally fluctuating regimen of rainfall or irrigation. The rise and fall of 
the water table can also be affected by barometric pressure changes, though 
generally to a minor degree. 

Groundwater flow can be geometrically complex where the profile is het- 
erogeneous or anisotropic or where sources and sinks of water are distrib- 
uted unevenly. If the profile above the water table consists of a sequence of 
layers such that a highly conductive one overlies one of low conductivity, 
then it is possible for the flow rate into the top layer to exceed the transmis- 
sion rate through the lower layer. In such circumstances, the accumulation of 
water over the interlayer boundary can result in the development of a 
"perched" water table with positive hydrostatic pressures. If infiltration per- 
sists at a relatively high rate, the two bodies of water will eventually merge. 
After infiltration ceases, the perched water table tends gradually to dissipate 
by evapotranspiration and by downward seepage into the primary water 
table. 

In some cases, groundwaters of different density (caused by temperature or 
salinity differences) may come into contact. An example is the occurrence 
along seacoasts of a body of fresh water (called a Ghyben-Herzberg lens; see 
Fig. 17.4) over a body of saline water. At the interface of the two bodies, mis- 
cible displacement phenomena can be observed (Bear, 1969). 



BOX 17.1 Quicksand 

J_ Shallow groundwater may, at certain places and times, exhibit upward pressure 
^ I gradients. Where the overlying material consists of fine, smooth, rounded sand 
grains with little tendency to mutual adherence, such upwelling of water may 
cause the grains to be buoyed up so that they are, in effect, practically weightless (a 
process called elutriation). In such conditions, the sand readily yields to pressure applied 
from the top, and tends to "swallow" heavy objects placed on the surface. Such was fre- 
quently the fate of outlaws in the old Wild West movies. They could have avoided that 
fate had they studied soil physics. 
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ANALYSIS OF FALLING WATER TABLE 

Truly steady-state flow processes are rare in unconfined aquifers (as else- 
where). More typical are transient-state processes, which involve a change in 
water-table height. Transient flow under such conditions has been described in 
terms of the specific yield concept, generally defined as the volume of water 
extracted from the groundwater per unit area when the water table is lowered 
a unit distance. In other words, it is the ratio of drainage flux to rate of fall of 
the water table. The assumption that there exists anything like a fixed value of 
drainable porosity and that this fraction of the soil volume drains instant- 
aneously as the water table descends is a gross approximation. In fact, the vol- 
ume of water drained increases gradually with the increasing suction that 
accompanies the progressive descent of the water table. 

According to Luthin (1966), the drainable porosity fa is not a constant but 
a function of the negative capillary pressure h (i.e., the matric suction head) 
and can be written as fa(h). As the water table drops from h 1 to h 2 , the volume 
of water V w drained out of a unit column will be 

V w =j£f d (h)dh (17.10) 

The function fa(h) is related to the soil moisture characteristic, which is diffi- 
cult to formulate as an exact function. However, it is sometimes possible to 
write an approximate expression for the relation of drainable porosity, specific 
yield, and retention for different soils to capillary pressure (or suction) and still 
end up with a reasonable prediction of the amount of water that drains out of 
a profile when the water table is lowered. The simplest equation to use is that 
of a straight line, fa = ah, where a is the slope of the line. The quantity of water 
drained is now given by 

V w = fcahdh =^(h 1 2 -h 2 2 ) (17.11) 

The time-dependent vertical drainage of a soil column following a drop of the 
water table has been studied by Ward and Robinson (1990), who considered the 
interrelationships among porosity, specific yield, and retention for different soils. 
Gardner (1962a) assumed a constant mean diffusivity and a linear relation 
between hydraulic head and soil wetness. His equation is 

VJV woc = 1 - (8/Ti 2 ) exp(-D m 7i 2 £/4L 2 ) (17.12) 

where V w is the volume of water per unit area removed during time £, V woc is 
the total drainage after infinite time, D m is the weighted mean diffusivity of the 
soil, and L is the column length (height). 

The inherent complexity of these relationships makes it difficult to devise 
comprehensive and exact theories. Hence researchers have tended to devise 
approximate theories. The applicability of such theories depends on the valid- 
ity of the assumptions made in their derivation. Some approximate solutions 
that provide reasonably accurate predictions of drainage outflow do not give 
an accurate description of the changing moisture and suction profiles above 
the water table (Fig. 17.5). More exact solutions of nonsteady drainage prob- 
lems can be obtained by numerical techniques (e.g., Neuman, 1975; Sinai 
et al., 1987). The role of encapsulated air in the process of drainage was con- 
sidered by Collis-George and Yates (1990). 
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Fig. 1 7.5. Idealized succession of soil moisture profiles following a rapid drop of the water 
table from position (a) to (b), where t and f f represent the equilibrium moisture profiles at 
time zero and at final completion of vertical drainages, respectively; t-\ and t 2 represent inter- 
mediate times during vertical drainage; and 6 S indicates saturation and 6 d the presumed wet- 
ness after drainages; that is, 6 S - 6 f = "drainable" porosity. Note that in reality 6 d is generally 
not a constant, but itself depends on proximity to the water table (as shown by the dashed 
line extension of the t f profile), on siol-profile characteristics, and on the fact that true equilib- 
rium is practically never attained. Moreover, the soil-moisture profile above a fluctuating water 
table also depends on hysteresis and, if the water table is close to he soil surface, on plant activ- 
ity as well. 



Sample Problem 

An initially saturated vertical soil column is drained by dropping the water table abruptly 
to a level 1 m below its original height, as depicted in Figure 1 7.6. Plot the fractional 
amount of drainable water removed as a function of time if the weighted mean diffu- 
sivity of the draining soil is 10~ 6 m 2 /sec. Use Eq. (1 7.12). 

Following Gardner (1962a), the volume of water V w drained per unit area, as a frac- 
tion of the total drainable water V Woc (i.e., the cumulative volume per unit area that 
drains after infinite time), is a function of time t, weighted mean diffusivity D m , and col- 
umn length L: 



We can now substitute the appropriate values of D m and L and assign successive values 
of t to obtain actual solutions, as follows: 
At t= 1 hr= 3600 sec, 



VJV Woc = 1 - (8/tt 2 ) exp(-D m 7i 2 f/4/. 2 ) 



VJV Woc = 1 - 8/(9.87 x 6*) 
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where 8 = 1 0~ 6 x 9.87 x 3600/(4 x 1 2 ) = 8.88 x 1 0~ 3 . Hence: 

1^/1^ = 0.197 = 19.7% 

At t = 4 hr = 14,400 sec, 

e = 1 0- 6 x 9.87 x 1 4,400/(4 x 1 2 ) = 3.55 x 1 2 
VJV^ = 1 - 8/(9.87 x eo.0355) = .21 8 = 21 .8% 



At t = 1 day = 86,400 sec, 



e = 1 0- 6 x 9.87 x 86,400/(4 x 1 2 ) = 0.21 3 
V w /Vwoc = 1 - 8/(9.87 x e 2U ) = 0.345 = 34.5% 



At t= 2 days = 172,800 sec, 



e = 1 0- 6 x 9.87 x 1 72,800/(4 x 1 2 ) = 0.426 
V w /Vwoc = 1 - 8/(9.87 x e - 426 ) = 0.471 = 47 A % 



At t = 4 days = 345,600 sec, 



8 = 0.852, 

V w /V Woc = 1 - 8/(9.87 x e - 852 ) = 0.654 = 65.4% 
At t=S days = 691,200 sec, 

8= 1.704 

Vw/Vwoc = 1 - 8/(9.87 x e 1 - 704 ) = 0.853 = 85.3% 

The actual plotting of these data is left as an exercise for students, who may also wish 
to compare Gardner's theory with one or more of the other theories extant. 
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Fig. 1 7.6. Idealized succession of water-table positions during drainage of an initially sat- 
urated profile. 
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EQUATIONS FOR FLOW OF UNCONFINED GROUNDWATER 

As stated in Chapters 7 and 8, Darcy's law alone is sufficient to describe 
only steady-flow processes. For unsteady flow, Darcy's law must be combined 
with the mass conservation law to obtain the general flow equation. For 
homogeneous isotropic media, the equation takes the form (de Wiest, 1969) 
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where q„ q y , and q z are rhe fluxes in the x, y, and z direcrions, respectively, 
is wetness, t is time, K is conductivity, and H is hydraulic head. In a satu- 
rated, stable medium, there is no change of wetness (water content) with time, 
and we obtain 
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where K s is the saturated conductivity. Since K s is not zero, it follows that 
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This is known as the Laplace equation. The expression d 2 /dx 2 + d 2 /dy 2 + 
d 2 /dz 2 , or in vector notation V 2 , is known as the Laplacian operator. 
Accordingly, we can write Laplace's equation V 2 H = 0. If, instead of using 
Cartesian coordinates (x, y, s), we cast Eq. (17.15) into cylindrical coordinates 
(r, a, s), we obtain 



r dr 
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(17.16) 



Laplace's equation also applies to systems other than fluid flow in porous 
media, that is, to flow of heat in solids and of electricity in electrical conductors. 
Solutions for boundary conditions appropriate to such systems, some of which 
are also applicable to soil-water flow, are given by Carslaw and Jaeger (1959). 

The direct analytical solution of Laplace's equation for conditions pertinent 
to groundwater flow is generally not possible. Therefore, it is often necessary 
to resort to approximate or indirect methods of analysis. Where flow is 
restricted to two dimensions, the equation becomes 



d 2 H/dx 2 + d 2 H/dy 2 = 



(17.17) 



which is more readily soluble (Childs, 1969; Domenico, 1972). 

In the solution of problems relating to unconfined groundwater flow toward 
a shallow sink (a drainage tube or ditch), it is often convenient to employ the 
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Dupuit-Forchheimer assumptions (Kirkham, 1967) that, in a system of gravity 
flow toward a shallow sink, all the flow is horizontal and that the velocity at 
each point is proportional to the slope of the water table but independent of 
depth. Though these assumptions are obviously not correct in the strict sense 
and can in some cases lead to anomalous results, they often provide feasible 
solutions in a form simpler than obtainable by rigorous analysis. 

DRAINAGE OF SHALLOW GROUNDWATER 

The term drainage can be used in a general sense to denote outflow of water 
from soil. More specifically, it can serve to describe the artificial removal of 
excess water or the set of management practices designed to prevent the occur- 
rence of excess water (E. Farr and Henderson, 1986). The removal of free 
water tending to accumulate over the soil surface by appropriately shaping the 
land is termed surface drainage and is outside the scope of our present discus- 
sion. Finally, groundwater drainage refers to the outflow or artificial removal 
of excess water from within the soil, generally by lowering the water table or 
by preventing its rise. 

Soil saturation per se is not necessarily harmful to plants. The roots of many 
plants can thrive in water, provided it is free of toxic substances and contains 
sufficient oxygen to allow normal respiration. Plant roots must respire con- 
stantly, and most terrestrial plants are unable to transfer the required flux of 
oxygen from their canopies to their roots. The problem is that water in a sat- 
urated soil seldom can provide sufficient oxygen for root respiration. Excess 
water in the soil tends to block soil pores and thus retard aeration and in effect 
strangulate the roots. 

In waterlogged soils, gas exchange with the atmosphere is restricted to the 
surface zone of the soil, while within the profile proper, oxygen may be almost 
totally absent and carbon dioxide may accumulate. Under anaerobic condi- 
tions, various substances are reduced from their normally oxidized states. 
Toxic concentrations of ferrous, sulfide, and manganous ions can develop. 
These, in combination with products of the anaerobic decomposition of 
organic matter (e.g., methane) can greatly inhibit plant growth. At the same 
time, nitrification is prevented, and various plant and root diseases (especially 
fungal) are more prevalent. 

The occurrence of a high water table may not always be clearly evident at 
the very surface, which may be deceptively dry even while the soil is com- 
pletely waterlogged just below the surface zone. Where the effective rooting 
depth is thus restricted, plants may suffer not only from lack of oxygen in 
the soil but also from lack of nutrients. If the water table drops periodically, 
shallow-rooted plants growing in waterlogged soils may even, paradoxically, 
suffer from occasional lack of water, especially when the transpirational 
demand is very high. 

High moisture conditions at or near the soil surface make the soil suscep- 
tible to compaction by animal and machinery traffic. Necessary operations 
(e.g., tillage, planting, spraying, and harvesting) are thwarted by poor traffi- 
cability (i.e., the ability of the ground to support vehicular traffic and to pro- 
vide the necessary traction for locomotion). Tractors are bogged down and 
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cultivation tools are clogged by the soft, sticky, wet soil. Furthermore, the sur- 
face zone of a wet soil does not warm up readily at springtime, owing to 
greater thermal inertia and downward conduction and to loss of latent heat 
via the higher evaporation rate. Consequently, germination and early seedling 
growth are retarded. 

In a warm climate, the evaporation rate and, hence, the hazard of salinity 
are likely to be greater than in a cool climate. The process of evaporation 
inevitably results in the deposition of salts at or near the soil surface, and these 
salts can be removed and prevented from accumulating only if the water table 
remains deep enough to permit leaching without subsequent resalination 
through capillary rise of the groundwater (see Chapter 9). Irrigated lands, even 
in arid regions, frequently require drainage. In fact, irrigation without 
drainage is, more often than not, unsustainable (Hillel, 2000). 

In large areas, therefore, drainage is required for the long-term maintenance 
of soil productivity. Irrigated agriculture cannot long be sustained in many arid 
regions unless drainage is provided for salinity control as well as for effective 
soil aeration. On the other hand, the presence of a shallow water table in the 
soil profile (provided it is not too shallow) can in certain circumstances be ben- 
eficial. Where precipitation or irrigation water is scarce, the availability of 
groundwater within reach of the roots can supplement the water requirements 
of crops. However, to obtain any lasting benefit from the presence of a water 
table in the soil, its level and fluctuation must be controlled. 



DRAINAGE DESIGN EQUATIONS 

Various equations, empirically or theoretically based, have been proposed for 
the purpose of determining the desirable depths and spacings of drain pipes or 
ditches in different soil and groundwater conditions. Since field conditions are 
often complex and highly variable, these equations are generally based on 
assumptions that idealize and simplify the flow system. The available equa- 
tions are therefore approximations that should not be applied blindly. Rather, 
the assumptions must be examined in the light of all information obtainable 
concerning the circumstances at hand. 

One of the most widely applied equations is that of Hooghoudt (1937), 
designed to predict the height of the water table that will prevail under a given 
rainfall or irrigation regime when the conductivity of the soil and the depth 
and horizontal spacing of the drains are known. This equation, like others of 
its type, oversimplifies the real field situation, for it disregards additional fac- 
tors affecting groundwater movement, such as soil layering and the variable 
rate of evapotranspiration. It is based on the following tacit assumptions: 

1. The soil is uniform and of constant hydraulic conductivity. 

2. The drains are parallel and equally spaced. 

3. The hydraulic gradient at each point beneath the water table is equal to 
the slope of the water table above that point. 

4. Darcy's law applies. 

5. An impervious layer exists at a finite depth below the drain. 

6. The supply of water from above is at a constant flux q. 
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Impervious layer 

Fig. 17.7. Model used in derivation of Hooghoudt's equation. 



To derive the Hooghoudt equation, let us examine flow in a profile section 
of a field having a width of one unit and bounded on its sides by two adjacent 
drains (tubes or ditches) a distance S apart (Fig. 17.7). Assuming symmetry, we 
can draw a vertical midplane between the drains, which will divide flow 
toward one drain from flow to the other. Now let us consider flow toward one 
of the drains through any arbitrary vertical plane located a distance x from 
that drain. The quantity of water passing through this plane per unit time must 
be equal to the percolation flux q multiplied by the width from the arbitrary 
plane to the midplane between the drains. This width is (S/2 - x). Accordingly, 
the horizontal flow per unit time through the arbitrary plane is 



Q = -q 



1 



S - x 



(17.18) 



The value of Q can also be obtained from Darcy's law. If we assume the 
effective gradient to be equal to the slope of the water table (dh/dx) at the arbi- 
trary vertical plane, we get 



Q = -Kb (dh/dx) 



(17.19) 



where K is the hydraulic conductivity and b is the height of the water table 
above an impervious layer that is assumed to form the "floor" of the flow sys- 
tem. Now we can equate the two equations: 



Kb{db/dx) 



or 



— qS dx 
2 * 



qxdx = Kbdb (17.20) 
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which can be integrated to yield 

qSx-qx 2 = Kb 2 (17.21) 

Assuming that at x = (i.e., at the drain), h = d a (the height of the drain above 
the impervious floor), while at x = \ S (the midplane), h = H + d a (where H is 
the maximal height of the water table above the drains), we obtain 
Hooghoudt's equation for the elliptical shape of the water table between 
drains: 

S 2 = (4 KH/q) (24 + H) (17.22) 

This equation has been widely used for determining the desirable spacing and 
depth of drains needed to maintain the water table below a certain level. That 
level, as well as the average infiltration flux and hydraulic conductivity, must 
be known a priori. A depth must also be known, or assumed, for the impervi- 
ous layer. 

In the event that H is negligible compared to <i a , we can write 

Q = -Kd a {dH/dx) 
Equating this with (17.18), we obtain 



f \ 

— S - x 
2 



Integration yields 



J 



= Kd a (dH/dx^ —qSdx- qx dx = Kd a dH 



qSx - qx 2 = 2KHd a + constant (17.23) 

Since H = 0, at x = 0, the constant of integration is also = 0. Therefore 

H = qx(S - x)/2Kd a (17.24) 

At the midpoint between drains, where x = \ 5, the maximum height H max of 
the water-table mound 

H max = qS 2 /8Kd a (17.25) 

The height of the rise of the water table between drains is related directly to 
the recharging flux q and the square of the distance S between drains and 
inversely to the soil's hydraulic conductivity K. 

An equation describing the water-table drop at the midpoint between drains 
following an abrupt water-table drop at the drains is the Glover equation 
(Smedema and Rycroft, 1983): 

S 2 = {K 2 Kb^ ave t/f d ) ln{4HjKH) (17.26) 

Here ^ ?ave is the average initial depth of the water-bearing stratum, fa is the 
assumed drainable porosity, H x is the initial height of the midpoint water table 
above the drains, and H is the height at any time t. 

The ranges of depth and spacing generally used for the placement of drains 
in field practice are shown in Table 17.1. 

In Holland, the country with the most experience in drainage, common cri- 
teria for drainage are to provide for the removal of about 7 mm/day and to 
prevent a water-table rise above 0.5 m from the soil surface. In more arid 
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TABLE 17.1 Prevalent Depths and SpacSngs of Drainage Tubes in 
Various Soil Types 





Hydraulic conductivity 


Spacing of drains 


Depth of drains 


Soil type 


(m/day) 


(m) 


(m) 


Clay 


1.5 


10-20 


1-1.5 


Clay loam 


1.5-5 


15-25 


1-1.5 


Loam 


5-20 


20-35 


1-1.5 


Fine, sandy loam 


20-65 


30-40 


1-1.5 


Sandy loam 


65-125 


30-70 


1-2 


Peat 


125-250 


30-100 


1-2 



regions, because of the greater evaporation rate and groundwater salinity, the 
water table must generally be kept much deeper. In the Imperial Valley of 
California, the drain depth ranges from 1.5 to 3 m and the water-table depth 
midway between drains is about 1.20 m. For medium- and fine-textured soils 
the depth should be greater still where the salinity risk is high. Since there is a 
practical limit to the depth of drain placement, it is the density of drain spac- 
ing that must be increased under such circumstances. Setting parallel drainage 
lines closer together is an alternative way to ensure that their drawdown 
curves will be deeper at the midpoint between adjacent lines. 



Sample Problem 

Use the Hooghoudt equation to compare the necessary drain spacings 5 for two soils 
with hydraulic conductivity /(values of 1 0~ 6 and 1 0~ 7 m/sec. Assume the allowable max- 
imum water-table mound H max to be 1 m above the drains, which are 2 m (d a ) above 
an impervious stratum. Total rainfall is 1200 mm and total evapotranspiration 1000 mm 
during a 6-month growing season. 
Recall Eq. (17.25): 

H max = qS 2 /SKd a 

which we can solve for 5: 

S=(SKd a H ma Jq)^ 

where q is average percolation flux. Substituting the given values, we have: 
For Soil A, 

S = [(8 x 1 0- 6 m/sec x 2 m x 1 m)/(0.2 m/1 5,760,000 sec)] 5 

in which the number of seconds by which we divide the denominator represents a 
6-month period. Hence, 

5=35.5 m 

For Soil B, 

S = [(8 x 1 0- 7 m/sec x 2 m x 1 m)/(0.2 m/1 5,760,000 sec)] 5 = 1 1 .23 m 
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GROUNDWATER POLLUTION 

As already stated, the excess of infiltration over evapotranspiration nor- 
mally flows downward, eventually reaching the water table and contributing 
to groundwater recharge (Gee and Hillel, 1988). If the infiltrated water con- 
tains solutes that are not extracted by plants, reacted or retained in the soil, or 
volatilized into the atmosphere (or if the percolating water picks up additional 
solutes en route through the soil), such solutes may contribute to groundwater 
pollution. 

Nitrates 

Prominent among the soluble components that may lead to groundwater 
pollution are the nitrates. They are, as a rule, highly soluble and are not 
retained by the soil's exchange complex. Nitrates may form in situ by the 
decomposition of organic matter in well-aerated soils or may be added to the 
soil as fertilizers. Nitrates may also be removed from the soil by plants (for 
which nitrogen in soluble form constitutes an essential nutrient), or they may 
decompose microbially in a process known as denitrification, which reduces 
the nitrogen to a gaseous form that may escape the soil by diffusion to the free 
atmosphere. 

If soil-formed or soil-borne nitrogen migrates to bodies of water (streams 
and lakes), it may cause the eutrophication (i.e., the nutrient enrichment) of 
water bodies, leading to the proliferation of algae and the oxygen deprivation 
of numerous species of fish. Finally, if nitrates accumulate in groundwater, 
they may render the water unsuitable for drinking. Excessive concentrations of 
nitrates in the water given to babies (mixed into their formula) have been 
blamed for methemoglobinemia (the so-called "blue baby" syndrome), an 
abnormality of the blood that impairs its ability to convey oxygen. 

In well-aerated soils, nitrogen-containing compounds such as plant residues 
and animal manures are oxidized to form nitrates. Human household wastes 
applied to the soil (as in septic tanks, leaching fields, and "sanitary" landfills) 
further contribute nitrates. The liberal and often excessive application of 
nitrogenous fertilizers in agriculture also adds to the nitrate pollution of 
groundwater. Additional important sources are cattle and poultry feedlots, 
typically located in the vicinity of large cities. Such centers are based on 
importing feed from extensive and sometimes distant areas, and hence thay 
tend to concentrate the resulting wastes in population centers, just where 
groundwater constitutes a major source of drinking water. 

Although nitrates move readily through the soil and subsoil, the full effect 
of their migration on groundwater quality may not be felt for quite a while. 
That is because of the large volume of dilution within the groundwater aquifer. 
Moreover, in many cases the water table is quite deep, so the time needed to 
reach it is long. 

The amounts of nitrates already en route to the water table may be such as 
to cause significant pollution eventually. Well below the root zone, nitrates are 
no longer subject to degradation and remain essentially stable as they migrate 
toward the water table. It may take years or even decades to arrive, but even- 
tually they will. The disconcerting prospect is that even if further contributions 
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of nitrates to deep percolation are avoided (as they should be), the process of 
nitrate addition to groundwater will inevitably continue for some time, due to 
prior sources that are beyond reach and hence beyond remedy. 

As an example, let us assume that the excess of infiltration over evapotran- 
spiration is, say, 100 mm per year. Averaged over time, that would then dic- 
tate the average flux leaving the root zone and moving more or less steadily 
through the vadose zone toward the water table. The average velocity of that 
movement can be estimated by dividing the net average flux (g ave ) by the volu- 
metric wetness of the vadose zone: 

^ave = 4ave/0 (17.27) 

Nitrates are subject to various processes in the biologically active zone of 
the soil, including uptake by roots and denitrification by microorganisms. 
The latter process occurs in ill-drained soils. Even in apparently well-drained 
soils, however, the interiors of dense clods may remain anoxic long enough to 
produce conditions favorable to biochemical reduction, especially denitrifica- 
tion. However, denitrification requires the presence of carbon as an energy 
source. In its absence, denitrification ceases, even though the soil may be 
water-logged. 

Pesticides 

Agricultural pesticides comprise a large and varied group of compounds, 
applied in the field in a constant effort to control infestations by so-called 
"pests" — namely, weeds, insects, nematodes, fungi, etc. An agricultural field 
is, after all, an artificially delineated tract where farmers generally try to eradi- 
cate the preexisting community of plants and animals in order to grow domes- 
ticated plants not capable of surviving in the natural environment. Since most 
fields remain open areas not isolated from their surroundings, nature's variety 
of plants and animals, oblivious to being tagged pests, continually try to rein- 
vade their stolen domain. Hence the farmers fight against them is a never-end- 
ing one. 

Many of the modern pesticides are synthetic compounds that are xenobi- 
otic (foreign to natural ecosystems) and hence resistant to chemical and bio- 
logical degradation and highly persistent. Their toxicity is usually not confined 
to the target pests, so pesticide applications in the field generally leave residues 
that may be highly mobile. They may enter the food chain and produce unin- 
tended and unexpected (often harmful) effects on nontarget organisms. If sol- 
uble, such residues are carried to surface bodies of water as well as to 
groundwater. 

In recent years, awareness has grown of the hazards posed to the larger 
environment by the wanton use of persistent broad-spectrum pesticides. 
Consequently, efforts are being made to produce pesticides that are more spe- 
cific and that break down rapidly after serving their purpose. Additional 
efforts are being made to use biological control agents (natural enemies of the 
pest organisms) instead of, on in conjunction with, the chemical pesticides. 
This practice, known as integrated pest management, has been gaining increas- 
ing acceptance. Even so, chemical pesticides are still in widespread and per- 
haps excessive use and pose a threat of groundwater pollution. 
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Petroleum Products 

Numerous petroleum products are used in industrial countries as fuels (for 
machines of all sorts and for generating electricity), as raw materials for syn- 
thesizing plastics, and as lubricants. Such products may be applied to the soil 
either deliberately or inadvertently. Thousands of underground fuel tanks, for 
instance, leak part of their contents (e.g., gasoline and fuel oil) into the sub- 
soil, from whence such materials may migrate to and pollute the groundwater 
below. Although they contain volatile as well as soluble components, as a class 
these products are known as non-aqueous-phase liquids (NAPLs). 

In large part, NAPLs are immiscible in water. The modes of their movement 
and interactions with the water phase in the soil's pores are complex processes 
that constitute an active area of research at present (Dracos, 1987; 
Corapciouglu and Baehr, 1987). As water and NAPLs move simultaneously, 
their interface seldom constitutes a neat plane, and since water is generally the 
wetting liquid and is often (though not always) of lower viscosity, it tends to 
displace and bypass masses of NAPLs, which thereby remain trapped in the 
soil as discontinuous pockets or globules. Efforts have been made to remedi- 
ate NAPL-contaminated soils and groundwater aquifers by venting the 
medium so as to drive off the volatile fractions of light NAPLs (e.g., gasoline), 
by introducing microbes to decompose the contaminants, by emulsifying the 
heavier residues in water with the aid of detergents, and by filtering the con- 
taminated water prior to its use R. S. Baker, 1998. 

Other Toxic Chemicals 

The toxic wastes of innumerable industrial processes are disposed of in the 
ground, whether legally or illegally, openly or surreptitiously. The eventual fate of 
such compounds depends on their nature, on the type of soil in which they are 
placed, on the prevailing climate, and — of course — on the soil- water regime. Of 
particular concern are the so-called "heavy metals" (e.g., copper, lead, zinc, cad- 
mium, and mercury), which may be present in compound or in elemental form. 
There are several sources for these metals, including lead in gasoline, paints, and 
various industrial effluents. The ions of such metals may be retained in the soil's 
exchange complex, but since such retention is not permanent the metals may leach 
into lakes, rivers, and groundwater, especially under the influence of acid rain. 
Among the metals with high toxicity are the cations of mercury (Hg 2+ ), lead 
(Pb 2+ ), arsenic, beryllium, boron, cadmium, chromium, copper, nickel, man- 
ganese, selenium, silver, tin, and zinc ( R. M. Miller, 1996; Gerba, 1996). 



m I BOX 1 7.2 On the Role of Macropores 

Where macropores exist, a dual-flow regime may occur, consisting of 
I (1 ) episodic, rapid spurts of water and water-borne materials via the macropores 

to the deeper layers of the subsoil or directly to groundwater; and (2) slow, 
continuous (though at a variable rate) conduction of water and solutes through the 
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soil matrix, driven by hydraulic gradients that are variously directed (not always verti- 
cally downward). The first type of flow is discontinuous in time and may bypass the 
greater volume of the soil matrix. The second type of flow is much more persistent. In 
this version of the "hare and tortoise" race, the one may predominate over the other, 
or vice versa, depending on circumstances. 

The pattern of groundwater recharge may thus be bimodal, with a sharp wave of 
short duration soon after the start of a rainfall or irrigation event, representing flow 
through the open macropores, followed later by a flat wave with a slow rise and even 
slower descent, representing flow through the micropores of the soil matrix. And just as 
the rates and quantities of the two flows differ, so may differ the transports of different 
solutes, including potential pollutants. Recently introduced ("exotic") solutes may be 
conveyed from the surface by the rapid spurts, whereas the solutes present deeper 
inside the profile, including those generated within the soil as mineralized products of 
organic matter, are conveyed in the second wave. 



This Page Intentionally Left Blank 
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BARE SOIL AND WIND 
EROSION 



EVAPORATION PROCESSES 

Evaporation in the field can take place from plant canopies, from the soil 
surface, or, more rarely, from a free-water surface (F. E. Jones, 1991). 
Evaporation from plants, called transpiration, is the principal mechanism of 
soil-water transfer to the atmosphere when the soil surface is covered with 
vegetation. Soil-water uptake and transpiration by plants is, however, the sub- 
ject of our next chapter. When the surface is at least partly bare, evaporation 
can take place from the soil directly. Since these two interdependent processes 
are generally difficult to separate, they are commonly lumped together and 
treated as if they were a single process, called evapotranspiration. Some 
scientists, however, object to the latter term, believing it to be both cumber- 
some and unnecessary; they refer to all processes of vapor transfer to the 
atmosphere — from soil and plants alike — as evaporation (Monteith, 1973). 

In the absence of vegetation and when the soil surface is subject to radia- 
tion and wind effects, evaporation occurs entirely from the soil. This process 
is the subject of our present chapter. It is a process that, if uncontrolled, can 
involve very considerable losses of water in both irrigated and unirrigated 
agriculture. Under annual field crops, the soil surface may remain largely bare 
throughout the periods of tillage, planting, germination, and early seedling 
growth, periods in which evaporation can deplete the moisture of the surface 
soil and thus hamper the growth of young plants during their most vulnera- 
ble stage. Rapid drying of a seedbed can thwart germination and thus doom 
an entire crop from the outset. The problem can also be acute in young 
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orchards, where the soil surface is often kept bare continuously for several 
years, as well as in dryland farming in arid zones, where the land is regularly 
fallowed for several months to collect and conserve rainwater from one 
season to the next. 

Evaporation of soil moisture involves not only loss of water but also 
the danger of soil salination. This danger is greatest in arid areas, where 
annual rainfall is low, irrigation water is brackish, and the groundwater 
table is high. 



PHYSICAL CONDITIONS 

Three conditions are necessary for evaporation to occur and persist. First, 
there must be a continual supply of heat to meet the latent heat requirement 
(about 2.5 x 10 6 J/kg, or 590 cal/g of water evaporated at 15°C). This heat 
can come from the body itself, thus causing it to cool, or — as is more 
common — it can come from the outside in the form of radiated or advected 
energy. Second, the vapor pressure in the atmosphere over the evaporating 
body must remain lower than the vapor pressure at the surface of that 
body (i.e., there must be a vapor pressure gradient between the body and 
the atmosphere), and the vapor must be transported away by diffusion or 
convection or both. These two conditions — supply of energy and removal of 
vapor — are generally external to the evaporating body and are influenced by 
meteorological factors, such as air temperature, humidity, wind velocity, 
and radiation, which together determine the atmospheric evaporativity (the 
maximal flux at which the atmosphere can vaporize water from a free-water 
surface). 

The third condition for evaporation to be sustained is that there be a con- 
tinual supply of water from or through the interior of the body to the site of 
evaporation. This condition depends on the content and potential of water in 
the body as well as on its conductive properties, which together determine 
the maximal rate at which water can be transmitted to the evaporation site 
(usually, the surface). Accordingly, the actual evaporation rate is determined 
either by the evaporativity of the atmosphere or by the soil's own ability to 
deliver water (sometimes called the evap or ability of soil moisture), whichever 
is the lesser (and hence the limiting factor). 

If the top layer of soil is initially quite wet, as it typically is at the end of 
an infiltration episode, the process of evaporation will generally reduce soil 
wetness and thus increase matric suction at the surface. This, in turn, will 
cause soil moisture to be drawn upward from the layers below, provided they 
are sufficiently moist. 

Among the sets of conditions under which evaporation may take place are 
the following: 

1. A shallow groundwater table may be present within the soil, or it may be 
absent (or too deep to affect evaporation). Where a groundwater table occurs 
close to the surface, continual flow may take place from the saturated zone 
beneath through the unsaturated soil to the surface. If this flow is more or 
less steady, continued evaporation can occur without materially changing the 
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soil-moisture content (though nonvolatile solutes my accumulate at the 
surface). In the absence of shallow groundwater, however, the loss of water at 
the surface and the resulting upward flow of water in the profile will neces- 
sarily be a transient-state process tending gradually to dry out the soil. 

2. The soil profile may be uniform. Alternatively, soil properties may 
change gradually in various directions, or the profile may consist of distinct 
layers differing in texture or structure. 

3. The profile may be shallow, resting on an impervious boundary (e.g., 
bedrock), or it may be deep. If the bottom is deep enough to remain unaffected 
by processes at the surface, the profile is called semi-infinite. 

4. The flow pattern may be one-dimensional (vertical), or it may be two- or 
three-dimensional, as in the presence of vertical cracks forming secondary 
evaporation planes. 

5. Conditions may be nearly isothermal or strongly nonisothermal. In the 
latter case, temperature gradients and the conduction of heat and vapor 
through the system may interact with liquid water flow. 

6. External environmental conditions may remain constant or fluctuate. The 
fluctuations may be regular (diurnal or seasonal) or highly irregular (e.g., spells 
of cool or warm weather). 

7. Soil-moisture flow may be governed by evaporation alone or by both 
evaporation (at the top of the profile) and internal drainage (or redistribution) 
down below. 

8. The soil may be stable or unstable. For instance, the surface zone may be 
compacted denser under traffic or raindrop impact and it may become infused 
with salt. 

9. The surface may or may not be covered by a layer of mulch (e.g., plant 
residues) differing from the soil in hydraulic, thermal, and diffusive properties. 

10. Finally, the evaporation process may be continuous over an extended 
period or may be interrupted by sporadic episodes of rewetting (e.g., intermittent 
rainfall or irrigation). 

To be studied systematically, each of these circumstances, as well as others 
not listed but perhaps equally relevant, must be formulated in terms of a 
specific set of initial and boundary conditions. We now describe a few of 
the circumstances under which evaporation of soil moisture may occur. We 
begin with a description of capillary rise, which is often a precursor and con- 
tributor to the process of salination, especially in the presence of a high water 
table. 



CAPILLARY RISE FROM A WATER TABLE 

The rise of water in the soil from a free-water surface (i.e., a water table) 
has been termed capillary rise. This term derives from the capillary model, 
which regards the soil as analogous to a bundle of capillary tubes, predomi- 
nantly wide in the case of a sandy soil and narrow in the case of a clay soil. 
Accordingly, the equation relating the equilibrium height of capillary rise h c to 
the radii of the pores is 



h c = (2y cos a)/rp w g 



(18.1) 
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where y is the surface tension, r is the capillary radius, p w is the water density, 
g is the gravitational acceleration, and a is the wetting angle, normally (though 
not always justifiably) taken as zero. 

This equation predicts that water will rise higher, though typically less 
rapidly, in a clay than in a sand. The reason is that the former soil type 
contains narrower pores. However, soil pores are not individual capillary 
tubes of uniform or constant radius, and hence the height of capillary rise will 
differ in different pores. Above the water table, matric suction will generally 
increase with height. Consequently, the number of water-filled pores, and 
hence wetness, will diminish in each soil as a function of height. The rate 
of capillary rise, that is, the flux, generally decreases with time as the soil is 
wetted to greater height and as equilibrium is approached. 

The wetting of an initially uniformly dry soil by upward capillary flow, 
illustrated in Fig. 18.1, is a rare occurrence in the field. In its initial stages, this 
process is similar to infiltration, except that it takes place in the opposite direc- 
tion, that is, against the direction of gravity. At later stages of the process, the 
flux tends not to a constant value, as in downward infiltration, but to zero. 
The reason is that the direction of the gravitational gradient is opposite to the 
direction of the matric suction gradient, and when the latter (which is large at 
first but decreases with time) approaches the magnitude of the former, the 
overall hydraulic gradient approaches zero. 

Such an ideal state of static equilibrium between the gravitational head and 
the suction head is the exception rather than the rule under field conditions. In 
general, the condition of soil water is not static but dynamic — constantly in a 
state of flux rather than at rest. Where a water table is present, soil water gen- 
erally does not attain equilibrium, even in the absence of vegetation, since the 
soil surface is subject to solar radiation and the evaporative demand of the 
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Fig. 18.1 . The upward infiltration of water from a water table into a dry soil: water content 
distribution curves (moisture profiles) for various times (t^ <t 2 <h< tj), where L is the profile 
after an infinitely long time (equilibrium). Note that the equilibrium curve is in effect the wet- 
ting branch of the soil-moisture characteristic. Note also that what is at first a sharp wetting 
front, representing the limit of the upward advancing water, gradually becomes diffuse and 
ends up as a smooth curve characteristic of the particular soil's pore size distribution. 
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ambient atmosphere. However, if soil and external conditions are constant — 
that is, if the soil is of stable structure, the water table is stationary, and atmos- 
pheric evaporativity also remains constant (at least approximately) — then, in 
time, a steady-state flow situation can develop from water table to atmosphere 
via the soil. To be sure, we must hasten to qualify this statement by noting that 
in the field the flow regime will at best be a quasi-steady-state flow, since diurnal 
fluctuations and other perturbations will prevent attainment of truly stable flow 
conditions. Nevertheless, the representation of this process as a steady-state flow 
may be a useful approximation from the analytical point of view. 



STEADY EVAPORATION IN THE PRESENCE OF A WATER TABLE 

Solutions of the flow equation for the steady-state upward flow of water 
from a water table through the soil profile to an evaporation zone at the soil 
surface were given by several workers, including W. R. Gardner (1958), Ripple 
et al. (1972), and Hillel (1977). 

The equation describing steady upward flow is 

q = K(y) (dy/dz-1) (18.2) 

or 

q = D(Q) (dQ/dz) - K(y) (18.3) 

where q is flux (equal to the evaporation rate under steady-state conditions), 
\\f is suction head, K is hydraulic conductivity, D is hydraulic diffusivity, 9 is 
volumetric wetness, and z is height above the water table. The equation shows 
that the flow stops (q = 0) when the suction profile is at equilibrium (d\\f/dz - 1). 
Another form of Eq. (18.2) is 

q/K(y) + 1 = dy/dz (18.4) 

Integration should give the relation between depth and suction or wetness: 

d\\f c K\\f 

q/K(y) ~ J %) + q 

or 

D(G) 



= J"t7^m=1i(^ v (18 - 5) 

de (18.6) 



-J- 



K(Q) + q 

In order to perform the integration in Eq. (18.5), we must know the 
functional relation between K and \|/, that is, K(\\f). Similarly, the functions 
D(6) and K(Q) must be known if Eq. (18.6) is to be integrated. An empirical 
equation for K(\|/), given by W. R. Gardner (1958), is 

K(y) = a(Y> + b)- 1 (18.7) 

where parameters a, b, n are constants that must be determined for each soil. 
In this formulation, the suction head \|/ is expressed in terms of centimeters. 
Accordingly, Eq. (18.2) becomes 

e = q = a(d\\f/dz - l)/(y n + b) (18.8) 



where e is the evaporation rate. 
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With Eq. (18.7), Eq. (18.5) can be used to obtain suction distributions with 
height for different fluxes as well as fluxes for different surface-suction 
values. The theoretical solution is shown graphically in Fig. 18.2 for a fine 
sandy loam soil with an n value of 3. The curves show that the steady rate of 
capillary rise and evaporation depends on the depth of the water table and on 
the suction at the soil surface. This suction is dictated largely by the external 
conditions: The greater the atmospheric evaporativity, the greater the suction 
at the soil surface on which the atmosphere is acting. However, increasing the 
suction at the soil surface, even to the extent of making it infinite, can 
increase the flux through the soil only up to an asymptotic maximal rate, 
which depends on the depth of the water table. Even the driest and most 
evaporative atmosphere cannot steadily extract water from the surface any 
faster than the soil profile can transmit from the water table to that surface. 
The fact that the soil profile can limit the rate of evaporation is a remarkable 
and useful feature of the unsaturated flow system. The maximal transmitting 
ability of the profile depends on the hydraulic conductivity of the soil in 
relation to the suction, K(\\f). 

Disregarding constant b of Eq. (18.7), W. R. Gardner (1958) obtained the 
function 

q max = Aa/d« (18.9) 

where d is the depth of the water table below the soil surface and a and n are 
constants from Eq. (18.7), A is a constant that depends on and q max is 
the limiting (maximal) rate at which the soil can transmit water from the water 
table to the evaporation zone at the surface. 




Fig. 18.2. Steady upward flow and evaporation from a water table as a function of the 
suction prevailing at the soil surface, with the water table at a depth of: (a) 90 cm, (b) 1 20 cm, 
(c) 180 cm. The soil is a fine sandy loam, with n= 3. (After W. R. Gardner, 1958.) 
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Fig. 18.3. Theoretical relation between evaporation rate from coarse- and medium-textured 
soils (water-table depth 60 cm) and evaporation rate from free-water surface. (After W. R. 
Gardner, 1958.) 



We can now see how the actual steady evaporation rate is determined either 
by the external evaporativity or by the water-transmitting properties of the 
soil, depending on which of the two is lower and therefore limiting. Where 
the water table is near the surface, the suction at the soil surface is low and the 
evaporation rate is dictated by external conditions. However, as the water 
table deepens and as the suction at the soil surface increases, the evaporation 
rate approaches a limiting value regardless of how high external evaporativity 
may be. 

Equation (18.9) suggests that the maximal evaporation rate decreases 
with water-table depth most steeply in coarse-textured soils (in which 
parameter n is greater because the conductivity falls off more steeply with 
increasing suction than in clayey soils). Nevertheless, a sandy loam soil can 
still evaporate water at an appreciable rate (Fig. 18.2), even when the water 
table is as deep as 1.80 m. Figure 18.3 illustrates the effect of texture on the 
evaporation rate. 

A flexible treatment of steady-state evaporation, based on numerical 
methods of solution, was developed by Ripple et al. (1972). Their results 
are illustrated in Figs. 18.4 and 18.5. Their procedure makes it possible to 
estimate the steady-state evaporation from bare soils (including layered 
ones) with a high water table. The required data include soil-moisture 
characteristic curves, water-table depth, and standard records of air tem- 
perature, air humidity, and wind speed. The theory takes into account both 
the relevant atmospheric factors and the soil's capability to transmit water 
in liquid and vapor forms. The possible effects of thermally induced water 
transfer (except in the vapor phase) and of salt accumulation at the surface 
are additional factors yet to be fully taken into account. More recent solu- 
tions for steady-state evaporation from a shallow water table were given by 
Warrick (1988). 
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Fig. 18.4. Dependence of relative evaporation rates e/e pot on the potential evaporation 
rate for a clay soil. Numbers at curves indicate the depth to the water table, in centimeters. 
(After Ripple et al., 1972.) 
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Fig. 18.5. Influence of layering on the relation between the evaporation rate and the depth 
to the water table. Limiting curves of soil-water evaporation are shown for a homogeneous soil 
(A), a two-layer soil with upper-layer thickness of either 3 cm (B) or 1 cm (C), and a three-layer 
soil with the thickness of the intermediate and uppermost layers equal to 10 cm each (D). 
(After Ripple et al., 1972.) 



Sample Problem 

The potential rate of evaporation from a saturated uniform soil with a high water table 
is 9 mm per day. Prior studies have shown that the soil's behavior conforms to 
Eq. (18.9). The parameters of this equation are cast in terms of centimeters, with the 
composite coefficient >4a = 4.88 cm 2 /sec and the exponential constant n= 3. Estimate 
the threshold depth beyond which the water table must be lowered if evaporation is to 
be reduced and the water-table depth at which the evaporation rate will fall to 10% of 
the potential rate. Assume steady-state conditions. Plot the expectable daily evaporation 
rate as a function of water-table depth. 
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We begin with Eq. (18.9), which, according to W. R. Gardner (1958) estimates the 
maximal evaporation rate possible from a soil with a high water table: 

9max = Aa/d n 

where d is depth of the water table below the soil surface. Accordingly, the maximal 
depth of the water table still capable of supplying the surface with the steady flux 
needed to sustain the potential evaporation rate is 

d= (>4a/g max ) 1/n = (4.88 cm 2 /sec)/[(0.9 cm/day)/(86,400 sec/day)] 1/n = 77.7 cm 

Note that any water-table position higher than -77.7 cm would seem to allow a flux 
greater than the climatically determined potential rate; hence for a shallow water 
table the actual evaporation rate is flux controlled at the surface. For deeper water-table 
conditions, however, it becomes profile controlled. 

To calculate the water-table depth for which q will be 10% of the potential rate, we 
can write 



^0.1 = 



4.88 



1/3 

= 167.3 cm 



0.1 x 0.9/86, 400 

To plot the g max versus d curve, we obtain the following data: 

From d = to d = 77.7 cm, g max = 0.90 cm/day 
At d = 80 cm, g max = 4.88/80 3 = 0.82 cm/day 
At d = 1 00 cm, q max = 4.88/1 00 3 = 0.42 cm/day 
At d = 1 50 cm, q max = 4.88/1 50 3 = 0.12 cm/day 
Atd= 200 cm, q max = 4.88/200 3 = 0.05 cm/day 
Atd= 250 cm, q max = 4.88/250 3 = 0.027 cm/day 

The actual plotting of these data is left to the enterprising student. 



EVAPORATION IN THE ABSENCE OF A WATER TABLE 

Steady evaporation from soils is not a widespread occurrence, since, even where 
a high water table exists, neither its depth nor external conditions can remain 
constant for very long. More commonly, soil-moisture evaporation occurs 
under unsteady conditions and results in a net loss of water from the soil; that 
is, it results in drying. The process of drying involves considerable losses of soil 
moisture, especially in arid regions, where these losses can amount to 50% or 
more of total precipitation. In this section, we consider the drying of initially 
wetted soil profiles that do not contain a water table anywhere near enough to 
the surface to affect the evaporation process appreciably. 

We begin once again by assuming that external conditions, and hence atmos- 
pheric evaporativity, are constant. Under such conditions, the soil-drying 
process has been observed to occur in three recognizable stages: 

1. An initial, so-called constant-rate stage, which occurs early in the 
process, while the soil is wet and conductive enough to supply water to the site 
of evaporation at a rate commensurate with the evaporative demand imposed 
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by the atmosphere. During this stage, the evaporation rate is limited by, and 
hence also controlled by, external meteorological conditions (i.e., radiation, 
wind, air temperature and humidity, etc.) rather than by the properties of the 
soil profile. As such, this stage, being weather controlled, is analogous to the 
flux- controlled stage of infiltration (in contrast with the profile- controlled 
stage; see discussion of rain infiltration in Chapter 14). The evaporation rate 
during this stage might also be influenced by soil surface conditions, including 
surface reflectivity and the possible presence of a mulch, insofar as these can 
modify the effect of the meteorological factors acting on the soil. In a dry 
climate, this stage of evaporation is generally brief and may last only a few 
hours to a few days. (Note: the term constant-rate stage of evaporation really 
makes sense only in connection with laboratory experiments under constant 
evaporativity, whereas in natural conditions evaporativity varies continually, 
due to changes in the intensity of incoming radiation during the day-night 
cycle.) 

2. An intermediate falling-rate stage, during which the evaporation rate 
falls progressively below the potential rate (the atmospheric evaporativity). 
At this stage, the evaporation rate is limited or dictated by the rate at which 
the gradually drying soil profile can deliver moisture toward the evaporation 
zone. Hence it can also be called the profile- controlled stage. This stage may 
persist for a much longer period than the first stage. 

3. A residual slow-rate stage, which is established eventually and which 
may persist at a nearly steady rate for many days, weeks, or even months. 
This stage apparently comes about after the surface zone has become so 
desiccated that further conduction of liquid water through it effectively 
ceases. Water transmission through the desiccated layer thereafter occurs 
primarily by the slow process of vapor diffusion, and it is affected by the 
vapor diffusivity of the dried surface zone and by the adsorptive forces 
acting over molecular distances at the particle surfaces. This stage is called 
the vapor- diffusion stage and can be important where the surface layer 
becomes quickly desiccated (e.g., if the surface consists of a loose assemblage 
of clods). 

Whereas the transition from the first to the second stage is generally a sharp 
one, the second stage generally blends into the third stage so gradually that the 
last two cannot be separated easily. A qualitative explanation for the occur- 
rence of these stages follows. 

During the initial stage, the soil surface gradually dries and soil moisture 
is drawn upward in response to steepening evaporation-induced gradients. 
The rate of evaporation can remain nearly constant as long as the moisture 
gradients toward the surface compensate for the decreasing hydraulic con- 
ductivity (resulting from the diminishing water content of the surface zone). 
We can restate this in terms of Darcy's law, q = K(d\\f/dz), by noting that the 
flux q remains constant because the gradient d\\f/dz increases sufficiently to 
offset the decrease of K. Sooner or later, however, the soil surface 
approaches equilibrium with the overlying atmosphere (i.e., becomes more 
or less air dry). From this moment on, the suction gradients toward the 
surface cannot increase any more and, in fact, must begin to decrease as the 
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Fig. 18.6. (a) Evaporation rate versus time under different evaporativities (curves 1-4 in 
order of decreasing initial evaporation rate); and (b) relation of relative evaporation rate (actual 
rate as a fraction of the potential rate) versus time, indicating the three stages of the drying 
process. 

soil in depth loses more and more moisture. Since, as the evaporation 
process continues, both the gradients and the conductivities at each depth 
near the surface tend to diminish simultaneously, it follows that the flux 
toward the surface and the evaporation rate inevitably diminish as well. As 
shown in Fig. 18.6, the end of the first (i.e., the beginning of the second) 
stage of drying can occur rather abruptly. The pattern of evaporation under 
different evaporative conditions is also shown in terms of cumulative evap- 
oration in Fig. 18.7. 

The tendency of the moisture gradients toward the soil surface to become 
steeper during the first stage of the process, as the surface becomes progres- 
sively drier, and their tendency to become less and less steep during the second 
stage, after the surface has dried to its final "air-dry" value, is illustrated in 
Fig. 18.8. Continuation of the evaporation process for a prolonged period 
is sometimes accompanied by the downward movement into the profile of 
a "drying front" (van Keulen and Hillel, 1974) and the development of a 
distinct desiccated zone (Hillel, 1977), through which water can move from 
the still-moist underlying layers only by vapor diffusion. 



o 




Time 

Fig. 18.7. Relation of cumulative evaporation to time (curves 1-4 are in order of decreasing 
initial evaporation rate). 
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Fig. 18.8. The changing moisture profile in a drying soil: (a) The first stage, during which 
the gradients toward the surface become steeper until the surface becomes air dry. (b) The 
second stage, in which the moisture gradients decrease as the deeper layers lose moisture by 
continued upward movement. 



The length of time the initial stage of drying lasts depends on the intensity 
of the meteorological factors that determine atmospheric evaporativity as well 
as on the depth and the conductive properties of the soil itself. Under similar 
external conditions, the first stage of drying is sustained longer in a clayey than 
in a sandy soil, since clayey soils retain higher wetness and conductivity values 
because suction develops in the upper zone. 

For a semi-infinite soil column subject to infinite initial evaporativity at 
the surface, neglecting gravity, W. R. Gardner and Hillel (1962) provided 
the following solution for the cumulative evaporation £, indicating a linear 
dependence on the square root of time: 

E = 2(0-e^Dt/K (18.10) 

The evaporative flux £, which is the time derivative of £, is thus inversely 
proportional to the square root of time: 

e = dEldt = (0i- e^D/nt (18.11) 

W. R. Gardner and Hillel (1962) used a different formulation to predict the rate 
of evaporation from finite-length columns during the decreasing-rate stage of 
drying: 

e = -dW/dt = D(9 ave ) Wk 2 /4L 2 (18.12) 

where 9 ave is the average volumetric wetness obtained by dividing the total 
water content of the soil W by the depth of wetting L and D(0) is the known 
diffusivity function. The cumulative evaporation can be obtained by integrat- 
ing Eq. (18.12) with respect to time. 

The use of computer-based simulation techniques in the analysis of drying 
processes under various initial and boundary conditions was demonstrated by 
Hanks and Gardner (1965), Hillel (1977), and Campbell (1985). 
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Sample Problem 

Calculate the 10-day course of evaporation and evaporation rate during the drying 
process of an infinitely deep, initially saturated, uniform column of soil subjected to an 
infinitely high evaporativity. Assume the initial volume wetness 6j to be 48%, the air-dry 
value 6 f to be 3%, and the weighted mean diffusivity to be 10 4 mm 2 /day. 
The problem posed can be solved approximately by use of Eq. (18.10): 

F=2(e i -e f )(Dt/7i) 1 / 2 

where £ is cumulative evaporation. We now solve successively for days 1, 2, 3, etc., to 
obtain the time course of cumulative evaporation. Thus: 

After day 1, E= 2(0.48 - 0.03)(1 0,000 x 1/3.141 6) 1/2 = 50.8 mm 
After day 2, E= 2 x 0.45(10,000 x 2/3.1 41 6) 1/2 = 71 .8 mm 
After day 3, E= 2 x 0.45(10,000 x 3/3.1 41 6) 1/2 = 88.0 mm 
After day 4, E = 2 x 0.45(1 0,000 x 4/3.141 6) 1/2 = 101.6 mm 
After day 5, E = 2 x 0.45(1 0,000 x 5/3.1 41 6) 1/2 = 1 1 3.6 mm 
After day 6, E= 2 x 0.45(10,000 x 6/3.1 41 6) 1/2 = 124.4 mm 
After day 7, E= 2 x 0.45(10,000 x 7/3.1 41 6) 1/2 = 1 34.4 mm 
After day 8, E= 2 x 0.45(10,000 x 8/3.1 41 6) 1/2 = 143.7 mm 
After day 9, E=2x 0.45(1 0,000 x 9/3.141 6) 1/2 = 1 52.4 mm 
After day 1 0, E = 2 x 0.45(1 0,000 x 1 0/3.141 6) 1/2 = 1 60.6 mm 

To estimate the mean evaporation for each day, we calculate the midday rate using 
Eq. (18.11): 



dE/dt = (Gj - Q f )^D/nt 



Midday 1, e = 0.45(1 0,000/0.5tt) 1/2 = 35.9 mm/day 
Midday 2,e= 0.45(1 0,000/1 .5tt) 1/2 = 20.7 mm/day 
Midday 3,e= 0.45(1 0,000/2.5ti) 1/2 = 1 6.0 mm/day 
Midday A,e = 0.45(1 0,000/3.5tt) 1/2 = 1 3.6 mm/day 
Midday S,e= 0.45(1 0,000/4.5tt) 1/2 = 1 2.0 mm/day 
Midday 6,e = 0.45(1 0,000/5. 5tt) 1/2 = 1 0.8 mm/day 
Midday 7,e= 0.45(1 0,000/6.5tt) 1/2 = 1 0.0 mm/day 
Midday 8, e = 0.45(1 0,000/7.5tt) 1/2 = 9.3 mm/day 
Midday 9,e = 0.45(1 0,000/8.5tt ) 1/2 = 8.7 mm/day 
Midday 10, e = 0.45(1 0,000/9.5tt) 1/2 = 8.2 mm/day 

Note: The sum of daily rates thus estimated does not equal cumulative evaporation 
for the 10-day period, since the midday rates calculated for the first three days (when 
the rate descends steeply as a function of time) underestimate the effective mean rates. 
Moreover, representing a continuously drying system in terms of a single "weighted 
mean diffusivity" is itself an oversimplification. More realistic treatment, however, 
requires more complex mathematics. 



THE "DRYING-FRONT" PHENOMENON 

An interesting phenomenon is the possible development of what might be 
called a "drying-front," which moves downward into the soil as the drying 
process progresses. Such a front may be discerned from the inflection of the 
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Soil wetness 




Fig. 18.9. Development of a drying front and its movement into the soil during the course 
of soil-moisture evaporation (hypothetical). Note that t-\, t 2 , t 3 , etc., represent the soil-moisture 
profile at (initially uniform) progressively later stages of the drying process. 



soil-moisture profile. This curve (Fig. 18.9) is usually convex along its entire 
length at first, but may eventually become concave in its upper part. It appears 
that this inflection results from the soil's diffusivity versus wetness function. 

The hydraulic diffusivity for liquid water is known to decrease exponentially 
with a decrease in the soil's volumetric wetness. However, though the liquid 
diffusivity falls, the vapor diffusivity rises as the soil dries, so the overall diffu- 
sivity often indicates a minimum at some low value of wetness beyond which 
further drying results in an increase, rather than further decrease, of diffusivity. 
This phenomenon was pointed out by Philip (1974; see Fig. 18.10). Its possible 
effect on the drying process and the shape of the moisture profile in the surface 
zone was analyzed by van Keulen and Hillel (1974). Their work showed that a 




Fig. 18.10. Relation between moisture diffusivity D and moisture content 6 for Yolo light clay. 
The contribution of the vapor phase to D becomes dominant at 6 < 0.06. (After Philip, 1 974.) 
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"hooked" diffusivity function (i.e., D rising with decreasing in the dry range) 
does indeed result in an inflected soil-moisture profile and in the development 
of what might be called a "drying front." 



Sample Problem 

Consider the drying of a uniform soil wetted to a depth of 1 m, at which an impervious 
horizon exists, allowing no drainage. The initial volume wetness is 24%, and the initial 
diffusivity is 4 x 10 4 mm 2 /day. Assume a diffusivity function of the type D = a exp £>6, 
where a = 12 and b = 20. Estimate the evaporation rate as it varies during the first 
10 days of the drying process, under an evaporativity of 12 mm/day. 

The case described can be represented by the finite-column model of Gardner and 
Hillel 

e = -dW/dt = D(Q m )Wn 2 /AL 2 

where e is the evaporation rate (mm/day), W is the total profile water content (mm), 
t is time (days), D is diffusivity (mm 2 /day, a function of mean wetness 6 m ), and L is the 
length of the wetted profile (mm). The mean wetness 6 m is related to total profile water 
content W by 

Q m =W/L or W=LQ m 

Substituting the appropriate values into our equation, we calculate the first day's 
evaporation rate: 

<?! =[(4x1 4 mm 2 /day) x (0.24 x 1 3 mm) x 9.87]/4 x 1 6 mm 2 = 23.7 mm/day 

This is much greater than the evaporativity, which is "only" 12 mm/day. Hence we 
assume that the evaporation rate is at first controlled by, and equal to, the evaporativity. 
So we deduct 12 mm from the water content of the profile and proceed to calculate the 
second day's evaporation rate. 

Our total profile water content W is now 240 minus 12 mm (the first day's eva- 
poration) = 228 mm, and our new 6 = 228/1000 = 0.228 (22.8%). The new value of 
D = I2e 20x0 - 223 = 2.38 x 10 4 mm 2 /day. The second day's evaporation rate is 

e 2 = [(2.38 x 1 4 mm 2 /day) x 228 mm x 9.87]/4 x 1 6 mm 2 = 1 3.4 mm 

This is still higher than the potential evaporation rate (the evaporativity), hence we once 
again deduct 12 mm from the water content and proceed to calculate the third 
day's evaporation rate, updating our variables as follows: W = 228 - 12 mm = 216 mm, 
6 = 21 6/1 000 = 0.21 6, and D = 1 2e 20x0 - 21 6 = 9 x 1 3 mm 2 /day. 

e 3 = [(9x1 3 mm 2 /day) x 21 6 mm x 9.87]/4 x 1 6 mm 2 = 4.8 mm 

This evaporation rate is less than the evaporativity, so we conclude that the first stage of 
the process has ended and the falling-rate, profile-controlled phase has begun. 
Toward the fourth day's events we calculate that 

W=216-4.8 = 211.2 mm 

6 = 211.2/1000 = 0.2112 

D = 1 2e 20x0 - 21 12 = 8.2 x 1 3 mm 2 /day 

e 4 = [(8.2 x 1 3 mm 2 /day) x 21 1 .2 mm x 9. 87]/ A x 1 6 mm 2 = 4.3 mm 
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Updating: W = 21 1 .2 - 4.3 = 206.9 mm, 6 = 0.207, D = 1 2e 20x0 - 207 = 7.5x1 3 
mm 2 /day. 

e 5 = [(7.5 x 1 3 mm 2 /day) x 206.9 mm x 9.87]/4 x 1 6 mm 2 = 3.8 mm 
Now W= 206.9 - 3.8 = 203.1, 6 = 0.2031, D = 1 2e 20x0 - 2031 = 7.0 x 10 3 mm 2 /day. 

e 6 = [(7.0 x 1 3 mm 2 /day) x 203.1 mm x 9.87]/4 x 1 6 mm 2 = 3.5 mm 
Now W= 203.1 - 3.5 = 199.6, 6 = 0.1996, D = 1 2e 20x0 - 1996 = 6.5 x 10 3 mm 2 /day. 

e 7 = [(6.5 x 1 3 mm 2 /day) x 1 99.6 mm x 9.87]/4 x 1 6 mm 2 = 3.2 mm 
Now W= 199.6- 3.2 = 196.4, 6 = 0.1964, D = 1 2e 20x0 1964 = 6.1 x 10 3 mm 2 /day. 

e s = [(6.1 x 1 3 mm 2 /day) x 1 96.4 mm x 9.87]/4 x 1 6 mm 2 = 3.0 mm 
Now W= 196.4- 3.0 = 193.4, 6 = 0.1934, D = 1 2e 20x0 1934 = 5.7 x 1 3 mm 2 /day. 

e 9 = [(5.7 x 1 3 mm 2 /day) x 1 93.4 mm x 9.87]/4 x 1 6 mm 2 = 2.7 mm 
Now W= 193.4-2.7 = 190.7, 6 = 0.1907, D = 1 2e 20x01907 = 5.4 x 1 3 mm 2 /day. 

e 10 = [(5.4 x 1 3 mm 2 /day) x 1 90.7 mm x 9.87]/4 x 1 6 mm 2 = 2.5 mm 
The total 10-day cumulative evaporation is thus estimated to be 

e tota i = 1 2 + 1 2 + 4.8 + 4.3 + 3.8 + 3.5 + 3.2 + 3.0 + 2.7 + 2.5 - 51 .8 mm 

This amount of evaporation is, interestingly, only one-third of the amount we 
calculated in the previous problem for the same period from an infinitely deep, initially 
saturated column of soil subject to infinite evaporativity. Here, evaporation is limited by 
the finiteness of both the evaporativity and the column itself. 



DIURNAL FLUCTUATIONS OF TOP LAYER MOISTURE 
AND HYSTERESIS EFFECTS 

The foregoing treatments of the evaporation process were based on the 
precept that the soil surface is subjected to a constant, meteorologically 
induced, evaporativity, which dictates the potential evaporation rate. In nature, 
however, evaporativity is not constant but variable. It fluctuates diurnally and 
varies from day to day, so it may become difficult to discern the stages defined 
in our preceding sections. The resulting course of evaporation may not be 
described accurately by a simplistic theory based on the assumption of constant 
evaporativity. 

Detailed experimental observations by R. D. Jackson (1973) and R. D. 
Jackson et al. (1973) showed that the surface-zone soil moisture content 
fluctuates in accord with the diurnal fluctuation of evaporativity. The soil 
surface dries during daytime and rewets during nighttime by sorption from 
the moister layers beneath (see Fig. 18.11). This pattern was found in a layer 
of soil several centimeters thick. The amplitude of the diurnal fluctuation of 
moisture tends to diminish with depth and time, and the daily maxima and 
minima exhibit an increasing phase lag at greater depths. Because of the high 
evaporativity in midday, the surface evidently desiccates sooner than it 
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Fig. 18.1 1 . Time course of changing volumetric wetness at the surface (0-5 mm) of a loam 
soil during drying, 5-7 days after irrigation (After R. D. Jackson, 1973.) 



would if the evaporativity were to remain constant at its average value. 
However, Jackson et al. were unable on the basis of their evidence to resolve 
the question as to whether the early formation of a dry surface layer might 
serve to reduce cumulative evaporation below that which would occur had 
evaporativity remained steady. They noted, in any case, that the concept of 
three stages of drying appears to have little meaning under natural field 
conditions. 

Subsequently, Hillel (1975, 1976a, 1977) developed a dynamic simulation 
model capable of monitoring the evaporation process continuously through 
repeated cycles of rising and falling evaporativity. The model was used in an 
attempt to clarify the extent to which the diurnal pattern of evaporativity may 
influence the overall quantity of evaporation and the resulting soil-moisture 
distribution in space and time. Of particular interest is the fluctuating wetness 
of the near-surface zone, where germination takes place. Computations carried 
out for a 10-day period accord with experimental findings that the diurnal 
cycle of evaporativity causes nighttime resorption of moisture from below and 
hence a somewhat higher average wetness in the soil surface zone than would 
occur otherwise. 

The alternating desorption and resorption of moisture by the soil surface 
zone inevitably involves the phenomenon of hysteresis, defined as the depend- 
ence of the equilibrium state of soil moisture (namely, the relation between 
wetness and suction) on the direction of the antecedent process (whether 
sorption or desorption). Several investigators (e.g., Rubin, 1966; Bresler et al., 
1969; Vachaud and Thony, 1971) investigated the effect of hysteresis on soil- 
water dynamics. 
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Fig. 18.12. Cumulative evaporation during simultaneous drainage and evaporation from 
initially saturated uniform profiles of sand, loam, and clay. (After Hillel and van Bavel, 1976.) 



A priori reasoning leads us to suppose that the hysteresis effect might tend 
to retard evaporation in a regime of fluctuating evaporativity. After its strong 
daytime desiccation, the surface zone of the soil draws moisture from below 
during the night, so the top layer is in the process of sorption while the under- 
lying donor layer is in the process of desorption. In principle, the hysteresis 
phenomenon causes a sorbing zone of soil to approach potential equilibrium 
with a desorbing zone of the same soil while the former is at a lower moisture 
content and hence at a lower value of hydraulic conductivity. It would seem to 
follow that the hysteresis effect can contribute to the self-arresting tendency of 
the evaporation process. 

A test of this hypothesis was carried out by Hillel (1975), who modified his 
earlier simulation model to account for hysteresis. He reported a systematic 
reduction of cumulative evaporation as the range of hysteresis (i.e., the 
displacement between the primary desorption and sorption curves) increased. 
At its greatest, the reduction of evaporation due to hysteresis amounted to 
33% of the nonhysteretic evaporation. A similar study of evaporation from 
soils of various textures (Hillel and van Bavel, 1976) showed that differences 
in hydraulic properties can also influence cumulative evaporation. Over time, 
coarse-textured (sandy) soils tend to evaporate the least, whereas fine-textured 
(clayey) soils can sustain the first stage of drying longer and hence evaporate 
the most, under both steady and cyclic evaporativity (Fig. 18.12). 

NONISOTHERMAL EVAPORATION 

The discussion so far has dealt with isothermal conditions only. However, a 
more complete treatment of evaporation should not neglect the effect of tem- 
perature gradients and heat flow. The heat required to vaporize water must be 
transported to the evaporation site, which requires a nonzero temperature gra- 
dient. Fritton et al. (1970) has indicated that the isothermal-flow equation can 
approximate cumulative evaporation for both wind and radiation treatments, 
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but this equation cannot portray the soil-water distribution pattern in the case 
of nonisothermal flow. They concluded that where temperature gradients are 
significant, analysis based on simultaneous heat and mass transfer gives better 
fit with experimental data than the isothermal equation. 

Rose (1968) attempted to establish the magnitude of vapor versus liquid 
water movement during evaporation under nonisothermal conditions. The 
effect of warming the soil is to lower the suction and to raise the vapor pres- 
sure of soil water. Hence the effect of a thermal gradient is to induce flow and 
distillation from warmer to cooler regions. When the soil surface is warmed 
by radiation, this effect would tend to counter the tendency to upward flow of 
water in response to evaporation-induced moisture gradients. For this reason 
the evaporation rate might be lower when the surface is dried by radiation 
(which warms the soil) than when it is dried by wind (which cools the soil), 
even when the two modes of energy input are of comparable evaporation 
potential (Hanks et al., 1967). 

A comprehensive model of nonisothermal evaporation was developed by 
van Bavel and Hillel (1975, 1976). Their work was based on the use of 
actual weather data (radiation, air temperature, humidity, and wind speed) 
and soil physical properties as inputs. The model permits the calculation 
of both potential and actual evaporation as a resultant of the interaction 
between weather and soil factors, rather than its imposition as a forcing 
function. This model also predicts the partitioning of radiant energy into 
sensible and latent heat and the resulting pattern of soil temperature. A more 
elaborate model of spatially variable evaporation from bare soil was offered 
by Evett et al. (1994). 

The frequently made assumption that potential evaporation from a bare 
soil surface is approximately equal to the evaporation from a free-water 
surface ignores the many differences (e.g., in heat capacity, thermal conduc- 
tivity, color, albedo, and roughness) between a soil and a body of water. All 
these factors affect the energy balance of the surface and hence the amount of 
energy "allocated" to evaporation. Almost from the start, the emittance and 
long-wave radiance decline with time as the soil loses water by drainage and 
surface drying. Concurrently, the albedo rises and less shortwave energy is 
retained. Further, as the soil drains and dries, its thermal conductivity and 
heat capacity decrease, affecting the soil heat flux. Surface temperature and air 
stability (affected by the buoyancy of the lower air as it is heated by the 
ground) might also vary. 

EVAPORATION FROM IRREGULAR SURFACES 
AND SHRINKAGE CRACKS 

Thus far we have discussed the drying of soils as if it were entirely a one- 
dimensional process, that is, vertically downward from a smooth horizontal 
surface plane. In many cases, the surface is far from smooth and horizontal: 
The land as a whole may slope in various directions and at various degrees of 
inclination. And the surface may exhibit the sort of geometrically complex 
microrelief (ridges and furrows, large and small clods) that would cause the 
drying process to be uneven and three-dimensional, at least in its early stages. 
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Differences in temperature and drying pattern between soil surfaces of 
differing roughness characteristics (e.g., different directions and elevations of 
ridges) have long been recognized in principle and even utilized in practice in 
attempts to enhance germination and crop-stand establishment in unfavorable 
climates (J. E. Adams, 1970; Hillel and Rawitz, 1972). As examples we might 
mention the practice of planting on ridge tops or on sun-facing ridge slopes in 
cool and wet climates and the opposite practice of planting in furrows or 
depressions in warm and dry climates. However, a fundamental definition of 
the role of surface configuration in evaporation and drying is difficult to 
achieve, because it includes not only three-dimensionality in the soil realm but 
also complex effects in the above-ground realm involving radiation exchange, 
air motion, and vapor-transfer processes. 

A particular example of multidimensional evaporation is that of a soil tend- 
ing to form vertical fissures, or cracks, during the process of drying. Especially 
prone to cracking are the soils known as grumusols, or vertisols, which have 
a high content of montmorillonitic clay and occur typically in an environment 
of alternating wet and dry seasons. They appear in every continent and are 
estimated to cover about 40 million hectares in all. These soils are character- 
ized by an extreme tendency to expand on wetting and to contract on drying. 

The cracks that form in a grumusol may be as wide as 0.1 m and as deep as 
1 m and assume a characteristic polygonal pattern. Such cracks can desiccate 
and tear plant roots and dry the soil to an extreme degree down to consider- 
able depths. The wide cracks permit the entry of turbulent air, which tends to 
sweep out water vapor from the deeper reaches of the soil profile (J. E. Adams 
and Hanks, 1964). The exposed vertical sides of the cracks then become 
secondary evaporation planes, which increase the effective evaporating surface 
threefold or fourfold over the evaporating surface of a noncracking soil. Lateral 
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Fig. 18.13. Moisture distribution (mass wetness, %) in the vicinity of a vertisol's shrinkage 
crack after a summer growing season. (After Ritchie and Adams, 1974.) 
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movement of moisture toward crack walls can take place from a distance 
exceeding 10 cm. Consequently, cracks can increase evaporation by 12-30% 
(Ritchie and Adams, 1974). 

The process of crack formation may be self-generating, in the sense that 
once a crack begins at the surface, preferential drying and shrinkage along its 
bottom and sides can cause the crack to extend into the soil. However, in the 
field the cracking pattern appears to remain consistent through repeated cycles 
of wetting and drying. A thorough wetting causes the soil blocks between the 
cracks to expand and close the cracks; subsequent drying opens them up 
again. After the soil surface becomes air dry, evaporation from shrinkage 
cracks becomes the dominant component of the drying process, as deeper 
zones in the profile become the main. A two-dimensional representation of 
soil-moisture distribution as it develops in the vicinity of a shrinkage crack is 
shown in Fig. 18.13. 

REDUCTION OF EVAPORATION FROM BARE SOILS 

In principle, evaporation flux from the soil surface can be modified in three 
alternative or complementary ways: (1) by controlling energy supply to the site 
of evaporation (e.g., modifying the albedo through color or structure of the 
soil surface or through shading of the surface); (2) by reducing the potential 
gradient, or the force driving water upward through the profile (e.g., lowering 
the water table, if present, or warming the surface so as to set up a downward- 
acting thermal gradient); or (3) by decreasing the conductivity or diffusivity of 
the profile, particularly of the surface zone (e.g., tillage, soil conditioning, 
incorporation of organic matter into the topsoil). 

The choice of means for reducing evaporation depends on the stage of the 
process one wishes to regulate: whether it is the first stage, in which the effect 
of meteorological factors acting on the soil surface dominates the process, or 
the second stage, in which the internal water supply to the surface, determined 
by the transmitting properties of the profile, becomes the rate-limiting factor. 
Methods influencing the first stage are not necessarily effective during the 
second stage. 

Covering or mulching the surface with vapor barriers or with reflective 
materials can reduce the intensity with which external factors, such as radia- 
tion and wind, act on the surface (Hanks, 1992). Thus, surface treatments can 
retard evaporation during the initial stage of drying. A similar effect may 
result from application of materials that lower the vapor pressure of water 
(F. E. Jones, 1991). Retardation of evaporation during the first stage can 
provide the plants with a greater opportunity to utilize the moisture of the 
uppermost soil layers, an effect that can be vital during the germination and 
establishment phases of plant growth. 

During the second stage of the drying process, the effect of surface treat- 
ments is likely to be only slight, and reduction of the evaporation rate and of 
eventual water loss will depend on decreasing the diffusivity or conductivity of 
the soil profile in depth. Deep tillage, for instance, by possibly increasing the 
range of variation of diffusivity with changing water content, may reduce the 
rate at which the soil can transmit water toward the surface during the second 
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stage of the drying process. However, the evaporation rate is usually much 
lower during the second stage than during the first, so the investment needed 
to affect evaporation at this stage might not be worthwhile, especially if the 
actual reduction achieved is small. 

An irrigation regime having a high irrigation frequency may cause the soil 
surface to remain wet and the first stage of evaporation to persist, resulting in 
a maximum rate of water loss. Water loss by evaporation from a single deep 
irrigation is generally smaller than from several shallow ones with the same 
total amount of water. However, water losses due to percolation are likely to 
be greater from deep irrigations than from shallow ones. New water applica- 
tion methods, such as drip (or trickle) irrigation, which concentrates the water 
in a small fraction of the area while maintaining the greater part of the surface 
in a dry state, are likely to reduce the direct evaporation of soil moisture 
significantly (Hillel, 1997). 



. BOX 18.1 Why Soils Wet Quickly but Dry Slowly 

Significantly, infiltration is an inherently faster process than evaporation: A few 
^ I hours of infiltration can charge up a soil profile with an amount of water that 
many weeks of evaporation will not fully extract. Why is it so? 

Are the forces driving infiltration stronger than those driving evaporation? Not 
generally. Although infiltration is aided by gravity and evaporation generally proceeds 
against gravity, the other components of the potential gradient generally predominate. 
In the case of infiltration, the matric potential gradient between the wetted soil surface 
and the relatively dry layers below can be strong enough (initially, at least) to increase 
the infiltration rate several-fold over the rate that would occur if gravity were the only 
force in action. However strong the downward matric potential gradients might be 
within the soil profile (say, 10 or 20 bars per meter), the potential gradients between 
the soil and the dry atmosphere are likely to be much greater. The moisture potential 
of the warm, dry air over a field in an arid region may be equivalent to a suction of 
hundreds of bars. So if the forces involved do not account for the difference between 
the rates of infiltration and evaporation, what does? 

One answer is that the soil's surface zone is, in effect, a preferential valve. Its hydraulic 
conductivity is intrinsically higher during infiltration than during evaporation. In infiltra- 
tion, the surface zone is wetted to saturation or near saturation, hence its conductivity 
is maximal. In effect, the surface becomes a wide-open "funnel," as receptive to water 
as its saturated conductivity will allow. During evaporation, in contrast, the surface 
dries out rather quickly, thereby constituting, in effect, a narrowing bottleneck to the 
transmission of water. 

Another effect results from the diurnal fluctuation of atmospheric evaporativity. 
In daytime the surface is desiccated; at night it is partially rewetted by the upward 
movement of moisture from deeper soil layers. As the surface is alternately dried and 
rewetted, hysteresis comes into play (Hillel, 1977). It has the effect of reducing the 
rewetting of the surface, so it further suppresses evaporation. By thus enhancing mois- 
ture conservation and availability, the soil's physical attributes and processes serve to 
promote plant growth. This is only one example of the vital role played by soil physical 
properties in sustaining life on earth. 
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SOIL EROSION BY WIND 

Bare soil surfaces, especially when dry and loose, are vulnerable to erosion 
by wind. The wind erosion process consists of three distinct phases: detach- 
ment and lifting of particles, transportation, and deposition. As in the case of 
water erosion, a distinction can also be made between the erosivity of the fluid 
medium (in this case, flowing air) and the erodibility of the soil surface. 

The detachment and uplifting of particles result from the effects of wind 
gusts and air turbulence in the lower layer of the atmosphere on the soil 
surface. In general, the minimal wind speed (measured at a height of 0.3 m 
above ground surface) needed to initiate wind erosion is about 5 m/sec 
(Schwab et al., 1993). The initiation of wind erosion is strongly affected by the 
microtopography of the soil surface, especially by the presence of protruding 
hillocks or hummocks. It is also enhanced by the midday heating of a dry soil 
surface, which creates conditions of aerodynamic instability as the air that is 
warmed by the soil becomes buoyant and tends to rise. In desert areas, the 
combination of this buoyancy and the turbulent wind gusts striking the 
ground promotes the uplift of soil particles and the appearance of spiral whirls 
known as dust devils, which may rise to a height of scores of meters. 

In wind erosion, air gusts pick up masses of loose particles from the surface 
(an action called deflation) and then convey this material (called aeolian dust) 
over some distance before depositing it. That distance can be great indeed. 
The circulation of some wind-blown dust has been shown to be global. Dust 
particles originating in the Sahara have even been found in Hawaii! 

The proneness of the soil to wind erosion depends on surface dryness, 
roughness, the sizes of particles (texture), and whether the particles are loose 
or bound in aggregates. 

Three types of soil movement by wind can be recognized: surface creep, 
saltation, and suspension. Surface creep is the rolling or sweeping motion of 
relatively large particles (diameters of 0.5 mm or more) that occurs within a 
few centimeters over the ground surface (Fig. 8.14). Saltation is the jerky, 
kangaroo-like motion of finer sand particles (0.1-0.5 mm) that follow distinct 
trajectories (Fig. 8.15). In this form of motion, particles are lifted and trans- 
ported over a distance of some meters and then — as they strike the ground 
obliquely — they cause the bouncing of another particle, in a repeated 
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Fig. 18.14. Wind sweeping of dust particles over a rough, dry surface: (a) eddies picking up 
loose particles; (b) vertical profile of wind over the surface. (After Hudson, 1981.) 
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Fig. 18.15. The bouncing (saltation) of sand particles. (After Hudson, 1981.) 



sequence of hop-skip-bounce events. Most saltation takes place within a half 
meter of the soil surface. Still finer particles (0.02-0.1 mm in diameter), once 
lifted off the surface, remain suspended in the air for extended periods. They 
are often carried aloft and may be transported by the upper air currents to dis- 
tances of hundreds of kilometers. 

The quantity and distance of windborne soil movement depends on the 
array of particle sizes, the wind speed, and the topography of the land. 
The capacity of the air to transport particles generally varies as the cube of the 
wind speed above a threshold value) and as the square root of the particle 
diameters (Schwab et al., 1993). 

Deposition of sediment takes place where the wind abates so that the grav- 
itational force exceeds the aerodynamic lift. Wind speed diminishes especially 
on the lee side of clumps of vegetation or other physical barriers (e.g., fences). 
Raindrops also bring down dust from the air. 

Factors affecting wind erosion have been quantified experimentally in 
several locations and have been formulated in empirical regression equations 
(Woodruff and Siddoway, 1965). The parameters of these equations have been 
tabulated (Soil Conservation Service, 1988). Computer-based models have 
been devised to predict wind erosion on the basis of known meteorological 
and soil conditions, with the latter including tillage effects on soil roughness 
and erodibility (Hagen, 1991). 

Various measures have been devised to control wind erosion. Among these 
are the maintenance of a protective sod or mulch over the soil surface, the 
increase of surface cloddiness and roughness by means of appropriate tillage, 
the stabilization of surface-zone soil aggregates, and the use of mechanical or 
vegetative windbreaks. 



. BOX 18.2 The North American Dust Bowl of the 1930s 

A spectacular example of wind erosion occurred in the 1930s in America's 
| Southern Great Plains region. Known as the Dust Bowl, it resulted from the intro- 
duction of the plow into the vast, semiarid, wind-swept grasslands of that region. 
During the first three decades of the 20th century, the region enjoyed a wet period. The 
prairie was green, and when plowed and planted it produced bountiful crops of wheat. 
But rainfall there is inherently unstable. For example, in Oklahoma's Cimarron County, the 
annual rainfall averaged about 500 mm between 1 900 and 1 930 and as much as 700 mm 
between 1 91 4 and 1 923. Then in 1 934 and the following few years it was below 350 mm. 
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During the boom decades from 1900 to 1930, farmers by the thousands settled the 
southern Great Plains. They broke the sod, planted their seeds in the soft soil, watched 
the rain-satiated wheat come up, and then harvested its bumper crop. In the Texas 
Panhandle alone, the area under wheat had expanded from 35,000 to 800,000 hectares 
between 1909 and 1929. This enormous change in the land's surface was made possi- 
ble by the mass production of tractors. Those tractors later became the leading Dust 
Bowl villains. They were "snubnosed monsters/' wrote John Steinbeck in The Grapes of 
Wrath, "raising the dust and sticking their snouts into it." 

Eventually the copious rains ceased, to be replaced by an inexorable drought. The 
year 1934 was particularly hot and dry, and the land lay bare and parched under the 
merciless sun, its excessively pulverized soil easy prey to the whipping winds. The winds 
swept up the loose soil as if it were talcum powder and rolled it along in billowing red- 
brown clouds that eclipsed the sun and obliterated fences and covered houses and 
choked animals and people. And so a great exodus began — 40% of the people of 
Cimarron County, for example, abandoned their homes and moved out of the region. 

The effects of the Dust Bowl were not confined to that region. The fine dust wafted 
thousands of meters aloft and drifted across the entire continent. On May 1 2, 1 934, the 
New York Times reported that the city "was obscured in a half-light . . . and much of the 
dust seemed to have lodged itself in the eyes and throats of weeping and coughing New 
Yorkers." Washington, D.C., was overhung with a thick cloud of dust denser than ever 
seen before. The entire eastern seaboard of the United States was blanketed in a heavy 
fog composed of millions of tons of the rich topsoil swept up into the continental 
jet stream. Even ships far out in the Atlantic found themselves showered with Great 
Plains dust. 

The great American Dust Bowl of the 1930s is not merely a thing of the past. It is 
being repeated on an equally vast scale in such regions as the Sahel in sub-Saharan Africa. 
The process by which a semiarid region is denuded of vegetation and its soil destabilized 
to the point of uncontrolled erosion and degradation is often called desertification 
(Dregne, 1994; Hillel and Rosenzweig, 2002). 
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SOIL-PLANT-WATER 
RELATIONS 



19. PLANT UPTAKE 

OF SOIL MOISTURE 



WATER REQUIREMENTS OF PLANTS 

Nature, despite its celebrated laws of conservation, can in some ways be 
exceedingly wasteful, or so it appears from our own partisan viewpoint. One 
of the most glaring examples is the way it requires plants to draw quantities 
of water from the soil far in excess of their essential metabolic needs. In dry 
climates, plants growing in the field may consume hundreds of tons of water 
for each ton of vegetative growth. That is to say, the plants must inevitably 
transmit to an unquenchably thirsty atmosphere most (often well over 90%) 
of the water they extract from the soil. 

The release of water vapor by plants to the atmosphere, a process called tran- 
spiration^ is not an essential or an active physiological function of plants but by 
and large a passive response to the atmospheric environment. In principle, plants 
can thrive in an atmosphere practically saturated with vapor and hence requir- 
ing very little transpiration. Rather than by plant growth per se, transpiration is 
caused by the vapor pressure gradient between the normally water-saturated tis- 
sue of the leaves and the dry atmosphere. In other words, it is exacted from the 
plants by the evaporative demand of the climate in which they live. 

In a sense, the plant in the field can be compared to a wick in an old- 
fashioned kerosene lamp. Such a wick, its bottom dipped into a reservoir of fuel 
while its top is subject to the burning fire that consumes the fuel, must con- 
stantly transmit the liquid from bottom to top under the influence of physical 
forces imposed on the passive wick by the conditions prevailing at its two ends. 
Similarly, the plant has its roots in the soil-water reservoir while its leaves are 
subject to the radiation of the sun and the sweeping action of the wind, which 
require it to transpire practically unceasingly. This analogy, to be sure, is a gross 
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Fig. 19.1. Schematic representation of transpiration through the stomate and the cuticle 
and of the diffusion of C0 2 into the stomate and through the mesophyll to the chloroplasts. 
(After Rose, 1 966.) 



oversimplification, since plants are not entirely passive and in fact are able at 
times to limit the rate of transpiration by shutting the stomates of their leaves 
(Fig. 19.1). (The stomates are the small openings in the leaves through which 
gaseous exhange takes place between the interior of the leaf and the external 
atmosphere.) However, for this limitation of transpiration most plants pay, 
sooner or later, in reduced growth potential, since the same stomates that tran- 
spire water also serve to absorb the carbon dioxide needed in photosynthesis. 
Reduced transpiration often results in warming of the plants and hence in 
increased respiration and further reduction of net photosynthesis. 

To grow successfully, a plant must achieve a water economy such that the 
demand made on it for water is balanced by the supply available to it. The 
problem is that the evaporative demand by the atmosphere is practically con- 
tinuous, whereas rainfall occurs only occasionally and irregularly. To survive 
during dry spells between rains, the plant must rely on the diminishing reserves 
of water contained in the pores of the soil, which itself loses water by direct 
evaporation and internal drainage. How efficient is the soil as a water reser- 
voir for plants? How do plants draw water from the soil, and to what limit 
can they thrive while soil moisture diminishes? How is the rate of transpira- 
tion determined by the interaction of plant, soil, and meteorological factors? 
These and related questions are the topics of this chapter. 



.o I BOX 19.1 Plants Adapted to Different Environments 

A_ Plants that inhabit water-saturated domains are called hydrophytes, or aquatic 
^ I plants. Plants adapted to drawing water from shallow water tables are called 
phreatophytes. In contrast, plants that can grow in arid regions by surviving long 
periods of thirst and then recovering quickly when water is supplied are called xero- 
phytes, or desert plants. Such plants may exhibit special features, called xeromorphic 
(such as succulent tissues, thickened epidermis and a waxy surface cuticle, recessed sto- 
mates, and reduced leaf area), that are designed to store water and minimize its loss. 
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Some plants are especially adapted to growing in a saline environment and are called 
halophytes. Plants not so adapted to saline conditions are called glycophytes. It takes 
an extreme degree of adaptability (or masochism?) for certain plants, called xero- 
halophytes, to grow in an environment that is both dry and saline at the same time. 

Finally, there are plants that grow best in moist but aerated soils, generally in semi- 
humid to semiarid climates. Such intermediate plants are called mesophytes. Most crop 
plants belong in this category. Mesophytes control their water economy by developing 
extensive root systems and optimizing the ratio of roots to shoots and by regulating the 
aperture of their stomates to curtail transpiration during periods of water shortage. The 
latter effect, however, necessarily entails restriction of photosynthesis. Moreover, cur- 
tailment of transpiration reduces the evaporative cooling of plants, so they tend to warm 
up under the sun's radiation, and as they warm up their rate of respiration rises. In effect, 
therefore, a thirsty plant consumes its own reserves and further reduces its growth 
potential. For these reasons, thirsty plants are generally less productive than plants that 
are well endowed with water throughout their growing season. 



THE SOIL-PLANT-ATMOSPHERE CONTINUUM 

Current approaches to the issue of soil-water extraction and utilization by 
plants are based on recognition that the field, with all its components — soil, 
plant, and ambient atmosphere taken together — constitutes a physically inte- 
grated, dynamic system in which various flow processes occur interdepend- 
ent^ like links in a chain. This unified system has been called the 
soil-plant-atmosphere continuum (SPAC, for short) by J. R. Philip (1966b). 
The universal principle operating consistently throughout the system is that 
water flow always takes place spontaneously from regions where its potential 
energy state is higher to where it is lower. Former generations of soil physicists, 
plant physiologists, and meteorologists, each group working separately in 
what it considered to be its separate and exclusive domain, tended to obscure 
this principle by expressing the energy state of water in different terms (e.g., 
the "tension" of soil water, the "diffusion pressure deficit" of plant water, and 
the "vapor pressure" or "relative humidity" of atmospheric water) and hence 
failed to communicate readily across the self-imposed boundaries of their 
respective disciplines. 

As we have come to understand, the various terms used to characterize the 
state of water in different parts of the soil-plant-atmosphere system are 
merely alternative expressions of the energy level, or potential,oi water. 
Moreover, the very occurrence of differences, or gradients, of this potential 
between adjacent locations in the system constitutes the force inducing flow 
within and between the soil, the plant, and the atmosphere. This principle 
applies even though different components of the overall potential gradient are 
effective to varying degrees in motivating flow in different parts of the 
soil-plant-atmosphere system. 

To describe the interlinked processes of water transport throughout the 
SPAC, we must evaluate the pertinent components of the energy potential 
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of water and their effective gradients as they vary in space and time. As an 
approximation, the flow rate through each segment of the system can be taken 
to be proportional directly to the potential gradient and inversely to the seg- 
ment's resistance. The flow path includes liquid water movement in the soil 
toward the roots, liquid and perhaps vapor movement across the root-to-soil 
contact zone, absorption into the roots and across their membranes to the vas- 
cular tubes of the xylem, transfer through the xylem up the stem and branches 
to the leaves, evaporation in the intercellular spaces within the leaves, vapor 
diffusion through the substomatal cavities and out the stomatal apertures to 
the boundary air layer in direct contact with the leaf surface, and through it, 
finally, to the turbulent atmosphere, which carries away the water extracted 
by the plant from the soil. 

BASIC ASPECTS OF PLANT-WATER RELATIONS 

Close observation of how higher plants are structured reveals much about 
how they function in their terrestrial environment. It is intriguing to compare 
the shape of such plants to the shape of familiar higher animals. The charac- 
teristic feature of warm-blooded animal bodies, in contrast with plants, is their 
minimal area of external surface exposure. Apart from a few protruding 
organs needed for mobility and sensory perception, such animals are rather 
compact and bulky in appearance. Not so is the structure of higher plants, 
whose vital functions require them to maximize rather than minimize surface 
exposure, both above and below ground. The aerial canopies of plants fre- 
quently exceed the area of covered ground many times over. Such a large sur- 
face helps the plant to intercept and collect sunlight and carbon dioxide, two 
resources that are normally diffuse rather than concentrated. 

Even more striking is the shape of roots, which proliferate and ramify 
throughout a large volume of soil while exposing an enormous surface area. 
A single annual plant can develop a root system with a total length of several 
hundred kilometers and with a total surface area of several hundred square 
meters. (Estimates of total length and surface area of roots are even larger if root 
hairs are taken into account.) The need for such exposure becomes apparent if 
we consider the primary function of roots, which is to gather water and nutri- 
ents continuously from a medium that often holds only a meager supply of 
water per unit volume and that generally contains soluble nutrients only in very 
dilute concentrations. And while the atmosphere is a well-stirred and thoroughly 
mixed fluid, the soil solution is a sluggish and unstirred fluid that moves toward 
the roots at a grudgingly slow pace, so the roots have no choice but to move 
toward it. Indeed, roots forage constantly through as large a soil volume as they 
can, in a constant quest for water and nutrients. Their movement and growth, 
involving proliferation in the soil region where they are present and extension 
into ever new regions, are affected by a host of factors additional to moisture 
and nutrient, including temperature, aeration, mechanical resistance, the possi- 
ble presence of toxic substances, and the primary roots' own geotropism 
(i.e., their preference for a vertically downward direction of growth). 

Green plants are the earth's only true autotrophs, able to create new living 
matter from inorganic raw materials. We refer specifically to the synthesis of 
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basic sugars (subsequently elaborated into more complex compounds) by the 
combination of atmospheric carbon dioxide and soil-derived water, accomp- 
anied by the conversion of solar radiation into chemical energy in the pro- 
cess of photosynthesis, usually described by the following deceptively simple 
formulas: 

6C0 2 + 6H 2 + sunlight energy -> C 6 H 12 6 + 60 2 

nC 6 H 12 6 -> (C 6 H 10 O 5 ) n + nH 2 (19 A) 

glucose starch 

We, along with the entire animal kingdom, owe our lives to this process, 
which not only produces our food but also releases into the atmosphere the ele- 
mental oxygen we need for our respiration. Plants also respire, and the process 
of respiration represents a reversal of photosynthesis, in the sense that some 
photosynthetic products are reoxidized and decomposed to yield the original 
constituents (water, carbon dioxide, and released energy). Thus 

C 6 H 12 6 + 60 2 -> 6C0 2 + 6H 2 + thermal energy (19.2) 

In examining these formulas, we note immediately the central role of water 
as a major metabolic agent in the life of the plant, that is, as a source of hydro- 
gen atoms for the reduction of carbon dioxide in photosynthesis and as a prod- 
uct of respiration. Water is also the solvent and hence conveyor of transportable 
ions and compounds into, within, and out of the plant. It is, in fact, a major 
structural component of plants, often constituting 90% or more of their total 
"fresh" mass. Much of this water occurs in cell vacuoles under positive pressure, 
which keeps the cells turgid and gives rigidity to the plant as a whole. 

Only a small fraction of the water normally absorbed by plants growing in 
dry weather is used in photosynthesis, while most (often over 98%) is lost as 
vapor in the process of transpiration. This process is impelled by the exposure 
to the atmosphere of a large area of moist cell surfaces, necessary to facilitate 
absorption of carbon dioxide and oxygen. Mesophytes are extremely sensitive, 
and vulnerable, to lack of sufficient water to replace the amount lost in tran- 
spiration. Water deficits impair plant growth and, if extended in duration, can 
be fatal. 



WATER RELATION OF PLANT CELLS AND TISSUES 

Water plays a crucial role in the processes of plant growth, which involve 
cell division and cell expansion. The latter process occurs as each pair of 
divided cells imbibes water. The resulting internal pressure, called turgor, 
stretches the new cells' elastic walls, which thicken through the deposition of 
newly synthesized material. 

The cell wall, consisting mainly of cellulose and other polysaccharides, and 
the protoplasmic material within, called cytoplasm, are generally permeable to 
water molecules diffusing or flowing into and out of the cell. Since the cell wall 
contains fairly large interstices, it does not restrict solute movement. However, 
inside the cell wall (Fig. 19.2) and surrounding the cytoplasm is a lipoprotein 
"cell membrane" called the plasmalemma, which is selectively permeable and 
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thus helps regulate what enters and leaves a plant cell. Most solutes are pre- 
vented from diffusing freely in and out of the cell's internal solution phase, 
generally contained in a central "cavity" called a vacuole. In a mature cell, the 
vacuole often occupies the greater part of the cell's volume. It is surrounded by 
a "vacuolar membrane" called the tonoplast. 

Although some solutes are selectively conveyed through the membranes by 
a complex process called active transport^ by and large the cell acts as a small 
osmometer \ drawing water by osmosis from the surrounding aqueous phase 
into the generally more concentrated solution in the vacuole. The osmotic 
potential of cell water, due to the sugars and salts dissolved in it, is negative 
with respect to that of pure water (generally taken as the zero reference) and 
may range, in terms of pressure units, from -0.5 to -5 Mpa (-5 to -50 bar). 

The expansive pressure caused by osmosis is countered by the elastic cell 
walls, which are tensed as they are stretched and hence tend to press inward. 
This contractile tendency can be expressed in terms of a positive pressure 
potential. The overall potential of water inside the cell § depends on the 
osmotic potential of the cell solution § and on the effective potential result- 
ing from the pressure exerted by the walls (])p, called the turgor pressure. If 
these were the only components of the cell's water potential, we could write 
(Kramer and Boyer, 1995; Boyer,1995): 

4> = 4>o + 4> P (19.3) 

If we immerse a cell in pure water at atmospheric pressure, the cell will imbibe 
water until its affinity for water is counterbalanced by the cell wall's "turgor" 
pressure. The cell will then be fully hydrated and turgid. If a plant is "thirsty" (or, 
according to a currently prevalent expression, if it is subject to "moisture stress"), 
its cells will not be fully turgid and its relative hydration (i.e., its water content 
relative to that when it is fully turgid at a water potential of zero) will be less than 
unity. The functional relationship between the relative hydration of plant cells 
and their water potential is as important in plant physiology as the relationship 
between soil wetness and soil-water potential is in soil physics. 

If we immerse a cell not in pure water but in a solution more concentrated 
than the cell's own solution, outward osmosis will take place and the cell will 
dehydrate. In extreme cases, the cell may dehydrate to the point of plasmolysis, 
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at which point the effective turgor pressure falls to zero. At this point the 
cytoplasm may actually separate from the walls and collapse inward. 

An interesting illustration of the importance of turgor pressure changes is the 
stomatal control mechanism. The opening (aperture) or closure of stomates is 
affected by light intensity and atmospheric C0 2 concentration (i.e., stomates tend 
to close in the dark and at high C0 2 concentrations). Stomatal aperture is also 
affected by temperature and the plant's own internal rhythms. Most of all, how- 
ever, stomates are affected by tissue hydration and, more specifically, by the 
turgidity of the paired guard cells that constitute what is in effect a sensitive valve. 
Increasing hydration and turgidity causes these cells to bulge outward, crescent- 
like, thus dilating the space between them. Low turgidity causes them to collapse 
against each other, thus shutting off the diffusive outlet for water vapor (also 
serving as the inlet for carbon dioxide). A transverse section and surface views of 
a leaf with open and shut stomates are shown in Fig. 19.3. Methods of measur- 
ing plant water potential were described by Boyer (1995). 

In the absence of transpiration, plants absorb water from the soil by means of 
the osmotic mechanism, and plant water generally exhibits a positive hydrostatic 
pressure. Evidence of this positive pressure is found in the tendency of some 
plants to exude water during the night (a phenomenon called guttation) and in 
the tendency of excised stems or roots to ooze out water (an occurrence often 
attributed to "root pressure"). However, when transpiration takes place, the 
pressure of water in the leaves diminishes and generally falls below atmospheric 
pressure. The resulting tension, or suction, induces upward mass flow from roots 
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Fig. 19.3. A leaf section: (a) transverse view and (b) surface view, showing an open and 
a closed stomate. 
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to leaves through the tubelike capillary vessels of the xylem. It is remarkable that 
these capillary vessels can maintain the cohesive continuity of liquid water 
columns even under a tension of hundreds of kilopascals, as needed to draw 
water from relatively dry soils and transport it to the tops of trees scores of meters 
high. The rate at which water is extracted from the soil and transmitted to the 
transpiring leaves obviously depends not only on the magnitude of the potential 
or pressure gradients but also on the hydraulic properties of the conveyance sys- 
tem, that is, on the conductance of the stems and on the conductance as well as 
absorptive properties of the roots. 

STRUCTURE AND FUNCTION OF ROOTS 

The anatomy of roots is designed, as it were, to perform a number of essen- 
tial functions, including absorption and conveyance of water and nutrients 
from the soil and anchorage of the plant's superstructure. A longitudinal sec- 
tion of a growing root reveals several sections, as shown in Fig. 19.4a. The tip 
of the root is shielded by a root cap, which is often of mucilaginous consist- 
ency and may thus help to lubricate the path of the advancing root. Following 
the root cap is a zone of rapid cell division called the apical meristem. Next is 
a region of cell elongation, where the initially isodiametric cells elongate in the 
direction of the root axis, thus pushing the root tip forward and causing the 
root to extend farther into the soil. Behind the region of cell elongation is that 
of cell differentiation, where different groups of cells develop specific charac- 
teristics and assume specialized functions. 

The innermost cells of the root become vascular tissue, while the outermost 
cells develop thin radial protrusions known as root hairs. The latter have the 
effect of greatly increasing the surface area of contact over which the root can 
interact with the soil and absorb nutrients. Farther back, the older section of 




(a) (b) 



Fig. 19.4. The structure of a growing root: (a) longitudinal section through the root cap and 
the zones of cell division, elongation, and differentiation; and (b) cross section, showing the 
concentric arrangement of the epidermis, cortex, endodermis, pericycle, and vascular bundles. 
(After Nobel, 1974.) 
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the root becomes somewhat hardened and less absorbent, and, as the root 
converges with other roots, it becomes thicker and more stemlike. 

A cross-sectional view of a typical root (some distance away from the root 
tip), illustrated in Fig. 19.4b, shows a central vascular core, called the stele, 
surrounded by three concentric, sleevelike layers of cells: the endodermis, the 
cortex, and the epidermis. 

The vascular system of the roots connects with that in the stems and leaves. 
It consists of (1) xylem vessels, conveying water and mineral nutrients from 
the soil, along with organic compounds metabolized in the roots, to the upper 
parts of the plant, and (2) phloem vessels, serving to translocate the organic 
compounds (such as carbohydrates) that are synthesized in the leaves and to 
distribute these throughout the plant. The two types of vessels are illustrated 
in Fig. 19.5. Xylem vessels are hollow cells, practically devoid of protoplasm, 
arranged end to end and joined by perforation plates to form continuous 
tubes. The aqueous solution drawn from the soil by the absorbing sections of 
the roots, typically with a concentration of the order of 10~ 2 M (Epstein, 1977; 
Nobel, 1970), flows up through the root system and then through the stem 
and petiole and leaf veins into the leaves, with motion occurring in the direc- 
tion of decreasing hydrostatic pressure. In contrast with the xylem, the con- 
ducting cells in the phloem, called sieve cells, contain cytoplasm and remain 
metabolically active. The tissue between the xylem and the phloem is the cam- 
bium,whose cells divide and differentiate to form xylem and phloem. Between 
the cambium and the endodermis is a layer called the pericycle, whose cells can 
divide and lead to the formation of lateral or branch roots. 




Fig. 19.5. Longitudinal section through xylem and phloem vessels, showing their internal 
structures. (After Nobel, 1974.) 
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~~ Tl BOX 19.2 The Plight of Plants in Arid Regions 

j Perhaps we can identify more fully with the plight of arid-zone plants if we can 
^ I imagine ourselves to be living under a government that taxes away 99% of our 
income while requiring us to keep our reserves in a bank that is embezzled daily. 
The onerous regime governing plant life is the dry climate, which requires each plant to 
transpire such an exorbitant share of the moisture it obtains by its roots. The bank on 
which plants depend is the soil, which loses moisture continuously by direct upward 
evaporation from the surface as well as by downward seepage below the root zone. 

Plants live simultaneously in two realms, the conditions in each of which change con- 
stantly and not necessarily in coordination. The canopy of the plant lives in the open 
atmosphere, subject to varying sunlight, temperature, wind, and humidity (as well as to 
competition from adjacent plants and to predation by herbivorous animals). The roots 
of the plant live in the dark, tight, cool soil, which provides anchorage as well as mois- 
ture and nutrients. How the plant can sense both realms and respond optimally to their 
changing conditions is source of wonderment. It is certainly amazing that plants can do 
so without a brain or a nervous system, and without access to a computer. We, who 
have access to computers, can barely begin to understand how green plants function in 
the real environment: how they sustain themselves and, indeed, how they sustain us. 



The endodermis is a layer of cells whose radial walls are impregnated with 
a waterproof waxy material forming a shield termed the casp avian strip. To 
cross this barrier, water and solutes must either flow along the cell walls or 
enter and flow across the cytoplasm. Outside the endodermis are several lay- 
ers of cells known as the cortex, a "loose" tissue with numerous intercellular 
air spaces through which gases (e.g., 2 and C0 2 ) can diffuse. Finally, sur- 
rounding the entire root and serving as its "skin" is the epidermis,where the 
root hairs originate. 



VARIATION OF WATER POTENTIAL AND FLUX IN 
THE SOIL-PLANT SYSTEM 

To characterize the soil-plant-atmosphere continuum physically, one must 
evaluate the pertinent components of the energy potential of water and the 
effective potential gradients as they vary from one segment to another along 
the entire path of water movement. The total potential difference between soil 
moisture and atmospheric humidity can amount to tens of megapascals (hun- 
dreds of bars), as illustrated in Fig. 19.6, and in an arid climate can even 
exceed 100 MPa. Of this total, the potential drop in the soil toward the roots 
may vary from less than 100 kPa to several hundred kilopascals (i.e., from 
a fraction of a bar to several bars). Except where the soil is fairly dry, the 
potential drop in the roots (from cortex to xylem) is likely to be somewhat 
greater than that in the soil. The potential drop in the xylem from roots to 
leaves will generally not exceed a few hundred kilopascals. Altogether, there- 
fore, the summed potential drop in the soil and plant will be of the order of, 
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say, 1-3 MPa. Clearly, the major portion of the overall potential difference in 
the SPAC occurs between the leaves and the atmosphere. 

Figure 19.7 describes the distribution of water potentials in the SPAC. This 
figure is not drawn to scale and is meant only to illustrate general relationships. 
Curve 1 is for a low value of water suction in the soil (AB) and hence also at 
the root surfaces (B). In the mesophyl cells (DE), water suction ("negative" 
potential) is below the critical value at which the leaves may lose their turgid- 
ity, hence the plant is able to transport water from the soil to the atmosphere 
without wilting. Area E represents the substomatal cavity. In curve 2, soil-water 
suction is equally low but the transpiration rate is higher, and water suction in 
the leaf mesophyl approaches the critical wilting values (say, 2-3 MPa ~ 
20-30 bar). Curve 3 is for when soil-water suction is relatively high but the 
transpiration rate is low. Curve 4, finally, indicates the extreme condition when 
soil-water suction and transpiration rate are both high. In this case, leaf-water 
suction is likely to exceed the critical value, causing the plant to wilt. 

Soil-water suction increases as soil wetness decreases. Consequently, the 
plant-water suction required to extract water from the soil must increase 
correspondingly. The soil will deliver water to the root as long as the water 
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Fig. 19.7. The distribution of potentials in the soil-plant-atmosphere continuum under 
different conditions of soil moisture and atmospheric evaporativity. 

suction in the latter is maintained greater than in the former. However, as 
a root extracts water from the soil in contact with it, the suction in the con- 
tact zone may increase and tend to equal the root suction. Water uptake may 
then cease unless additional water can move in from the farther reaches of the 
soil as a result of the suction gradients that form in the periphery of the roots. 
In order for this additional water to become available to the plant, not only 
must it be at a suction lower than the root-water suction, but it must also 
move toward and into the root at a rate sufficient to compensate the plant for 
its own continuing loss of water to the atmosphere in the process of transpi- 
ration. The dependence of suction on distance from the root during water 
uptake was calculated by W. R. Gardner (1960a) for several soils and was 
found to be quite flat until the initial suction approached 15 bar. This is illus- 
trated in Fig. 19.8. 

As long as the plant does not wilt, and as long as the influx of radiation and 
heat to the canopy results in change of phase only, it is possible to assume 
steady-state flow through the plant. This means that the transpiration rate is 
equal to the plant transport and that both are equal to the soil-water uptake 
rate: 

q = -AtyJRs = -AW#s-r = -AV« P = -A(WVa ( 19 « 4 ) 

where A<|) s is the potential drop in the soil toward the roots, A<|) s _ r is the potential 
drop between the soil and root xylem, A(|) p is the potential drop in the plant to 
the leaves, and A(|) p _ a is the potential drop between the leaves and the atmosphere. 
As mentioned, the magnitudes of these potential increments are of the order of 
1 MPa, 1 MPa, 1 MPa, and 50 MPa, respectively, and the corresponding 
resistances are proportional. It follows that the resistance R p _ a between the leaves 
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Fig. 19.8. Relation of soil-water suction to distance from the root axis in a sandy soil with 
an uptake rate of 0.1 cm 3 per centimeter of root per day. The two curves are for two different 
levels of soil-water suction at a distance form the root (After Gardner, 1 960a.) 



and the atmosphere might be 50 or more times greater than the resistances in the 
plant and the soil. When the stomates close, as they tend to do at noontime dur- 
ing a hot day, the resistance R p _ a becomes even greater and may result in a 
reduced rate of transpiration. 

The suction difference between soil and root needed to maintain a steady 
flow rate depends, as stated, on the conductivity K and the flow rate q. When 
soil-water suction is low and conductivity high, the suction in the root need 
not differ greatly from the mean suction in the soil. When soil-water suction 
increases and soil conductivity decreases, the suction difference (or gradient) 
needed to maintain the same flow rate must increase correspondingly. As long 
as the transpiration rate required of the plant is not too high, and as long as 
the hydraulic conductivity of the soil is adequate and the density of the roots 
is sufficient, the plant can extract water from the soil at the rate needed to 
maintain normal physiological activity. However, the moment the rate of 
extraction drops below the rate of transpiration (either because of a high 
evaporative demand by the atmosphere and/or because of low soil conduc- 
tivity and/or because the root system is too sparse), the plant experiences 
a net loss of water; if it cannot adjust its root-water suction or its root den- 
sity so as to increase the rate of soil-water uptake, the plant may suffer loss 
of turgor and be unable to grow normally. If this situation persists, the plant 
wilts. It follows that as atmospheric evaporativity rises and soil conductivity 
diminishes, the average soil-water suction at which wilting occurs will also 
tend to diminish. 

Denmead and Shaw (1962) were evidently the first to present experi- 
mental confirmation of the effect of dynamic conditions on water uptake 
and transpiration. They measured the transpiration rates of corn plants 
grown in containers and placed in the field under different conditions 
of irrigation and atmospheric evaporativity. Under an evaporativity of 
3-4 mm/day, the actual transpiration rate began to fall below the potential 
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rate at an average soil-water suction of about 200 kPa (2 bar). Under more 
extreme meteorological conditions, with an evaporativity of 6-7 mm/day, 
this drop in transpiration rate began at a soil-water suction value of 30 kPa 
(0.3 bar). On the other hand, when potential evaporativity was very low 
(1.4 mm/day), no drop in transpiration rate was noticed until average soil- 
water suction exceeded 1.2 MPa (12 bar). The volumetric water contents at 
which the transpiration rates fell varied between 23%, under the lowest 
evaporativity, and 34%, under the highest evaporativity measured. This is 
illustrated in Figs. 19.9 and 19.10. 




Soil-water suction (bar) 

Fig. 19.10. The relation of relative transpiration rate to average soil-water suction, under 
different meteorological conditions. The numbers represent different rates of potential evapo- 
transpiration. (After Denmead and Shaw, 1962.) 
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MATHEMATICAL MODELING OF WATER UPTAKE BY ROOTS 

The roots of a plant function as an elaborate pumping and conveyance 
system reaching into, probing, and drawing water from various soil depths in a 
manner that is somehow "programmed" to maximize the plant's chances for 
survival and self-perpetuation. Soil-moisture content and potential are seldom 
uniform throughout the root zone, and neither is the density or hydraulic resist- 
ance of the roots. How the root system of a plant senses the root zone as a whole 
and integrates its response so as to utilize soil moisture to best advantage is 
a phenomenon still imperfectly understood. One classical view was that the root 
system adjusts its water withdrawal pattern so as to maintain the total soil- 
moisture potential constant throughout the root zone. On the other hand, an 
often-observed pattern of water withdrawal is such that the top layer is depleted 
first and the zone of maximal extraction moves gradually into the deeper layers. 

Since the soil usually extends in depth considerably below the zone of root 
activity, it is of interest to establish how the pattern of soil-water extraction by 
roots relates to the pattern of water flow into, within, through, and below the 
root zone. Some drainage through the root zone is generally considered neces- 
sary to prevent deleterious accumulation of salts, particularly in arid zones; yet 
excessive drainage might involve unnecessary loss of nutrients as well as of 
water. If a groundwater table is present at a shallow depth, it may contribute 
to the supply of crop-water requirements by upward capillary flow, but it 
might also infuse the root zone with salts. Considerable upward flow into the 
root zone from underlying moist layers might also be possible even in 
the absence of a water table, depending on soil-moisture characteristics and on 
the irrigation regime. In fact, the opposite processes of downward drainage 
and upward capillary flow can occur in a sequential or alternating pattern at 
varying rates so that the net outflow or inflow of water for the root zone as 
a whole can only be determined by integrating the fluxes taking place through 
the bottom of that zone continuously over a period of time. 

Numerous models have been developed in recent decades, with the aim of 
achieving a quantitative formulation and prediction of the sequential and 
simultaneous processes involved in the uptake of soil moisture by plants. 
These models vary widely in aim, structure, and level of detail. Some are based 
on empirical and others on mechanistic approaches to the complex of 
soil-plant-water relations. 

Early modelers of soil-moisture extraction by roots differed widely in their 
quantitative assessment of the relative importance of the root-versus soil- 
resistance terms at various stages of the extraction process. Conflicting 
approaches assumed either the one term to predominate over the other or vice 
versa. Recent theoretical and experimental studies have suggested that both 
resistance terms can be important. Root resistance probably predominates in 
situations of low soil-moisture tension (i.e., high soil hydraulic conductivity), 
and the soil's hydraulic resistance gains importance as the extraction process 
continues and causes progressive depletion of soil moisture. 

In principle, two alternative approaches can be taken to modeling the 
uptake of soil water by roots. The first is to consider the convergent radial 
flow of soil water toward and into a representative individual root, taken to 
be a cylindrical sink uniform along its length (i.e., of constant and definable 
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thickness and absorptive properties). The root system as a whole can then be 
described as a set of such individual roots, assumed to be regularly spaced in 
the soil at definable distances that may vary within the soil profile. This 
approach, called the microscopic-scale or single-root model, usually involves 
casting the flow equation in cylindrical coordinates and solving it for the dis- 
tribution of potentials, water contents, and fluxes from the root outward. The 
solution can be attempted either by analytical means, which usually require 
rather restrictive assumptions, or by numerical means. 

The alternative approach is to regard the root system in its entirety as a dif- 
fuse sink that permeates each depth layer of soil uniformly, but at a density 
that differs from layer to layer. This approach, termed the macroscopic-scale 
or root system model, disregards the flow patterns toward individual roots 
and thus avoids the geometric complication involved in analyzing the distri- 
bution of fluxes and potential gradients on a microscale. The major short- 
coming of the macroscopic approach is that it is based on the gross spatial 
averaging of the matric and osmotic potentials and takes no account of the 
increase in suction and in concentration of salts in the soil at the immediate 
periphery of each absorbing root. 

EFFECT OF ROOT GROWTH ON SOIL-WATER UPTAKE 

One of the main shortcomings of the early models of water uptake by roots 
was the omission of root growth as a process affecting the pattern of moisture 
extraction and movement in the soil profile and possibly enhancing the ability 
of plants to avoid stress due to moisture deficit. A plant with growing roots 
can reach continuously into moist regions of the soil rather than depend 
entirely on the dwindling reserves of moisture and the increasing hydraulic 
resistance of a fixed root zone. The process of root growth, if rapid enough, 
can reduce the effect of the localized drawdown of both matric and osmotic 
potential around each root as well as expand the effective volume of soil 
tapped by the root system as a whole. 

In principle, and insofar as it relates to water uptake, we can consider overall 
root growth as consisting of several sequential or concurrent processes, including 
proliferation, extension, senescence, and death. As used in the present context, 
the term proliferation applies to the localized increase of rooting density (i.e., by 
branching) within each layer without any increase in the volume of the root zone 
as a whole. Root extension is the additional process by which roots from any 
layer invade an adjacent (generally an underlying) layer and increase its rooting 
density. The process of senescence involves suberization and the gradual reduc- 
tion of root permeability. With further aging, the older roots eventually become 
totally inactive and, to all intents and purposes, can be considered dead. 

The phenomenon of root extension is characteristic of a stand of young 
plants, such as an annual crop in its early stages of growth. The rate of root- 
system extension tends to diminish as plant stands mature. The vertical extent 
of root-system penetration is often limited by such factors as the lack of aera- 
tion and the mechanical impedance of the deeper layers in the soil profile. 

The possible effects of root growth processes on plant-water relations were 
studied by Hillel and Talpaz (1976), who considered the time course of plant- 
water potential at the crown of the roots (where all the roots converge and the 
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stem emerges from the soil with a single value of water potential). Without 
root extension in depth, this simulation suggests that root proliferation alone 
may add relatively little to the period of time the plant can maintain the poten- 
tial transpiration rate without experiencing stress. On the other hand, root sys- 
tems capable of extending themselves deeper into the soil profile can prolong 
that time span significantly by tapping into a greater store of moisture. The 
predicted soil-moisture profiles resulting from extraction by various root sys- 
tems are shown in Fig. 19.11. 

Subsequently, Huck and Hillel (1983) developed a more comprehensive 
model of root growth and water uptake. In addition to soil hydraulics, their 
model accounted for such plant physiological functions as photosynthesis, res- 
piration, and transpiration. They pointed out that since a terrestrial plant lives 
in two realms, the atmosphere and the soil, in each of which conditions vary 
continuously and not necessarily in concert, we must consider that a plant 
responds to its above-ground and below-ground environments conjunctively. 
In order to thrive, each plant must develop both a root system extensive 
enough to supply sufficient water and nutrients and a canopy elaborate 
enough to synthesize the carbohydrates needed for growth and reproduction, 
and it must do so in optimal fashion. Insufficient canopy growth will limit 
photosynthesis and, hence, constrain root growth, just as insufficient root 
growth will limit water supply and, eventually, canopy growth. 
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Fig. 19.11. Soil-moisture profiles at the end of a 10-day simulation of moisture extraction 
by root systems with various growth patterns. (After Hillel, 1977.) 



382 



CHAPTER 1 9 PLANT UPTAKE OF SOIL MOISTURE 



The simultaneous processes of photosynthesis, transpiration, canopy and 
root growth, as well as respiration are seen to be mutually dependent. 
Therefore, the hydrologic, edaphic, agronomic, and climatic viewpoints need 
to be reconciled to provide the linkage between root activity and canopy 
growth. Because of the complex nature of the interactions and feedback mech- 
anisms involved, it seems impossible to deal with soil-plant-water relations 
except in the context of a comprehensive model. To be useful, however, 
a model must be neither too complex and incomprehensible nor too simplistic 
and arbitrary, and insofar as possible it should be based on the quantitative 
formulation of the major processes in terms of their basic mechanisms. 

We now briefly describe the principles underlying the model of Huck and 
Hillel (1983). The first process to be considered is the flow of carbon through 
the plant system (Fig. 19.12). Carbon enters the plant in the course of photo- 
synthesis, which depends on the absorption of a fraction of solar radiation 
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Fig. 19.12. The cycle of carbon in a living plant. (After Huck and Hillel, 1983.) 
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known as the photo synthetically active radiation. The rate of the process also 
depends on leaf area, although the relationship is not linear, since, as the 
canopy becomes denser, some shading of lower leaves by higher ones takes 
place (de Wit, 1965). The relationship between leaf area and biomass should 
also be known. The rate of photosynthesis is further constrained by leaf-water 
content, which, in turn, affects the stomatal control mechanism and, thus, the 
rate of C0 2 absorption by the leaves (Lommen et al., 1971). 

Disposition of the products of photosynthesis, namely, the sugars and read- 
ily hydrolyzable starches, together termed soluble carbohydrates, is itself 
a complex process. Before any of this material can be incorporated into new 
structural matter (growth), the respiratory requirements of both shoots and 
roots must be satisfied (Penning de Vries, 1975). Maintenance respiration 
depends on both the mass and temperature of the respective tissues. Beyond 
maintenance, actual growth is accompanied by additional respiratory activity 
(termed growth respiration) to generate the chemical energy needed for the 
synthesis of new tissue. 

The partitioning of the energy reserves available for growth between roots 
and shoots is affected by the relative values of water potential in different parts 
of the plant. As long as the plant is fully hydrated, the model assumes that sol- 
uble carbohydrates are transformed preferentially into the structural carbohy- 
drates of new branches and leaves (i.e., into shoot growth). With greater leaf 
area, an increased capacity for photosynthesis and a greater water demand 
normally result. As the water requirement of a growing plant increases, how- 
ever, it is the shoots (specifically, the leaves) that first experience water stress, 
because they are directly exposed to the atmosphere's evaporative demand. On 
the other hand, the roots, being nearer the source of the water, maintain 
a more hydrated state. Because they are better able to maintain turgor, the 
roots gradually become the preferred sink for the plant's available (soluble) 
carbohydrates. As the canopy begins to experience water stress, the fraction of 
soluble carbohydrates allocated to shoot growth diminishes, while the fraction 
allocated to root growth increases, thus enhancing the water-drawing power 
of the plant and, hence, its chances for survival. The preferential allocation of 
resources to roots or to shoots is thus seen to shift back and forth, depending 
on transient conditions. 

Differences among species in the pattern of carbohydrate partitioning 
between roots and shoots evidently affect their adaptability to different con- 
ditions. Plants adapted to arid environments tend to develop smaller canopies 
and relatively deeper root systems, whereas plants conditioned to grow in 
more humid environments tend to develop more extensive canopies and rela- 
tively shallower root systems. 

The second set of processes to be considered by the model is water move- 
ment through the soil-plant complex (Fig. 19.13). The water-storage capacity 
of plant tissue is small compared to the volume of water transpired so nearly 
all the flow is directly related to transpiration, which, in turn, is strongly 
linked to photosynthesis (because both flows involve the exchange and trans- 
mission of gases through the same stomatal passages). At full canopy cover, 
the rate of transpiration is a function of the rates of energy supply and 
vapor removal, as long as the leaves are fully hydrated and their stomata are 
open. This potential evaporation rate is affected by radiation, temperature, 
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Fig. 19.1 3. The cycle of water in soil-plant-atmosphere continuum. (After Huck and Hillel, 
1983.) 



humidity, wind, and soil-heat flows (de Wit and Goudriaan, 1978). When leaf- 
water deficits develop and the stomata close, thus increasing canopy resistance 
to water outflow, transpiration is reduced. 

The spatial pattern of water uptake from various regions of the soil depends 
on root distribution as well as on the distribution of moisture within the soil 
profile. Both are time variable. If the soil is uniformly wet, the water uptake 
pattern is mainly influenced by root distribution and root resistance to water 
flow (Belmans et al., 1979). When moisture has been removed from the soil 
regions initially having the greatest concentration of roots, the "center of grav- 
ity" of water uptake by roots must shift to wetter soil layers. Because of their 
immature vascular system, new roots must depend on the availability of water 
in the immediate vicinity, hence they grow faster in soil regions containing 
greater moisture reserves. Root proliferation is therefore greatly reduced in 
any given soil layer as soil moisture is reduced. Furthermore, fresh roots can- 
not invade or extend into and through a new soil layer unless parent roots are 
present in an adjacent layer. Thus, root growth will appear to "track" regions 
of moist soil. 

The Huck and Hillel model has been further elaborated and tested by 
Hoogenboom et al. (1987). This model incorporates real-world climatic data 
as well measurable plant and soil characteristics. 



20. WATER BALANCE 

AND ENERGY BALANCE 
IN THE FIELD 



WATER AND ENERGY TRANSPORT IN THE SOIL 

Any attempt to control the availability of soil moisture to plants must be 
based on quantitative knowledge of the dynamic balance of water in the soil. 
The field water balance, like a financial statement of income and expenditures, 
is an account of all quantities of water added to, subtracted from, and stored 
within a given volume of soil during a specified period of time. The various 
soil-water flow processes that we have attempted to describe in earlier chap- 
ters of this book as separate phenomena (e.g., infiltration, redistribution, 
drainage, evaporation, uptake of water by plants) are in fact strongly interde- 
pendent, because they occur sequentially or simultaneously. 

The water balance is based on the law of conservation of mass, which 
states that matter can be neither created nor destroyed but can only change 
from one state or location to another. Since no significant amounts of water 
are normally decomposed, or recomposed, in the soil, the water content of 
a soil body of finite volume cannot increase appreciably without addition 
from the outside (as by infiltration or capillary rise), nor can it diminish 
unless transported to the atmosphere (by evapotranspiration) or to deeper 
zones (by drainage). 

The field water balance is intimately associated with the energy balance, 
since it involves processes that require energy. The energy balance is an expres- 
sion of the classical law of conservation of energy, which states that, in a given 
system, energy can be absorbed from, or released to, the surroundings and that 
along the way it can change form, but it cannot be created or destroyed. 
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The content of water in the soil affects the way the energy flux reaching the 
field is partitioned and utilized. Likewise, the energy flux affects the state and 
movement of water. The water balance and energy balance are inextricably 
linked, since they are involved in the same processes within the same environ- 
ment. A physical description of the soil-plant-atmosphere system must be 
based on an understanding of both balances together. In particular, the evap- 
oration process, which is often the largest component of the water balance 
(because most of the water added to the field is normally evaporated or tran- 
spired from it) is also likely to be the principal consumer of energy in the field. 
Thus, evapotranspiration depends, in a combined way, on the simultaneous 
supply of water and energy (Baker and Norman, 2002). 



WATER BALANCE OF THE ROOT ZONE 

In its simplest form, the water balance merely states that any change that 
occurs in the water content AW of a given body of soil during a specified 
period must equal the difference between the amount of water added to that 
body, Wi n , an d the amount of water withdrawn from it, W out , during the same 
period: 

AW=W m -W oat (20.1) 

When gains exceed losses, the water content change is positive; and conversely, 
when losses exceed gains, AW is negative. The soil volume of interest is thus 
treated as a "bank account" or a storage reservoir. 

To itemize the accretions and depletions from the soil storage reservoir, one 
must consider the disposition of rain or irrigation reaching a unit area of soil 
surface during a particular period of time. Rain or irrigation water applied to 
the land may in some cases infiltrate the soil as fast as it arrives. In other cases, 
some of the water may pond over the surface. Depending on the slope and 
microrelief, a portion of this surface water may exit from the area as overland 
flow (surface runoff), while the remainder will be stored temporarily as pud- 
dles in surface depressions. Some of the latter evaporates, and the rest eventu- 
ally infiltrates the soil after cessation of the rain. Of the water infiltrated, some 
evaporates directly from the soil surface, some is taken up by plants for 
growth or transpiration, some may drain downward beyond the root zone, 
and the remainder accumulates within the root zone and adds to soil-moisture 
content. Additional water may reach the defined soil volume either by runoff 
from a higher area or by upward flow from a water table or from wet layers 
present at some depth. 

The pertinent volume or depth of soil for which the water balance is com- 
puted is determined arbitrarily. Thus, in principle, a water balance can be com- 
puted for a small sample of soil or for an entire watershed. From an 
agricultural or plant ecological point of view, it is generally most appropriate 
to consider the water balance of the root zone per unit area of field. 

The root-zone water balance is usually expressed in integral form: 

Change in storage = Gains - Losses 



(AS + A V) = (P + I+U)-(R + D + E + T r ) 



(20.2) 
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where AS is the change in root-zone soil-moisture storage, A V is the increment 
of water incorporated in vegetative biomass, P is precipitation, I is irrigation, 
U is upward capillary flow into the root zone, R is runoff, D is downward 
drainage out of the root zone, £ is direct evaporation from the soil surface, 
and T is transpiration by plants. All quantities are expressed in terms of 
volume of water per unit land area (equivalent depth units) during the period 
considered. 

The time rate of change of soil-moisture storage can be written as follows 
(assuming the rate of change of plant- water content to be relatively unimportant): 



Here each of the lowercase letters represents the instantaneous time rate of 
change of the corresponding integral quantity in Eq. (20.2). The change in 
root-zone soil-moisture storage can be obtained by integrating the change in 
soil wetness over depth and time: 



where 9 is the volumetric soil wetness, measurable by sampling or by means 
of a neutron meter or TDR (see Chapter 6). Note that t is time, whereas t r is 
transpiration rate in our notation. 

The largest composite term in the "losses" part of Eq. (20.2) is generally 
the evapotranspiration £ + T. It is convenient at this point to refer to the 
concept of potential evapotranspiration (designated £ tp ), representing the cli- 
matic "demand" for water. Potential evapotranspiration from a well-watered 
field depends primarily on the energy supplied to the surface by solar radi- 
ation, which is a climatic characteristic of each location (depending on 
latitude, season, slope, aspect, cloudiness, etc.); it varies greatly from hour to 
hour but varies little from year to year. The value of £ tp depends secondarily 
on atmospheric advection, which is related to the size and orientation of the 
field and the nature of its upwind "fetch" or surrounding area. Potential 
evapotranspiration also depends upon surface roughness and soil thermal 
properties, which vary in time (van Bavel and Hillel, 1976). As a first approxi- 
mation and working hypothesis, however, it is often assumed that £ tp depends 
entirely on the external climatic inputs and is independent of the properties 
of the field itself. 

Actual evapotranspiration £ ta is generally a fraction of £ tp , depending on 
the degree and density of plant coverage of the surface as well as on soil mois- 
ture and root distribution. £ ta from a well-watered stand of a close-growing 
crop will generally approach £ tp during the active growing stage, but it may 
fall below it during the early-growth stage, prior to full canopy coverage, and 
again toward the end of the growing season as the matured plants begin to dry 
out (Hillel and Guron, 1973; Hillel, 1987a, 1997). For the entire season, £ ta 
may total 60-80% of E tp , depending on water supply: The drier the soil mois- 
ture regime, the lower the actual evapotranspiration. 

Another important, indeed essential, item of the field water balance is the 
internal drainage D out the bottom of the root zone. The function of drainage, 
in principle, is to release excess water that might otherwise restrict aeration and 
to leach excess salts. In the absence of adequate drainage (natural or — where 



dS/dt = (p + i + u) - (r + d + e + t r ) 



(20.3) 




(20.4) 
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Fig. 20.1 . The water balance of a root zone. 



necessary — artificial), waterlogging as well as salt accumulation in the root 
zone are particular hazards of arid-zone farming. 

The various processes included in the water balance of a hypothetical 
rooting zone are shown in Fig. 20.1. In this depiction, only vertical flows 
are considered within the soil (though lateral flows are shown to occur over 
the surface and below the water table). In a larger sense, any soil unit 
of interest constitutes a part of the overall hydrologic cycle, illustrated in 
Fig. 20.2. 




Fig. 20.2. The hydrologic cycle. 
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EVALUATION OF THE WATER BALANCE 

Simple and readily understandable though the field water balance may seem 
in principle, it is still rather difficult to measure in practice. A single equation 
can be solved only if it has no more than one unknown. Often the largest com- 
ponent of the field water balance and the one most difficult to measure directly 
is the evapotranspiration E + T, also designated £ t . To obtain £ t from the 
water balance, we must have accurate measurements of all the other terms in 
the equation. It is relatively easy to measure the amount of water added to the 
field by rain and irrigation (P + I), though areal nonuniformities must be taken 
into account. The amount of runoff R generally is (or at least should be) small 
in agricultural fields, particularly in irrigated fields, so it is often considered 
negligible in comparison with the major components of the water balance. 

Over an extended period such as a year or a growing season, the change in 
water content of the root zone is likely to be small in relation to the total water 
balance. In this case, the sum of rain and irrigation is approximately equal to 
the sum of evapotranspiration £ t and deep percolation D. For shorter periods, 
the change in soil-water storage AS can be relatively significant and must be 
measured. This measurement can be made by sampling periodically or by use 
of specialized instruments. Of the various instruments available, the neutron 
meter and time-domain reflectometry (TDR) permit repeated, undisturbed, in 
situ determinations of volumetric wetness. 

During dry spells, without rain or irrigation, W in = 0, so the sum of D and 
E t now equals the reduction in root-zone water storage AS: 

-AS = D + E t (20.5) 

Measurement of root-zone or subsoil water content by itself cannot tell us the 
rate and direction of soil-water movement. Even if the water content at a given 
depth below the root zone remains constant, we cannot conclude that the water 
there is immobile, since it might be moving steadily through that depth. 
Tensiometric measurements can help to establish the directions and magnitudes 
of the hydraulic gradients through the profile. Knowing the gradients, we can 
then assess the fluxes, provided of course that we also know the hydraulic con- 
ductivity as a function of suction or wetness for the particular soil. 

The most direct method for measuring the field water balance is by use of 
lysimeters. These are generally large containers of soil, set in the field to rep- 
resent the prevailing soil and climatic conditions and allowing more accurate 
measurement of physical processes than can be carried out in the open field. 
Some lysimeters are equipped with a weighing device and a drainage system, 
which together permit continuous measurement of both evapotranspiration 
and percolation. Lysimeters may not provide a reliable measurement of the 
field water balance, however, when the soil or above-ground conditions of the 
Iysimeter differ markedly from those of the field itself. 

RADIATION EXCHANGE IN THE FIELD 

The term radiation refers to the emission of energy in the form of photons 
or electromagnetic waves from all bodies above K. Solar radiation received 
on the earth's surface is the major component of its energy balance. Green 
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plants are able to convert a part of the received radiation into chemical 
energy. They do this in the process of photosynthesis, on which all life on 
earth ultimately depends. Therefore, it is appropriate to begin a discussion of 
the energy balance with an account of the radiation balance. (An introduc- 
tory description of the radiation and energy balances for a bare soil was given 
in Chapter 12.) 

Solar radiation reaches the outer surface of the atmosphere at a practically 
constant flux (the solar constant) of nearly 1.4 joules per second per square 
meter perpendicular to the incident radiation (i.e., 1.353 kW/m 2 , about 
2 cal/min cm 2 ). Nearly all of this radiation is of the wavelength range of 0.3-3 
um (3000-30,000 A), and about half of this radiation consists of visible light 
(i.e., 0.4-0.7 um in wavelength). The solar radiation corresponds approxi- 
mately to the emission spectrum of a blackbody at a temperature of 6000 K. 
The earth, too, emits radiation, but since its surface temperature is about 
300 K, this terrestrial radiation is of much lower intensity and longer wave- 
length than solar radiation (i.e., in the wavelength range of 3-50 um). Between 
the two radiation spectra, the sun's and the earth's, there is little overlap, so it 
is customary to refer to the first as short-wave radiation and to the second as 
long-wave radiation. 

In passage through the atmosphere, solar radiation changes both its flux 
and spectral composition. About one-third of it, on the average, is reflected 
back to space (this reflection can become as high as 80% when the sky is com- 
pletely overcast with clouds). In addition, the atmosphere absorbs and scatters 
a part of the radiation, so only about half of the original flux density of solar 
radiation finally reaches the ground. (In arid regions, where the cloud cover is 
sparse, the actual radiation received at the soil surface can exceed 70% of the 
"external" radiation; whereas in humid regions this fraction may be less than 
50%.) A part of the reflected and scattered radiation also reaches the ground 
and is called sky radiation. The total of direct solar and sky radiations is 
termed global radiation. 

Albedo is the reflectivity coefficient of the surface to short-wave radiation. 
It depends on the color, roughness, and inclination of the surface and is of the 
order of 5-10% for water, 10-30% for a vegetated area, 15-40% for a bare 
soil, and up to 90% for fresh snow. 

In addition to these fluxes of incoming and reflected shortwave radiation, 
there occurs an exchange of long-wave (heat) radiation. The earth's surface, 
which converts incoming short-wave radiation to sensible heat, emits long- 
wave (infrared) radiation. At the same time the atmosphere also absorbs and 
emits long-wave radiation, part of which reaches the surface. The difference 
between these outgoing and incoming fluxes is called the net long-wave radi- 
ation flux. During the day, the net long-wave radiation may be a small frac- 
tion of the total radiation balance, but during the night, in the absence of 
direct solar radiation, the heat exchange between the land surface and the 
atmosphere dominates the radiation balance. 

The overall difference between total incoming and total outgoing radiation 
(including both the short-wave and long-wave components) is termed net radi- 
ation, and it expresses the rate of radiant energy absorption by the field: 



Jn = (M "At) + (hi -/it) 



(20.6) 
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where J n is the net radiation, J s l> is the incoming flux of short-wave radiation 
from sun and sky, / S T is the short-wave radiation reflected by the surface, Jyl the 
flux of long-wave radiation incoming from the sky, and J{\ is the long-wave radi- 
ation reflected and emitted by the surface. At night, the short-wave fluxes are 
negligible, and since the long-wave radiation emitted by the surface generally 
exceeds that received from the sky, the nighttime net radiation flux is negative. 

The flux of reflected short-wave radiation is equal to the product of the 
incoming short-wave flux and the reflectivity coefficient (the albedo a): 

Therefore, 

h = M (1 - a) - J\ (20.7) 

where ]\ is the net flux of long-wave radiation, which is given a negative sign. 
(Since the surface of the earth is usually warmer than the atmosphere, there is 
generally a net loss of thermal radiation from the surface.) As a rough aver- 
age, J n is typically of the order of 55-70% of J s i (Tanner and Lemon, 1962). 



BOX 20.1 The Atmospheric Greenhouse Effect 

The earth's surface tends naturally to maintain an energy balance such that the 
^ | total amount of radiant energy received is equal to the total amount released. 
Since the flux of emitted infrared radiation depends on the surface temperature, 
that temperature adjusts itself over time so that the balance is maintained. The radiation 
balance is a self-adjusting system: If more energy comes in than goes out, the surface 
becomes warmer so that more energy is then emitted, and vice versa. 

Recall that the rate of energy emission is proportional to the fourth power of the tem- 
perature. If the surface temperature rises from, say, 1 0°C (283 K) to 30°C (303 K), it will 
increase its rate of heat release by (303/283) 4 , or 31%. 

If the earth were without a gaseous atmosphere, calculations show, its mean surface 
temperature at equilibrium would be some 33°C lower than it actually is. The presence 
of the atmosphere causes the surface to be warm enough to promote the profusion of 
life as we know it. That effect of the atmosphere is called the natural greenhouse effect 
The name is based on the perception that the effect of the atmosphere is analogous to 
the effect of a glass-covered greenhouse. 

The interior of a greenhouse is typically warmer than the external environment, pri- 
marily because of the optical properties of its glass walls. Clear glass is nearly transpar- 
ent to light, hence it admits the incoming solar radiation practically without hindrance. 
Inside the greenhouse, that energy is converted to heat. However, the same glass that 
admits more than 90% of the incoming visible light, absorbs some 90% of infrared radi- 
ation at wavelengths greater than 2000 nm. So the release of heat by infrared radiation 
from the interior of the greenhouse is partially blocked by the glass. As the interior gets 
hotter, its flux of emitted radiation intensifies and its wavelength shortens, until the frac- 
tion transmitted by the glass compensates for the incoming radiation. A new energy 
balance is then established, at a higher interior temperature. 

The atmosphere is not exactly like the walls of a glasshouse. It is fluid and turbulent 
rather than rigid, so it mixes and exchanges heat and vapor with the environment in 
a way that glass cannot. But the greenhouse analogy is apt in one important respect: The 
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atmosphere is preferentially permeable to short-wave radiation. Except for suspended 
dust particles, which absorb solar radiation, and clouds, which reflect it, the clear atmos- 
phere is largely transparent to incoming light. Not so to outgoing heat. Although the 
major gases (nitrogen and oxygen, plus argon) that make up well over 99% of the 
atmosphere transmit infrared radiation readily, some of the gases present in the atmos- 
phere in small concentrations tend to absorb infrared radiation. These radiatively active 
gases are known as the greenhouse gases. 

The most important natural greenhouse gas, being relatively abundant and ubiqui- 
tous (though in variable concentrations) is water vapor. The second most important is 
carbon dioxide, which is continually cycled throughout the biosphere via such processes 
as photosynthesis, respiration, and decomposition of organic matter. The natural green- 
house effect, as far as it goes, is largely beneficent: It helps to create conditions that pro- 
mote life on earth. 

Ever since the beginning of the Industrial Revolution, little over two centuries ago, 
human activity has resulted in a significant infusion of carbon dioxide to the atmos- 
phere, mainly by the burning of fossil fuels (coal and petroleum). Additional releases of 
carbon dioxide have resulted from the clearing of forests (first the temperate-zone 
forests and — increasingly — the tropical forests) as well as from the cultivation of vir- 
gin lands (which hastens the decomposition of soil organic matter). All these anthro- 
pogenic processes have already raised the concentration of C0 2 from its original level of 
about 270 parts per million by volume to some 370 ppmv. 

Other greenhouse gases whose concentrations are also increasing due to human 
activity are: chlorofluorocarbons (CFCs), which are synthetic gases used as refrigerants, 
foaming agents, and propellants for spray cans; methane (CH 4 ), which is emitted from 
marshes, rice paddies, and the fermentative digestion of cattle; and nitrous oxide (N 2 0), 
which results from the burning of fossil fuels and biomass and from fertilizer use. 

Altogether, the human-enhanced greenhouse effect poses the danger of elevating 
the average temperature of the earth's surface excessively — perhaps by as much as 4°C 
by the second half of the 21st century — Although C0 2 enrichment per se may spur 
photosynthesis and improve water-use efficiency, many scientists are apprehensive that 
the enhanced greenhouse effect will eventually do more harm than good. The result 
might be not only a warmer earth and more extreme climate, but also a greater evap- 
orative demand and, in some regions, a drier soil. 

Reviews and analyses of the potential changes due to the enhanced greenhouse 
effect have been published by (among many others) Leggett (1990), Gates (1993), and 
Rosenzweig and Hillel (1998). 



TOTAL ENERGY BALANCE 

Having balanced the gains and losses of radiation at the surface to obtain 
the net radiation, we next consider the transformations of this energy. 

Part of the net radiation received by the field is transformed into heat, 
which warms the soil, plants, and the atmosphere. Another part is taken up by 
the plants in their metabolic processes (e.g., photosynthesis). Finally, a major 
part is generally absorbed as latent heat in the twin processes of evaporation 
and transpiration. Thus, 



J n = LE + A + S + M 



(20.8) 
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Fig. 20.3. Schematic representation of (a) the radiation balance, (b) the daytime energy balance, and 
(c) the nighttime energy balance. [Net radiation = (solar radiation + sky radiation) - (reflected radiation + 
back radiation).] Note that the daytime net radiation during the growing season is much greater than at 
night. (After Tanner, 1968.) 



where LE is the rate of energy utilized in evapotranspiration (a product of the 
rate of water evaporation E and the latent heat of vaporization L), A is the 
energy flux that goes into heating the air (called sensible beat), S is the rate at 
which heat is stored in the soil, water, and vegetation, and M represents mis- 
cellaneous other energy terms, such as photosynthesis and respiration. The 
energy balance is illustrated in Fig. 20.3. 

Where the vegetation is short (e.g., grass or field crops), the storage of heat 
in the vegetative biomass is negligible compared with storage in the soil. (The 
situation might be different, of course, in the case of a dense forest with mas- 
sive trees.) The heat stored in the soil under sparse vegetation may be a fairly 
large portion of the net radiation at any particular time during the day, but the 
net storage over a 24-hr period is usually small, for the nighttime losses of soil 
heat tend to negate the daytime gains. For this reason, mean soil temperature 
generally does not change appreciably from day to day. The daily soil-storage 
term has been variously reported to be of the order of 5-15% of J n (Evett, 
2002), depending on season. In spring and summer this term is positive, but it 
becomes negative in autumn. Measurements of carbon dioxide exchange over 
active crops in the natural environment, however, have revealed that photo- 
synthesis may in some cases account for as much as 5% of the daily net radi- 
ation where there is a large mass of active vegetation, particularly under 
low-light conditions. In general, though, the term M in Eq. (20.8) is much less 
than that. 

Increasing the fraction of sunlight that can be utilized productively by 
plants is a major challenge to crop breeders and agronomists. One constraint 
is the concentration of carbon dioxide in the atmosphere, which is only about 
370 parts per million. Growing plants in an atmosphere artificially enriched 
with C0 2 can improve the utilization of sunlight, but such enrichment is gen- 
erally practical only in enclosed greenhouses. 

Overall, the amounts of energy stored in soil and vegetation and fixed 
photochemically account for a rather small portion of the total daily net radi- 
ation, with the greater portion going into latent and sensible heat. The 
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proportionate allocation between these terms depends on the availability of 
water for evaporation, but in most agriculturally productive fields the latent 
heat predominates over the sensible-heat term. 



Sample Problem 

The total incoming global radiation / s (sun and sky) received by a particular field on 
a given day is 2.1 x 10 7 J/m 2 (500 cal/cm 2 , or langleys). The albedo a is 15%. The net 
outgoing long-wave radiation balance ]\ amounts to 4.19 x 10 5 J/m 2 (10 cal/cm 2 ). The 
sensible heat transfer to the air A is 5.03 x 1 5 J/m 2 (1 2 cal/cm 2) , the net heat flow into 
the soil 5 is 2.514 x 1 5 J/m 2 (6 cal/cm 2 ), and the metabolic uptake of energy M is 
3.35 xlO 5 J/m 2 (8 cal/cm 2 ). 

Calculate the net radiation, the amount of energy available for latent-heat transfer 
(evapotranspiration), and the day's evapotranspiration in millimeters of water. On the 
following day, the sensible-heat transfer is reversed and evapotranspiration totals 7.5 
mm. If everything else remains the same, calculate the amount of advected energy 
taken up by the field. 

To calculate the net radiation / n , we write the radiation balance, Eq. (20.7): 

j n = ] s l (1 -oc)-/| = 2.1 x 10 7 (1 - 0.15) - 4.19 x 10 5 = 1.74 xlO 7 J/m 2 
= 500(1 - 0.1 5) - 1 = 41 5 cal/cm 2 

The latent-heat term LE can be calculated from the overall energy balance, Eq. (20.8), 
when all other terms are known: 

j n = LE + A + S+M or LE = l n -A-S-M 

Using the given values, we have 

LE =074- 5.04 - 2.51 - 3.35) x 1 5 = 1 .63 x 1 7 J/m 2 
= 415 - 12-6-8 = 389 cal/cm 2 

Since roughly 2.43 xlO 6 J are required at the prevailing temperatures to vaporize 
1 L (= 1 mm over 1 m 2 ), the amount of evaporation is 

LE/L = (1 6.3/2.43) x 1 6 = 6.7 mm 

Alternatively, since 580 cal are required to vaporize 1 g ~ 1 cm 3 of water, the amount of 
evaporation is 

LE/L = 389 cal/cm 2/ 580 cal/cm 3 = 0.67 cm = 6.7 mm 

On the following day, with a positive influx of sensible heat by advection, evapotran- 
spiration amounts to 7.5 mm, and hence the latent-heat term is 

LE = (7.5 x 1 0- 3 m)(2.43 x 1 9 J/m 3 ) = 1 .82 x 1 7 J/m 2 
= 0.75 cm x 580 cal/cm 3 = 435 cal/cm 2 

The energy balance is therefore 

income = disposal: l n + A=LE+S+M 

and the advected energy is 

A = LE + 5 + M - / n = (1 82 + 2.51 + 3.35 - 1 74) x 1 6 J/m 2 
= 1 .4 x 1 6 J/m 2 = 435 + 6 + 8 - 41 5 = 34 cal/cm 2 
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The transport of sensible heat and latent heat (carried by vapor) from the 
soil-plant complex to the atmosphere occurs through several layers. The first 
is the laminar boundary layer, a relatively quiescent (though not stagnant) 
body of air in immediate contact with the surface of the evaporating body. 
Through this layer, which may be only about 1 mm thick, transport occurs by 
diffusion. Beyond this layer, turbulent transport becomes predominant in the 
turbulent boundary layer. 

The sensible heat flux A is proportional to the product of the temperature 
gradient dT/dz and the turbulent transfer coefficient for heat k a : 



where c p is the specific heat capacity of air at constant pressure, p a is the den- 
sity of air, T is temperature, and z is height above the surface. 

The rate of latent-heat transfer by water vapor from the field to atmos- 
phere, EE, is similarly proportional to the product of the vapor-pressure gra- 
dient and the appropriate turbulent-transfer coefficient for vapor. 

If we assume that the transfer coefficients for heat and water vapor 
are equal, then the ratio between the transports of sensible heat and latent 
heat is 



Here AT/Ae is the ratio of temperature gradient to vapor-pressure gradient in the 
atmosphere above a field and ^ c is the psychrometric constant (66 Pa/°C -0.66 
mbar/°C). 

The ratio (3, called the Bowen ratio, depends mainly on the interactive 
temperature and moisture regimes of the field. When the field is wet, the 
relative humidity gradients between its surface and the atmosphere tend to 
be large; much of the energy received is taken up as latent heat in the 
process of evaporation, so the temperature gradients tend to be small. Thus, 
(3 is rather small when the evaporation rate is high. When the field is dry, 
on the other hand, the relative humidity gradients toward the atmosphere 
are generally small and much of the received energy goes to warming the 
surface, so the temperature gradients tend to be steep and the Bowen ratio 
becomes large. In a recently irrigated field, p may be smaller than 0.2, while 
in a dry field in which the plants are under a water stress (with stomatal 
resistance coming into play), the surface may warm up and a much greater 
share of the incoming energy will be transferred to the atmosphere directly 
as sensible heat. Under extremely arid conditions, in fact, EE may tend to 
zero and p to infinity. With advection, sensible heat may be transferred from 
the air to the field rather than vice versa, and the Bowen ratio can become 
negative. 

Transfer through the turbulent atmospheric boundary layer takes place pri- 
marily by means of eddies, which are irregular, swirling microcurrents of air, 
whipped up by the wind. Eddies of varying size, duration, and velocity fluctu- 
ate up and down at varying frequency, carrying both heat and vapor. It is rea- 
sonable to assume that momentum and carbon dioxide, as well as vapor and 
heat, are carried by the same eddies. While the instantaneous gradients and 



A = -Cpp a & a (dT/dz) 



(20.9) 



p = A/LE - ^ c (AT/Ae) 



(20.10) 
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vertical fluxes of heat and vapor will generally fluctuate, when a sufficiently 
long averaging period is allowed (say, 15-60 min), the fluxes exhibit a stable 
statistical relationship over a uniform field. 

This is not the case at a low level over an inhomogeneous surface of spotty 
vegetation and partially exposed soil. Under such conditions, cool, moist packets 
of air may rise from the vegetated spots and warm, dry air may rise from the 
dry soil surface, with the latter rising more rapidly owing to buoyancy. An 
index of the relative importance of buoyancy (thermal) versus frictional forces 
in producing turbulence is the Richardson number, Rj = g(dT/dz)/[T(du/dz) 2 ], 
where dT/dz is the temperature gradient and g is the acceleration of gravity. 
The air profile tends to be stable when R z is positive and unstable (buoyant) 
when Rj is negative (W. D. Sellers, 1965). 

Using the Bowen ratio, we can write the latent-heat and sensible-heat fluxes 
as follows (recalling that J n = S + A + LE and that (3 = A/LE): 

L£ = (/ n -5)/(l + P) (20.11) 

A = Pt/ n -S)/(l + P) (20.12) 

Thus, LE can be obtained indirectly from micrometeorological measurements 
in the field (i.e., / n , S, and (3) without necessitating measurements of soil-water 
fluxes or plant activity. The usefulness of the Bowen ratio in evapotranspir- 
ation studies was analyzed by Angus and Watts (1984). 

The diurnal variation of the energy balance is illustrated in Fig. 20.4. Both 
the diurnal and the annual patterns of the energy balance components differ 
for different conditions of soil, vegetation, and climate (Sharma, 1984; Baker 
and Norman, 2002). 




00.00 04.00 08.00 12.00 16.00 20.00 24.00 
Hour 



Fig. 20.4. The diurnal variation of net radiation / n and of energy utilization by evapotran- 
spiration E, sensible heating of the atmosphere A, and heating of the soil 5 under alfalfa-brome 
hay on Plainfield sand. Wisconsin, 4 September 1957. (After Tanner, 1960.) 
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ADVECTION 

The equations given for the energy balance apply to extensive uniform areas 
in which all fluxes of energy and vapor are vertical or nearly so. However, any 
small field differing markedly from the neighboring areas is subject to lateral 
effects and may exchange energy and matter in one form or another with its 
surroundings. Specifically, winds sweeping over a small field may transport 
heat and vapor into or out of it. This phenomenon, called advection, can be espe- 
cially important in arid regions, where small irrigated fields are often surrounded 
by an expanse of dry land. Under such conditions, the warm and dry incoming 
air can introduce energy in the form of sensible heat (in addition to the energy of 
net radiation), which is transformed into latent heat of vaporization as it is 
absorbed by the crop (Graham and King, 1961; Rosenberg, 1974). 

The extraction of sensible heat from a warm mass of air flowing over the 
top of a field, and the conversion of this heat to latent heat of evaporation, is 
called the oasis effect. The passage of warm air through the vegetative cover 
has been called the clothesline effect. A common sight in arid regions is the 
poor growth of the plants near the windward edge of a field, where penetra- 
tion of warm, dry wind contributes energy for evapotranspiration. Where 
advective heat inflow is large, evapotranspiration from rough and "open" 
vegetation (e.g., widely spaced row crops or trees) can greatly exceed that 
from smooth and close vegetation (e.g., mowed grass). 

The effects of advection are likely to be small in very large and uniform 
fields but very considerable in small plots that differ significantly from their 
surroundings. With advection, latent heat "consumption" can be larger than 
net radiation. Hence, values of evapotranspiration and of irrigation require- 
ments obtained from small experimental plots are not typically representative 
of large fields, unless these plots are "guarded" in the upwind direction by 
an expanse, or fetch, of vegetation of similar roughness characteristics and 
subject to a similar water regime. It should be obvious from the preceding that 
a small patch of vegetation, particularly if it consists of a spaced stand of 
shrubs or trees, can at times evaporate water in excess of the evaporation from 
a free-water surface such as a lake, a pond, or a pan. 

Advection is not confined to small fields. It can also occur on a "macro- 
meteorological" scale. A case in point is the periodic invasion of semihumid 
regions along the Mediterranean littoral by searing desert winds, variously 
called sirocco (from the Arabic word sharkiyeh, meaning "easterly") or kham- 
sin (meaning "fifty," because it occurs most commonly during the transition 
seasons of spring and autumn, each said to last 50 days). 

POTENTIAL EVAPOTRANSPIRATION: THE PENMAN EQUATION 

The concept of potential evapotranspiration is an attempt to characterize 
the micrometeorological environment of a field in terms of an evaporative 
power, or demand, that is, in terms of the maximal evaporation rate the 
atmosphere is capable of exacting from a field of given surface properties. The 
concept probably derives from the common observation that when a porous 
body initially permeated with water is exposed and allowed to dry gradually 
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in the open air, progressively longer increments of time are generally required 
to remove equal increments of water. The evaporation rate obviously depends 
both on the environment and on the state of wetness of the object itself. 
Intuitively, therefore, one might suppose that there ought to be a definable 
evaporation rate for the special case in which the object is maintained perpetu- 
ally in as wet a state as possible and that this evaporation rate should depend 
solely on the meteorological environment. 

Penman (1956) defined potential evapotranspiration as "the amount of 
water transpired in unit time by a short green crop, completely shading the 
ground, of uniform height and never short of water." As such, it is a useful 
standard of reference for the comparison of different regions and of different 
measured evapotranspiration values within a given region. 

To provide the highest possible yields, many agricultural crops must receive 
sufficient rain or irrigation to prevent water from becoming a limiting factor. 
Knowledge of the potential evapotranspiration can therefore serve as a basis 
for planning the irrigation regime. In general, the actual evapotranspiration 
£ tp from various crops will not equal the potential value £ tp , but in the case of 
a close-growing crop the maintenance of optimal soil-moisture conditions for 
maximal yields will generally result in E ta being nearly equal to (or a nearly 
constant fraction of) £ tp , at least during the active growth phase of the crop. 

Various empirical approaches have been proposed for the estimation of 
potential evapotranspiration (e.g., Thornthwaite, 1948; Blaney and Criddle, 
1950). The method proposed by Penman (1948) is physically based and hence 
inherently more meaningful. His equation, based on a combination of the 
energy balance and aerodynamic transport considerations, is a major contri- 
bution in the field of agricultural and environmental physics. 

The Dalton equation for evaporation from a saturated surface is 



where u is the wind speed above the surface, e s is the saturation vapor pres- 
sure (or the absolute humidity) at the temperature of the surface, and e is the 
vapor pressure of the air above the surface at an elevation sufficient so that e is 
unaffected by e s . For the present, we shall disregard the fact that the shape of 
the function f(u) should depend on the roughness of surface and on the stabil- 
ity (buoyancy) of the air over the surface. 

The rate C at which a surface loses (or gains) heat by convection can be 
written in a similar way: 



where T and T z are temperatures at the surface and at height z, respectively, 
and £ is called the psychrometric constant because it appears in the equation 
relating vapor pressure to the readings of wet bulb and dry bulb thermometers. 
If e a is the saturated vapor pressure of the air, then 



LE = (e s - e)f(u) 



(20.13) 



C=(T -T z ^f(u) 



(20.14) 



LE & = (e a - e)f(u) 



(20.15) 



And 



£ a /£ = 1 - (e s - e a )/(e s - e) 



(20.16) 



is obtained by dividing Eq. (20.15) by Eq. (20.13) and rearranging the terms. 
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Penman assumed that S = (i.e., the soil heat flux is negligible), so that he 
could write Eq. (20.11) as 



JJLE = 1 + p 
Since the Bowen ratio can be written 

$ = t(T s -T a )/(e s -e) 

then 



1*- = 1 + 5 
LE s 



In Eq. (20.18) we can write 

(e s - e a )/(T s - T a 



e s ~ e a 






e„ - e 

V s J 


1 


V s a / 



(20.17) 
(20.18) 

(20.19) 



(Ae/AT)T= T a = A 



where A is the slope of the curve of saturated vapor pressure vs. temperature. 
Now we can rewrite Eq. (20.18): 



L_ = 1+ A 
LE A 



(20.20) 



Since (e s — e a )/(e s — e) = 1 — EJE from Eq. (20.16), algebraic rearrangement 
gives 



LE 



(^)Jn + LE a 

A/£ + l 



(20.21) 



Equation (20.20) is the Penman equation, where 

L£ a = 0.35(^ a - e)(0.5 + u 2 /100) (mm/day) 

e^ = saturated vapor pressure at mean air temperature (mm Hg), e = mean 
vapor pressure in air, and u 2 = mean wind speed in miles per day at 2 m 
above the ground. This equation permits calculation of the potential evapo- 
transpiration rate from measurements of the net radiation and of the tem- 
perature, vapor pressure, and wind velocity taken at one level above the 
field. 

The Penman formulation, based on the simultaneous solution of the heat 
and mass balance equations, avoided the necessity of determining the value of 
the surface temperature T s . (That determination was difficult to make rou- 
tinely and was subject to substantial errors before precise radiation therm- 
ometers became available.) Penman's original formulation also disregarded the 
possible fluctuations in the direction and magnitude of the soil-heat flux term. 
Moreover, it makes no provision for surface roughness, air instability (buoy- 
ancy) effects, and advection. 

To correct for the differences between potential evapotranspiration from 
rough surfaces and potential evaporation from smooth water £ , Penman used 
the following empirical factors determined in southern England: 



£ (bare soil)/£ (water) = 0.9 

£ (turf)/£ (water) = 0.6 in winter, ranging to 0.8 in summer 
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It bears emphasis that representing potential evapotranspiration purely as 
an externally imposed "forcing function" is a gross approximation. In fact, the 
field participates, as it were, in determining its evapotranspiration rate even 
when it is well endowed with water, through the effect of its varying albedo, 
thermal capacity and conductivity, aerodynamic roughness, etc. The oft-stated 
principle that all well-watered fields in a given location, regardless of specific 
characteristics, are subject to the same potential evapotranspiration is only 
approximately correct (van Bavel and Hillel, 1976). 

The Penman formulation was modified by van Bavel (1966) to allow for 
short-term variations in soil-heat flux and for differences among various sur- 
faces. His method for predicting potential evapotranspiration requires the 
additional measurements of net radiation and soil-heat flux. A roughness 
height parameter is used to characterize the aerodynamic properties of the sur- 
face, that is, to take account of the fact that, all other things being equal, 
potential evapotranspiration from a corn field should exceed that from a lawn, 
which, in turn, should normally be greater than that from a smooth bare soil. 

The latent heat flux at potential evapotranspiration L£ is given by 



(A/g) (/ n - 5) + Ma 

A/$ + l 



L£ = v ™„ \ — (20.22) 



where A is the slope of the curve of saturation vapor pressure versus tempera- 
ture at mean air temperature, ^ is the psychrometric constant, J n is net radi- 
ation, S is soil-heat flux, d a is the vapor-pressure deficit at elevation Z a 
(namely, e s - e a ), and k v is the transfer coefficient for water vapor (a function 
of wind speed and surface roughness). For the dependence of k v on mean wind 
speed u 2 , Penman (1948) suggested empirically k v = 20(1 + u 2 /100) = 20 
+ u 2 /5, where e s and e a are given in millimeters of mercury. 

Further improvements of physically based predictions of evapotranspir- 
ation can result from the inclusion of air-stability or buoyancy effects, inas- 
much as vapor transfer is enhanced whenever the thermal structure of the air 
becomes unstable (Szeicz et al., 1973). The advent of remote-sensing infrared 
thermometry has made possible continuous monitoring of surface tempera- 
ture and hence also allows a better estimation of the vapor pressure at the 
surface. 

The ratio A/^ and the saturation vapor pressure e s at various temperatures 
are available in standard tables in many texts on physical meteorology and on 
environmental physics. A summary is given in Table 20.1. 



TABLE 20.1 The ratio A/^ and the saturation vapor pressure e s at 
various temperatures 



T(°C) 


10 


15 


20 


25 


30 


35 


A/5 


1.23 


1.64 


2.14 


2.78 


3.57 


4.53 


e s (mm Hg) 


9.20 


12.707 


17.53 


23.75 


31.82 


42.18 


e s (mbar) 


12.27 


17.04 


23.37 


31.67 


42.43 


56.24 
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Sample Problem 

On a given day in early spring the daily net radiation / n is 350 cal/cm 2 , the mean air tem- 
perature T a at standard height (2 m) is 15°C, the mean vapor pressure e a at that height is 
8 mm Hg, and the mean wind speed u 2 is 15 miles/day. On another day in late spring the 
net radiation is 420 cal/cm 2 , mean air temperature is 20°C, mean vapor pressure is 9 mm 
Hg, and mean wind speed is 20 miles/day. Finally, on a day in summer / n is 500 cal/cm 2 , 
T a is 25°C, e a is 10 mm Hg, and u 2 is 25 miles/day. Estimate the potential evapo- 
transpiration using Eq. (20.22). Assume the net soil-heat flux 5 to be zero in all cases. 
Note: Use the units in which Eq. (20.22) was originally cast. 
Potential evapotranspiration LE is given by 

le _ (A/g)(/ n - 5) + k v d a 



(A/© + 1 

where d a is the mean vapor pressure deficit (e s - e a ) at standard height. Recall that A/£ 
and e s at several temperatures are tabulated in Table 20.1, and assume that k v = 20 
+ u 2 /S (Penman, 1948). Accordingly, 
For the early spring day: 

LE = [1 -64 x (350 - 0) + (20 + 1 5/5)(1 2.78 - 8)]/(1 .64 + 1 ) = 259 cal/cm 2 day 

For the late spring day: 

_ 2.14 x (420 - 0) + (20 + 20/5)(1 7.53 - 9) 



2.14 + 1 



For the summer day: 
LE n 



351 cal/cm 2 day 



2.78 x (500 - 0) + (20 + 25/5)(23.75 - 10) 



2.78 + 1 



459cal/cm 2 day 



Remembering that approximately 580 cal are required to vaporize 1 g of water, and 
assuming a water density of 1 g/cm 3 , we can use 58 cal/cm 2 day as the latent-heat flux 
equivalent to the evaporation of 1 mm of water per day. Hence the values of potential 
evapotranspiration are estimated to be: 

259/58 = 4.5 mm for the early spring day 
351/58 = 6.1 mm for the late spring day 
459/58 = 7.9 mm for the summer day 



CANOPY RESISTANCE: THE PENMAN-MONTEITH EQUATION 

Monteith (1980) provided a review and extension of the Penman equation. 
An essential condition for the validity of the Penman analysis is that the latent- 
heat and sensible-heat exchange must both take place from a surface at the 
same temperature. When the air in contact with the evaporating surface is 
vapor saturated, we can expect the evaporation rate to be maximal (i.e., to 
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occur at the full potential rate). However, the Penman approach can be valid 
even if the air in contact with the surface is not saturated, provided it has a 
constant relative humidity, which can be related to the free energy of the evap- 
orating water. 

Monteith (1973, 1980) introduced the transfer-resistance concept to 
account for heat and vapor transfers from less-than-saturated surfaces. The 
resistance to vapor transfer r v is defined by the relation 

LE = pc(e - e a )/^ v (20.23) 

where e is the vapor pressure of air in contact with the surface, e a is the 
vapor pressure of air at an arbitrary height (usually within 2 m of the sur- 
face to ensure that it is related to the state of the surface and to the turbu- 
lent transfer of vapor from the surface), and pc is the volumetric specific 
heat of air. The corresponding resistance for heat transfer r H is therefore 
given by 

C = pc(T -T,)/r H (20.24) 

Equations (20.13) and (20.14) can now be regarded as special cases of Eqns. 
(20.23) and (20.24), with r v = r H = pclhf{u). Eliminating surface temperature, 
Monteith (1980) then gives the evaporation rate in a form similar to the ori- 
ginal Penman equation: 

XE _ AH + pc[e s (T a ) - e a Vr H 

A + l(rJr H ) (2025) 

The relative humidity h at the evaporating surface is related to the water 
potential \\f of that surface by h - exp(-\|/ART). Equation (20.25) then becomes: 

JJL = AhH + pc[he s (T a )-eJ/r H 

Ah + y(r Y /r H ) (20.26) 

Equation (20.25) is known as the Penman-Monteitb equation. It has been 
used to specify the physiological control of evaporation from a crop (affected 
by the stomatal control mechanism) in terms of a canopy resistance r c . It has 
also been used to predict the maximum rate of evapotranspiration from a crop 
as a function of a minimum value of that resistance, with r v assumed to be the 
sum of the resistance to momentum transfer r m and the canopy resistance r c in 
series. 



SPATIAL VARIATION OF PROPERTIES AND PROCESSES 

Pedologists have long recognized that soils exhibit great differences from 
one location to another, and they have attributed these differences to the var- 
ied combinations of factors governing soil formation. They have tended to 
classify soils and draw maps with distinct boundaries between differing soils. 
Within each classification, however, the prevalent assumption was that the soil 
is more or less uniform. Any section of land, it would therefore seem, could 
be characterized precisely by a limited number of sampling points. Another 
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convenient presumption was that the major physical processes in the soil take 
place in a single dimension, that is, vertically up or down. 

This idealized picture of areally homogeneous landscape units in which 
soil properties and processes are exactly determinable is, alas, unrealistic. 
Spatial as well as temporal variability, to whatever degree, is an inevitable 
attribute of every section of the landscape (be it a catchment, an agricultural 
field, or a desert biome). Nielsen et al. (1973) were among the first to point 
out the importance of spatial variability and to seek ways to characterize it 
quantitatively. 

The causes of variability can be both natural and anthropogenic. Natural 
variability results from the inherently heterogeneous nature of the original 
geological formation as well as of the relief, thermal and water regimes, and 
biotic factors that had prevailed during the long course of soil development. 
Anthropogenic variability , superposed on natural variability, results over time 
from the uneven treatment or management of the area by such practices as 
land-shaping, compaction, tillage, irrigation, drainage, cropping, and applica- 
tions of chemicals. 

Different types of soil properties are recognized. Point properties are those 
that can be measured at each point within the soil. Examples are temperature, 
pressure (liquid, gaseous, or intergranular), and chemical composition. 
Volume properties, on the other hand, have meaning only with reference to a 
specified (or an implied) volume. They include such properties as bulk density 
and porosity. When volume properties are measured, the results may depend 
on the size of the volume measured. Large volumes encompass and may 
obscure microscale irregularities. 

A distinction should also be made between static and dynamic soil prop- 
erties. Static properties are attributes of the soil that remain regardless of 
process. Examples are particle size and pore size distribution, wetness, and 
organic matter content. Dynamic properties only come into play in the 
response of the soil to applied forces that induce processes. Examples are 
infiltrability (the rate at which the soil absorbs water applied to its surface at 
atmospheric pressure) and compactibility (the tendency of a soil body to com- 
press when subject to mechanical stresses). Dynamic properties may be 
related functionally to static properties (as, for instance, hydraulic conductiv- 
ity is dependent on pore size distribution), but the relation is likely to be 
nonlinear (e.g., the conductance of each class of pores is related to the radius 
squared). 

Static properties typically (though not invariably) exhibit bell-shaped ("nor- 
mal") distribution curves. Such curves are obtained when the results of meas- 
urements made at numerous locations in a study area (in which the values of 
a property are randomly distributed) are plotted against the number of meas- 
urements yielding similar values. For this type of distribution, the mean value 
(average of all values) is nearly the same as the median (the middle value in the 
array) and the mode (the most frequently occurring value). The height versus 
width of the distribution curve characterizes the degree of variability. The 
commonly used coefficient of variation is the standard deviation expressed as 
a percentage of the arithmetic mean. When this index is applied to soil phys- 
ical properties, it is usually found to be smaller for static than for dynamic 
properties (Mulla and Mc Bratney, 2000). 
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In addition to greater variation, dynamic properties tend to exhibit skewed 
rather than symmetrical frequency distributions. (In a skewed distribution, the 
mean, median, and mode generally differ.) That is often because small devi- 
ations from the mean values of static properties may generate large deviations 
from the mean values of related dynamic properties (Horowitz and Hillel, 
1983). To give an example: The presence of macropores may increase poros- 
ity by no more than 10%, whereas the infiltrability may be increased by 100% 
or more. A way of handling skewed distributions is to try to "normalize" them 
by means of various mathematical devices. A common approach is to plot the 
logarithms of the measured values, to test whether a more-or-less linear log- 
normal curve is thereby obtained. 

A further distinction is to be made between the spatial variability of soil 
properties and that of soil processes. Certain processes depend on certain 
properties (e.g., the infiltration rate depends on the hydraulic conductivity). 
However, processes may be additionally affected by the nonuniformity of 
the forcing inputs and outputs involved. Thus, runoff depends not only on the 
profile's hydraulic conductivity but also on the time-variable and space- 
variable intensity of rainfall or on the depth-variable application of irrigation. 

In some cases, the relative uniformity of inputs and outputs may mask the 
nonuniformity of soil properties (e.g., when low-intensity rains are absorbed 
entirely by a soil of space-variable conductivity, or when atmospheric evap- 
orativity extracts water uniformly from a variably wetted soil), so the 
processes tend to be less variable than the properties. In other cases, variable 
inputs combine with the soil's variable properties to magnify the resultant vari- 
ability of the processes. Consider, for instance, the hypothetical case of a local- 
ized rainstorm of high intensity impacting a section of a heterogenous 
catchment. If the rain strikes the part of the catchment that is sandy, the water 
is likely to percolate straight down to the water table beneath, with minimum 
runoff and maximum leaching. If, however, the rainstorm takes place over a 
clayey section of the catchment, the likely results would be maximal runoff 
and minimal percolation. 

In the field, soil properties may vary randomly or systematically. If variation 
in a section of land is random, there is equal probability that a given value of 
a property will be found regardless of where the measurement is made. If, on 
the other hand, the variation is systematic (i.e., if the study area has a distinct 
structure or spatial pattern), the likelihood of obtaining similar results from 
several measurements becomes smaller as the sites of measurement are farther 
apart. Statistical procedures for testing the spatial structure of a study area 
include autocorrelation and variograms. 

Techniques for assessing probable values of properties in any location 
between measured sites are based on geostatistics, a methodology developed 
by mining engineers (Journel and Huijbregts, 1978). A statistical procedure 
called kriging yields more realistic estimates than the older method of linear 
interpolation, because it considers the spatial trend of a property based on the 
array of values surrounding the point of interest (Warrick and Nielsen, 1980; 
Webster and Oliver, 1990; Warrick, 1998; van Es, 2002). 

Recognizing the existence of spatial variability implies the acceptance of 
uncertainty. We can never determine a property or quantify a process exactly. 
All that capricious nature allows us to do is to assess the probability that the 
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property or process of interest lies within a specifiable range of values. A sin- 
gle mean value is not sufficient to characterize an area, since two areas may 
have the same mean values of a property but behave quite differently if the 
spatial distributions of the property differ. Knowing the spatial configuration 
of an agricultural field's properties and processes can provide guidance on how 
to adjust irrigation, fertilization, and pest-control treatments to accord with 
the variability of the field, rather than apply these practices uniformly (and in 
many cases, wastefully, with damage to the environment), as has long been the 
common practice. This methodology is known as precision agriculture. 
Rehabilitation of disturbed lands will similarly benefit from better under- 
standing of their spatial characteristics. 
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21. IRRIGATION 

AND WATER-USE 
EFFICIENCY 



THE ROLE OF IRRIGATION 

Water constitutes the single most important constraint to increasing food 
production in our hungry world. So tenuous and delicate is the balance 
between the incessant demand for water by crops and its sporadic supply by 
precipitation that even short-term dry spells often reduce production signifi- 
cantly, and prolonged droughts can cause total crop failure and mass starva- 
tion. Irrigation is the practice of supplying water artificially to permit farming 
in arid regions and to offset drought in semiarid or semihumid regions. As 
such, it can play a key role in feeding an expanding population. Even in areas 
where total rainfall is ample, it may be unevenly distributed during the year so 
that only with irrigation is stable multiple cropping possible. In fact, the 
potential productivity of irrigated land generally exceeds that of unirrigated 
("rain-fed") land, due both to increased yields per crop and to the possibility 
of multiple cropping. 

By some estimates, irrigated agriculture produces one-third of the world's 
crop on one-sixth of the world's cropland. The efficiency of irrigation helps to 
relieve pressure on the earth's natural ecosystems, including its rainforests. Yet, 
in too many places, the sustainability of irrigation is threatened by processes 
of degradation. The proper management of irrigation, based on a fundamen- 
tal understanding of the processes involved, is therefore of vital importance. 

The practice of irrigation consists of introducing water into the part of the 
soil profile that serves as the root zone, for the subsequent use of a crop. A well- 
managed irrigation system optimizes the spatial and temporal supply of water, 
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Tl BOX 21 .1 The Early History of Irrigation 

j The decisive process in the origin of civilization was the development of 
' I dependable food-producing systems. That process involved a sequence of steps, 
starting with an initially extensive hunting-gathering economy that tended to 
become increasingly intensive and culminating in a complete revolution in human soci- 
ety and its management of the environment. A crucial step in the process was the selec- 
tion of favorable wild plants in their natural habitats, their domestication and 
transformation into crops, and their propagation in selected areas. 

That process first took place in the Near East some 1 0,000 to 1 2,000 years ago, in 
the arc of rain-fed uplands and foothills fringing the Fertile Crescent on the west, north, 
and east. Prominent among the native plant resources of that region were species of the 
Graminea and Leguminosa families (the former including the progenitors of wheat, bar- 
ley, oats, and rye; the latter including lentils, peas, chickpeas, and vetch). The nutritious 
seeds of such plants could be collected and stored to provide food for several months. 
Most native plants scatter their seeds as soon as they mature and are therefore difficult 
to harvest efficiently. A few anomalous plants, however, due to chance mutations, retain 
their seeds. The preferential selection of such seeds, and their propagation in favorable 
plots of land, constituted the beginnings of agriculture, providing the early farmers with 
crops that could be harvested more uniformly and dependably than could the wild 
plants. 

Eventually, farming was extended from the relatively humid centers of its origin 
toward the river valleys of the Jordan, the Tigris-Euphrates, the Nile, and the Indus. 
Because the climate of these river valleys is generally arid, a new type of agriculture, 
based primarily on irrigation, came into being. The early farmers of those river valleys, 
around 5000 b.c.e., relied at first on natural irrigation by the unregulated seasonal floods 
to water the banks or floodplains of the rivers. As soon as the flood withdrew, they could 
cast their seeds in the mud. At times, however, the flood did not last long enough to 
wet the soil thoroughly. So the riparian farmers learned to build dikes around their plots, 
thus creating basins in which a desired depth of water could be impounded until it 
soaked into the ground and wetted the soil fully. The basins also retained the nutrient- 
rich silt and prevented it from running off with the receding floodwaters. Channels were 
dug to convey river water to the farther reaches of the plain that might not receive the 
water otherwise. By these means, irrigation farmers strove to gain greater control over 
the water supply to their crops. 

As the population of the river valleys grew, the necessity arose to intensify produc- 
tion still further. Instead of just one crop per year, the farmers of Mesopotamia and 
Egypt, for example, could possibly grow two, three, or even four, given the year-round 
warmth and the abundant sunshine of the local climate. To do so, they needed to 
draw water at will from the rivers or from shallow wells dug to the water table. At first 
they drew water manually in ceramic or animal-skin containers, which they then car- 
ried using shoulder yokes. In time, a new technology was invented: mechanical water- 
lifting devices. The simplest of these is the device known today in Arabic as the shadoof 
— a wooden pole used as a lever, with the long arm serving to raise bucketfuls of 
water and the short arm counterweighted with a mass of mud or a stone. A more 
sophisticated device, invented many centuries later in Egypt and attributed to 
Archimedes, is the so-called tamboor, which consists of an inclined tube containing a 
tight-fitting spiral fin. Both of these devices are human powered. A more elaborate 
water-lifting device is the animal-powered saqiya waterwheel. All of these devices 
were used in the Near East until quite recently but have of late been replaced by mod- 
ern motorized pumps. 
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not necessarily to obtain the highest yields per unit of land or per unit amount 
of water, but to maximize the benefit-to-cost ratio. Because of the economic con- 
siderations involved, which are necessarily specific to each location and set of 
circumstances, some aspects of irrigation management efficiency extend beyond 
the scope of this book on soil physics. The present chapter addresses some of the 
essential physical and environmental factors involved in irrigation. 

CLASSICAL CONCEPTS OF SOIL-WATER AVAILABILITY TO PLANTS 

The concept of soil-water availability , while never clearly defined in phys- 
ical terms, has long excited controversy among adherents of different schools 
of thought. Veihmeyer and Hendrickson (1955) claimed that soil water is 
equally available throughout a definable range of soil wetness, from an upper 
limit [field capacity) to a lower limit (the permanent wilting point), both of 
which are characteristic and constant for any given soil. They postulated that 
plant functions remain unaffected by any decrease in soil wetness until the per- 
manent wilting point is reached, at which point plant activity is curtailed 
abruptly. The simplicity of this conceptual model, though based on arbitrary 
limits, helped to popularize it among irrigators. 

We have already pointed out (Chapter 16) that the field capacity concept, 
though useful in some cases, lacks a universal physical basis. The wilting point, 
if defined simply as the value of soil wetness of the root zone at the time plants 
wilt, is not easy to recognize. Root-zone soil moisture may be reasonably uni- 
form for plants grown in restricted pots, but it is generally far from uniform in 
the field. Moreover, wilting is often a temporary phenomenon, which may 
occur in midday even when the soil is quite wet. The permanent wilting 
percentage (Hendrickson and Veihmeyer, 1950) has been defined as the root- 
zone soil wetness at which wilted plants can no longer recover turgidity even 
when placed in a saturated atmosphere for 12 hours. This is still an arbitrary 
criterion, since plant-water potential may not reach equilibrium with the 
average soil-moisture potential in such a short time. In any case, plant response 
depends as much on the evaporative demand (its variation and peak intensity) 
as on soil wetness (which itself is a variable function of space and time). 

The equal availability hypothesis enjoyed wide popularity for some decades, 
in the 1900s'. Later investigators produced evidence that soil- water availability 
decreases with decreasing soil wetness and that a plant may suffer progressive 
water stress and reduction of growth considerably before the wilting point is 
reached. Still other investigators, seeking to compromise between the opposing 
views, attempted to divide the so-called "available range" of soil wetness into 
"readily available" and "decreasingly available" ranges, and searched for a 
"critical point" somewhere between field capacity and wilting point as an add- 
itional criterion of soil-water availability. These different hypotheses, in vogue 
through most of the 20th century, are represented graphically in Fig. 21.1. 

None of these hypotheses was based on a comprehensive theoretical frame- 
work that could encompass the array of factors likely to influence the water 
regime of the soil-plant-atmosphere system as a whole. Rather, they tended to 
draw general conclusions from a limited set of experiments conducted under 
specific and sometimes poorly defined conditions. 
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100% 
Available water depletion 



Fig. 21.1. Three classical hypotheses regarding the availability of soil water to plants: 
(a) equal availability from field capacity to wilting point, (b) equal availability from field capac- 
ity to a "critical moisture" beyond which availability decreases, and (c) availability decreases 
gradually as soil-moisture content decreases. 



TRADITIONAL PRINCIPLES OF IRRIGATION MANAGEMENT 

In practice, the old hypothesis of equal availability of water to crops within 
a fixed range of soil moisture resulted in a regimen of repeated, infrequent, but 
massive applications of water intended to fill the soil reservoir to its "field 
capacity." Each irrigation was followed by a prolonged period of depletion to 
nearly the permanent wilting point before another irrigation was to be applied 
to replenish the "deficit" to field capacity. The traditional irrigation cycle thus 
consisted of a brief episode of soil saturation, followed by an extended time 
(many days and sometimes weeks) of soil moisture extraction by the crop. In 
this manner the root zone was subjected to alternating periods of excessive wet- 
ness (with consequent disruption of soil aeration) and then of excessive desicca- 
tion (to the detriment of roots, especially in the surface layer). Practical 
limitations on the frequency of irrigation by the conventional methods of water 
application made it difficult to try alternative regimens based on continuous 
maintenance of a more nearly optimal level of soil moisture in the root zone. 

Many irrigation projects were designed a priori to supply water to each 
farm unit on a fixed and infrequent schedule rather than to make water con- 
tinuously available on demand. The traditional mode of irrigation seemed to 
make good economic sense because many furrow, flood, or portable sprinkler 
systems have a fixed cost associated with each application of water. With such 
systems, it is desirable to minimize the number of irrigations per season by 
increasing the interval of time between successive irrigations. For example, if 
the cost of portable sprinkler tubes is a dominant consideration, it obviously 
pays to make maximal use of such tubes by minimizing the amount required 
per unit area irrigated and by rotating the available tubing from site to site so 
as to cover the greatest overall area possible before having to return again to 
the same site for reirrigation. 

The classical questions involved in irrigation management are when to irri- 
gate and how much water to apply at each irrigation. To the first question, the 



MODERN PRINCIPLES OF IRRIGATION MANAGEMENT 



411 



traditional reply has been: Irrigate when the available moisture is nearly 
depleted, as determined by sampling or neutron gauging or tensiometry at 
some presumably representative depth or depths within the root zone, or by 
observing indications of incipient moisture stress in the plants. To the second 
question, the traditional reply was: Apply sufficient water to bring up the 
moisture reserve of the soil root zone to field capacity, plus a "leaching frac- 
tion" of, say, 10-20% for salinity control. In the last third of the 20th century, 
however, newer concepts of irrigation management evolved. 

MODERN PRINCIPLES OF IRRIGATION MANAGEMENT 

Ever since the decade of the 1960s, evidence has been accumulating that 
crops may respond with a pronounced increase in yield when irrigation is pro- 
vided in sufficient quantity and frequency to prevent the occurrence of mois- 
ture stress at any time during the growing season. Such an effect can be 
produced by maintaining soil-moisture content in the root zone at a high level 
and soil-moisture suction at a low level while taking care to avoid excessive 
wetting and impairment of soil aeration as well as leaching out of nutrients. 
More precise control of soil moisture must also be aimed at preventing exces- 
sive percolation and the consequent rise of groundwater, which in turn poses 
the danger of salination. 

The desired conditions were difficult to achieve by the traditional surface 
and sprinkler irrigation methods prevalent until a few decades ago. The advent 
of newer irrigation methods (including permanent installations, called "solid 
set," of low-intensity sprinklers, subirrigation by means of porous tubes, and 
— especially — the so-called "microirrigation" techniques of drip, trickle, 
bubbler, or microsprayer irrigation) has made it possible to establish and 
maintain soil-moisture conditions at a more nearly optimal level than before. 
These newer methods now make possible the optimization of soil moisture, 
salinity, fertility, and aeration simultaneously. Since these new irrigation sys- 
tems are capable of delivering water to the soil in small quantities as often as 
desirable with no appreciable additional cost for the extra number of irriga- 
tions, the economic constraints on high-frequency irrigation have been lifted 
(Rawlins and Raats, 1975). 

As the frequency of irrigation increases, the infiltration period becomes a 
more important part of the irrigation cycle. Changing the irrigation cycle from 
an extraction-dominated to an infiltration-dominated process brings into play 
a different set of relationships governing water flow. For example, with daily 
(rather than weekly or monthly) applications of water, the pulses of moisture 
resulting from intermittent irrigation are damped out within a few centimeters 
of the surface, so flow below this point is essentially steady and gravity driven. 

By adjusting the rate and quantity of application in accordance with such 
measurable variables as potential evapotranspiration, soil hydraulic conduct- 
ivity, and the soil solution's salt and nutrient concentration, it is possible to 
control the level of suction prevailing within the root zone as well as the 
through-flow (drainage) rate and thus also the leaching fraction. Control of 
the crop's soil environment thus passes into the hands of the irrigation man- 
ager more completely than ever before. Properly managed, the new systems 
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hold the promise of saving water even while improving growing conditions 
and increasing yields. 

Since a high-frequency irrigation system can be adjusted to supply water at 
very nearly the exact rate required by the crop, the irrigator need no longer 
depend on the soil's own capacity to store water. The consequences of this fact 
are far reaching: New lands, until recently considered unsuited for irrigation, 
can now be brought into production. One outstanding example is the case of 
coarse sands and gravels, in which the storage of soil moisture is minimal and 
in which the surface conveyance and application of water (e.g., in ditches or 
furrows) would involve inordinate losses by excess and nonuniform seepage. 
Such soils can now be irrigated quite readily, even on sloping ground and with 
hardly any leveling, by means of a drip irrigation system, for instance. 

Theoretically, with high-frequency irrigation the irrigator need no longer 
worry about whether soil moisture is depleted or when plants begin to suffer 
stress. Such situations are avoided entirely. To the old question "When to irri- 
gate?" the modern irrigationist answers, "As often as practicable; if possible, 
daily." To the question "How much water to give?" the answer is, "Enough 
to meet the evapotranspirational demand and to prevent salination of the root 
zone." Potential evaporation can be measured or calculated, and soil salinity 
can be monitored by sampling the soil or the soil solution or by using salinity 
sensors (Oster and Willardson, 1971). 

ADVANTAGES AND LIMITATIONS OF NEW IRRIGATION METHODS 

Of particular interest is the method of drip (or trickle) irrigation, along with 
its many variants, such as microsprayer, or "spitter," irrigation. Collectively 
called microirrigation, these methods have gained recognition and are being 
introduced in many irrigated areas. The idea of applying water slowly, literally 
drop by drop, at a rate that is continuously absorbed by the soil's root zone at 
specific points, is not an entirely new notion. However, what has finally made 
it practical is the rather recent development of low-cost plastic tubing and vari- 
ously designed emitter fittings. System assemblies are now available that are 
capable of maintaining sufficient pressure in thin lateral tubes to ensure uni- 
form discharge throughout the field as well as a controlled rate of drip, trickle, 
or spray discharge through the narrow-orifice emitters with a minimum of 
clogging (Figs. 21.2 and 21.3). 

The application system has been supplemented by ancillary equipment, 
including filters, fertilizer injectors, and timing or metering valves (enabling 
the irrigator to predetermine the schedule and quantity of each irrigation or 
sequence of irrigations). Field trials in varied locations have resulted in 
increased yields of both orchard and field crops, perennial as well as annual, 
especially in adverse conditions of soil, water, and climate. Drip irrigation has 
also been found suitable for greenhouses and gardens and lends itself readily 
to labor-saving automation. 

The justifiable enthusiasm for the new methods, however, carries certain 
dangers. Hasty adoption of microirrigation without enough care in adaptation 
to local crops and to soil and weather conditions can result in disappointment. 
The method offers many potential advantages, yet it is no panacea. Inefficiency, 
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Fig. 21.2. Partial-area wetting around orchard trees under drip irrigation. 

in fact, is just as easy to achieve in the operation of a drip or trickle system as 
it is in the operation of conventional systems. Let us therefore list some of the 
possible advantages of drip irrigation while mentioning some of its limitations. 

One advantage, already mentioned, is the possibility of obtaining favorable 
moisture conditions even in problematic soils, such as coarse sands and clays, 
which are ill suited to conventional ways of irrigation (Bucks et al., 1982; Hillel, 
1997). Another is the possibility of delivering water uniformly to plants in a field 
of variable elevation, slope, wind velocity and direction, soil texture, and infil- 
trability. Still another potential advantage is the ability to maintain the soil at a 
highly moist yet unsaturated condition so that soil air remains a continuous 
phase capable of exchanging gases with the atmosphere. High moisture reduces 
the soil's mechanical resistance to root penetration and development. 

Where salinity is a hazard, as when the irrigation water is brackish, the con- 
tinuous supply of water ensures that the osmotic pressure of the soil solution 
will remain low near the water source. Moreover, drip irrigation, because it is 
applied underneath the plant canopy, avoids the hazard of leaf scorch and 
reduces the incidence of fungal diseases, both of which may occur with sprin- 
kler irrigation. Since drip irrigation wets the soil only in the immediate vicinity 
of each emitter, the greater part of the surface (particularly the inter-row areas) 
remains dry and hence less prone to weed infestation and soil compaction. In 
summation, properly managed microirrigation seems to offer the best opportu- 
nity at present to optimize the water, nutrient, and air regimes in the root zone 
(Rawitz and Hillel, 1974; Bucks et al., 1982; Hillel, 1987a, 1997). 
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Fig. 21.3. Radiation and water balances on a plant under localized irrigation. 



The fact that drip irrigation and other forms of localized microirrigation 
wet only a small fraction of the soil volume can also become a problem. While 
it is a proven fact that even large trees can grow on less than 50% of what is 
generally considered to be the normal root zone of a field (provided enough 
water and nutrients are supplied within this restricted volume), the crop 
becomes extremely sensitive and vulnerable to even a slight disruption of the 
irrigation system or schedule. If the system does not operate perfectly and con- 
tinuously, crop failure can result because the soil-moisture reservoir available 
to the plants is extremely small. 

WATER-USE EFFICIENCY AND WATER CONSERVATION 

Any concept of efficiency is a measure of the output obtainable from a given 
input. Irrigation or water-use efficiency can be defined in different ways, 
however, depending on the nature of the inputs and outputs considered. For 
example, one can define as an economic criterion of efficiency the financial 
return in relation to the money invested in the installation and operation of a 
water supply and delivery system. The problem is that costs and prices fluctuate 
from year to year and vary widely from place to place and thus may not be uni- 
versally comparable. Perhaps a more objective criterion for the relative merit of 
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an irrigation systems is an agronomic one — namely, the added yield (resulting 
from irrigation) per unit of land area or, better yet, per unit amount of water 
applied. Often, the criterion of efficiency depends on one's point of view. 

A widely applicable expression of efficiency is the agronomic or crop water- 
use efficiency, which has long been defined as the amount of vegetative dry 
matter produced per unit volume of water consumed by the crop. Because 
most of the water taken up by plants in the field is transpired (in arid regions, 
as much as 99%), the plant water-use efficiency is in effect the reciprocal of 
the so-called transpiration ratio defined as the mass of water transpired per 
unit mass of dry matter produced. 

What we shall refer to as technical efficiency is what irrigation engineers 
call irrigation efficiency. It is generally defined as the net amount of water 
added to the root zone divided by the amount of water taken from some 
source. As such, this criterion of efficiency can be applied to large regional 
projects or to individual farms or to specific fields. In each case, the difference 
between the net amount of water added to the root zone and the amount 
withdrawn from the source represents the loss incurred in conveyance and 
distribution. 

In practice, many (perhaps most) irrigation projects still operate in an inher- 
ently inefficient way. In many of the surface irrigation schemes, one or a few 
farms may be allocated large flows representing the entire discharge of a lat- 
eral canal for a specified period of time. Where water is delivered to the con- 
sumer only at fixed times and where charges may be assessed per delivery 
regardless of the actual amount used, customers tend to take as much water as 
they can while they can. This often results in overirrigation, which not only 
wastes water but also causes project-wide and perhaps even region-wide prob- 
lems connected with the disposal of return flow, waterlogging of soils, leach- 
ing of nutrients, and excessive elevation of the water table requiring expensive 
drainage to rectify. Although it is difficult to arrive at reliable statistics, it has 
been estimated that the average irrigation efficiency in such schemes is less 
than 50%. Since it is a proven fact that, with proper management, irrigation 
efficiencies of 80-90% can actually be achieved, there is obviously room, and 
need, for much improvement. 

The volume of water "consumed" in the field results from evapotranspir- 
ation rather than transpiration alone. It thus includes the amount of water 
evaporated directly from the soil surface without being taken up by the plants. 
In addition, evapotranspiration often includes the amount of water intercepted 
by the foliage (e.g., under overhead sprinkler irrigation or rainfall) and evap- 
orated without ever entering either the soil or the plant. In practice, direct 
evaporation is difficult to measure separately from transpiration, so the two 
terms are lumped together merely for the sake of convenience. Clearly, how- 
ever, much of the water evaporated without entering the plant is consumed 
nonproductively. Therefore, any method of irrigation that minimizes evapor- 
ation is likely to increase the efficiency of water utilization by the crop. Some 
new irrigation methods are capable of doing just that: They introduce water 
directly into the root zone without sprinkling the foliage or wetting the entire 
soil surface. 

Partial-area irrigation methods offer the additional benefit of keeping the 
part of the soil surface between the rows of crop plants (or fruit trees) dry. This 
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discourages the growth of weeds that would otherwise not only compete with 
crop plants for nutrients and moisture in the root zone and for light above 
ground, but also hinder field operations and pest control. 

All of the indexes of efficiency may be combined in a single concept, the 
overall agronomic efficiency of water use, WUE ag : 



where P is crop production (in terms of either total dry matter or marketable 
product) and W is the volume of water applied. 

The one component of the field water balance that generally cannot, and 
probably should not, be reduced is transpiration by the crop. In the open field, 
little can be done to limit transpiration if the conditions required for high 
yields are to be maintained. It appears that the greatest promise for increasing 
water-use efficiency lies in allowing the crop to transpire freely in response to 
the climatic demand by preventing or alleviating any possible water shortages 
while avoiding waste and obviating all other environmental constraints to 
attainment of the optimal productive potential of the crop. This is particularly 
important in the case of the new and superior varieties that have been devel- 
oped in recent decades and that can provide high yields only if water stress is 
prevented and such other factors as soil fertility (availability of nutrients), 
aeration, salinity, and soil tilth are also optimized. 



Sample Problem 

In a given season, a field of 4 ha (hectares) was irrigated with a total volume of 
48,000 m 3 of water. Evapotranspiration amounted to 900 mm. Assuming that the 
water content of the soil profile at the end of the season was the same as it was at 
the beginning, estimate the irrigation efficiency. How much water was drained? What 
would be the irrigation requirement for the field if an irrigation efficiency of 85% 
were to be attained? Assume negligible precipitation, runoff, capillary rise, and plant- 
water storage. 

It is convenient to divide the volume of irrigation by the field's area (recalling that 
1 ha = 10,000 m 2 ) to convert the irrigation quantity into depth units: 



Irrigation efficiency F\ has been defined as the volume of water used "consumptively" 
(i.e., in evapotranspiration) divided by the total volume applied to the field. Thus 



where AS is the soil storage increment, AV\s the vegetational storage increment, P is pre- 
cipitation, / is irrigation, U is upward capillary rise, R is runoff, D is drainage, E is evap- 
oration, and T is transpiration. According to the problem statement, the terms AS, ?, U, 
R, and A\/are assumed to be negligible. Hence 



WUE„ = P/W 



(21.1) 



/ = 48,000 m 3 /4 x 1 0,000 m 2 = 1 .2 m = 1 200 mm 



Fj = (£ + T)/l = 900 mm/1 200 mm = 0.75 = 75% 
We now recall the overall water balance [see Eq. (21 .2)]: 

AS + AV=(P+I + U)-(R + D+E+ 7) 




l=D + (E+ T) 




TRANSPIRATION IN RELATION TO PRODUCTION 
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To obtain the amount of drainage, we set 

D=I-(E+ T) = 1200-900 = 300 mm 

If irrigation efficiency were 85% and evapotranspiration were unchanged, our irrigation 
would be 

/ = (f + 7)/Fi = 900/0.85 = 1 059 mm = 1 .059 m 

which, over a field of 4 ha, would amount to approximately 

1 .059 m x 40,000 m 2 = 42,360 m 3 

A net savings of 48,000 - 42,360 = 5460 m 3 would thus be realized. 

Note: This calculation of "efficiency" includes evaporation as well as transpiration. In 
an "open" crop, such as a young orchard or row crop, direct evaporation from the 
exposed soil surface may be a partly avoidable loss. Hence it would stand to reason that 
evaporation should be counted as a contribution not to efficiency but to inefficiency. To 
the extent that transpiration by the crop (a largely inevitable consequence of its growth) 
can be separated from the direct evaporation of soil moisture, an alternative expression 
of irrigation efficiency can be attempted. However, the two components of evapotran- 
spiration cannot easily be separated, and in any case there usually is a feedback effect 
such that a reduction of the one would tend to enhance the other, though not neces- 
sarily to a commensurate degree. 



TRANSPIRATION IN RELATION TO PRODUCTION 

Transpiration may be limited either by the supply of water or by the supply 
of energy needed for vaporization, the latter determined mainly by such 
climatic factors as radiation, temperature, wind, and humidity. When the sup- 
ply of water is plentiful, it is the climate, and particularly the net radiation, 
which determines water use. When water is limiting, the assimilation rate, 
plant growth, and consequently crop yield are all related quantitatively to the 
water supply. The classical analysis of the relation between transpiration and 
yield was published by de Wit (1958). He reviewed the data then available and 
found that in climates with a large percentage of bright sunshine duration (i.e., 
arid regions), yield (Yd) tends to be linearly related to the ratio of actual tran- 
spiration (E a ) to free-water evaporation (£ ): 

Y d = mEJE (21 A) 

In climates with a limited duration of bright sunshine duration (i.e., cloudy 
regions), the relation 

Y d = nE a (21.5) 

was found (that is to say, dry-matter production is proportional to transpir- 
ation and hence "water-use efficiency" is constant). These relationships evi- 
dently hold for both container-grown and field-grown plants, and the values 
of constants m and n were reported to be characteristic for each crop. The 
assumption of linearity between yield and transpiration has served as the basis 



418 



CHAPTER 21 IRRIGATION AND WATER-USE EFFICIENCY 



for subsequent efforts toward comprehensive modeling of crop growth as 
influenced by soil water (e.g., Hanks, 1974). 

An empirically based equation to predict dry-matter yield from known val- 
ues of evapotranspiration was suggested by J. I. Stewart et al. (1977): 

Y/Y m = 1 - p£ td = 1 - p + p£ t /£ tm (21.6) 

where Y is yield, Y m is maximum attainable yield, £ t is evapotranspiration, £ tm 
is maximum (potential) evapotranspiration, and (3 is the slope of relative yield 
(Y/Y m ) versus the evapotranspirational deficit (E^ = 1 - £ t /£ tm ). To predict 
yield from this equation, one must know £ t , £ tm , Y m , and (3. 

Determination of the fraction of evapotranspiration due to evaporation 
from the soil (rather than transpiration from the plants) can be important, 
since evaporation does not relate to plant function and growth; hence it can 
be considered a loss. However, evaporation and transpiration are not mutually 
independent, and the reduction of one may entail an increase of the other, 
though not necessarily to a commensurate degree. 

Doorenbos and Kassam (1979) proposed a method for evaluating the yield 
response of crops to applied water in terms of the following relationship: 

(l-YJY m ) = f y (l-EJE tp ) (21.7) 

where Y a is actual yield, Y m is maximum attainable yield when water require- 
ments are fully met, f y is a yield response factor, £ ta is actual evapotranspir- 
ation, and £ tp is potential evapotranspiration. 

The relationship between the yield of a crop and the amount of water used is 
known as the crop water production function (Vaux and Pruitt, 1983) or crop- 
response function (Yaron and Bresler (1983). In many cases, the reported data 
pertain to the above-ground dry-matter yield. If the yield of interest is grain, 
fruit, or fiber, its relation to water use by the crop plants may be quite different. 

The relationships found between yield and water use under limited water sup- 
ply may not hold as potential evapotranspiration is attained and water ceases to 
be a limiting factor in plant growth. Beyond the point where transpiration 
reaches its climatic limit, the promise of increasing production may lie in identi- 
fying and obviating any other possible environmental constraints, such as light 
distribution in the canopy, carbon dioxide concentration in the air, and nutrients 
in the soil. Finally, we come up against genetic constraints. This is why environ- 
mental scientists (including soil physicists) must cooperate with plant geneticists 
in the effort to improve the productive potential of agricultural crops. 



Sample Problem 

A forage crop raised under two different irrigation treatments and two fertilization sub- 
treatments gave the following yields (seasonal potential evapotranspiration was 1 000 mm): 

(a) In the "wet" treatment, water was applied in several large irrigations totaling 
900 mm. The high-fertilization subtreatment produced a drainage of 100 mm and 
a dry-matter yield of 12 metric ton/ha. The low-fertilization subtreatment drained 
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200 mm and yielded 7 ton/ha. In neither subtreatment was the end-of-season soil-mois- 
ture content different from the start-of-season value. 

(b) In the "dry" treatment, the amount of water applied was 500 mm. High fertilization 
resulted in a net depletion of soil moisture amounting to 1 00 mm and a dry-matter yield 
of 9 ton/ha. The low-fertilization subtreatment depleted soil moisture 50 mm and 
yielded 5.5 ton/ha. 

Calculate the evapotranspiration and water-use efficiency values. Assuming direct 
evaporation from the soil surface to be 10% of evapotranspiration for the wet 
treatment and 15% for the dry treatment, calculate the transpiration ratio for each 
treatment. 

To calculate evapotranspiration £ t we subtract the amount of drainage from the 
amount of irrigation given to the wet treatment and add the amount of soil-water 
depletion to the amount of irrigation given the dry treatment: 

Wet treatment 
High-fertilization subtreatment: 

E t = 900 mm - 1 00 mm = 800 mm 

Low-fertilization subtreatment 

f t = 900 mm - 200 mm = 700 mm 

Dry treatment 
High-fertilization subtreatment: 

E t = 500 mm + 1 00 mm = 600 mm 

Low-fertilization subtreatment: 

E t = 500 mm + 50 mm = 550 mm 

To calculate water-use efficiency (WUE), we divide the dry-matter yield by the corres- 
ponding per-area mass of water used in evapotranspiration: 

Wet treatment 
High-fertilization subtreatment: 

WUE = (12 ton/ha)/(0.8 m x 1 0,000 m 2 /ha x 1 ton/m 3 ) 

= 1 2 ton/8000 ton = 1 .5 x 1 0~ 3 ton dry matter/ton water 
= 1 .5 x 1 0" 3 kg dry matter/kg water 

Low-fertilization subtreatment: 

WUE = (7x 1 000/1 0,000)/ (0.7 x 1 x 1 x 1 000) = 1 .0 x 1 0~ 3 

Dry treatment 
High-fertilization subtreatment: 

WUE = (9x1 x 1 x1 000)/(0.6 x 1 x 1 x 1 000) = 1 .5 x 1 0~ 3 

Low-fertilization subtreatment: 

WUE = (5.5 x 1 000 x 1 0,000)/(0.55 x 1 x 1 x 1 000) = 1 .0 x 1 0~ 3 

To calculate the transpiration ratio (T" R ) we can subtract direct soil-moisture evapor- 
ation from evapotranspiration (an arguable procedure, since evaporation and transpir- 
ation are not completely independent) to estimate the amount of transpiration and then 
divide the mass of water transpired by the mass of dry matter produced: 
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Wet treatment 
High-fertilization subtreatment: 

7" R = [0.8(1 -0.1)m 3 /m 2 (1 ton/m 3 )(1 000 kg/ton)] 
[(12 ton/ha)(1000 kg/ton)/ (10,000 m 2 /na)] 
= 600 kg water/kg dry matter 

Low-fertilization subtreatment: 

7 R = [0.7(1 - 0.1) x 1 x 1000]/(7 x 1000/10,000) = 900 kg water/kg dry matter 

Dry treatment 
High-fertilization subtreatment: 



7r = [0.6(1 - 0.1 5) x 1 x 1 000]/(9 x 1 000/1 0,000) = 567 kg water/kg dry matter 
Low-fertilization subtreatment: 
7r = [0.55(1 - 0.1 5) x 1 x 1 000]/(5.5 x 1 000/1 0,000) = 850 kg water/kg dry matter 



ESTIMATION OF CROP WATER REQUIREMENTS 

Irrigation scheduling is the term used to describe the procedure by which an 
irrigator determines the timing and quantity of water application. Accordingly, 
the two classical questions of irrigation scheduling are when to irrigate and how 
much water to apply. To the first of these questions (when — that is, how 
frequently — to irrigate) the answer is, in principle, to irrigate as frequently as is 
feasible economically. To the second question, the answer is to water enough to 
meet the current evaporative demand and to prevent salination of the root zone. 

The evaporative demand can be assessed by monitoring relevant weather 
variables (e.g., temperature, wind, atmospheric humidity, and solar radiation) 
and then applying any of several functional equations or formulae to calculate 
the potential evapotranspiration. Alternatively, and more simply, the evapora- 
tive demand can be estimated from standard evaporimeters. One of the sim- 
plest and most useful of such devices is the evaporation pan. It consists of a 
shallow water-filled container placed on the ground within the irrigated area. 
The amount evaporated daily can be obtained by measuring the volume of 
water per unit area of the pan that must be added to bring the water surface 
back up to a marked level. The pan evaporimeter is subject to the integrated 
effects of radiation, wind, temperature, and humidity, hence it can be correl- 
ated with evapotranspiration from the field in which it is placed. 

Of the various standardized pans, the one used most widely is the Class A 
pan, introduced by the U.S. Weather Bureau. It is a circular container, 121 cm 
across and 25.5 cm deep, placed on a slatted wooden frame resting over the 
ground. The pan is filled with water to a height about 5 cm below the rim. 
This standard design is relatively easy to follow. However, while inexpensive 
and easy to install, maintain, and monitor, evaporation pans in general have 
several shortcomings. 

Although in principle the water-filled pan is subjected to the same general 
climate as the crop, it does not necessarily respond in the same way. A vege- 
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tated surface generally differs from a free-water surface in reflectivity, ther- 
mal properties (heat storage), day-night temperature fluctuation, water 
transmissivity, and aerodynamic roughness. Such factors as the color of the 
pan, the depth and turbidity of the water, and shading from nearby plants 
can all affect the measurement to some degree. Pan evaporation depends on 
the exact placement of the pan relative to wind exposure. Pans surrounded 
by tall grass may evaporate some 20% less than pans placed in a fallow area. 
Rainfall may occur during the irrigation season and may add water to the 
pan, or thirsty animals wandering in the area may drink from the pan, thus 
detracting from its usefulness. To avoid water loss to drinking animals (espe- 
cially birds), pans are often covered with screens, which may reduce the 
evaporation rate by 10-20%, thus requiring the use of a correction factor. 
All these shortcomings notwithstanding, pan evaporimeters, if properly sited 
and maintained, can provide valuable data on weather conditions affecting 
the crop. The problem is how to translate pan evaporation into an estimate 
of crop-water requirements. 

The first step is to apply a correction factor to account for the fact that free 
water generally evaporates more than does a crop stand. Many experiments 
have shown that the appropriate correction factor varies from 0.5 to 0.85, 
with a mean value of about 0.66: 

cover 

0.66E pan (21.8) 

The second step is to account for the stage of crop growth, as indicated by 
the fractional ground cover. That can be estimated from ground observations 
of the area shaded by the crop. However, potential evapotranspiration, which 
is a function of the crop's coverage, is not simply proportional to it. Hillel 
(1997) proposed the following relationship: 

PET part i a i cover ~ 0.33(1 + C)£ pan (21.9) 

where C is the crop's fractional ground cover, varying from when the crop is 
sown to 1 when the crop stand is full. In the latter case, Eq. (21.9) becomes 
Eq. (21.8). 

The third step is to estimate the irrigation requirements (/), including the 
actual crop water requirement (W), plus a leaching fraction (L), minus an 
effective rainfall that might have occurred since the previous irrigation (R). 
Assuming that the actual crop- water requirement is about 80% of PET and 
that the desirable leaching fraction is some 10% of PET (i.e., W= 0.8 PET, 
and L = 0.1 PET), the estimate is: 

I=[0.33(W+L)]£ pan (l + C)-R 
= (0.33 x 0.9)£ pan (l + C) - R = 0.3£ pan (l + C) - R \^>w) 

These relationships are empirical and should only be regarded as esti- 
mates, to be tested in each case under local conditions of soil, weather, and 
crop (Hillel, 1997). Moreover, the estimates refer only to a crop's active 
growth stage. As some crops mature, their foliage senesces and transpiration 
(hence also water requirements) naturally diminishes. Irrigation is to be dis- 
continued when its further contribution to crop yield no longer justifies its 
added cost. 
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a I BOX 21 .2 The Sigmoid Response Curve 

The typical yield-response curve, relating crop yield to the amount of water 
^ I applied, is sigmoid in shape (Figure 21 .4). The slope of the curve at each point 

represents the yield response per unit quantity of irrigation. 
Along that curve, we can recognize four critical points: (1) a threshold quantity of 
water, designated T, below which no yield is obtained. (2) Beyond that threshold, the 
yield response is a rising curve with a steepening slope, up to a point of inflection desig- 
nated /. That is the point at which the slope is greatest, indicating the highest incremen- 
tal yield response to the addition of irrigation. (3) Beyond that point, the yield continues 
to rise as more water is added, but with diminishing returns per unit volume of water. At 
some point, an economic optimum may be reached beyond which any additional supply 
of water will no longer produce an incremental yield commensurate with the additional 
cost it involves. We designate that hypothetical optimal point O. (4) If still more water is 
supplied regardless of economic cost-benefit considerations, an absolute maximum yield 
is reached, designated M, after which soil moisture become excessive and the yield 
declines (owing to the restriction of aeration and the leaching of nutrients). 

The aim of irrigation research is not to ascertain the amount of water that would 
result in maximal absolute yield, or necessarily the amount needed to attain maximal 
yield per unit amount of water, but the optimal irrigation that can produce the great- 
est net income. It is this elusive O point that is most difficult to define, because it 
depends on so many additional biophysical factors, including vagaries of climate 
(cold spells or hot spells during the growing season), diseases and pests, quality (as 
well as quantity) of the irrigation water, and nutrient (fertility) status. It also depends 
on such economic factors as the cost of the water itself, the cost of delivering it to 
the crop, the cost of other essential inputs, and — of course — the price commanded 
by the product. 

Still another relevant factor is the possible contribution of rainfall to the water bal- 
ance of the crop. In some areas, rainfall occurs during the growing season, and its 
amount reduces the amount of irrigation needed to attain optimum economic yield. 




Water applied 
Fig. 21.4. The typical yield-response curve. 
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Even where there is no rainfall during the growing season, there may be a reserve of 
soil moisture remaining from prior-season rains, which could be utilized by the crop 
and hence should be taken into consideration. From all the foregoing, one may justi- 
fiably conclude that irrigation and water-use efficiency research is a challenging task 
indeed. 



ENVIRONMENTAL ASPECTS OF IRRIGATION DEVELOPMENT 

Irrigation development in semiarid and arid areas may have both positive 
and negative impacts on the environment. To be sustainable, irrigation must 
maximize the positive impacts and minimize the negative impacts (Letey, 
1994). The positive aspect of irrigation is that intensifying food production in 
the favorable lands can allow a country to reduce pressure on marginal lands 
now under rain-fed cultivation or grazing. In many areas, such lands are 
already undergoing a process of degradation (including denuding of vegetation 
and erosion) known as desertification (Dregne, 1992, 1994; Hillel and 
Rosenzweig, 2002). Where the opportunity exists for irrigation development, 
it can serve as a constructive alternative to worsening degradation. 

The potentially negative environmental impacts of irrigation development 
may occur off-site as well as on-site. The off-site effects may take place 
upstream of the land to be developed, such as where a river is to be dammed 
for the purpose of supplying irrigation water. Another set of problems may be 
generated downstream of the irrigated area by the disposal of excess water 
that may contain harmful concentrations of salts, organic wastes, pathogenic 
organisms, as well as residues of pesticides and fertilizers. 

Of most direct concern are the on-site impacts. Irrigated lands, especially in 
river valleys prone to high water-table conditions, usually require drainage. 
Because groundwater drainage is a complex, exacting, and expensive oper- 
ation (often more expensive than the initial development of irrigation itself), 
there is a temptation to start new irrigation projects while ignoring the need 
for drainage or delaying its installation "until it is actually needed." The 
trouble is that by the time the need for drainage becomes inescapable, much 
damage has already been done and the cost of rectifying it may be prohibitive. 

One of the most serious problems in irrigation projects in developing coun- 
tries is the potential health hazard resulting from the use of open irrigation 
channels for drinking, washing, and the disposal of human and animal wastes. 
All too often, "where water goes, disease follows." Unfortunately, water-storage 
and -conveyance structures present favorable breeding grounds for disease vec- 
tors (e.g., mosquitoes and snails) and for pathogens of some of the most debil- 
itating illnesses rampant in the developing world. Among these are 
schistosomiasis (bilharzia), onchocerciasis (river blindness), malaria, cholera, 
dysentery, and other intestinal diseases. Measures to control water-borne 
diseases include the following: (1) concrete lining of channels (or conveyance in 
pipes) to prevent scouring, clogging, and stagnation of the water as well as 
animal wading and the proliferation of riparian weeds; (2) avoidance of waste 
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disposal in channels and reservoirs; (3) treatment of the water used directly for 
human needs. 

Food supply and security in the future must depend more on intensification 
than on continued expansion of cultivation at the expense of the remaining 
natural ecosystems. Only thus can the global environment and its biodiversity 
be saved. Irrigation already plays an important role in increasing and stabiliz- 
ing agricultural production. Given rising populations and living standards, it 
is expected to play an even more important role in the future. This expectation 
will be met only if irrigation is based on thorough knowledge and sound sus- 
tainable management of the soil-plant-atmosphere system. 

USE OF WASTEWATER FOR IRRIGATION 

Decomposition in the soil is nature's way to recycle organic waste prod- 
ucts of biological activity. As long as human habitation remained sparse, the 
waste products of human activity could be similarly accommodated. The 
growth of cities and of industries, however, produced quantities of solid and 
liquid wastes in excess of the ability of the soil to reprocess in the immedi- 
ate environs of human habitation. Some societies (most notably, in China 
and other parts of Asia) continued nonetheless to transport human wastes 
from cities to agricultural land for the purpose of fertilizing crops and 
replenishing depleted soil nutrients. In many other places, on the other hand, 
uncontrolled disposal of raw garbage and sewage ended up polluting streams 
and wells, to the detriment of public health. 

With the advent of sewerage systems in Europe at the beginning of the 
modern age, interest in wastewater farming or land application increased 
(Shuval et al., 1986). A report issued in 1865 by the Royal Commission on 
Sewage Disposal in England stated: "The right way to dispose of town sewage 
is to apply it continuously to the land and it is by such application that the pol- 
lution of rivers can be avoided." In 1868, Victor Hugo expressed a stronger 
opinion: "All the human and animal manure which the world loses ... by dis- 
charge of sewage to rivers .... If returned to the land instead of being thrown 
into the sea, would suffice to nourish the world." 

In the late 19th and early 20th centuries, sewage-irrigated farms were wide- 
spread in the environs of many cities. In addition to the aims of preventing 
pollution of water supplies and of conserving nutrients for crops, there arose, 
especially in arid areas, the impetus to utilize sewage as an additional water 
resource. 

Subsequently, however, urban development encroached on the sewage farm 
areas, and many of the early wastewater irrigation projects in Europe and 
America were abandoned. Concerns over the odor problem and over the trans- 
mission of disease from crops irrigated with raw sewage also contributed to 
the decline of sewage farming. Another disadvantage in some areas was that, 
following heavy rainstorms, runoff from sewage-irrigated fields periodically 
conveyed pollutants into rivers and reservoirs. Many public health officials 
therefore came to believe that sewage farming was an unsanitary and hence 
undesirable practice of the past. The alternative was a sewage-treatment tech- 
nology based on intensive centralized civil engineering systems in which the 
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organic components of sewage could be digested and from which the "puri- 
fied" fluid could be discharged more or less harmlessly to streams. 

Still more recently, the pendulum has swung once again. Interest has revived 
in the use of sewage as a resource rather than merely as a problem, based on 
more rational scientific principles than before. Research on the fate of 
pathogens and of various organic and inorganic components of wastewaters 
applied to the soil has shown that in many cases treated or even partially 
treated sewage can indeed be used safely and advantageously for irrigation, 
provided that necessary precautions are taken to prevent deleterious effects on 
public health as well as on soil quality. Guidelines have been formulated to 
allow wastewater irrigation to become a socially acceptable and sanitary prac- 
tice. The trend has been led by the State of California and by the State of 
Israel, in both of which growing urbanization and industrialization have 
increased the competitive demand (and hence the price) for scarce fresh water 
while simultaneously increasing the volume of generated wastewater. 

Wastewater-treatment standards such as those established by the California 
State Health Department apply strict criteria of bacterial counts (e.g., no more 
than 2.2 coliform/100 mL) and require the application of chemical disinfec- 
tion (chlorination) for treated sewage water to be allowed for general use. 
Partially treated sewage should be used only for the irrigation of industrial 
crops, such as cotton, or of tree-grown fruits that do not come in contact with 
the irrigation water, or — at most — for vegetable crops that are to be cooked 
before being consumed. Similar guidelines have been adopted elsewhere. 

In Israel, well over two-thirds of domestic sewage is currently being 
recycled for use in agriculture, and the projection is for reuse of some 80% by 
the year 2000. In fact, recycled sewage is expected to become the main source 
of water for irrigation. Wastewater irrigation has been shown to contribute 
significantly to soil fertility (especially to nitrogen, phosphorus, and organic 
matter augmentation) in many areas and to produce greater crop yields 
(Muzafi et al., 1997). 

Wastewater irrigation is not always a blessing. In places, the concentration 
of nitrates can become excessive and contribute to groundwater and surface- 
water pollution. Heavy metals and other toxic materials may tend to accumu- 
late in the soil and thence to enter the biological food chain. Especially 
hazardous are agricultural pesticide residues (some of which are highly persist- 
ent) and industrial waste products, which may be carcinogenic. Wastewaters 
typically contain increased concentrations of soluble salts and therefore pose 
the danger soil salination. Where salination is prevented by leaching, the salts 
may accumulate in the underlying aquifer and contribute to the salinity of well 
waters. The variable pH of the water applied to the soil may cause either acid- 
ification or alkalination, with consequent effects on soil structure and fertility. 
Finally, the materials suspended in sewage, if not readily decomposed, may 
cause clogging of soil pores and thereby reduce soil permeability to water and 
air. For all these reasons, the practice of wastewater irrigation — promising 
though it is in principle — must be examined carefully in each case to ensure 
that short-term benefits are not negated by long-term damage. 
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Adhesion: The attraction between molecules of dissimilar substances, acting at sur- 
faces of contact between the substances. 

Adsorption: A phenomenon occurring at the boundary between phases, where cohe- 
sive and adhesive forces cause the concentration or density of a substance to be greater 
or smaller than in the interior of the separate phases. 

Advection: The exchange of energy and matter between a field and its surroundings. 
More specifically, it is the transport of heat and vapor into or out of a field by winds 
sweeping over or through it. See: "Clothesline effect" and "Oasis effect." 

Aeration of soil: The exchange of gases between the soil's air phase and the external 
atmosphere, supplying oxygen to growing roots and microorganisms and removing 
carbon dioxide (the product of aerobic respiration). 

Aggregate stability: The ability of soil aggregates to withstand disruptive forces, 
whether such forces are imposed mechanically (as during tillage or trampling) or by the 
action of water (causing swelling, slaking, and dispersion of clay). 

Aggregates: Soil structural units consisting of assemblages of primary particles that are 
often bonded together by flocculated clay and may be stabilized by organic (humus) or 
inorganic cementing agents. 

Air encapsulation: The entrapment of air in bubbles or in bypassed pores within a 
nearly saturated soil. 

Albedo: The reflectivity coefficient of a surface to short-wave radiation, i.e., the frac- 
tion of incoming solar radiation that is reflected rather than absorbed. For soils, it 
varies generally between 0.1 and 0.4, depending on color (whether light-hued or dark), 
surface roughness and wetness, and inclination of the incident radiation. 

Alkalinity of soil: A high concentration of sodium ions in the soil's exchange complex, 
which affects soil properties and behavior. It typically results in an increase of soil pH, 
dispersion of clay, and breakdown of soil aggregates, which in turn reduces soil 
permeability and hence soil productivity. 

Alumino-silicate clay minerals: Clay minerals in which the crystal lattice typically 
consists of alternating layers of alumina and silica ions in association with oxygen 
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atoms or hydroxide ions. Particles of such minerals typically exhibit negative surface 
charges, which are usually countered by adsorbed (exchangeable) cations. 

Anaerobic soil conditions: A consequence of restricted soil aeration, resulting in 
chemical and biochemical reduction reactions, including denitrification (from nitrate 
to the nitrite, thence to nitrous oxide), manganese reduction (from manganic to 
manganous state), iron reduction (from ferric to ferrous state), sulfate reduction (to 
hydrogen sulfide). Among the organic compounds formed under anaerobic conditions 
are methane, ethylene, and various organic acids. 

Aquifer: A porous geological formation that contains and transmits groundwater to 
natural springs or to wells that supply water for human purposes. 

Arid regions: Regions in which the natural supply of water by rainfall is below the 
potential evapotranspiration rate during most of the year. In such regions, crop plants 
are apt to suffer from a deficit of soil moisture much of the time, unless provided with 
artificial irrigation. 

Bernoulli's law: An equation relating the pressure of a moving fluid to its velocity. It 
indicates that an increase in velocity entails a decrease in pressure. 

Blackbody: A body whose surface absorbs rather than reflects incoming shortwave 
radiation, and that emits long-wave radiation at maximum efficiency. 

Bound water: The thin layer of water tightly adsorbed onto the surface of clay parti- 
cles, presumed by some investigators to be more rigid than the bulk water that resides 
in the wider pore spaces between the particles. 

Boussinesq equation: An equation describing pressure distribution in uniform elastic 
materials. It is used in soil mechanics to estimate the stresses at any point within the 
soil profile due to a concentrated load applied to the surface. 

Bowen ratio: An index that is proportional to the ratio of temperature gradient to 
vapor pressure gradient in the atmosphere above a field. It is relatively low when the 
field is wet and the evaporation rate is high, i.e., when the temperature gradient is small 
relative to the vapor pressure gradient. When the field is dry, the humidity gradients 
tend to be low and much of the received solar energy goes to warming the soil, hence 
the temperature gradients tend to be steep and the Bowen ratio becomes large. 

Breakthrough curve: A plot of the relative solute concentration at the outflow boundary 
of a soil column, following a step-change in the concentration of the entering solution at 
the inflow boundary, as a function of the volume of effluent. 

Bulk density of soil: Mass of soil solids per unit bulk volume of the soil (including the 
volume of the voids). 

Caliche: A layer of soil cemented by the accumulation and re-precipitation of calcium 
and magnesium carbonate. It generally forms in the B-horizon of lime-rich soils in arid 
regions. In some places, erosion of the A horizon exposes the caliche so that it appears 
as a hardened layer capping the looser soil material beneath. 

Capillarity: The condition of water drawn into the narrow ("capillary") pores of the 
soil, where it is generally at a sub-atmospheric pressure called tension or suction. 

Capillarity: The tendency of a liquid to enter into the narrow pores within a porous 
body, due to the combination of the cohesive forces within the liquid (expressed in its 
surface tension) and the adhesive forces between the liquid and the solid (expressed in 
their contact angle). 

Capillary fringe: The thin zone just above the water table that is still saturated, though 
under sub-atmospheric pressure (tension). The thickness of this zone (typically a few 
centimeters or decimeters) represents the suction of air entry for the particular soil. 
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Carbon sequestration by soils: The accumulation of carbonaceous (organic) com- 
pounds in the soil, brought about by the addition of plant and animal residues to the 
soil and their partial decomposition within it to form more-or-less stable humus. 

Cementation: The process by which calcareous, siliceous, or ferruginous compounds 
tend to dissolve and then re-precipitate in certain horizons within the soil profile, thus 
binding the particles into a hardened mass. 

Characteristic curve of soil moisture: A graph of the water content in a unit mass or 
unit volume of soil (mass wetness or volume wetness) as a function of matric suction. 
If measured in desorption, it is also called the "moisture retention" or "release" 
curve. 

Clay: The colloidal fraction of mineral soils, consisting of particles smaller than 
2 micrometers in diameter. 

Clay minerals: A group of minerals found in the soil's clay fraction, generally formed 
within the soil by the decomposition of primary minerals in the parent rocks and their 
recomposition into secondary minerals. The most prevalent minerals in the clay frac- 
tion of temperate-region soils are the alumino-silicates. 

Clothesline effect: The passage of warm air through a stand of plants growing in a 
field, especially where the density of vegetation is sparse, thus affecting the rate of 
evapotranspiration. 

Cohesion: The internal mutual bonding of like molecules or particles of a particular 
substance, imparting strength to a body composed of that substance. 

Compaction of soil: Densification of an unsaturated soil by the reduction of fractional 
air volume. Compaction can take place either under a static load or transient vibration 
or trampling by animals and machines. 

Conditioners of soil: Polymeric substances that, when added to the soil, can promote 
aggregate stability by gluing particles together within the aggregates as well as by 
coating the surfaces of aggregates. 

Consolidation of soil: The process by which a saturated body of soil is compressed, 
resulting in reduction of pore volume by expulsion of water. Tests of consolidation are 
intended to help predict the gradual settlement, or subsidence, of soil under prolonged 
loading such as that due to a heavy structure. 

Contact angle of a liquid on a solid: A measure of the attraction or affinity (adhesion) 
between a liquid (e.g., water) and a solid surface (e.g., soil particles). A contact angle of 
zero implies that a drop of the liquid placed on the solid would spread over it (in which 
case the solid is considered "hydrophilic"). At the opposite extreme, a contact angle of 
180 degrees implies a non- wetting of the surface (i.e., it is "hydrophobic"). 

Continuity equation: A statement, in mathematical form, that for a conserved 
substance (i.e., one, such as water, that is neither created nor destroyed in the soil), the 
time rate of change of content must equal the negative rate of the change of flux with 
distance (i.e., the amount per unit time entering minus the amount exiting a volume 
element of soil). 

Convection: The mass flow of a fluid in response to a driving force acting on the entire 
body of fluid (such as a pressure or gravity gradient or their combined force). 

Coulomb's law: The frictional resistance toward a tangential stress tending to slide one 
planar body (or surface) against another is proportional to the normal stress pressing 
the bodies together. 

Crop-response function to irrigation: The functional relation between the yield of a 
crop and the amount of water applied to, or used by, the crop. A typical crop-response 
curve is sigmoid in shape, its slope at each point representing the incremental yield 
response to a unit quantity of added water. 
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Crust formation: The development of a dense, hard, and relatively impermeable layer 
at the soil surface, due to the breakdown of soil aggregates. Such a crust may inhibit 
aeration, infiltration, and the emergence of germinating seedlings. 

Cylindrical (triaxial) shearing test: A method for measuring the shear strength of soil 
samples, in which the failure surface is not predetermined but allowed to form within 
the specimen as successive combinations of lateral and axial stresses are applied to a 
series of samples of the same soil. 

Damping depth (thermal): The depth in the soil at which the temperature amplitude 
decreases to a fraction 1/e (1/2.718 = 0.37) of the amplitude at the soil surface. It is 
related to the thermal properties of the soil (volumetric heat capacity and thermal con- 
ductivity) as well as to the frequency of the temperature fluctuation considered. 

Darcy's law: The rate of flow of a fluid (e.g., water) in a porous body (volume of fluid 
per unit time per unit area perpendicular to the flow direction) is proportional to the 
hydraulic gradient. The constant of proportionality is called the hydraulic conductivity, 
which depends on the properties of the fluid as well as of the porous medium. 

Deflation: A process of wind erosion, by which the loose top layer of the soil is blown 
away, generally following the denudation and pulverization of the soil in arid regions. 

Degradation of soil: The deterioration of soil productivity by such processes as 
erosion, organic matter depletion, leaching of nutrients, compaction, breakdown of 
aggregates, waterlogging, and/or salination. 

Density of soil solids: Mass of soil solids per unit volume of those solids (excluding the 
volume of the voids). 

Desertification: The degradation of land in semiarid regions, caused by human action 
including the destruction of the vegetative cover by overgrazing and tillage, depletion of 
soil organic matter and nutrients, deterioration of the soil's aggregated structure, com- 
paction of the soil by trampling animals and machines, and baring the surface to erosion 
by water and wind. An area that was originally a rich and biodiverse ecosystem may thus 
come to resemble a desert. Where irrigation is practiced injudiciously, waterlogging and 
salination may further exacerbate the degradation of the land. 

Dew point: The temperature at which the vapor pressure of the atmosphere reaches a 
point of saturation and the vapor begins to condense into droplets of liquid water. 

Diffuse double layer: A phenomenon occurring at and near the surfaces of hydrated 
clay particles, consisting of the negative charges of the clay surfaces and the counter 
charges of the swarm of positive ions (cations) in the surrounding solution phase. 

Diffusion: The movement of molecules of different substances relative to one another 
(due to their random thermal agitation) in non-homogeneous gaseous or liquid medium, 
tending toward equalizing the concentrations of all components throughout the medium. 

Dilatancy: The tendency of a body under shearing stress to expand as it deforms. This 
property is typical of sandy soils, as a result of the sliding and rolling of particles over 
one another along the shearing plane. 

Disperse system: A system in which at least one of the phases is subdivided into numer- 
ous minute particles, which together present a very large interfacial area per unit volume. 
Examples are colloidal sols, gels, emulsions, aerosols, and soils. 

Drainage: Outflow of water from the soil, either naturally or artificially. Surface 
drainage refers to the downslope flow of excess water from the soil surface. Subsurface 
(groundwater) drainage refers to the removal of water from within or below the soil, 
generally involving the lowering of the water table. 

Dryland farming: The production of crops in semiarid regions on the basis of natural 
rainfall alone, without irrigation. Its proper practice calls for measures to conserve both 
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soil and scarce water by promoting infiltration and minimizing evaporation through 
the use of contour planting, mulching, and weed control. 

Ecosystem: A community of plants, animals, and microorganisms that interact within 
a shared habitat and that are influenced by, and influence, its cycles of energy and 
materials. 

Elasticity: The property of a body to deform instantaneously under an applied stress 
and in proportion to it, to retain the new form as long as the stress is maintained, then 
to regain the original dimensions when the stress is released. 

Electrical resistance blocks: Porous bodies containing electrodes, placed in the soil to 
equilibrate with soil moisture. The electrical resistance measured within such blocks can 
be calibrated against independent measurements of soil wetness or soil water potential. 

Emissivity coefficient: The property of a surface to emit radiation. Emissivity is unity 
for a perfect emitter, called a "blackbody," and smaller than unity for most surfaces. 

Energy balance of a field: An expression of the classical law of energy conservation, 
stating that the sum of the energy inputs minus the energy outputs of a field (including 
radiant energy, sensible heat, latent heat) over a specified period must equal the change 
in energy content (both thermal and chemical). 

Erodibility of soil: The vulnerability of a soil to erosion, which depends on texture, 
structure (size and stability of aggregates), looseness and roughness of the soil surface. 

Erosion: The detachment of particles from the soil surface and their transport by 
running water or by wind. 

Erosivity: The erosive power of rainfall, running water, or wind. In the case of rainfall, 
it depends on the kinetic energy of raindrops per unit area and time (i.e., on rainfall 
intensity as well as duration). In the case of running water, it depends on the velocity 
and turbulence, as well as on the particles carried in suspension. In the case of wind, it 
depends on wind speed and direction. 

Eutrophication: The enrichment of water bodies with nutrients. In surface waters, it 
may lead to the proliferation of algae and to the oxygen-deprivation of fish species. In 
shallow aquifers, it may render the water unsuitable for drinking. 

Evaporativity: The power of the atmosphere to vaporize and remove water from a 
moist surface, at a rate determined by such meteorological variables as intensity of solar 
radiation, ambient temperature and humidity, and wind speed. As an approximation, 
evaporativity is considered to be practically independent of the properties of the surface 
itself. In fact, however, the latter properties (including color and reflectivity, as well as 
roughness) always interact with the externally imposed meteorological conditions in 
determining the actual rate of evaporation. 

Evapotranspiration: The transfer of water from its liquid state in the soil-plant system 
to the atmosphere as vapor. It includes evaporation from the soil surface and transpira- 
tion from the canopies of plants. The two processes are simultaneous and interactive 
and are difficult to quantify separately. Their relative rates depend on the density of 
plant cover. 

Exchangeable sodium percentage (ESP): The percentage of the soil's exchange capacity 
that is occupied by sodium ions. When ESP exceeds 15%, the soil is considered to be an 
alkali soil. 

Failure stress: The value of stress at which a stressed body collapses or fractures, i.e. 
loses its structural integrity. 

Failure: The reaction of a body to stresses that exceed its strength, generally leading to 
loss of cohesion or structural integrity by such modes as fracturing, slumping, plastic 
yielding or apparent liquefaction. 
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Fertigation: The injection of soluble fertilizers into the water supply so as to fertilize a 
crop while irrigating it. Fertigation is often practiced with techniques of microirrigation. 

Field capacity: An empirical measurement supposed to represent the soil profile's 
ability to retain water after the process of internal drainage has ceased. It is usually 
measured about two days after an infiltration event. The measured value depends on 
the initial depth of wetting and on the texture and layering of the profile. 

Fingering: The appearance of protrusions in the normally smooth wetting front during 
infiltration. Such "fingers" may propagate downward into the subsoil and carry 
plumes of water and solutes while bypassing the greater volume of the soil matrix. The 
phenomenon is also called "wetting-front instability" and "unstable flow." 

Flocculation and dispersion: The tendency of clay particles in an aqueous suspension 
to either clump together into floes or to separate from one another and thus disperse 
in the fluid medium, depending on the composition and concentration of the elec- 
trolytes in the ambient solution. 

Fluidity: The ratio between the density and dynamic viscosity of a fluid. In the case of flow 
in a porous medium, fluidity is the ratio of the hydraulic conductivity to the intrinsic 
permeability of the medium. It depends on the composition and temperature of the fluid. 

Fourier's law: The law governing heat conduction, stating that the flux of heat in a 
homogeneous body is in the direction of, and proportional to, the temperature gradi- 
ent, with a coefficient of proportionality known as "thermal conductivity." 

Greenhouse effect: Inhibition of the atmospheric transmission of outgoing thermal radia- 
tion from the earth, due to the presence of certain gases in the atmosphere. The principal 
"greenhouse gas" is water vapor. Another important one is carbon dioxide, the concen- 
tration of which has been increasing due to forest clearing, cultivation of formerly virgin 
soils, and - especially - the burning of fossil fuels (coal, petroleum, natural gas). 

Greenhouse gas emissions: The emission from the soil into the atmosphere of gases 
(such as carbon dioxide, methane, and nitrous oxide) that inhibit the release into outer 
space of heat from the earth, thus causing global warming. Agricultural sources may 
constitute as much as 20% of the total anthropogenic emissions of those greenhouse 
gases. Such emissions can be reversed by judicious soil management, with the soil as a 
reservoir capable of sequestering (rather than emitting) carbon. 

Groundwater: The water contained in the saturated portion of the soil or the underlying 
porous formations, generally at a pressure greater than atmospheric. 

Heat capacity, volumetric: The change in heat content of a unit bulk volume of a body 
per unit change in temperature. In the soil, it can be estimated from the sum of the heat 
capacities of the various constituents (solids, water, and air), each weighted according to 
its respective volume fraction. 

Heat conduction: The propagation of heat within a body by internal molecular motion, 
driven by a temperature gradient. The quantitative expression of heat conduction is the 
equation known as Fourier's Law. 

Heat flux plates: Thin, flat plates of constant thermal conductivity that can be placed 
in the soil at various depths to allow precise measurement of heat flux through them. 

Heat of wetting: The heat released by a unit mass of initially dry soil when immersed 
in water. It is related to the soil's specific surface (i.e., the content and composition of 
the clay fraction). 

Homogeneity: Uniformity of properties in all parts of a system. Such a condition may 
be safely assumed only in the case of a small volume or sample of soil. In the open field, 
the soil tends to be inhomogeneous, i.e., spatially variable. 
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Hooghoudt equation: An equation relating the height of the water-table between drains 
to depth of the drains and the distance between them, the hydraulic conductivity of the 
soil, and the rate of recharge by percolating water. 

Hooke's law: The deformation (strain) of a body under stress is proportional to the 
stress applied to it. This law pertains to elastic bodies. The constant of proportionality 
between stress and strain is known as "Young's modulus." 

Humid regions: Regions in which the amount of rainfall equals or exceeds the 
potential evapotranspiration throughout the growing season. In such regions, plants 
may suffer from excess water in the soil and impeded aeration, but seldom from 
shortage of water. 

Humus: The fraction of the organic matter in the soil that remains relatively stable 
after the initial decomposition of the more labile components of plant and animal 
residues. It is usually dark-colored, found mostly in the surface zone (the A horizon), 
and it contributes to the stabilization of soil aggregates. 

Hydraulic conductivity: The ratio between the flux of water through a porous medium 
and the hydraulic gradient (i.e., the flux per unit hydraulic gradient). 

Hydraulic diffusivity: The ratio between the flux of water and the gradient of soil wet- 
ness. This term is somewhat misleading, since it does not refer to diffusion as such but 
to convection. The term is taken from the analogy to the diffusion equation (Fick's law), 
stating that the rate of diffusion is proportional to the concentration gradient. 

Hydraulic head: The sum of the pressure head (hydrostatic pressure relative to atmos- 
pheric pressure) and the gravitational head (elevation relative to a reference level). The 
gradient of the hydraulic head is the driving force for water flow in porous media. 

Hydrodynamic dispersion: The tendency of a flowing solution in a porous medium 
that is initially permeated with a solution of different composition to disperse, due to 
the non-uniformity of the flow velocity in the conducting pores. The process is some- 
what analogous to diffusion, though it is a consequence of convection. 

Hydrogen bonding: The electrostatic attraction between molecules due to the presence of 
hydrogen atoms bound to negatively charged atoms. A primary example is the mutual 
attraction of water molecules. 

Hydrology: The study of the dynamic state, cyclic movements, transformations, spatial 
and temporal distribution, and interactions of the Earth's water in the various domains 
in which it occurs - oceans, continents, and the atmosphere, particularly as it affects 
living systems in general and human life in particular. 

Hydrophobicity: The tendency of a surface or of an assemblage of particles to resist 
wetting by water, caused by the obtuse contact angle between water and the surface. 
Most mineral soils have a natural affinity for water (i.e., are hydrophilic). The surface 
zone of some soils, however, may be hydrophobic (water-repellent), especially when 
coated with oily resins, and tends to shed rather than absorb water applied to it. 

Hysteresis: The dependence of an equilibrium state on the direction of the process 
leading up to it. A prime example is the difference between the soil moisture charac- 
teristic curves measured in sorption (i.e., as an initially dry soil is gradually wetted) and 
in desorption (i.e., as an initially saturated soil is gradually dried). 

Infiltrability: The flux of infiltration resulting when water at atmospheric pressure is 
applied and maintained at the soil surface. Infiltrability is relatively high when water is 
first applied to a dry soil, but diminishes in time and, if the soil is deep, it eventually 
tends asymptotically toward a constant rate called the soil's "steady infiltrability." 

Infiltration: Water entry into the soil, generally by downward flow through all or part 
of the soil surface. 
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Infiltrometer: A device to measure the infiltration rate and hence the infiltrability of a soil 
in situ, generally by applying a shallow head of water to the soil surface inside a ring. 
A special type is the "disc infiltrometer," which introduces water to the soil surface at sub- 
atmospheric pressure. Another type is the "sprinkling infiltrometer," which applies water 
to the surface by a controlled rate of sprinkling. 

Internal drainage: The post-infiltration movement of soil moisture in an initially 
deeply wetted or saturated profile, or in the presence of a high water table. 

Ion exchange: The adsorption of ions (particularly cations, but in some cases anions as 
well) by the surfaces of clay particles, and their exchange with cations in the surrounding 
aqueous solution. 

Irrigation: The practice of supplying water to the root zone of a crop so as to permit 
farming in arid regions and to offset drought in semiarid or semihumid regions. The 
potential productivity of irrigated land generally exceeds that of unirrigated ("rain- 
fed") land, due to increased yields per crop and to the possibility of multiple cropping. 

Isotropy: Each point in the system having equal permeability in all directions. In 
contrast, an anisotropic system may have a higher permeability or conductivity in one 
direction than in another. Anisotropy is typically due to the layering of the soil or to a 
pattern of micropores or macropore with a distinct directional bias. 

Kriging: A method of estimating the unmeasured value of a physical property for any 
location by means of a geostatistical interpolation procedure in which the known values 
of surrounding locations are analyzed spatially so as to minimize the overall variance. 

Laminar flow: The flow of a fluid such that adjacent laminae (layers), moving at different 
velocities, slide over one another smoothly, without creating eddies. 

Laterites: Soils typically occurring in the humid tropics, in the genesis of which silica 
dissolves and is leached while iron and aluminum oxides accumulate and impart a 
typical red color to the soil. Chunks dug up from laterites and dried in the sun tend to 
harden and form bricks, hence the name derived from the Latin word later, meaning 
"brick." 

Leaching fraction: The additional fractional volume of water that must be applied per 
unit area (in excess of seasonal evapotranspiration) in order to leach the residual salts 
and to prevent their accumulation in the root zone. 

Leaching: The removal of solutes from the soil by the downward percolation of water. 
This process is desirable to the extent that it removes excess salts, but may be harmful 
to soil productivity where it removes essential nutrients. 

Loam: A soil of intermediate texture that contains a balanced proportion of the tex- 
tural fractions. As such, a loam is often (but not always) considered to be the optimal 
soil for plant growth and for agriculture. 

Macropores: Relatively large pores in the soil, generally several millimeters in width, 
occurring between aggregates or as cracks or fissures in the soil matrix. Some macro- 
pores are biogenic (e.g., channels formed by decaying roots or by earthworms). When 
open to the surface, macropores serve as pathways for the rapid infiltration of water. 
They may also allow evaporation to dry the soil to considerable depth. 

Matrix of the soil: The assemblage and arrangement of the solid phase (mineral 
and organic components) constituting the body of the soil, and the interstices (pores) 
contained within it. 

Mechanical analysis: A procedure in which the array of particle sizes of a soil is deter- 
mined quantitatively, by means of sieving, sedimentation, and/or microscopy. 
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Meniscus: The curved surface of a liquid inside a capillary pore. The curvature of the 
meniscus depends on the liquid-solid contact angle as well as on the liquid-to-gas 
surface tension and the atmospheric pressure. 

Microirrigation: The low-volume, high-frequency (or continuous) application of water 
to the soil at selected points (rather than over the entire surface), generally via narrow- 
orifice emitters set in tubes that convey water at relatively low pressure. Microirrigation 
includes such techniques as drip, trickle, bubbler, and microsprayer irrigation. 

Miscible displacement: The displacement of one solution by another inside the soil, 
when the two solutions are miscible and tend to mix along their contact front, due to 
both diffusion and hydrodynamic dispersion. 

Modulus of rupture test: A procedure to characterize the cohesive strength of dry soil 
briquettes. This test is applied mainly to the characterization of soil crusts. 

Mohr circle: A graphic representation of the values of normal and tangential (shearing) 
stresses acting within a body at any angle of inclination. 

Mohr envelope: If a series of stress states just sufficient to cause failure is imposed on the 
same material and these are plotted as a set of Mohr circles, the tangent line (envelope) 
to these circles can be used as a criterion of shearing strength. In soils, this envelope often 
forms a straight line that is seen to obey Coulomb's law. 

Mulch: A layer of loose material on the soil, serving to protect its surface against the 
direct impact of raindrops and against rapid desiccation by sun and wind. A virgin soil 
is generally covered with a natural mulch consisting of the remains of dead plants and 
animal droppings. Special practices are needed, however, to maintain mulch over a 
cultivated soil. Materials used for the purpose may include straw, wood shavings, 
paper, plastic sheeting, sprayable asphalt, sand, and even gravel. 

Neutron moisture meter: A device to measure the wetness of a soil profile, consisting 
of a probe that includes a radioactive source of fast neutrons and a detector of slow 
(thermalized) neutrons. The fast neturons are emitted radially into the soil and are 
slowed by repeated collisions with the hydrogen nuclei in soil water. The density of the 
cloud of slowed neutrons around the probe is proportional to the volumetric wetness 
of the soil. 

Oasis effect: The extraction of sensible heat from a warm mass of air flowing over the 
top of a field and the conversion of this heat to latent heat of evaporation. 

Osmosis: Diffusion of molecules or ions of a substance in solution through a barrier 
having pores of molecular size. 

Osmotic Pressure: The pressure that must be applied to a solution that is in contact with 
pure water via a semipermeable membrane (i.e., permeable to the molecules of water but 
not to those of the solute) so as to prevent the net diffusion of pure water into the solution 
through that membrane. 

Overland flow: The flow of uninfiltrated rainwater over the surface of the ground. The 
term is sometimes used synonymously with "runoff," though some soil physicists tend 
to distinguish between the two terms, using the former to describe unchanneled "sheet" 
flow toward a stream and the latter term for channeled flow in streams. 

Particle size distribution: The continuous array of particle sizes in the soil, typically 
represented in graphic form as a "particle-size distribution curve." 

Ped: A term used by pedologists to describe aggregates formed by natural processes in 
the course of soil formation, in contrast with the aggregates occurring in cultivated 
soils, which are referred to as "clods." 
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Penetrometer: An instrument for assessing soil strength in the field. It consists of a narrow 
probe driven into the soil. The soil's resistance to penetration is measured in terms of the 
energy expended per unit depth. 

Penman equation: An equation based on the simultaneous solution of the heat and 
mass balance equations, designed to estimate the potential evapotranspiration from a 
smooth, well-watered field with a dense, low crop. 

Penman-Monteith equation: An extension of the Penman equation, estimating the rates 
of heat and vapor transfers from less-than-saturated surfaces. Specifically, this form of 
the equation accounts for the existence of "canopy resistance," due to the physiological 
restriction of transpiration by the crop (the so-called "stomatal control mechanisms"). 

Perched groundwater: An accumulation of water that is under positive pressure, at 
some depth in or under the soil profile, resting on a relatively impermeable layer that 
lies above the general (regional) water table. 

Percolation: The downward flow of water through saturated or nearly saturated layers 
of the soil profile, generally due to gravity (i.e., where suction gradients are negligible). 

Permeability (intrinsic): A property of a porous medium affecting fluid flow. It is 
presumed to be independent of the properties of the permeating fluid. Permeability is 
proportional to the hydraulic conductivity, with the proportionality constant being the 
ratio of viscosity to the product of density and gravitational acceleration. This defin- 
ition assumes that the fluid and the medium do not interact is such a way as to change 
the properties of either. 

Planck's law: The intensity distribution of radiation (energy flux in a given wavelength 
range) emitted from a body as a function of absolute temperature. 

Plow pan: A compact layer formed in cultivated soils, just below the tilled topsoil, as 
a result of the pressures exerted by tillage implements and tractor wheels. 

Poiseuille's law: The volume-rate of laminar flow through a narrow (capillary) tube is 
inversely proportional to the viscosity and directly proportional to the pressure drop 
per unit distance and to the fourth power of the tube radius. 

Porosity: Fractional volume of voids (pores) in the bulk volume of the soil. 

Potential evapotranspiration: The rate of evapotranspiration from a dense stand of an 
actively growing herbaceous crop (e.g., grass) that is well endowed with water. As such, 
potential evapotranspiration represents the maximal, weather-determined, rate of 
evaporation from a vegetated surface. It depends on such meteorological variables as 
solar radiation, air temperature and humidity, and wind speed. 

Pressure-plate apparatus: An instrument to measure the soil moisture characteristic in 
the range of 1 to 15 or more bars of tension. Pressurized air is used to extract water 
incrementally from initially saturated soil samples resting on a porous plate. 

Profile of the soil: A vertical section of the soil, from the surface through the soil's 
various horizons, down to the underlying parent material. 

Puddling: The mechanical manipulation (e.g., kneading) of a wet soil, especially of a 
clayey soil that tends to be plastic when very wet, resulting in the destruction of the 
soil's aggregates. After drying, a puddled soil typically forms massive, hardened clods. 

Radiation balance: The sum of all incoming minus outgoing radiant energy fluxes for 
a given surface. The radiation balance for a typical soil surface is generally positive 
during daytime (as the incoming shortwave solar radiation flux exceeds the outgoing 
longwave radiation flux) and negative during nighttime. 

Radiation: The emission of energy in the form of electromagnetic waves from all 
bodies above degrees Kelvin. The intensity of the emitted radiation is proportional to 
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the fourth power of the body's surface temperature. It also depends on a property of 
the body called emissivity, according to the Stefan-Boltzmann law. 

Redistribution of soil moisture: The post-infiltration movement of soil moisture in a 
partially wetted (unsaturated) profile in the absence of a shallow water table, during 
which water moves progressively (albeit at a diminishing rate) from the initially wetted 
upper part of the profile to the unwetted lower part of the profile and the initially sharp 
wetting front becomes indistinct. 

Redox potential: A quantitative measure of the reducing or oxidizing power (i.e. of the 
electron activity) of a medium or solution. The redox potential of anaerobic soils is 
usually determined by measuring the difference in potential between an inert platinum 
electrode and a reference electrode (such as a saturated calumel or Ag:AgCl solution). 

Representative elementary volume: Minimum volume of a soil sample needed to obtain 
a consistent value of a measured parameter. 

Respiration (aerobic): The release of chemical energy from organic matter by living 
organisms via the process of oxidation. This process is the reversal of photosynthesis, 
by which green plants transform radiant energy into chemical energy by synthesizing 
carbohydrates while releasing oxygen. 

Reynolds number: A quantitative criterion for the transition from laminar to turbulent 
flow, equal to the product of mean flow velocity, tube diameter, and fluid density divided 
by dynamic viscosity. In straight tubes, the critical value is of the order of 1000. That value 
is reduced greatly when the tube is curved and its diameter varies. In porous media, it 
is safe to assume that flow remains linear with hydraulic gradient only if the Reynolds 
number is smaller than unity. 

Rheology: A branch of the science of mechanics, describing the deformation of bodies 
under applied stresses, and more specifically the stress-strain-time relations of deformable 
bodies. When applies to soil bodies, the science dealing with that set of phenomena is 
often designated "soil dynamics." 

Richards equation: A flow equation combining Darcy's law with the continuity equa- 
tion, along with the proviso that in an unsaturated soil the hydraulic conductivity is a 
function of matric potential (or of soil wetness). 

Richardson number: A criterion for estimating the relative importance of buoyancy 
versus frictional forces in producing atmospheric turbulence, hence for assessing the 
stability or instability of the air over a field. The air temperature profile tends to be 
stable when the Richardson number is positive, and unstable when it is negative. 

Root zone: The part of the soil profile that is penetrated and permeated by plant roots, 
and that provides them with their water, nutrient, and oxygen requirements. 

Runoff inducement: The practice of treating the soil surface on sloping ground so as 
to reduce infiltrability and increase runoff; as well as of collecting, directing, and util- 
izing the runoff thus obtained. Also called "water harvesting," this practice has been 
applied since ancient times by societies in arid regions, to obtain drinking water and 
irrigation. 

Runoff: The volume of water that runs off the soil surface and flows into streams dur- 
ing episodes of intense rainfall or during an irrigation that exceeds the soil's infiltrability. 

Salinity of soil: The excessive accumulation of salts in the soil, such that restricts plant 
growth and causes a decline of soil productivity (in extreme cases, it may even result in 
soil sterility). Salinity affects plants directly through the reduced osmotic potential of the 
soil solution and by the toxicity of specific ions such as boron, chloride, and sodium. 

Saltation: The bouncy movement of sand particles caused by wind blowing over the 
surface. Gusts of wind pick up protruding particles and carry them downwind in short 
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spurts. As they fall to the ground at an angle, they strike other particles and bounce 
them up in sequence. 

Sedimentation: The deposition of eroded particles, which takes place where the 
flowing water or blowing wind that had detached and transported the particles 
becomes quiescent. 

Seepage: The loss of water from a pond or reservoir by percolation into and through 
the soil. An alternative use of the term is to describe the emergence of water from an 
exposed stratum of a saturated soil. 

Semipermeable membrane: A membrane that permits the passage of solvent molecules 
but not the molecules or ions of certain solutes. When such a membrane is placed 
between solutions of different concentration, osmotic effects occur. Naturally occurring 
semipermeable membranes play a vital role in the physiology of plants and animals. 
Artificial semipermeable membranes serve in many industrial processes, including the 
desalination process of reverse osmosis. 

Sodium adsorption ratio (SAR): The ratio between the concentration of sodium ions 
in an aqueous solution and the square root of the combined concentration of calcium 
and magnesium. This ratio serves to predict the equilibrium exchangeable sodium 
percentage (ESP) of a soil that is to be irrigated with the given solution. 

Soil physics: The branch of soil science that deals with the state and transport of 
matter and with the state and transformations of energy within the soil, as well as 
between the soil and the adjacent domains (namely, the atmosphere above and the 
substrata below). 

Soil: The weathered and fragmented outer layer of the earth's terrestrial surface, 
formed initially through the disintegration and decomposition of rocks by physical and 
chemical processes and influenced subsequently by the activity and accumulated 
residues of numerous species of microscopic and macroscopic biota. 

Soil-Plant-Atmosphere Continuum: A concept recognizing that the field with all its 
components - soil, plant, and ambient atmosphere taken together - constitutes a phys- 
ically integrated, dynamic system in which the various flow processes involving energy 
and matter occur simultaneously and interdependently like links in a chain. 

Spatial variability of properties and processes: The non-uniform distribution of speci- 
fiable attributes of an area, whether random or systematic (structured), and the range 
of their variation expressed by means of statistical (probabilistic) criteria. 

Specific heat: The change in heat content of a unit mass of a substance or body per unit 
change in temperature. Of the various substances constituting the soil, water exhibits 
the highest specific heat. 

Specific surface: The total surface area of particles per unit mass of the particles or per 
unit volume of the soil, usually expressed as square meters per gram or per cubic 
centimeter. 

Splash erosion: The action of raindrops on bare soil, in which the impacting drops 
detach soil particles and splash them in all directions but with a net tendency toward a 
downslope direction. This lashing action initiates the process of water erosion, which 
is then continued by running water (i.e., particle-laden overland flow and runoff). 

Stefan-Boltzmann law: The total energy flux emitted by a radiating body, integrated 
over all wavelengths, is proportional to the fourth power of the absolute temperature of 
the body's surface. 

Stokes law: An equation relating the velocity of a spherical particle settling in an 
aqueous suspension, under the influence of gravity, to the particle radius and density, 
as well as to the viscosity and density of the fluid. 

Strain: The ratio of the deformation of a body that is subject to stress (compressive, 
tensile, or shear) to the body's original dimensions. 
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Strength: The capacity of a body to withstand stresses without experiencing failure, 
whether by rupture, fragmentation, collapse, or flow. In quantitative terms, it is the 
maximal stress a given body can bear without undergoing failure, or the minimal stress 
that will cause the body to fail. 

Stress: A force per unit area acting on a body and tending to deform it by compression, 
tension, or shear. 

Structural stability: The ability of the soil's aggregated structure to resist the forces 
tending to cause its disruption, such as slaking by water or grinding and compaction 
by machinery. 

Structure of soil: The arrangement and organization of the particles in the soil (i.e., the 
internal configuration of the soil matrix, or fabric), whether single-grained (unattached 
particles variously stacked) or associated in more or less stable aggregates. As such, the 
structure of the soil determines the geometric configuration of the pores and the 
permeability of the soil to fluids. 

Surface storage capacity: The maximal volume of water per unit area that can accu- 
mulate over the surface during periods of intense rainfall (i.e., rainfall exceeding the 
soil's infiltrability). When surface storage capacity is exceeded, overland flow begins. 

Surface tension: The resistance of a liquid body to an increase in its surface area. It is 
due to the cohesion between the liquid molecules and is expressed quantitatively as the 
force per unit length or the energy per unit area needed to overcome that resistance and 
to increase the surface of the liquid. 

Surface-water excess: The excess of rainfall intensity over the infiltration rate. That 
excess tends to accumulate in pockets or depressions over the surface, or - if the surface 
is smooth and sloping - to run off the surface in the form of overland flow. 

System: A group of interrelated, interdependent elements constituting an integrated 
entity; e.g., the soil is a heterogeneous, polyphasic, particulate, and porous system. 

Tensiometer: A device to measure the matric potential of soil moisture in situ, consisting 
of a porous (ceramic) cup filled with water, with a manometer to monitor the pressure of 
the water in the cup at equilibrium with soil moisture. As soil moisture diminishes, its 
matric tension increases, hence it draws water from the cup, which in turn registers a 
subatmospheric pressure, called tension. 

Tension-plate assembly: A device for equilibrating an initially saturated soil sample 
with a known matric tension value, applicable to the tension range of to 1 bar. 

Terracing: The practice of building horizontal barriers on the contour, aimed at checking 
surface runoff and preventing it from accelerating downslope. 

Texture of soil: The range of particle sizes in a soil, expressed in terms of the proportions 
by mass of the fractions known as sand (the coarsest particles), silt (intermediate-size 
particles), and clay (the finest particles). 

Thermal conductivity: The flux of heat (i.e., the amount of heat conducted across a 
unit crosssectional area in unit time) per unit temperature gradient. 

Thermal regime of a soil profile: The variation of soil temperature with time for various 
depths in the profile. 

Thermocouple psychrometer: A device to measure relative humidity of the air phase in 
the soil. Soil-moisture potential (sum of the matric and osmotic potentials) is related to 
the logarithm of the relative humidity. The measurement is made by a thermocouple 
(two junctions of dissimilar metals), one junction in a hollow porous cup embedded in 
the soil, the other kept in an insulated medium. 

Thixotropy: The tendency of bodies composed of certain materials to change their 
mechanical properties when subjected to abrupt stresses; e.g., the tendency of an appar- 
ently solid body of moist clay to liquefy and slump when jarred suddenly. 
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Threshold hydraulic gradient: The minimal value of hydraulic gradient above which 
Darcy's law is valid. Below that value the flow rate may be either zero (the water being 
effectively immobile) or lower than predicted by Darcy's law. The possible existence of 
a threshold hydraulic gradient in soils is, howver, a controversial issue. 

Tillage: Mechanical manipulation of the soil's upper layer by means of implements 
designed to slice, pulverize, loosen, invert, and/or mix the soil. The aims of tillage are 
to prepare a seedbed, eradicate weeds, enhance infiltration, and/or shape the surface. 

Time-domain reflectometry: A technique for measuring soil wetness, consisting of 
parallel metal rods inserted into the soil. When a step pulse of electricity is sent through 
the rods, the received signal is related to the dielectric properties of the medium. Since 
the dielectric constant of water is about 81 while that of soil solids is 4 to 8 and that of 
air is about 1, the reading depends mainly on the fractional volume of water present. 

Tortuosity: The ratio of the average "roundabout" path of flow in a porous medium 
to the apparent, or straight, flow path. Tortuosity is thus a dimensionless geometric 
parameter of porous media, which is always greater than 1 and may exceed 2. The 
"tortuosity factor" is sometimes defined as the reciprocal of the above ratio. 

Transpiration: Evaporation from plants, principally through the open stomates in the 
leaves. When plants experience water stress, they tend to close their stomates, thereby 
restricting transpiration. By so doing, however, they also curtail the process of photo- 
synthesis, i.e., the absorption of atmospheric carbon dioxide by the stomates. 

Turbulent flow: The internally disordered flow of a fluid such that "packets" of the 
fluid swirl about in eddies, and more energy is dissipated in internal friction than is the 
case in laminar flow. 

Two-phase flow: The simultaneous flow in the soil of two fluids, either immiscible 
(e.g., air and water, or petroleum and water) or miscible (e.g., saline and fresh water). 

Universal soil loss equation: An empirical equation that considers the rate of erosion 
as a combined product of rainfall erosivity, soil erodibility, slope steepness or length, 
surface cover, and management. 

Vadose zone: The generally unsaturated soil and the underlying porous strata that 
overlie the permanent water table. It is also called the "unsaturated zone" or the "aer- 
ated zone," in contrast with the saturated zone that lies underneath the water table. 

Vapor pressure: The partial pressure of water vapor in the atmosphere. It depends on 
the pressure and temperature of the atmosphere, as well as on the state of water in a 
water-containing body (such as soil) at equilibrium with the atmosphere. 

Vertisols: Soils rich in expansive clay (e.g., montmorillonite). When subject to alter- 
nating cycles of wetting and drying, as in a semiarid region, such soils tend to heave and 
then to settle and form wide, deep cracks, as well as slanted sheer planes extending deep 
into the soil profile. 

Viscosity: The resistance of a fluid to shear (i.e., to a force causing the adjacent layers 
of the fluid to slide over each other). That resistance is proportional to the velocity of 
the shearing. As such, viscosity can be visualized as the fluid's internal friction. 

Void ratio: Fractional volume of voids (pores) per volume of soil solids. 

Water application efficiency: The net amount of water added to the root zone as a frac- 
tion of the amount applied to the field. Surface irrigation methods such as flooding or 
furrowirrigation may result in runoff and/or in percolation beyond the root zone, thus 
reducing the application efficiency. Sprinkling irrigation may involve losses due to 
wind-drift. Microirrigation methods, if well managed, offer the potential for relatively 
high application efficiency. 
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Water balance of a field: an equation embodying the law of mass conservation by 
summing all quantities of water added to, subtracted from, and stored within a given 
volume of soil (e.g., the root zone of a cropped field or of a natural plant habitat) during 
a specified period of time. 

Water conveyance efficiency: the volume of water arriving at the field as a fraction 
of the volume taken from some source (say, a reservoir). The difference between those 
volumes represents the loss of water incurred in conveyance and distribution, such as 
seepage and evaporation from open (often unlined) canals or leakage from pipes. 

Water potential in the soil: A measure of the energy state of water in the soil relative to 
that of pure water at atmospheric pressure and a standard elevation. At each point, 
water potential depends on temperature, hydrostatic pressure (being "negative" in 
unsaturated soil, hence called tension or suction), solute concentration, and relative 
elevation. 

Water Table: The top surface of a body of groundwater, that surface being at atmos- 
pheric pressure. All groundwater beneath the water table is at a pressure greater than 
atmospheric, whereas soil moisture above it is at a pressure smaller than atmospheric 
(i.e., at a state of tension, or suction). 

Water use efficiency: The measure of crop produced (in terms of total vegetative growth 
or - preferably - in terms of the weight or value of the marketable product), either per 
unit amount of water applied or per unit amount of water consumed (evaporated and 
transpired). Unlike other measures of efficiency, this index is not expressed in dimen- 
sionless terms as percentage, but as crop mass or value per unit volume of water. 

Waterlogged soil: A soil that is nearly saturated with water much of the time, such that 
its air phase is restricted and anaerobic conditions prevail. In extreme cases of pro- 
longed waterlogging, anaerobiosis occurs, the roots of mesophytes suffer, and chemical 
reduction processes occur (including denitrification, methangenesis, and the reduction 
of iron and manganese oxides). 

Watershed (catchment): A section of the land surface that drains its surface-water 
excess (i.e., the excess of rainfall over infiltration) to a specified point along a stream. 

Watershed divide: The line delineating the upper edge of a watershed and separating 
between it and adjacent watersheds. 

Wetness: Water content per unit mass of soil solids (mass-wetness); or per unit bulk 
volume of the soil (volume-wetness). 

Wettability: The tendency of a soil to accept water (in contrast with the opposite ten- 
dency of some soils to repel water, called "hydrophobicity"). Water applied to a wettable 
soil typically forms an acute contact angle, and is drawn into the soil's pores. 

Wien's law: A statement that the wavelength of maximal radiation intensity emitted by 
a blackbody is inversely proportional to the absolute temperature of the body's surface. 

Windbreaks: Strips of trees or fences built of slats or brush, arranged perpendicularly 
to the direction of the prevailing wind, aimed at reducing its speed so as to prevent 
wind erosion and desiccation, as well as mechanical damage to crops and roads by 
drifting sand and snow. Vegetated windbreaks are also called shelterbelts. 

Zonal soil: A mature, residual soil formed under local climatic conditions and reflect- 
ing the cumulative and lasting influence of its formative conditions. 
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Abrasion, 88 

Abrasiveness, 48 

Acid rain, 334 

Acidification, 425 

Active transport of solutes, 370 

Adaptation of plants to different 

environments, 366-367 
Adhesion, 80 
Adsorbed cations, 56 
Adsorbed water, 65, 110, 143 
Adsorption isotherm, 177 
Adsorption, 10, 26, 49, 114 
Advection, 397 

Aeolian deposits and soils, 5, 6, 359 
Aeration of soil, 4, 16, 43, 74, 85, 190, 

201, 296, 254 
Aeration, impeded, 184 
Aerodynamic roughness, 400 
Aggregate breakdown, 81-82, 178 
Aggregate stability, 87-88 
Aggregates (peds), 6, 11, 57, 67, 71, 74, 78-79 
Aggregates, shapes of, 83-85 
Aggregates, size distribution of, 85-87 
Aggregation, 78-79, 190 
Agro-ecosystem, 7 



Agroforestry, 7 

Air bubbles in soil, 94 

Air content and composition, measurement 

of, 196 
Air content of soil, 93, 222 
Air entrapment, 81, 141 
Air permeability, 208-210 
Air slaking of aggregates, 81-82 
Air-entry suction, 113, 117, 120, 321 
Air-filled porosity, 16, 205, 206, 209 
Albedo, reflectivity coefficient, 217, 227, 

355, 357, 390 
Alkalinity, 168, 425 
Allophanes, 57, 58 
Alluvial deposits and soils, 5, 6 
Aluminosilicates, 41, 54-58 
Amendments, soil, 8 
Anaerobic conditions, 327 
Anaerobiosis, 194 
Angle of internal friction, 241 
Anion adsorption and exclusion, 59, 80, 

171, 177 
Aquiclude, 316 

Aquifers, confined and unconfined, 315-317, 

319, 320 
Aquifuge, 316 
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Aquitard, 317 

Archimedes' law, 46 

Arid regions, 6, 8, 179, 286, 330-331, 

338, 358 
Artesian pressure, 316 
Aswan High Dam, 186 
Atmospheric boundary layer, 366, 368, 395 
Augerhole method, 145 
Autocorrelation, 404 
Autotrophs, 368 

Availability of soil moisture to plants, 
409-410 

Available range of soil wetness, 409-410 
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B.E.T. adsorption equation, 50 

Base unsaturation, 62 

Bennett, Hugh H., 288 

Bernoulli's law, 35 

Bingham liquid, 143 

Biodiversity, 4, 7, 424 

Black alkali soils, 180 

Black body, 216 

Boltzmann transformation, 267 

Bowen ratio, 395 

Breakthrough curves, 173-175 

Brownian motion, 170 

Bulk density, 13, 48, 75, 77, 93, 94, 96, 238 

Bulk modulus, 237 

Buried soils, 6 



c 

Calcium-sodium exchange, 63 

Caliche, 6 

Cambium, 373 

Canopy resistance, 401-402 

Capillarity, 10, 28, 31-34, 114 

Capillary fringe, 321 

Capillary potential, 109 

Capillary rise, 33, 182, 183, 339-341, 342 

Capillary water, 110 

Carbohydrate partitioning, roots-shoots, 383 
Carbon cycle in living plants, 382 
Carbon dioxide emission from soils, 198 
Carbon sequestration in soil, 193, 211 
Casparian strip, 374 

Cation adsorption and exchange, 56, 59, 
61-63 

Cation exchange capacity, 63, 70, 71 
Cell membrane, 369 



Cementation, 67, 79 

Cementing agents, 45, 57, 89, 81, 89, 178 
Characteristic curve of soil moisture, 93, 

113-116, 118, 158, 305, 343 
Characteristic curve of soil moisture, 

measurement of, 122-123 
Chernozem, 8, 71 
Chezy coefficient, 285 
Cisterns, 64 

Clay minerals, 53, 54-58 

Clay, 6, 26, 53-70 

Clay, adsorptive capacity of, 64, 65 

Clay, uses of, 64 

Climate change, role of agriculture in, 211 
Clothesline effect, 397 
Coefficient of variation, 403 
Cohesion (cohesiveness) of soil, 56, 76, 

241, 242 
Colloids, 10, 39, 53 
Color of soil, 355 
Compactibility, 93, 251 
Compaction, 13, 87, 115, 189, 190, 

250-252, 254-255, 287, 339, 413 
Compressibility, 237, 247 
Compression, 48, 82 

Conditioners, soil (synthetic polymers), 89 
Conduction of heat, 216-217, 218-220 
Cone of depression of wells, 318 
Confining (overburden) pressure, 249 
Conservation tillage, 255 
Consistency, 65, 93 
Consolidation of soil, 246-249 
Consumptive use of water, 185 
Contact angle, liquid-solid, 28, 30, 31, 116 
Continuity equation, 147, 155-156, 157, 

171, 176, 219, 284 
Convection (mass flow), 168, 201, 202-204 
Convection of heat, 216-217 
Convective-diffusive-dispersive transport, 

176, 177 

Coordination number, interparticle, 75, 76 
Core sampler, 82 
Cortex, 374 

Coulomb's law, 240, 241 

Coulombic forces, 69 

Cracks and fissures, 67, 68, 79, 185, 254, 

279, 280, 339 
Cracks and fissures, evaporation from, 

355-357 

Crop water production (response) function, 
418, 422 

Crusts and crusting (surface sealing), 86, 
88-89, 163, 192, 261 
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Crust-topped profiles, infiltration into, 

274-276, 277 
Cultivation, 4, 86, 252-253 
Cuticle, 366, 371 

D 

Dalton equation, 398 

Damping depth, temperature wave, 228, 

229,232 
Darcy, Henry, 132 

Darcy's law, 130-132, 136, 157, 159, 202, 

219, 299, 317, 319, 326, 329 
Darcy's law, limitations of, 142-143 
Deflation, 359 

Deflocculation (dispersion), 45 
Deformation of soil, 238, 239 
Degradation of soil, 7, 186, 290 
Degree of saturation, 16, 154 
Delta-function approximation, 265 
Denitrification, 192, 199, 332, 333 
Density of solids, 12-13 
Desert pavement, 286 
Desert soils, 71 
Desertification, 361, 423 
Dew point, 121 

Dielectric constant, 20, 61, 65, 103, 104, 
124, 125 

Differential thermal analysis, 54, 56 
Diffusion coefficient, gases, 201, 207, 208 
Diffusion of gases in soil, 202, 204-208 
Diffusion of ions, 59 

Diffusion of oxygen to roots, 207-208, 209 

Diffusion of solutes in soil, 169, 170-172 

Diffusion-dispersion coefficient, 173 

Diffusivity, hydraulic, 158-160 

Diffusivity, ionic, 65 

Diffusivity, vapor, 160 

Dilatancy, 242 

Direct shear test, 241, 242 

Disperse systems, 10 

Dispersing agent, 68, 88 

Distribution curves, normal and skewed, 

403-404 
Domestication of plants, 408 
Double-tube method, 145 
Drain spacing, 330, 331 
Drainable porosity, 323, 324 
Drainage design equations, 328-331 
Drainage of groundwater, 4, 43, 167, 169, 

189, 315-335, 411, 415 
Drainage water salinity, 186 
Drawdown by wells, 318 



Drip (trickle) irrigation, 129, 358, 412-414 

Droughts, 227 

Drying front, 347, 349-351 

Drying processes, 345-352 

Dryland farming, 338 

Dupuit-Forchheimer assumptions, 327 

Dust Bowl of North America, 360-361 
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Earthworms, 5, 81 
Ecology, 4 
Ecosystems, 4 
Eddies, 395 

Egypt, history of soil husbandry, 186, 253 
Einstein-Stokes equation, 24 
Elasticity, 237 

Electrical conductivity of soil solution, 105, 184 
Electrical resistance blocks, 95, 97-98 
Electron microscopy, 54, 56, 79, 82 
Electrostatic (diffuse) double layer, 42, 58-61, 

70, 177 
Eluviation, 6, 9 

Emissivity (long-wave radiation), 216 
Endodermis, 374 

Energy balance in the field, 217-218, 230, 

385, 389-394, 396 
Energy conservation, 219 
Energy state (potential) of soil moisture, 

105-111 
Energy transfer in soil, 216-217 
Entrapped (occluded) air, 117, 192 
Environmental physics, 4 
Epidermis, 374 

Erodibility of soil, 293-294, 359 
Erosion by water, control of, 294-295 
Erosion by wind, 5, 359-361 
Erosion of soil, 5, 85, 86, 87, 74, 253, 259, 

287-293 
Erosion, geologic, 287 
Evaporability of soil moisture, 338 
Evaporation pan, 420-421 
Evaporation, 4, 5, 85, 89, 153, 167, 

179, 215, 217, 220, 302, 328, 

337-358, 418 
Evaporation, nonisothermal, 354-355 
Evaporation, reduction of, 357-358 
Evaporative demand of the atmosphere, 179, 

340, 365, 367 
Evaporativity, atmospheric, 338, 341, 343, 

352, 353 

Evapotranspiration, actual, 298, 337, 387, 
393, 415, 418 
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Evapotranspiration, potential, 387, 397-400, 

401, 411, 420 
Exchange capacity (cations), 61-63 
Exchange complex, 62, 177 
Exchangeable cations, 8, 42, 61, 171 
Exchangeable sodium percentage (ESP), 

89, 178 



F 

Factors of soil formation, 6 

Failure (mechanical) of soil bodies, 238 

Feldspar, 40, 42 

Fertility of soil, 168 

Fertilizer injection, 412 

Fick's laws of diffusion, 132, 159, 170, 172, 

205, 219 
Field air capacity, 191 

Field capacity, 191, 192, 310-312, 409, 410 
Filtration, 132 

Flocculation and dispersion of clay, 8, 10, 45, 

56, 62, 70, 79, 178, 321 
Flow of two phases, 158 
Fluidity, 34, 141 
Flux density, flux, 131, 139 
Fourier's law, 132, 218-219 
Fractional air volume, 190 
Freezing and thawing, frozen soils, 217, 221 
Frictional resistance, 76 



G 

Gamma-ray absorption (densitometry), 83, 

101-103 
Gapon equation, 63 
Gas content and composition, 189-200 
Gas movement and exchange, 93, 201-212 
Gas sampling, 196 
Gels, 10 

Geometric mean diameter (aggregates), 86 
Geophysics, 4 
Geotropism, 368 

Germination and seedling emergence, 74, 215, 

253, 328, 337, 353 
Ghyben-Herzberg lens, 322 
Glacial deposits, 6 
Gley soils, 299 

Glover equation, drainage, 330 
Gouy-Chapman theory, 59 
Granular soils, 74-77 

Gravimetric method (sampling and drying), 
96-97 



Gravitational head, 133 
Gravitational potential, 107-108 
Green and Ampt infiltration theory, 
263-266 

Greenhouse effect, natural and enhanced, 

193, 391-392 
Greenhouse gases, emission from soils, 

211-212, 392 
Groundwater drainage, 168, 179, 184, 

315-335 

Groundwater hydrology, basic concepts, 

315-317 
Groundwater recharge, 335-336 
Groundwater rise, 411 
Groundwater salinity, 180, 183 
Grumusols (vertisols), 356 
Guard cells, 371 
Guttation, 371 



H 

Haines jumps (hysteresis), 118 
Halley, Edmond, 20 
Halophytes, 367 

Heat and moisture, coupled transport of, 

225-227, 359-402 
Heat capacity, 215, 355 
Heat flow in soil, 215-233 
Heat flux plates, 230 
Heat of wetting, 26, 42, 220 
Heat transfer equation, 226 
Heaving and subsidence, 67 
Heavy metals, 334 
Heavy minerals, 40 
Henry's law, 25 
High-frequency irrigation, 412 
Homogeneity and inhomogeneity, 144-145 
Hooghoudt equation, 328-330 
Hooke's law, 128, 237 

Hugo, Victor (on applying organic wastes to 

the land), 424 
Humid regions, 8, 62, 179, 286 
Humus, 6, 8, 58, 62, 63, 67, 71, 178 
Hydration and swelling, 64-67, 71 
Hydration of clay, 45 
Hydraulic conductivity of saturated soil, 

145-146, 148 
Hydraulic conductivity of unsaturated soil, 

150, 160 

Hydraulic conductivity, 131, 132, 136, 

140-142, 264, 298, 299, 330, 341, 357 

Hydraulic conductivity, field measurement, 
162-164 
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Hydraulic conductivity, laboratory 

measurement, 161 
Hydraulic diffusivity, 165, 225, 269, 341, 

350-351, 357 
Hydraulic gradient, 131, 132, 136, 149, 151 
Hydraulic head, 112, 131, 133-135 
Hydraulic mean depth, 284 
Hydraulic radius, 284 
Hydraulic resistance, 137, 138, 163 
Hydrodynamic dispersion, 169, 172-173 
Hydrogen bonds, 21-23, 63, 65, 80 
Hydrologic cycle, 388 

Hydrophobicity (water repellency), 31, 287 
Hydrophytes, 366 

Hydrostatic pressure, 28, 30, 32, 106, 107, 

134, 282 
Hygroscopicity, 15, 64 
Hysteresis, 31, 97, 116-118, 123, 149, 157, 

159, 352-354 
Hysteresis, effect on redistribution, 305-307 



i 

Ice lenses, 81 

Illite clay, 51, 57-58 

Illuviation, 6, 9 

Impeding layers in root zone, 303 
Imperial Valley, California, 331 
Induced salination, 179 
Infiltrability, 260-262, 281, 291 
Infiltration through impeding layer (crust), 
162-163 

Infiltration, 4, 74, 85, 89, 153, 254, 
259-282 

Infrared radiation thermometer, 230 

Ink-bottle effect (hysteresis), 116-117 

Intergranular stress, 249 

Intermittent irrigation, 185 

Internal drainage, 163-164, 297-313, 339 

Interparticle forces, 69 

Ion adsorption, 177 

Ion exchange, 10, 61-63, 132 

Iron oxides, 12, 39, 41, 45, 47 

Irrigation efficiency, 179 

Irrigation history, 408 

Irrigation management, principles of, 

410-412 
Irrigation scheduling, 420 
Irrigation water quality, 167, 186 
Irrigation, 4, 8, 15, 407-425 
Irrigation, environmental aspects, 423-424 
Isomorphous replacement, 55 
Isotropy and anisotropy, 144-145, 148 



K 

Kaolinite, 51, 55, 56-58, 63, 64, 67, 178 
Kelvin equation, 28 
Khamsin, 397 

Kinematic wave equation, 285 
Kneading compaction, 250 
Knudsen diffusion, 208 
Kriging, 404 

L 

Laminar boundary layer, atmospheric, 395 
Laminar flow, 127-129, 142, 172, 203 
Land use changes, deforestation, 211, 212 
Landslides, 293 

Langmuir adsorption equation, 50 
Laplace equation, 148, 326 
Latent heat (of vaporization and fusion), 20, 
23, 355 

Latent heat transfer (flux), 216-217, 394, 

395, 400 
Laterites, 8 

Layered profiles, infiltration into, 273-274 
Leaching fraction, 411 
Leaching requirements, 184, 185 
Leaching, 67, 175, 183, 184-186, 328, 425 
Leaf-water potential (suction), 375 
Leonardo da Vinci, 20 
Liquid ratio, 95 

London-van der Waals forces, 69 
Lowdermilk, Walter Clay, 288 
Lysimeters, 389 



M 

Macropores, 83, 163, 191, 205, 279, 280, 334 

Manning's equation, 285 

Mass flow (convection), 159 

Matric potential (suction), 109,110, 113 

Matric potential, 226 

Matric suction (potential), 97, 149, 150, 

152, 261, 300, 305, 312 
Matrix (fabric) of soil, 10, 42, 73, 185, 

247, 248 
Mean free path of molecules, 208 
Mean weight diameter (aggregates), 85-86 
Mechanical analysis, 45-48, 68 
Membrane, semipermeable, 107 
Menisci, 32, 78, 109, 150, 202 
Mesophyll, 366, 371 
Mesophytes, 367, 369 
Mesopotamia (Tigris-Euphrates valley), 64, 

182-183, 186, 253 
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Methane emissions, 192, 199, 211, 212 
Mica, 40, 42 
Micelles, 58, 59, 60 

Microbial activity, 5, 79-80, 93, 94, 205, 215 

Microirrigation, 411-414 

Micropores, 185 

Microwatersheds, 287 

Microwave technology, 124 

Minimum tillage, 255 

Miscible displacement of solutions, 173-175 
Mixing zone of saline and fresh water, 322 
Models of plant growth and water uptake, 

379-384 
Modulus of rupture, 89, 243-244 
Mohr circle of stress, 239-241 
Moisture profile during infiltration, 262-263 
Moisture profiles during redistribution, 304 
Moisture-density curves, 251 
Monodisperse and polydisperse particles, 

75-76 

Montmorillonite (smectite), 49, 55, 56-58, 

67, 69 
Mottling, 8, 199 

Mulch and mulching, 294, 339, 357, 360 



N 

Negev region, Israel, 286, 311 

Net radiation, 217, 390, 391 

Neutron scattering (moisture meter), 98-101, 

163, 389 
Newtonian liquid, 143, 237 
Nitrates in groundwater, 332-333 
Nitrogen cycle, 212 
Nitrous oxide, 211 

Non-aqueous phase liquids (NAPL), 334 
Noncapillary porosity, 191 
Nonisothermal transport of water and heat, 
165 

Numerical methods, 343 



o 

Oasis effect, 397 
Observation wells, 318 
Ohm's law (analogy to Darcy's law), 132, 
138, 219 

Optimum moisture for compaction, 250, 251, 
252 

Organic matter, 5, 7, 10, 39, 45, 63, 71, 

79-80, 192, 195, 220, 221, 222, 335, 392 
Organic polymers, 80, 89 



Organic soils (peat and muck), 71 
Osmosis, 23-25 

Osmotic potential, 107, 110-111, 113, 

120, 370 
Osmotic pressure, 28, 65 
Oven drying, 97 
Overirrigation, 415 
Overland flow, 259 
Oxidation-reduction potential, 93 
Oxidation-reduction processes, 5, 93, 168, 

190, 198-199 
Oxygen consumption, 202 
Oxygen diffusion rate, 209 
Oxygen solubility, 207 
Oxygen stress (deficiency) in soil, 194 



p 

Paleopedology, 7 

Pan (tight or cemented layer), 6 

Parent material, 9 

Partial-area irrigation, 415 

Particle size distribution, 44-45, 51 

Peat and muck soils, 15 

Pedogenesis, 6 

Pedology, 3, 8 

Peltier effect, 121 

Penetrability, 93 

Penetrometers, 245 

Penman equation, 397-400 

Penman-Monteith equation, 401-402 

Perched water table, 274, 322 

Percolation, 321, 329, 411 

Permeability (intrinsic), 141-142 

Permeability to fluids, 82, 88 

Permeameters, 145-146 

Perrault, Claude, 20 

Pesticides in soils and groundwater, 333 

Petroleum products, pollution by, 334 

Phenomenological equations, 226 

Philip's solution, infiltration, 270 

Phloem, 372, 373 

Photosynthesis, 367, 369, 382, 383, 390 
Photosynthetically active radiation, 383 
Phreatic aquifer, 316, 317 
Phreatic surface, 298 
Phreatophytes, 366 
pH-sensitive clay minerals, 63 
Piezometer method, 145 
Piezometers, 134, 135, 316 
Piezometric level, 316, 318, 319 
Piston flow, 174 

Plant extraction of soil moisture, 119 
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Plant roots, 189 

Plant uptake of soil moisture, 365-384 
Plant-canopy effects, 123 
Plant- water potential, 122 
Plant-water relations, 369-378 
Plasmalemma, 369-370 
Plasmolysis, 370 

Plasticity, 42, 56, 57, 64, 65, 93, 238 

Plate condensation, 69 

Platinum electrode, 209 

Plato, 290 

Plow sole, 254 

Podzols (spodosols), 6, 8 

Poiseuille's law, 129, 130, 173, 208 

Pollution of soil and groundwater, 7, 169, 

175, 332-334, 425 
Pore size distribution, 83, 123, 208 
Pore-size distribution index, 114 
Pore-water pressure, 249 
Porosity, 13, 14, 75, 76, 77, 82, 93, 247 
Potential evaporation, 344, 352 
Potential evaporativity, 378 
Potential evapotranspiration, 312, 378 
Potential gradient, 106 
Pottery (uses of clay), 64 
Precision agriculture, 405 
Preferential flow, 279-280 
Pressure potential, 107, 108-110 
Pressure-plate extraction apparatus, 109, 123 
Primary and secondary minerals, 53 
Proctor test, 250, 252 
Properties, static and dynamic, 403 
Psychrometric constant, 395 
Puddling, 177 



Q 

Quartz, 40, 42 
Quicksand, 322 



R 

Radiation balance, soil surface, 217 
Radiation exchange in the field, 389-391 
Radon gas, emission from soils, 210 
Rain infiltration, 281-282 
Raindrop impact on soil, 79, 81, 88, 275, 

293, 294, 339 
Rainfall, 179, 260, 286 
Rainfall, erosivity of, 291-293, 294 
Rainfall, intensity of, 291 
Rainstorms, 227 



Rainwater, 167 

Redistribution of soil moisture, 297-313, 339 
Redox potential, 199 
Reflection coefficient, 125 
Regolith, 9 

Relative humidity, 110, 120, 121 
Remote sensing of soil moisture, 124-125 
Remote sensing of surface temperature, 230 
Representative elementary volume, 1 1 
Reserve acidity, 62 

Residence time, solutes, 168, 169, 170 
Residual soils, 6 

Residues of pesticides and fertilizers, 423 
Respiration in soil, 93, 189, 192, 193-195, 
204, 382 

Respiration, measurement of, 197-198 
Respiratory quotient, 197 
Respirometer, 197 

Retention curve of soil moisture, 114-116 
Reverse osmosis, 132 
Reynolds number, 142, 284 
Rheology, 238 

Richards equation, 157, 269, 310 

Richardson number, 396 

Rills and gullies, 283, 289-290 

River valleys, irrigation in, 408 

Root extraction (uptake) of soil moisture, 

93, 374-384 
Root growth, 74, 215, 254, 380-384 
Root hairs, 372 
Root zone, 259, 327, 388 
Roots, structure of, 372-374 
Rothamsted Experiment Station, 197 
Roughness of soil surface, 355, 357, 360 
Runoff (overland flow), 42, 283-287, 386 
Runoff inducement, 286-287 
Run-on strips, 287 



s 

Saline-alkali soils, 179 

Salinity and salination of soil, 7, 8, 66, 70, 

98, 105, 168, 183, 331, 411, 425 
Salt balance of soil profile, 179, 180-182 
Salt sensor, 120 
Saltation, 359-360 
Salt-bearing sediments, 179 
Sanitary landfills, 169, 332 
Satiation state of soil, 94, 268 
Saturated flow, 127-148 
Scanning curves, 305 
Sea-water intrusion, 186 
Sedimentation analysis, 88 
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Sedimentation, 46 
Sedimentology, 288 
Sediments, fluvial, 288 
Seedling emergence, 89, 215, 245 
Selectivity coefficient, 63 
Semipermeable (selective) membrane, 23 
Sensible heat flux, 217, 355, 393, 394, 
395, 400 

Sensitivity or tolerance of crops to salinity, 
184 

Sesquioxides, 57, 178 
Shapes of particles, 48 
Shearing and shearing strength, 48, 82, 

239, 240 
Shearing modulus, 237 
Sheet erosion, 289 

Short-wave and long-wave radiation, 216 

Simulated rainfall, 88 

Simulation models of soil heat, 230 

Simulation techniques, 348 

Single-root model, 380 

Sky radiation, 390 

Slaking of aggregates, 79, 87 

Slumping of rain-saturated soil, 293 

Sodium adsorption ratio (SAR), 178 

Soil amendments, 182 

Soil dynamics, 238 

Soil erosion and conservation, 287-295, 

359-361 
Soil formation (genesis), 3, 8 
Soil mechanics, 238 
Soil physics, definition of, 4 
Soil salinity and alkalinity, 178-180 
Soil, definition of, 3 

Soil-plant-atmosphere continuum (SPAC), 

107, 367-368, 376, 409 
Solar (short-wave) radiation, 390, 391 
Solonchaks, 179 
Solonetz, 180 

Solute movement, 167-178 

Solutes effects on water movement, 177-178 

Sorptivity, 267, 270, 271 

Spatial variability, 149, 402-405 

Specific (differential) water capacity, 268 

Specific gravity of soil solids, 13, 94 

Specific heat capacity, 219, 221, 225 

Specific surface, 49, 56, 67, 114 

Specific volume, 13, 94 

Specific water capacity, 158 

Specific yield (falling water table), 323 

Splash erosion, 292, 293 

Sprinkler irrigation, 185, 410, 413 

Sprinkling infiltration, 162 



Stability of aggregates, 80, 81-82 
Steady (final) infiltration rate, 271 
Steady and unsteady flow, 147 
Stefan-Boltzmann law, 216 
Steinbeck, John, 361 
Stern layer, 58, 63 
Stickiness, 93 
Stokes law, 35, 47 
Stomates and stomatal control of 
transpiration, 366, 371, 395 
Stones, 68 

Storage of moisture in the soil, 387 

Storativity of aquifers, 319 

Strain hardening, 238 

Strength of soil bodies, 65, 89, 239-246 

Stress-strain-time relations, 235-238 

Structure of soil, 71, 73-89, 93, 114, 115 

Structure of soil, characterization of, 82-85 

Submergence potential, 109 

Subsidence of soil, 247 

Subsoiling and chiseling, 255 

Subtropical regions, 57 

Suction gradients during furrow irrigation, 269 

Suction of water entry, 278 

Surface (pocket) storage, 283, 284, 294 

Surface charge density, 62 

Surface creep, 359 

Surface drainage, 327 

Surface irrigation, 415 

Surface roughness, 284 

Surface tension, 10, 20, 28, 29, 33, 78, 340 

Surface water excess, 283, 284, 285 

Surfactants, 31 

Swelling and shrinking, 10, 13, 15, 56, 67, 68, 

79, 80, 81, 87, 94, 117, 143, 178, 190 
Swelling pressures, 66 



T 

Tactoids, 56, 69 
Temperature of soil, 215-233 
Tensiometers, 109, 119-120, 163, 164, 411 
Tension (suction) of soil moisture, 32, 33, 

108, 112, 114 
Tension infiltrometer, 163 
Tension-plate assembly, 122-123 
Terminal velocity of particles, 46 
Terminal velocity of raindrops, 32, 275, 292 
Terraces, 294-295 

Terrestrial (long-wave) radiation, 390, 391 
Terzaghi's effective stress equation, 249 
Textural classes, 42-44 
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Texture of soil, 39, 48, 114, 115, 191, 300 
Thermal conductivity and diffusivity, 215, 

220, 221-225, 227, 230, 355 
Thermal regime of soils, 215-233 
Thermocouple psychrometer, 120-122 
Thermodynamics of irreversible processes, 

225 

Thiem equation, 319, 320 
Thixotropy, 239 
Threshold gradient, 143 
Tillage, 6, 43, 48, 74 
Tilth, 74 

Time-domain reflectometry (TDR), 103-105, 
163, 389 

Topographic factor in erosion, 294 
Tortuosity, 139, 168, 171, 205, 208 
Toxicity of specific ions, 178 
Trafficability, 245, 327 
Trampling by livestock and machinery, 254 
Transmission zone (infiltration), 262, 264 
Transmissivity of aquifers, 318, 319, 320, 321 
Transpiration in relation to production, 

417-420 
Transpiration ratio, 415 
Transpiration, 15, 337, 365, 369, 375, 378, 

382, 416, 418 
Triaxial (cylindrical) shear test, 241, 242-243, 

245-246 
Tropical regions, 57 

Turbulent boundary layer, atmospheric, 395 
Turbulent flow, 129 
Turgidity, 371, 375 
Turgor pressure, 369, 370 



u 

U.N. Food and Agriculture Organization, 8 
U.S. Soil Survey, 8 
Undisturbed core samples, 145 
Universal soil loss equation, 294 
Unsaturated (vadose) zone, 169, 279, 317 
Unsaturated conductivity, relation to suction 

and wetness, 151-154 
Unsaturated flow, equations of, 155-158 
Unstable flow, fingering, 163, 276-279 



V 

Vacuole, 370 

van der Waals forces, 26, 63, 80 
Vane shear test, 243-244 
Vapor diffusivity, 225 



Vapor enhancement factor, 224 
Vapor movement (diffusion), 160, 164-166, 
217, 346 

Vapor pressure, 26-28, 107, 165, 166, 

357, 399 
Variograms, 404 
Vernadsky, Vladimir, 19 
Vertisols, 67, 68, 356 
Vibration of soil, 76 

Viscosity (dynamic or kinematic), 20, 34, 46, 

65, 127, 141 
Void ratio, 14, 15, 249 
Volumetric heat capacity, 220-221, 225, 

226, 227 



w 

Waste disposal, 178 
Wastewater use for irrigation, 424-425 
Water balance in the field, 180, 385-389, 416 
Water cycle in soil-plant-atmosphere 

continuum, 384 
Water entry into soil (infiltration), 259-282 
Water flow in saturated soil, 127-148 
Water flow in unsaturated soil, 149-166 
Water requirements of plants, 365-366, 

420-421 
Water storage in soil, 297-313 
Water stress, 383, 395 
Water table, 169, 186, 202, 298, 321, 322, 

338, 342, 343, 344 
Water vapor as greenhouse gas, 392 
Water, properties of, 19-35 
Water-borne diseases, 423 
Water-lifting devices, 408 
Waterlogging and waterlogged soils, 7, 8, 

184, 186, 189, 195, 196, 199, 327, 415 
Water-repellent soil, 287 
Watershed, 287 

Water-use efficiency, 414-416, 417, 418-420 
Weathering, 6 
Wet sieving, 86, 88 

Wetness (water content) of soil, 14-17, 
93-105 

Wetness, measurement of, 96-105 

Wettability, 80 

Wetting angle, 340 

Wetting front, 262, 263, 264 

Wetting-front instability, 276-279 

Wien's law, 216 

Wilting point, temporary or permanent, 
375, 409, 410 
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Wind speed, 400 
Windbreaks, 360 
Worm holes, 280 



A 

Xeromorphic features, 366 
Xerophytes, 366 
X-ray diffraction, 54, 56 
Xylem, 372, 373 



Yield point, 238 
Young's modulus, 237 



Zero tillage, 255 
Zonal soils, 6 



